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Abstract11

Observations of the time lag between the last deglaciation and a surge in volcanic ac-12

tivity in Iceland constrain the average melt ascent velocity to be ≥ 50 m/yr. Although13

existing theoretical work has explained why the surge in eruption rates increased 5–3014

fold from the steady-state rates during the last deglaciation, they cannot account for large15

variations of Rare Earth Element (REE) concentrations in the Icelandic lavas. Lavas erupted16

during the last deglaciation are depleted in REEs by up to 70%; whereas, existing mod-17

els, which assume instantaneous melt transport, can only produce at most 20% deple-18

tion. Here, we develop a numerical model with finite melt ascent velocity and show that19

the variations of REEs are strongly dependent on the melt ascent velocity. When the20

average melt ascent velocity is 100 m/yr, the variation of La calculated by our model is21

comparable to that of the observations. In contrast, when the melt ascent velocity is 1, 000 m/yr22

or above, the model variation of La becomes significantly lower than observed, which ex-23

plains why previous models with instantaneous melt transport did not reproduce the large24

variations. We provide the first model that takes account of the diachronous response25

of volcanism to deglaciation. We show by comparing our model calculations of the rel-26

ative volumes of different eruption types (subglacial, finiglacial and postglacial) and the27

timing of the bursts in volcanic eruptions with the observations across different volcanic28

zones that the Icelandic average melt ascent velocity during the last deglaciation is likely29

to be ∼ 100 m/yr.30

1 Introduction31

Iceland is located where a mantle plume meets the Mid-Atlantic Ridge (White, McKen-32

zie, & O’Nions, 1992). The mantle plume and the spreading center are responsible for33

the upwelling of the mantle underneath Iceland, which induces decompression melting34

in the upper mantle (McKenzie & Bickle, 1988). This decompression melting produces35

magma that supplies the production of the Icelandic crust and volcanic eruptions. Ge-36

ological observations indicate that eruption rates in the volcanic zones of Iceland were37

significantly elevated during a burst of activity that took place after the end of the last38

major deglaciation (Eason, Sinton, Grönvold, & Kurz, 2015; Maclennan, 2008; Maclen-39

nan, Jull, McKenzie, Slater, & Grönvold, 2002; Sigvaldason, Annertz, & Nilsson, 1992;40

Sinton, Grönvold, & Sæmundsson, 2005; Slater, Jull, McKenzie, & Gronvöld, 1998). This41

period of high productivity, perhaps 30 times or more, may have started about 15 kyrBP42

and ended before 9 kyrBP.43

The cause of the surge in eruption rates has been examined by Jull and McKen-44

zie (1996). In their model, post-glacial rebound induced by the last deglaciation increases45

the rate of pressure drop in the upper mantle by up to 50-fold from the steady-state value.46

This increase in the decompression rate significantly increases the melting rate in the up-47

per mantle, which leads to greater melt supply.48

Jull and McKenzie (1996) also showed that the decompression rate due to post-49

glacial rebound has its maximum value at the surface and decays exponentially with depth.50

This means that the additional melt production in the mantle during the deglaciation51

occurs mostly at shallow depths. The melts generated at these depths are depleted in52

Rare Earth Elements (REEs). These additional melts produced during the deglaciation53

will therefore dilute the concentrations of REEs in the aggregated melts. By assuming54

that the melt transport is instantaneous, Jull and McKenzie (1996) calculated that the55

REE concentrations in the melts decrease by around 20% during the last deglaciation56

compared to melts generated at other times when the ice-load is thought to have been57

close to steady-state. However, geological observations indicate that lavas erupted dur-58

ing the surge in volcanic eruption rates are depleted in REEs by up to ≈ 70% (Eason59

et al., 2015; Maclennan, 2008; Maclennan et al., 2002; Sinton et al., 2005; Slater et al.,60

1998), which is significantly higher than that calculated by Jull and McKenzie (1996).61
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Slater et al. (1998) attempted to account for this mismatch by developing an in-62

verse model similar to that of McKenzie and O’Nions (1991), which used the observed63

variations of REE concentrations to constrain the melt productivity function. Slater et64

al. (1998) showed that there exists a melt productivity function that matches the Jull65

and McKenzie (1996) theoretical variations of the REE concentrations with the geolog-66

ical data. However, in order for such a melt productivity function to exist, model pa-67

rameters had to be modified including reducing the initial ice sheet radius to 90 km, which68

is significantly smaller than the likely radius of the ice sheet as inferred from observa-69

tional studies (Hubbard, Sugden, Dugmore, Norddahl, & Pétursson, 2006; Licciardi, Kurz,70

& Curtice, 2007; Patton, Hubbard, Bradwell, & Schomacker, 2017; Pétursson, Norðdahl,71

& Ingólfsson, 2015; Sigmundsson, 1991).72

Maclennan et al. (2002) previously used the relative timing of the last deglaciation73

and the surge in volcanic eruption rates in the Northern Volcanic Zone (NVZ) of Iceland74

to estimate that the melt ascent velocity is at least 50 m/yr. The Icelandic melt ascent75

velocity during the mid-Holocene has also been estimated from a time lag of ≈ 600 yr76

(Swindles et al., 2017) obtained from the cross-correlation between the Icelandic volcanic77

eruption rates and the change in the atmospheric circulation pattern indicated by sodium78

concentrations in Greenland Ice Sheet Project 2 (GISP2). This ≈ 600 yr time lag gives79

an estimated Icelandic melt ascent velocity of ≈ 50–100 m/yr during the mid-Holocene.80

Here, we investigate how the melt ascent velocity in the mantle and the crust in-81

fluences the variations of REE concentrations. By incorporating a finite rate melt trans-82

port model into the model of Jull and McKenzie (1996), we show that variations of REE83

concentrations depend significantly on the melt ascent velocity. With an appropriate melt84

ascent velocity, our model demonstrates that the model variations of REE concentrations85

can be matched with those observed geologically. While Jull and McKenzie (1996) used86

a very simple ice-load model with a constant ice radius, our model combines an ice-load87

history with melt generation and transport and therefore enables prediction of the vol-88

umes and compositions of melt that are erupted either subglacially or in ice-free settings.89

This feature of the model allows for direct comparison with geological observations, which90

use edifice geomorphology and volcanic facies analysis to determine whether an eruption91

is subglacial or not. Therefore, not only does this work help us understand how melt trans-92

port affects REE concentrations and eruption types in different places on Iceland, but93

also it can be useful as a tool to constrain the melt transport rate.94

In the next section, we will begin by considering how the mantle flow responds to95

deglaciation and use this response to calculate the melting rate and the compositions of96

the melts generated. We then transport the melts produced at depth to the surface to97

calculate the eruption rate together with the composition of the erupted lavas. Finally,98

we compare our numerical results to the observational data in order to constrain the melt99

ascent velocity.100
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2 Model101

We follow the modelling of Jull and McKenzie (1996) with the following key dif-102

ferences:103

1. While Jull and McKenzie (1996) used an ice-load with a constant radius, our ice104

sheet behaves like a gravity current with time-dependent radius and thickness.105

2. Our ice-load input consists of multiple deglaciation stages beginning at 23.0 to 10.5106

kyrBP designed to capture key features of ice-sheet reconstructions.107

3. We neglect the elastic response of the solid mantle.108

4. We assume finite melt ascent velocity.109

Numerical parameters used as inputs into the model are listed in Table 1.110

Table 1. Parameter values for calculations.

Parameter Meaning Value Dimensions

DLa La partition coefficient 0.010 1
− (∂F/∂P )S isentropic melt productivity 10 wt%/GPa

g gravitational acceleration 9.82 m/s2

Psol solidus pressure 3.5 GPa
U0 plate half-spreading rate 10 mm/yr
zc crustal thickness 20 km
α ridge angle 45 deg
η mantle viscosity 8.0× 1018 Pa s
ρi density of ice 900 kg/m3

ρl density of melt 2900 kg/m3

ρs density of solid mantle 3300 kg/m3

τB yield stress of ice 100 kPa

Numerical values of the plate half-spreading rate (U0), crustal thickness (zc), ridge111

angle (α) and mantle viscosity (η) are the same as in Jull and McKenzie (1996). zc =112

20 km is at the lower bound of the Darbyshire et al. (2000) estimates (20–37 km) be-113

cause our study areas are relatively far (> 100 km) from the mantle plume center. Nu-114

merical values of U0 = 10 mm/yr and η = 8.0× 1018 Pa s are similar to the Árnadót-115

tir et al. (2009) estimates. The density of ice (ρi) is in the range of 830–917 kg/m3 in116

Paterson (1994). The densities of melt (ρl) and of solid mantle (ρs) follow Katz, Spiegel-117

man, and Langmuir (2003). Sources of the remaining numerical parameters will be men-118

tioned later.119

2.1 Glacial Load120

Due to limited geological records of the ice sheet, it is not straight-forward to re-121

construct the details of the shape of the ice-sheet during the last deglaciation (Hubbard122

et al., 2006; Patton et al., 2017). In Jull and McKenzie (1996), the ice sheet was assumed123

to have axisymmetric parabolic shape with a constant radius of 180 km. Here, we mod-124

ify the ice sheet to be an axisymmetric viscous gravity current (Paterson, 1994) with glacier125

terminus retreating during the deglaciation. This is a more reasonable representation of126

the actual ice sheet, allowing the spatial variations of the volcanic response to be exam-127

ined more accurately.128

In an axisymmetric gravity current ice model (Huppert, 1982; Paterson, 1994), the129

differential thickness of ice along the radial direction induces a radially-inward basal shear130

stress. At the yield strength limit of ice, the basal shear stress is uniform and is equal131
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to the yield stress of ice. When the stress exceeds the yield strength limit, ice deforma-132

tion and sliding will occur. These processes will re-adjust the ice sheet shape until it re-133

turns back to within its yield strength limit. We assume here that the time scale of the134

ice deformation and sliding (when the stress exceeds the yield strength) is short com-135

pared to the time scale of the deglaciation. That is, the glacier is assumed to always be136

within its yield strength limit and the thickness of ice h(r, t) as a function of radial dis-137

tance r and time t follows (Huppert, 1982; Paterson, 1994)138

h(r, t) =

{
hm(t)

√
1− r

rm(t) , 0 ≤ r ≤ rm(t),

0, otherwise,
(1)139

140

where141

hm(t) =

(
15

8π
V (t)

) 1
5
(

2 τB
ρi g

) 2
5

,142

rm(t) =

(
15

8π
V (t)

) 2
5
(
ρi g

2 τB

) 1
5

.143

144

hm(t) is the thickness of ice at the center, rm(t) is the radial extend of ice, V (t) is the145

volume of ice, ρi is the density of ice and τB is the yield stress of ice.146

The numerical value of τB = 100 kPa we use here (Paterson, 1994) gives ice sheet147

dimensions that closely resemble that of the Late Weichselian Icelandic ice sheet (Hub-148

bard et al., 2006; Licciardi et al., 2007; Patton et al., 2017; Pétursson et al., 2015; Sig-149

mundsson, 1991) and can reproduce the ice radius of 180 km together with 2 km ice thick-150

ness used previously in Jull and McKenzie (1996).151

The time evolution of the ice coverage as an input into our model follows approx-152

imately that of Patton et al. (2017). We set the input deglaciation to consist of three153

stages during which the ice volume decreases linearly with time and the ice volume stays154

constant during two intermissions between these three deglaciation stages. Time t = 0155

in the model corresponds to the present (AD 1950).156

We set the initial ice load to have a radius of 300 km covering the whole of Iceland157

and most of the continental shelf. The ice volume is held constant until t = −23.0 kyr158

when the first stage of deglaciation (we refer to as the Offshore Deglaciation) begins. The159

Offshore Deglaciation terminates at the shoreline with ice radius of 180 km at time t =160

−17.0 kyr followed by a pause of 2.0 kyr. Next, the second stage of deglaciation (Bølling-161

Allerød) proceeds from time t = −15.0 to −13.8 kyr during which the ice radius decreases162

from 180 km to 160 km. Then, the deglaciation pauses for 2.1 kyr, corresponding ap-163

proximately to the Younger-Dryas. The final stage of deglaciation (Early Holocene) takes164

place between time t = −11.7 and −10.5 kyr with the ice sheet retreating from radius165

of 160 km to 45 km, which is approximately the current size of the Vatnajökull ice sheet.166

The timeline of the modelling-input deglaciation is comparable to the last deglaciation167

in Iceland (Hubbard et al., 2006; Licciardi et al., 2007; Maclennan et al., 2002; Patton168

et al., 2017; Pétursson et al., 2015; Sigmundsson, 1991) and is summarised in Figure 1,169

Table 2 and the Supporting Information.170

2.2 Mantle Flow171

Similar to the assumption made by Jull and McKenzie (1996), in steady state, the172

spreading ridge induces passive upwelling of the mantle, which we assume to follow cor-173

ner flow (Batchelor, 2000; Spiegelman & McKenzie, 1987). Active upwelling induced by174

the mantle plume can also increase the melt production rate. However, the geological175

data in our study come from regions that are at least ∼ 100 km away from the plume176

center. We therefore assume that the active upwelling is insignificant here.177
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Figure 1. (a) The modelling-input ice volume history with grey bars labelling deglaciation
periods. (b) Top-view of the model rift (red line) with snapshots of the modelling-input ice cov-
erage (blue circles) at time t = −23.0, −17.0, −13.8 and −10.5 kyr as labelled at the edges of the
circles. (c) Map of Iceland with the same length scale as in (b) showing locations of the fissure
swarms (red color) where the plate spreading takes place and the current glaciers in white color.
See Supporting Information for animation of the model ice coverage map.

The glacial load on the surface affects the pressure in the mantle underneath. Dur-178

ing deglaciation, the surface load drops, which leads to an increased mantle decompres-179

sion melting rate from that induced by the steady state passive corner flow (Figure 2).180

To calculate the effect of deglaciation on mantle melting rate, we first note that the181

Maxwell relaxation time (τM = η/µ ≈ 101 yrs) is much shorter than the viscous char-182

acteristic time (τv = 2ηk/ρsg ≈ 103 yrs) where µ is the elastic modulus, k is wave num-183

ber and other variables are as defined in Table 1. This means that the elastic deforma-184

tion in the viscoelastic mantle model used in Jull and McKenzie (1996) is negligible and185

the deformation in the mantle is dominated by the viscous response. We therefore model186

the mantle as a viscous half-space incompressible fluid and the elastic thickness of the187

Icelandic lithosphere is assumed to be negligible. When using the same modelling inputs188

as in Jull and McKenzie (1996), our numerical model yields the same results as those189

in Jull and McKenzie (1996), which verifies our assumption that the elastic deformation190

is insignificant.191

The boundary conditions on the surface of the half-space mantle are that the nor-192

mal stress is equal to the pressure from the weight of the ice load and that the shear stress193

is negligible compared to the normal stress. We obtain semi-analytical solutions to the194
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Table 2. Timeline of the model ice sheet.

Geological Period Time (kyrBP) Ice Radius (km) Average Ice Thickness (km)

Last Glacial Maximum before 23.0 300.0 constant 1.39 constant
Offshore Deglaciation 23.0→ 17.0 300.0→ 180.0 1.39→ 1.08
Pre Bølling-Allerød 17.0→ 15.0 180.0 constant 1.08 constant

Bølling-Allerød 15.0→ 13.8 180.0→ 160.0 1.08→ 1.02
Younger Dryas 13.8→ 11.7 160.0 constant 1.02 constant
Early Holocene 11.7→ 10.5 160.0→ 45.0 1.02→ 0.54

Holocene 10.5→ now 45.0 constant 0.54 constant

Figure 2. Simplified diagrams illustrating the solid mantle streamlines of (a) corner flow
and (b) Glacial Isostatic Adjustment (GIA) in a vertical plane passing through the center of ice
perpendicular to the ridge axis. In steady state, the decompression melting comes from the up-
welling of the mantle due to the spreading ridge (with half-spreading rate of 10 mm/yr) and the
mantle plume (which we assume to be insignificant in the studied areas). During deglaciation,
the GIA further increases the mantle upwelling rate and hence the decompression melting rate.

mantle flow in cylindrical coordinates in response to the glacial load as provided in Ap-195

pendix A together with the corner flow solutions.196

2.3 Decompression Melting in the Mantle197

Mantle upwelling is sufficiently fast that the heat loss due to conduction is negli-198

gible. Therefore, the decompression melting in the mantle is adiabatic and the mantle199

melting rate DF/Dt can be calculated by (Jull & McKenzie, 1996)200

DF

Dt
=

(
∂F

∂P

)
S

DP

Dt
(2)201

where F is the degree of melting by mass fraction relative to the initial mass of the solid202

mantle, (∂F/∂P )S is the isentropic melt productivity of the mantle and D
Dt is the con-203

vective derivative following the solid mantle trajectories.204
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The rate of mass production of melt per unit volume as a function of space and time205

is assumed to follow206

Γ(x, t) = ρs
DF

Dt
207

= ρs

(
∂F

∂P

)
S

DP

Dt
. (3)208

209

The isentropic melt productivity depends on several factors including the compo-210

sition of the mantle, temperature and pressure (McKenzie, 1984). In numerical calcu-211

lations, using different melt productivity functions will result in different profiles of depth-212

dependent mantle melting rate, and different eruptive REE concentrations (Slater et al.,213

1998). To investigate the effect of magma transport solely without the effect of melt pro-214

ductivity function on the eruptive REE concentrations, we use a constant isentropic melt215

productivity (Table 1) and the degree of melting as a function of pressure follows a sim-216

ple linear relation217

F (P ) = −
(
∂F

∂P

)
S

(Psol − P ) . (4)218

Our choice of solidus pressure and melt productivity (in Table 1) gives a melt produc-219

tivity function that closely resembles that obtained from the melt parametrisation of Katz220

et al. (2003) at 1500 oC potential temperature.221

Sims et al. (2013) have shown that the temporal variability of isotope ratios in lavas222

erupted during the last deglaciation in northern Iceland provide evidence for a litholog-223

ically heterogeneous mantle source beneath Iceland. We investigate the effect of man-224

tle heterogeneities by comparing our simple homogeneous mantle model results to that225

of the pMELTS modelling (Ghiorso, Hirschmann, Reiners, & Kress III, 2002; Smith &226

Asimow, 2005) of a bi-lithological mantle as used in Rudge, Maclennan, and Stracke (2013).227

We show these results in Supporting Information that both mantle models yield the same228

conclusions for the rate of melt ascent. Our model is not very sensitive to the mantle het-229

erogeneities because the model calculations do not involve isotopic composition.230

Melts generated in the mantle have to be transported to the surface before they231

erupt. We assume that the effects of finite melt transport rate can be approximated by232

sampling the melt production rate field (equation (3)) with a time-lagged sampler. To233

the leading order, we assume that the vertical component of the melt velocity is constant234

= vt. In this case, the time taken for melt produced at location (x, y, z) in the mantle235

to ascend to the surface is ∆t = |z|/vt, where |z| = −z (∵ z < 0 below the Earth’s236

surface). That is, melt that reaches the surface at time t is assumed to have been pro-237

duced at time t′ = t−|z|/vt in the past. Therefore, the total mass flux of melt supply238

to the crust at time t is239

Ṁ(t) =

∫
V

Γ

(
x, t− |z|

vt

)
dV, (5)240

241

which is the integral of all the instantaneous melts produced in the melting region V; how-242

ever, the melts added from depth |z| are assumed to have been produced at time t′ =243

t− |z|/vt in the past.244

The total volume flux V̇ of melt supply to the crust at time t can be calculated from245

the mass flux:246

V̇ (t) =
Ṁ(t)

ρl
247

=
1

ρl

∫
V

Γ

(
x, t− |z|

vt

)
dV. (6)248

249
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2.4 REE Concentrations250

We simplify the model by assuming that the concentration cil of a highly incom-251

patible element i with partition coefficient Di in the instantaneous melt can be calcu-252

lated based on modal fractional melting (Shaw, 1970)253

cil
cis0

=
1

Di
(1− F )

1

Di−1 (7)254

where cis0 is the concentration of the element in the initial source.255

Equation (7) gives the instantaneous concentration as a function of the degree of256

melting cil = cil(F ). The degree of melting as a function of pressure F = F (P ) is known257

from equation (4) and the pressure as a function of position and time P = P (x, t) is258

known from equation (A.2). We can therefore combine these equations to calculate at259

any location in the mantle at any time the instantaneous concentration cil = cil(x, t)260

in the melt generated. The bulk partition coefficient of La (Table 1) is assumed to fol-261

low that in Workman and Hart (2005).262

This very simplified melting modelling of La gives results that are not significantly263

different from those (shown in Supporting Information) obtained from a more elaborate264

model of mantle melting used in Rudge et al. (2013) because highly incompatible ele-265

ments (such as La) partition into melts almost completely near the solidus intersection266

in the garnet field.267

Given the concentration (by mass) cil of a trace element i in the instantaneous melt268

as a function of space and time, the total mass flux of the trace element i in the melt269

supply to the crust is270

Ṁi(t) =

∫
V
cil Γ

(
x, t− |z|

vt

)
dV (8)271

272

where cil is calculated at point (x, t− |z|vt ).273

Similar to the volume flux of the whole melt defined in equation (6), we define the274

total “volume” flux of a trace element i in the melt supply to the crust as275

V̇i(t) =
Ṁi(t)

ρl
276

=
1

ρl

∫
V
cil Γ

(
x, t− |z|

vt

)
dV. (9)277

278

Following these definitions, the mean concentration of the element i in the melt supply279

to the crust at time t is280

c̄il(t) =
Ṁi(t)

Ṁ(t)
=
V̇i(t)

V̇ (t)
. (10)281

282
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3 Results and Discussion283

3.1 Decompression Melting and Eruption Rates284

The numerical methods we use for the calculations are discussed in Appendix B.285

Figure 3 illustrates snapshots of the decompression rate in the mantle from the model286

when the ice load history follows the timeline given in Section 2.1.287
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Figure 3. Snapshots of the decompression rate in a vertical plane passing through the center
of ice perpendicular to the ridge axis (ridge axis as red line in Figure 1b) induced by the post-
glacial rebound and the corner flow. Black contour lines are separated at equal intervals of 4
kPa/yr. The time and ice radius are shown in the upper right corner of each panel. The deglacia-
tion is assumed to take place between time t = 23.0–10.5 kyrBP with two pauses in between
at t = 17.0–15.0 kyrBP and 13.8–11.7 kyrBP during which the ice volume stays constant (see
Section 2.1 for details). The ice load profile (navy blue color) is drawn on top of the mantle with
15× vertical exaggeration. Boundaries of the mantle melting region are outlined by the dark
green lines. Animation of the decompression rates in the mantle is provided in the Supporting
Information.
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Figure 4. a) volumetric rate of melt supply to the crustal chamber (equation (6)). b) volu-
metric rate of La supply to the crustal chamber (equation (9)) normalized to the La concentra-
tion in the source. c) concentration of La in melt supply to the crustal chamber (equation (10))
normalized to the steady-state La concentration. d) concentration of La in erupted lavas normal-
ized to the steady-state La concentration. e) modelling-input ice load volume. (c) is the ratio
of the La volume (b) to the melt volume (a); whereas, (d) is the ratio of the 1000-year standard
moving average (SMA) of the La volume (SMA of (b)) to the 1000-year SMA of the melt volume
(SMA of (a)). See Section 3.5 for physical meaning of SMA used in (d). Grey shaded regions
indicate the time interval during which the ice is retreating. Different line colors correspond to
different values of melt ascent velocity as labelled on top of the figure in m/yr. The melt and
La volumetric supply rates to the crustal chamber are the sum along the ridge axis (red line in
Figure 1b) between 45 and 270 km from the center of the ice.

While the Jull and McKenzie (1996) model with constant radius of ice-load pre-288

dicted that the region of maximum decompression rate is always below the center of the289

ice sheet (their Figure 3), our model with variable ice radius predicts that this region290

is below the glacier terminus and is moving radially as the ice retreats. The glacially in-291

duced decompression causes the spatially dependent mantle melting rate underneath Ice-292

land to increase from its steady state value by several fold during the deglaciation. These293

extra melts then transport to the surface, causing an increase in volcanic eruption rates.294

The time delay between the surge of mantle melting and the surge of volcanic erup-295

tions depends on the melt transport speed and also on how long melts reside in crustal296
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chambers before they erupt. Figure 4a shows the melt supply rates to crustal chambers297

predicted by our model from different input values of melt ascent velocity by integrat-298

ing equation (6) in the melting region underneath Iceland along the ridge axis from 45299

to 270 km from the ice center, taking into account the time delay due to finite melt as-300

cent velocity. The graph demonstrates that if melt transport were almost instantaneous,301

the surge in the melt supply rate (red curve) would respond almost immediately after302

the deglaciation period (grey shaded area). Whereas, with slower melt transport, the surge303

in the melt supply rate will be delayed from the deglaciation period. At lower rates of304

melt transport, the shape of the melt supply rate curve will be more stretched in time305

because melts produced at the same time at different depths will arrive at crustal cham-306

bers at different times.307

Note that the area under the curve over the whole time interval shown in the graph308

is independent of the melt ascent velocity. This is because, by the conservation of mass,309

the total melt supply is equal to the total melt produced regardless of how fast the melt310

is transported.311

Before melts erupt on the surface, their compositions can be modified in the crustal312

chambers. We assume that the amount of melts accommodated in a chamber is constant.313

By conservation of mass, this implies that the total mass flux into is equal to the total314

mass flux out of the chamber. Therefore, the eruption rate is equal to the rate of melts315

entering the chamber (Figure 4a). However, the mass flux of each individual component316

do not need to follow this rule. Mixing and crystallization processes can modify the con-317

centrations of REEs. We will discuss these two processes together with the remaining318

plots in Figure 4 later in Section 3.5.319
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3.2 Eruptive Locations320

The ages and volumes of eruptions from the last glacial and present postglacial are321

compiled using published maps and age estimates. The principal sources of information322

for the Northern Volcanic Zone (NVZ) are Sæmundsson (1991) and Sæmundsson et al.323

(2012). For the Western Volcanic Zone (WVZ) and Reykjanes Peninsula (REYK), the324

maps of Sinton et al. (2005), Eason et al. (2015) and Sæmundsson, Sigurgeirsson, Hjar-325

tarson, Kaldal, and Kristinsson (2016) are used. Acknowledgements section lists all the326

sources of rock sample dataset we use in this work.327

Geological mapping, geomorphology and interpretation of the volcanic lithologies328

have been used to determine the eruptive facies: whether it is subglacial, finiglacial or329

postglacial. Finiglacial means that there is evidence of thin or recently disappeared ice330

when the eruption unit was being formed. Finiglacial units are likely to have formed when331

the glacier terminus was sweeping through the eruptive area during the glacial retreat.332

Tephrochronology provides bounds on eruption ages for the postglacial events, mean-333

ing that the age constraints are expressed with a maximum and minimum age bound in334

our dataset. For early postglacial and finiglacial eruptions the maximum age has to be335

tied to the inferred age of deglaciation of the area, based on available reconstructions of336

the ice sheet history (Geirsdóttir, Miller, Axford, & Ólafsdóttir, 2009; Patton et al., 2017).337

The ages of subglacial eruptions are, in general, not as well constrained as those of the338

postglacial. Minimum age constraints for these eruptions are obtained from ice-sheet re-339

constructions and maximum ages are set to 30 ka. Helium-3 exposure ages and the ge-340

omorphological characteristics of the uppermost surface of tuyas can also be used to in-341

fer a chronology for a subset of subglacial eruptions, using the approach of Eason et al.342

(2015) as informed by the data of Licciardi et al. (2007).343

A table of eruptions for which age, volume and chemical data is available is pro-344

vided in the supplementary information. The information in this table is used to gen-345

erate the plots provided for comparison with model results in this paper. The require-346

ment of an unambiguous association between sample chemistry and eruption name, vol-347

ume and age introduces some bias into our dataset: The lack of a clear link between the348

eruption name and chemistry means that our coverage of subglacial eruptions from the349

Reykjanes Peninsula is poor. Inevitably, erosion, superposition and lack of subsurface350

informaton introduce substantial uncertainties into any reconstruction of eruptive vol-351

umes.352

We divide eruption units in WVZ further into WVZ-North (WVZN) and WVZ-353

South (WVZS) by latitude of 64o20′0′′. Locations and types of eruption units of all the354

data we use here are plotted on the map in Figure 5.355

The modelling-input distances of the four zones relative to the ice center shown in356

Table 3 are estimates with uncertainty of ≈ ±50 km because the actual location of the357

ice center is unknown and also because of the uncertainty of the geometry of melt gen-358

eration.359

Table 3. Model distances of the zones from ice center.

Zone Ranges (km)

WVZN 0–70
WVZS 70–180
NNVZ 120–180
REYK 180–250
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Figure 5. Mercator projection map of Iceland showing locations of eruptive units in NNVZ,
WVZN, WVZS and REYK as circles with areas proportional to the eruptive volumes. Colors on
the circles indicate the eruption types (subglacial in blue, finiglacial in green and postglacial in
red). See Section 3.3 for the definition of finiglacial type. White areas show the recent Icelandic
glaciers. Active fissure swarms located at where plate divergence is taking place are shown in
dark red color. Data are provided in Supporting Information.

3.3 Eruption Types360

In this section, we show how the melt ascent velocity can affect the relative vol-361

ume proportion of different eruption types.362

The modelling-input ice coverage radius as a function of time is known. We can363

therefore identify if an infinitesimal volume of melt that arrives at the surface at a par-364

ticular location and time is erupted within the ice coverage radius or not. In other words,365

the model can divide eruptive volumes into subglacial group and subaerial group. The366

subglacial group corresponds approximately to the observational subglacial and finiglacial367

types combined. The subaerial group corresponds to the observational postglacial type.368

Our model does not divide the subglacial group further into subglacial and finiglacial types.369

Figure 6 illustrates the model prediction that at faster melt transport (Figure 6b)370

there is a greater proportion of the subglacial volume (colored blue) compared to that371

at slower melt transport (Figure 6a). This is because faster melt transport will allow melts372

from depth to arrive at the surface sooner before the ice has gone. The sharp changes373

of subglacial to subaerial volume at 45, 160 and 180 km are due to the three pauses of374

the glacial terminus at these three radial distances (Table 2).375
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Figure 6. (a)–(d): Isochrons of cumulative lava volume per unit length along the ridge axis
as predicted by the model at melt ascent velocity of 30 m/yr for (a) and (c) and 1, 000 m/yr for
(b) and (d). Subglacial and postglacial lavas are indicated by blue and red colors (as indicated by
the two color bars on top of the figure) with color intensity proportional to the lava age. Contour
lines are separated at an equal interval of 2 kyr and the ages labelled on the lines are in kyrBP.
(a) and (b) show volume accumulated from 24.0 kyrBP; whereas, (c) and (d) show volume ac-
cumulated from 14.5 kyrBP using the same modelling-inputs as in (a) and (b). (e): Volume
proportions of different eruption types that erupted between 14.5 and 0 kyrBP in different vol-
canic zones. Observational data with lower and upper bounds of subglacial volumes are shown by
the two left bars. The blue, green and red bars are the subglacial, finiglacial and postglacial vol-
umes respectively. See Section 3.3 for how the lower and upper bounds are obtained. The model
results with melt ascent velocity of 30 and 1, 000 m/yr are shown on the two right bars with blue
bars showing the subglacial and finiglacial types combined.

The model also predicts that for the same time interval (such as 14.5–0 kyrBP) the376

relative proportion of the subglacial volume to the total volume is dependent of the dis-377

tance from the ice center. This is because while most of the melts in any location are378

produced over the same time period during deglaciation (23.0–10.5 kyrBP), regions closer379

to the ice center remain covered by ice for a longer period of time. This allows a greater380

proportion of melts to arrive at the surface and erupt subglacially. The spatial depen-381

dence of the subglacial to subaerial volume ratio is also seen in observations. Figure 5382

illustrates that in the regions closer to the center of Iceland there is a greater propor-383

tion of subglacial and finiglacial volumes (blue and green circles) than further out.384
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To compare our model results with the observations, we first note that the obser-385

vational eruption volumes of units older than 14.5 kyrBP are highly uncertain not only386

due to glacial erosion but also due to some older units are buried underneath younger387

eruptions. We therefore filter out eruptions older than 14.5 kyrBP for both the model388

and the observational data. The model cumulative volumes at melt ascent velocity of389

30 and 1, 000 m/yr after the 14.5 kyrBP filter are shown on Figure 6c and 6d. We use390

results from these two panels to calculate the model proportions of the subglacial vol-391

ume (= observational subglacial+finiglacial) and subaerial volume (= observational post-392

glacial) as shown on the two right bars of Figure 6e. For example, the bar plot of the393

model 30 m/yr in NNVZ on Figure 6e has subglacial (blue) and subaerial (red) propor-394

tions equal to the subglacial (blue) and subaerial (red) plotting area proportions of Fig-395

ure 6c in the x-axis range of 120–180 km.396

We arrange the bar plot on Figure 6e from left to right by zone location from the397

closest to (WVZN) to the furthest from (REYK) the ice center. In each zone, the ob-398

servational data has lower and upper estimates of subglacial volume due to age uncer-399

tainty of the subglacial units. The lower estimate (min. subglacial) shown on the left bar400

comes from the volume sum of the subglacial units with maximum age bound not ex-401

ceeding 14.5 kyrBP. Whereas, the upper estimate (max. subglacial) comes from sum-402

ming all the subglacial units with minimum age bound less than 14.5 kyrBP (while the403

maximum age bound can exceed 14.5 kyrBP).404

The model predictions for spatial dependence in the diachronous response agree405

well with the observational data. In REYK, the whole area is already ice-free by 14.5406

kyrBP and hence all the eruptions are subaerial. On the other hand, WVZN remains cov-407

ered by ice over most of the time during the last deglaciation and so the majority of the408

eruption volumes are subglacial.409

Results on Figure 6e also suggests that the melt ascent velocity is likely to be of410

the order of 100 m/yr. At below 30 m/yr, the subglacial volumes predicted by the model411

would be smaller than that of the observational lower bound estimates (min. subglacial).412

Nevertheless, we note that the model results depend on the distance along the ridge axis413

over which the melts are integrated (as estimated in Section 3.2). Similar to the model,414

the observational lava volumes in the four zones are also integrated over ridge lengths415

of ∼ 60–90 km.416

3.4 Timing of the Peaks in Volcanic Productivity417

Another way to estimate the melt ascent velocity is to use the timing of the peaks418

in volcanic productivity. On Figure 7, we plot the cumulative eruptive volume as a func-419

tion of time for the model outputs and the observational data. This figure shows that420

the bursts in the cumulative lava volume predicted by the model at melt ascent veloc-421

ities between 30 and 1, 000 m/yr have timings approximately equal to that of the obser-422

vations across all the volcanic zones to within the uncertainties of the lava ages and the423

modelling-input ice load history.424

In the period during which the glacier terminus was sweeping through each zone425

(called transitional period), some areas in the zone are already ice-free while some ar-426

eas are still covered by ice. This means that, in the transitional period, eruptions can427

be either subglacial or subaerial.428

In the observational data sorted by age, the transitional period can be identified429

approximately by the period during which there are some alternations of the timeline430

orders between subglacial, finiglacial and postglacial types. The remaining two end pe-431

riods are called subglacial and postglacial periods. The subglacial period consists of only432

subglacial type and the postglacial period consists of only postglacial type. In the model,433
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Figure 7. Cumulative eruptive volume normalized to the total volume erupted between time
t = −15 and 0 kyr. The cumulative volumes of the observational data plotted as steps (dashed
lines) come from cumulating the eruptive volumes sorted by either the minimum age bounds
or the maximum age bounds of the eruption units. The eruptive volume begins at 0% at −15

kyr and ends at 100% at 0 kyr. We use the mean cumulative volumes at these two ends to nor-
malize the observational data. The model results for melt ascent velocity of 30 and 1, 000 m/yr

are plotted as non-black colored solid lines. Colors on these dashed and solid lines illustrate the
eruption periods: subglacial in blue, transitional in green and postglacial in red (see Section 3.4
for definition of the transitional period). Black solid line in each panel shows the model result
for melt ascent velocity of 100 m/yr. The timings of the eruption periods for the black curve are
the same as those for the remaining model-result curves. Different panels correspond to different
volcanic zones as indicated on the upper-left corner of each panel together with the corresponding
modelling-input zone range (Section 3.2). Grey shaded regions indicate the time interval during
which the modelling-input ice is retreating.
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the transitional period is identified by the period during which the ice radius is in the434

zone range (as listed in Table 3).435

The timing of the periods in the model is controlled by the input ice history and436

the input zone range. Therefore, a well-matched timing of the periods between the model437

and the observational data helps us identify if the modelling-input of ice load and zone438

range reasonably reflect the actual values. The discrepancy between the observations and439

the model results at our preferred estimate of 100 m/yr melt ascent velocity is likely to440

be because of the uncertainty of the observational eruption ages and the model axisym-441

metric ice assumption.442

Nevertheless, the results in Figure 7 show that, at a melt ascent velocity of 30 m/yr443

or below, the difference of the timing in the burst in volcanism between the model re-444

sults and the observational data becomes significant. More quantitatively, with the av-445

erage mantle melting depth of ≈ 50 km, reducing the melt ascent velocity from 100 to446

30 m/yr will delay the burst timing by ≈ 1.2 kyr, which is significant compared to the447

uncertainty of the eruption ages. Our model implies a similar lower bound value to that448

of 50 m/yr estimated in Maclennan et al. (2002) from the relative timing between the449

observed eruption ages and the deglaciation. An advantage of this work is that much broader450

geographical spread is accounted for. Our model examines eruptions in different volcanic451

zones; whereas, Maclennan et al. (2002) only examined eruptions in the NNVZ region.452

3.5 Geochemical Response453

3.5.1 Model Predictions454

Figure 4b shows the volumetric supply rate of La to the crustal chambers normal-455

ized to the steady-state La concentration. Similarly to the whole melts in Figure 4a, the456

surge in the supply rate of La is delayed from the deglaciation period due to the finite457

speed of melt transport. However, while the volumetric melt supply rate curves (Figure458

4a) are stretched in time, the La supply rate curves (Figure 4b) retain their shapes al-459

most like the same time-series but time-shifted. This is because La is partitioned into460

melt at almost the same depth (near the solidus). Most of the La takes almost an equal461

time to arrive at the crust regardless of how fast the ascent rate is. Therefore, chang-462

ing the ascent rate will not significantly spread the La flux out along the time axis. In463

contrast, melts are produced at different depths. They take different times to transport464

to the crust. The slower the ascent rate, the more the time delay between melts from465

different depths to arrive at the surface; hence, the more the spread of the melt supply466

rate curve along the time axis.467

Figure 4c is the La concentration (cLa) in the melt supply to the crustal chambers,468

which is equal to Figure 4b divided by Figure 4a. This would correspond to the concen-469

tration in the lava erupted at the surface if the magma mixing process in the crustal cham-470

ber were not present. The longer the magma is allowed to mix in the crustal chamber,471

the smaller the variation signal of the REE concentrations.472

In the model, the effect of magma mixing on cLa in the lavas is equivalent math-473

ematically to the time average concentration. The time period over which the average474

is performed is equal to the time duration that the magmas mix in the crustal chamber475

before they erupt. In a study of the chemical disequilibria between olivine, its melt-inclusions476

and the whole melts that surround the olivine in rock samples collected from Iceland,477

Maclennan (2008) estimated that the magma residence time is of the order of a few hun-478

dreds to . 1, 000 years. We therefore take the time average cLa over a period of 1, 000479

years and the result is shown in Figure 4d. In other words, this panel is equal to the ra-480

tio between the 1000-year standard moving average (SMA) of La volume supply to the481

crustal chamber (1000-year SMA of Figure 4b) and the 1000-year SMA of the whole melt482

volume supply to the crustal chamber (1000-year SMA of Figure 4a).483
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Note that melt mixing also occurs "en-route" while melts are migrating from depths484

to the crustal chamber and meet together along the way. This geological process corre-485

sponds mathematically to the volume integration over the mantle melting domain V as486

shown in equation (9), taking into account the time delay due to the finite rate of melt487

transport ∆t. In other words, the model results shown in Figures 4b, 4c and 4d as cal-488

culated by equations (9) and (10) have already taken into account the effect of en-route489

melt mixing.490

Our results in Figure 4c and 4d show that the variation of cLa is strongly depen-491

dent on the melt ascent velocity. The lower the melt ascent velocity the higher the vari-492

ation of cLa. This effect can be explained as follows. During the deglaciation, the decom-493

pression rate in the mantle is maximum at the surface and decays exponentially with depth494

(as illustrated in Figure 3). This means that the extra melts generated during deglacia-495

tion are mostly produced at shallow depths in the mantle, which is depleted in La. If the496

melt transport had been instantaneous, the extra melts produced at any depth at the497

same time would have travelled to the crust and mixed instantly and would have erupted498

at the surface with La depletion of up to ≈ 20% as predicted by Jull and McKenzie (1996).499

In contrast, when the melt ascent velocity is finite, the extra melts produced at shallower500

depths during deglaciation will arrive at the surface before the extra melts produced at501

deeper depths. The slower the rate of melt transport the more likely the extra melts from502

shallow depths (La depleted) are to erupt before they mix with the extra melts from deep503

depths (La enriched). As a result, when the melt ascent velocity is sufficiently low, the504

first arrival of the extra melts produced during deglaciation will be much more depleted505

in La than that predicted by the instantaneous melt transport model of Jull and McKen-506

zie (1996).507

The eruptive cLa will recover back to near the steady-state concentration after the508

extra melts from the bottom of the melting region (La enriched) catch up and mix with509

the extra melts from shallow depths (La depleted) before they erupt. Moreover, the re-510

covery of the eruptive cLa back to the steady-state will overshoot after the deglaciation511

ends. This phenomenon can be explained as follows. Once the deglaciation terminates,512

the glacially-induced decompression melting in the mantle will also terminate at all depths513

at the same time and the extra melt supply to the surface from shallow depths (La de-514

pleted) will run out before the extra melt supply from deep depths (La enriched). This515

is because the melts from greater depths take a longer time to arrive at the surface. There-516

fore, once the La depleted melt supply from the shallow depths runs out, the remain-517

ing majority of the erupted lavas will be the La enriched melts from deep depths and the518

eruption will become enriched in La.519

Figure 4d also shows that the timing of the periods during which the lavas are en-520

riched or depleted in La is dependent on the melt ascent velocity. At slower melt ascent521

velocity, the peaks and the troughs of cLa are delayed further from the deglaciation pe-522

riods. Hence, we can use this timing combined with the magnitude of the cLa variations523

to estimate the melt ascent velocity. We note that the La depleted lava volume domi-524

nates the La enriched lava volume. This can be seen in Figure 4. The troughs of cLa (Fig-525

ure 4d) fall in the periods of the bursts in eruption rates (Figure 4a); whereas, the peaks526

of cLa (Figure 4d) fall outside those periods. Therefore, the La-depletion signal is stronger527

than the La-enrichment signal, which is also seen in observational data. The majority528

of the eruptions during the last deglaciation are depleted in La.529

3.5.2 Geological Observations530

The eruptive La concentrations of observational data are from rock samples col-531

lected from Iceland by the previous studies (see Acknowledgements section and Support-532

ing Information for details). These rock samples are of melts that have gone through frac-533

tionation/accumulation during cooling and crystallization processes in the crustal cham-534
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shows La concentrations normalized to the steady-state concentration in each volcanic zone. The
upper-right corner of the right panel labels the corresponding zone and the modelling-input zone
range. On the left panel, the black curve shows the observational La concentrations together with
grey bands indicating ±1 S.D. of rock samples. The yellow curve is the model result from a melt
ascent velocity of 100 m/yr. The right panel illustrates the model La concentrations calculated
from different values of melt ascent velocity labelled with different line colors. Details of how the
La concentrations are calculated can be found in the text.

bers. These processes modify the melt compositions from their original pre-crustal com-535

positions.536

We make fractionation/accumulation correction of cLa in each rock sample based537

on the MgO content of the sample. We assume that the pre-crustal melts have 14.0 wt%538

MgO as estimated in Maclennan, Mckenzie, and Gronvöld (2001). Rock samples that539

have MgO between 9.5 and 14.0 wt% are assumed to have undergone crystallization of540

olivine-rich material with 40.0 wt% MgO. If the melts underwent crystallization further541

below 9.5 wt% MgO, they generate a gabbroic solid with 11.0 wt% MgO. Some rock sam-542

ples have higher MgO content than 14.0 wt% of the pre-crustal melts. We assume that543

these samples are from melts that have been influenced by the accumulation of olivine544

crystals with 40.0 wt% MgO.545

Due to the age uncertainty of eruption units, cLa cannot be plotted directly as that546

of the model in Figure 4. Most of the eruptions have their age estimated as a time band547
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bounded by some geological events with identifiable age (e.g. tephra layers). In WVZ548

and NNVZ, most of the eruption units fall into one of the following age bands:549

1. Glacial (pre 14.5/14.4 kyrBP)550

2. Eruptive Pulse 1 (14.5/14.4 to 12.0 kyrBP)551

3. Eruptive Pulse 2 (12.0 to 10.3 kyrBP)552

4. Early Postglacial (10.3 to 8.9/8.0 kyrBP)553

5. Steady-State Postglacial (post 8.9/8.0 kyrBP)554

REYK zone is different in that it is the furthest from the ice center and became ice-free555

by 14.5 kyrBP, which is earlier than the other zones. Eruption units in REYK are di-556

vided into the following age bands:557

1. Glacial (pre 14.5 kyrBP)558

2. Early Postglacial 1 (14.5 to 13.0 kyrBP)559

3. Early Postglacial 2 (13.0 to 10.2 kyrBP)560

4. Steady-State Postglacial (post 10.2 kyrBP)561

In each of these age bands, we take the volume-weighted average La concentration nor-562

malized to the Steady-State Postglacial La concentration and plot in Figure 8 for both563

the observational data and the model.564

The right column of Figure 8 illustrates that different model melt ascent velocities565

result in different La concentration characteristics. In each age band, some values of melt566

ascent velocity may predict La depletion, whereas the others predict La enrichment. This567

is due to the effect of melt ascent velocity on the timing of the peaks and troughs of cLa568

(Figure 4d) that we discussed earlier.569

The left column of Figure 8 shows that the model melt ascent velocity of 100 m/yr570

yields similar cLa characteristics to that of the observations. At two extreme melt ascent571

velocities of 30 and 1, 000 m/yr, the cLa characteristics are significantly different from572

that of the observations both in the timing and the magnitude of the cLa variations.573

In the Glacial age band, the observational cLa is elevated from the Steady-State574

Postglacial value in all the volcanic zones. This is likely to be due to the effect of glacial575

loading on depth-dependent melting suppression that occurred before the Last Glacial576

Maximum (23 kyrBP). This feature is not included in our model here, which may ex-577

plain why the model cLa in the Glacial age band is lower than that observed across all578

the volcanic zones. One of our future works will be to investigate this glacial loading ef-579

fect.580

3.6 Model Limitations581

The accuracy of our results depends on several factors. The deviations of modelling582

input parameters from the actual geological values that are not well-constrained can be583

significant.584

For example, the model La concentration is dependent on the time period over which585

the magma mixes in the crustal chamber. As mentioned in Section 3.5, the longer the586

magma residence time, the lower the variations of La concentrations. Also, the residence587

time may not be the same throughout Iceland as assumed in our model. A better con-588

straint on the effective magma residence time in the chamber may therefore be required.589

Our 100 m/yr estimate of the melt ascent velocity likely represents that of the melt590

produced during the GIA. At steady state, the decompression melting rate is significantly591

less. This leads to a significantly lower mass flux of melt and likely results in a slower592
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rate of melt transport. This could be one reason why our ascent rate estimate is signif-593

icantly higher than that in models of melt transport at Mid-Ocean Ridges (Burley & Katz,594

2015; Crowley, Katz, Huybers, Langmuir, & Park, 2015). A melt ascent velocity of 100595

m/yr is ∼ 2 orders of magnitude faster than would be predicted from simple models of596

diffuse porous flow. As has been noted in several previous studies, such rapid melt as-597

cent velocities suggest that some focusing or channelization of melt must occur during598

transport (e.g. Kelemen, Hirth, Shimizu, Spiegelman, and Dick (1997)).599

In more elaborate fluid dynamic models (e.g. McKenzie (1984)), the melt veloc-600

ity varies with depth. Melt flow starts slow at the base of the melting region and ascends601

at a faster rate as it migrates to a shallower depth where the porosity is higher. There-602

fore, in any region below the GIA average melting depth, the melt ascent velocity is likely603

to be below our estimate. This depth-dependent melt ascent velocity would cause a more604

time delay of the burst of the La supply rate to the crustal chamber than that predicted605

by our model in Figure 4b. A larger time delay between the melt supply and the La sup-606

ply would increase the time intervals during which the La concentration (Figures 4c and607

4d) is depleted or enriched.608

2-D fluid dynamic models of melt and trace element transport (e.g. Spiegelman (1996))609

also predict an across-axis variation in the erupted melt composition. In our model, we610

assume complete melt mixing and extraction on the ridge axis. This produces only a sin-611

gle average concentration of La at each snapshot in time. Spiegelman (1996) also showed612

that the convergence of melt to the ridge axis in passive ridge flow leads to an enrich-613

ment of incompatible elements in the erupted melt by almost a factor of 2 (for Di ≤ 0.01)614

from that in the 1-D column model. If the full solution of melt transport had been in-615

corporated into our model, the La concentration at steady state would have also been616

increased by a factor of ∼ 2. If the same enrichment factor (∼ 2) also uniformly ap-617

plies to that during the GIA, our model results of the La concentration (normalized to618

the steady state value) would remain unchanged. However, the flow fields of the solid619

mantle and of the melts during the GIA are certainly different from those at steady state.620

Therefore, the enrichment factor during the GIA is unlikely to be uniformly the same621

as that at the steady state. How much the enrichment factor varies still remains to be622

explored. In our future work, we would like to incorporate full melt transport solutions623

into the model to understand how good the constant ascent rate approximation is.624

The real ice sheet shape may be significantly deviated from the axisymmetric shape625

that we use. While our axisymmetric assumption helps simplify the computations, a modelling-626

input ice sheet with more detailed 3D shape may have an important role in controlling627

the accuracy of the model results.628

Last but not least, the time evolution of the ice sheet shape we input into our model629

may be significantly different from the actual ice sheet. For example, the glacier may ex-630

tensively re-advance in some periods during the last deglaciation. Glacial advance will631

increase the load on the surface, which will lead to pressure increase in the mantle. This632

will suppress mantle melting and can also affect the REE concentrations as discussed in633

Section 3.5. The modelling of the effects of glacial advance on mantle melting beneath634

Iceland may therefore be important.635

4 Conclusions636

The consequences of a finite melt ascent velocity on lavas erupted during the last637

deglaciation are:638

1. Volume proportions of different eruption types: Faster melt transport will allow639

more melts to arrive at the surface and erupt sooner when the ice is still present.640
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This means that there will be a greater proportion of subglacial and finiglacial vol-641

umes relative to postglacial volume.642

2. Relative timing between the bursts in the eruption rates and the deglaciation: Higher643

melt ascent velocity will transport the extra melts produced during deglaciation644

to the surface faster. This will result in a smaller time-lag between the bursts in645

the eruption rates and the deglaciation.646

3. Variations of REE concentrations: Slower melt ascent velocity will result in a greater647

time-lag between melts from shallow depth (REE depleted) and melts from deep648

depth (REE enriched) arriving at the surface. This will cause higher variations649

of REE concentrations in the lavas.650

Our numerical model estimates that the Icelandic melt transport from the upper651

mantle melting region to the surface during the last-deglaciation has an average melt as-652

cent velocity of the order of ∼ 100 m/yr.653
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A Mantle Flow654

In steady state, the velocity components of the mantle flow follow the corner flow655

solutions. In Cartesian coordinates, they can be written as (Batchelor (2000); Spiegel-656

man and McKenzie (1987))657

vx(x, y, z) =
B xz

x2 + z2
−B arctan

(x
z

)
,658

vy(x, y, z) = 0,659

and vz(x, y, z) =
B z2

x2 + z2
−B sin2(α) (A.1)660

661

where662

B =
2U0

π − 2α− sin(2α)
,663

664

vx is the horizontal velocity component perpendicular to the ridge, vy is the horizontal665

velocity component parallel to the ridge, vz is the velocity component in the vertical di-666

rection, U0 is the half-spreading velocity of the ridge and α is the ridge angle from the667

horizontal.668

Ice load change causes glacially-induced isostatic adjustment (GIA). In cylindri-669

cal coordinates, the semi-analytical solutions to the axi-symmetric GIA response in the670

viscous half-space mantle are671

vr(r, z, t) =− ρi
ρs
H−11

[
kz ekz w̃(k, t)

]
,672

vθ(r, z, t) = 0 ,673

vz(r, z, t) =− ρi
ρs
H−10

[
(1− kz) ekz w̃(k, t)

]
,674

P (r, z, t) =− ρsgz + ρigH−10

[
τ ekz w̃(k, t)

]
,675

and
DP

Dt
(r, z, t) = ρigH−10

[
ekz

(
H0[ḣ](k, t) − kz w̃(k, t)

)]
, (A.2)676

677

where678

τ ≡ τ(k) =
2 η k

ρs g
,679

w̃ (k, t) =

∫ t

tiso

(
H0[ḣ](k, t′)

)
exp

(
− t− t

′

τ

)
dt′/τ ,680

Hn[f ](k) =

∫ ∞
0

f(r) Jn(kr) r dr ,681

H−1n [F ](r) =

∫ ∞
0

F (k) Jn(kr) k dk ,682

683

vr is the radial component of the velocity, vθ is the azimuthal component of the veloc-684

ity, vz is the vertical component of the velocity, P is the pressure in the mantle, ρi is the685

density of ice, ρs is the density of the mantle, ḣ is the time-derivative of the thickness686

of ice sheet, Hn[f ] is the nth-order Hankel transform of function f , H−1n [F ] is the nth-687

order inverse Hankel transform of function F , Jn is the nth-order Bessel function of the688

first kind and k is the wavenumber. tiso in the w̃ (k, t) expression is the time at which689

the mantle is in isostatic equilibrium.690

Equation (A.2) shows that the glacially induced decompression rate depends on691

the history of the deglaciation rate ḣ and is attenuated exponentially with depth by the692
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ekz factor (z < 0 in the mantle). For the ice sheet shape in equation (1), the Hankel693

transform of the rate of change of ice load is analytical:694

H0[ḣ](k, t) =
3
√

2

32
V̇ (t)

[
J− 1

4

(
k rm(t)

2

)
J 1

4

(
k rm(t)

2

)
+ J− 3

4

(
k rm(t)

2

)
J 3

4

(
k rm(t)

2

)]
.

(A.3)695

B Numerical Methods696

Calculations of the melting rates, the eruption rates and the REE concentrations697

(equations (5), (6), (8) and (9)) require temporal and spatial integrations over a finite698

domain. We perform these numerical integrations using the trapezoidal rule. We discretize699

the spatial domain using a 3-D rectangular grid with uniform horizontal and vertical res-700

olutions of 5-by-5 km2 and 0.5 km respectively.701

For an REE with Di � 1, the concentration cil changes rapidly with depth near702

the solidus. As can be seen in equation (7), cil drops sharply with F near the solidus F =703

0. By adopting the trapezoidal rule to integrate equation (8) along the depth using val-704

ues of cil at the grid vertices alone, the trapezoidal error can be very significant. In or-705

der to resolve this rapid change within each cell of the grid, we calculate cil inside the706

cell using equation (7) with F = F (z) that is obtained from linear interpolation of the707

face-averaged F between the lower face and upper face of the cell with depth z. The face-708

averaged value of a face is simply the mean value of the four vertices at the corners of709

the face. This technique helps improve the model cil accuracy significantly.710

Calculations of mantle flow and decompression rates such as equation (A.2) involve711

the inverse Hankel transform, which requires numerical integration of the wavenumber712

k from 0 to ∞. All the mathematical expressions in the model that require inverse Han-713

kel transform contain an attenuation factor ekz, which decays exponentially with the wavenum-714

ber k in the mantle (z < 0). Therefore, the numerical integration of the inverse Han-715

kel transform from k = 0 to ∞ can be truncated when the attenuation factor ekz is neg-716

ligibly small. In our model, the melting region is at z = −20 km or below. We trun-717

cate the integration at k = 2/3 km−1, which corresponds to ekz ∼ 2× 10−6 or below.718

The variations of integrands of all the inverse Hankel transform involved in the model719

are dominated by the ice load function in the k-domain (equation (A.3)). This function720

consists of the nth-order Bessel functions of the first kind Jn with n = ±1/4 and ±3/4,721

all of which have the same argument = krm/2 where rm is the ice radius. This means722

that the ice load function in the k-domain varies with k at a frequency of ∼ rm/2 ∼723

100 km. We therefore use the trapezoidal strip size dk = 1/1440 km−1, which gives dkrm/2 ≤724

10−1. This corresponds to having at least Nk = 10 trapezoidal strips per unit length725

in the non-dimensional k-domain since Nk = 2/(dkrm) ≥ 10.726

The decompression rate = −DP/Dt at time t can be calculated directly from equa-727

tion (A.2) independently from any information in the previous time steps. This means728

that the time-step size does not affect the accuracy of the model. We use a uniform time-729

step size of 50 yr.730
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