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Frontispiece 

Examples of glacier surface facies, as observed on the sub-polar glacier Ayerbreen 
during the 1992 ablation season. The glacier is approximately 900 m across, and is 
flowing from right to left. The upper and lower limits of the dark slush zone are termed 
the slush limit and snow line, respectively; the latter defines the margin between the wet
snow facies, up-glacier, and the ice facies, down-glacier. The slush zone is flanked by 
the more highly reflective wet snow and superimposed ice, above and below. Darker, 
debris-covered glacier ice can be seen to the extreme left of the image. 
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SUMMARY 

This work examines the effectiveness of spaceborne synthetic aperture radar (SAR) for 

investigating seasonally variable glaciological parameters, in particular its ability to discriminate 

glacier surface facies in order to estimate glacier mass balance. A multitemporal C-band SAR 
dataset of Nordenskiold Land, Spitsbergen, acquired by the ERS-1 satellite, is used for the 
analysis, which focuses on mountain glaciers rather than ice sheets. Validating field 
measurements of ice and snowpack parameters were obtained contemporaneously with two 

SAR images, prior to and during the ablation season. 

A general model for the annual backscatter cycle from a sub-polar glacier is derived 
from SAR data of three glacierised areas. This model reveals two seasonal reversals in the 

relative magnitude of backscatter from the ice and wet-snow facies, principally through a 10 dB 
change in the latter; these reversals mark the start and end of the ablation season. It is shown 

that a combination of winter and summer SAR imagery is necessary to estimate the equilibrium
line altitude of a sub-polar glacier. Topographic distortion is the major limiting factor regarding 

the utilisation of SAR data for studying mountainous glaciers. 

Existing theoretical models of radar backscatter from snow and ice are validated for 

three scenarios: glacier ice, dry snow overlying glacier ice, and wet snow, using the in situ 
measurements. In addition, temporal variations of ice and snowpack parameters observed 

during the field campaigns are used to predict short-term seasonal changes in backscatter, and 

to corroborate the model of annual backscatter. 

ERS-1 SAR data are compared to NIR Landsat TM data in separate analyses of data 
information content and temporal resolution; the optical data are found to be better for both 
facies discrimination and obtaining synoptic glaciological information in mountainous regions. 

However, the Spitsbergen cloud cover is such that useful TM data may not necessarily be 
acquired in a given year; consequently SAR is the better sensor for obtaining guaranteed 
synoptic mass balance data for use in climate change studies, or for studying short-term events 

like glacier surges. These conclusions are shown to apply to the entire European Arctic sector 
except East Greenland, where the two sensors have similar temporal resolutions. Data from 
both sensors were integrated to provide an estimation of the synoptic mass balance of 
Nordenskiold Land for 1991/92; the results, which indicate an overall slightly negative mass 
balance, demonstrate that elevation is the principal factor governing glacier net mass balance in 

the region. 
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CHAPTER 1 

INTRODUCTION 

1.1 INTRODUCTION 

1.1.1 The requirement for glacier monitoring 
Seventy-seven percent of the Earth's fresh water exists as glacier ice (Williams and 

Hall, 1993), which constitutes the second largest reservoir of water after the oceans. The 

spatial extent of this glacier ice is markedly changeable at all temporal scales because the 

freezing point of water, the transitional temperature between the solid and liquid phases, falls 

within the central temperature range of most terrestrial environments (Untersteiner, 1984). The 

capacity of ice masses to alter their proportions means they are able to influence human 

activities. Regular monitoring is required to increase the understanding of the indirect impact 

that ice masses have through their role in the climate system, and to enable humankind better to 

regulate direct impacts such as glacier hazards. 

Terrestrial ice masses, namely glaciers and ice sheets, affect two components of the 

climate system: the rate of volumetric transfer of water from glacier ice to the oceans within the 

global hydrological cycle ( e.g. Warrick and Oerlemans, 1990), and the magnitude of the 

positive ice-albedo feedback mechanism ( e.g. Houghton and Morel, 1984 ), whereby a gain in 

ice extent increases surface albedo causing a decrease in atmospheric temperature, which in 

turn reduces ablation and thus leads to further gains in ice extent. Glaciers and ice sheets 

respond to. changes in local climate by altering their total mass; wastage from these ice masses, 

together with thermal expansion of the oceans, are believed to be the principal causes of current 

sea-level increase, estimated to be as high as 2.4 ± 0.9 mm yr- 1 since 1920 (Peltier and 

Tushingham, 1989). Therefore, the increasing atmospheric concentration of by-products from 

anthropogenic activity, specifically C02 and other greenhouse gases, which has led to forecasts 

of a warmer climate, has also raised questions concerning the consequent melting of terrestrial 

ice masses. Moreover, although a global warming is anticipated to increase the atmospheric 

water-vapour content and subsequently enhance precipitation in glacierised regions, higher air 

temperatures mean that glacier wastage is likely be the dominant factor, leading to an increased 

contribution to future sea-level rise from glaciers and ice sheets (Meier, 1985; Oerlemans and 

Fortuin, 1992). This scenario has been corroborated by Laumann and Reeh (1993) who 

proposed, on the basis of modelled results, that glaciers in southern Norway would lose mass 

in a warmer climate unless it was accompanied by an extreme increase in precipitation of 25-

40% per °C temperature rise. 
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The Antarctic and Greenland ice sheets have the potential to raise sea level by about 
80 m (Williams and Hall, 1993). However, despite extensive field investigations, it remains 
unknown whether these ice sheets are currently contributing to sea-level change, with an 
uncertainty equivalent to± 3 mm yr 1 in global sea level (Thomas, 1993), although most 
estimates place them both close to equilibrium. Mountain glaciers, herein defined as all 
terrestrial ice masses (i.e. both glaciers and ice caps) other than the ice sheets of Antarctica and 
Greenland, cover an area of 640 ± 20 x 103 km2 and are thought to have contributed 
0.4 ± 0.2 mm yr1 to sea-level rise in this century, following a general recession since the Little 
Ice Age (Meier, 1993). This, the most recent glacial phase, is generally dated as encompassing 
the period AD 1500-1920 (Grove, 1988). The total wastage of these mountain glaciers would 
produce a sea-level rise of only 0.6 m (Williams and Hall, 1993), with approximately one third 
of this taking place over the next 100 years assuming a contemporaneous 4 °C rise in 
temperature (Kuhn, 1993). 

However, despite their relative insignificance in terms of a potential contribution 
towards future sea-level rise, there are several important reasons to study these smaller ice 
masses. Mountain glaciers respond fastest to climatic fluctuations because of their rapid 
movement and high rates of accumulation and ablation, and are thought to be significant for 
sea-level variations on decadal and centurial time scales (Oerlemans and Fortuin, 1992). The 
change in mass for a given year, the net mass balance, may often be correlated with various 
climatic parameters (e.g. Lefauconnier and Hagen, 1990); thus, suitably interpreted, such 
glaciers are 'sensitive indicators of climatic change' (Untersteiner, 1984). In addition, records 
of fluctuations in glacier extent are generally available for much longer periods and may be 
similarly utilised to infer climatic variation (Oerlemans, 1994). Moreover, the insensitivity of 
most Global Circulation Models (GCMs) to mountainous regions and the sparsity of weather 
stations in such terrain means that glaciers frequently represent the only form of climate data, 
albeit indirect, available from these areas (Ommanney, 1990). 

Direct and practical benefits for humankind provide further incentives for monitoring 
mountain glaciers. Meltwater from glaciers is becoming increasingly utilised as a water supply, 
and estimates of glacier mass balance may be used to predict the total volume of water available 
in a given year (0strem, 1975). Glaciers have the advantage of regulating the total output from 
a drainage basin by acting as natural reservoirs; lower runoff from reduced precipitation is 
offset by higher meltwater production because of enhanced solar radiation from clear skies and 
conversely. Glacial meltwater is used for irrigation in Asia and in North and South America, 
and for supplying the needs of both municipal and industrial consumption elsewhere; the 
Russian settlement and coal mine at Pyramiden, Svalbard, are both supplied using meltwater 
from the glacier Bertilbreen (Guskov et al., 1980) . Glacial meltwater is also used to develop 
hydro-electric power in several countries; for example, the Folgefonni ice cap provides power 
to the Norwegian city of Bergen (0strem, 1975). The Grand Dixence scheme in Switzerland is 
probably the most complex system, involving meltwater from 35 drainage basins, varying in 
area from 1 to 80 km2 (Bezinge, 1987). 
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• 
Glaciers can pose a threat to humankind's activities in several different ways. Glacier 

outburst floods, called jokulhlaups, have been reported from many glacierised regions, and 
result from the failure of ice dammed lakes and subglacial geothermal or volcanic activity. One 
of the more spectacular jokulhlaups was the 1934 outburst of the Grfmsvotn caldera, 
Vatnajokull, Iceland, which had a peak flow of 50 OOO m3 s- 1 and flooded 1000 km2 

(Thorarinsson, 1953). Smaller jokulhlaups from Cathedral Glacier, Canada, generate debris 
flows that periodically block the Canadian Pacific Railway and Trans-Canada Highway 
(Ommanney, 1990), while those occurring in Mount Rainier National Park, USA, repeatedly 
demolish bridges (Meier, 1967). Glacier fluctuations may also significantly affect the 
livelihood of local communities; thousands of people were forced to move after tributary 
valleys in the headwaters of the Indus River, Pakistan, became dammed by surging glaciers. 
Legal requirements for regular glacier monitoring now exist in those countries, such as Italy, 
that can afford to do so (Ommanney, 1990). 

Economic activity may also be threatened; the most famous case is the 1965 ice 
avalanche from the Allalingletscher which buried a construction site in the Swiss Alps, 
claiming 88 casualties (Rothlisberger, 1993). In North America, Untersteiner and Nye (1968) 
successfully predicted that the Berendon Glacier, British Columbia, would not impact copper 
mining near its terminus for at least 20 years, while the surge-type Black Rapids Glacier 
remains a hazard to the Trans-Alaska Pipeline (Ommanney, 1990). Iceberg production from 
tidewater glaciers has the potential to disrupt shipping lanes, particularly during retreat when 
the marked increase in flux caused by the disintegration of the lower glacier may be augmented 
by a deeper calving front resulting from the change in terminus position. During the retreat of 
Columbia Glacier, Alaska, situated near the oil terminal at Valdez, the maximum annual iceberg 
calving flux was predicted to be 10 km3 a- 1, or six to eight times the volume prior to retreat 
(Meier et al., 1980). In the Baffin Bay- Grand Banks of Newfoundland the US Coast Guard 
operates an Ice Patrol, created following the 1912 Titanic disaster, to warn shipping of ice 
posing a hazard to safe navigation (Feazel and Kollmeyer, 1972). 

Unfortunately, the scale and remoteness of glacierised regions restrict the extensive 
acquisition of in situ measurements. Thus, when satellite remote sensing technology became 
generally available, its ability to provide synoptic coverage meant that the glaciological 
community were among its first advocates (Thomas et al. , 1985). For example, field mass 
balance measurements are only acquired routinely for a very small percentage of the Earth's 
glaciers (Meier, 1984) . The high cost, approximately £25 ·000 per year for an average sized. 
mountain glacier such as Nigardsbreen, Norway, (M. Kennet, pers. comm., 1994), and 
labour-intensive nature of mass balance nieasurements mean this dearth of information is likely 
to remain. Moreover, many mass balance studies are short-term undertakings limited to the 
duration of a particular research project (Williams and Hall, 1993). Fortunately, a survey of 
regional mass balance using reconnaissance methods (LaChapelle, 1962), such as remote 
sensing, may be of more value than detailed measurements on one or two glaciers (Paterson, 
1981), although a combination of both methods is preferable. 
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1.1.2 The requirements of glaciological remote sensing 
The effectiveness of remote sensing as a glaciological tool is dependent on the ability of 

operational sensors to extract key geophysical parameters to aid the understanding and 
monitoring of ice masses. Past remote sensing systems and missions have not been developed 
with regard to these needs; for example, the Landsat series of satellites, designed specifically to 
meet the requirements of the US Department of Agriculture and the US Geological Survey, has 
probably been used for more glaciological studies than any other system, despite several 
limitations making it less than ideal for such a purpose. Furthermore, the acquisition of Landsat 
images over glacierised regions has been given a low priority (Thomas et al., 1985); between 
197 4 and 1981 only a handful of images from Antarctica were acquired (Massom, 1991 ). 

As this thesis is concerned with mountain glaciers, as defined in Section 1.1.1, the 
following discussion is limited to those parameters that it is desired to obtain from these smaller 
bodies of ice. There is naturally significant overlap with the type of observations required from 
the ice sheets of Antarctica and Greenland (Thomas et al., 1985; Thomas, 1993), but the 
generally smaller physical scale of mountain glaciers may restrict the applicability of sensors 
with larger spatial resolutions that may be used effectively over the large ice sheets. 

The glaciological parameters of greatest importance are the ice volume (surface 
elevation and ice thickness), ice extent (boundaries and ice area), spatial location of internal 
features (facies boundaries, crevasse patterns, etc.), mass balance, and ice dynamics. A 
summary of the spatial and temporal resolution (the time between successive observations) 
necessary for obtaining the requisite geophysical parameters for glaciology is provided in Table 
1.1. 

Ranging instruments are frequently used to determine ice elevation and ice thickness. 
Spacebome radar altimeters have obtained elevation data over the ice sheets with an accuracy 
of approximately one metre (e.g. Bindschadler et al. , 1989; Bamber et al., 1994). However, 
they have two significant limitations that reduce their applicability to smaller ice masses: the 
spatial resolution is of the order of tens of kilometres over land, and the variability in range 
over the undulating topography of these ice masses is often too rapid to be followed by the 
servo-tracking circuit in the altimeter (designed for operation over a relatively smooth sea 
surface) leading to a loss of signal. Thus, altimeters are only of possible use for mapping 
surface elevations of large ice caps with gentle gradients; such as those of Nordaustlandet, 
Svalbard. 

Airborne laser altimeters have recently been flown over glaciers in Iceland and 
Greenland (Garvin and Williams, 1993). A spaceborne system such as the Geoscience Laser 
Ranging System (GLRS) planned as part of the Earth Observing System (EOS) would have 
spatial and range resolutions of tens of metres and tens of centimetres, respectively, and be 
unaffected by large surface slopes (Thomas, 1993). However, like the aerial photography that 
has traditionally been used to determine surface elevation by photogrammetry, laser altimeters 
require cloud-free conditions. 
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Geophysical Accuracy of Spatial resolution Temporal 

parameter observation of observation resolution of 

observation 

Surface elevation 0.5 m 50-100 m 5 yr 

Ice thickness 10m 50-100 m 5 yr 

Boundaries 10-50 m 10 m I yr I I wk* 

Ice area 1-3% area 100m I yr 

Location of internal features 10-50 m 10-50 m I yr 

Mass balance 5 mm water equivalent 500m I yr 

Ice dynamics I m yr·' I I m d ·1 * 10 m I yr I l wk* 

Table 1.1. Nominal observational requirements for glaciological studies of mountain 
glaciers. * In paired figures the second value refers to surging glaciers (cf. 
Section 1.2.5). 

The technique of radio-echo sounding (RES) utilises the transparency of ice below 
about 800 MHz; this is only a general figure and the range of frequencies available is dependent 
on the thermal regime of the glacier and the volume of liquid water in the overlying snowpack 
(Dowdeswell et al., 1984[a]). The time lag between reflections from the ice surface and the 
bedrock can be used to measure ice thickness to an accuracy of a few metres. Although 
extensively employed for both ground and airborne operation (cf. Section 1.2.5), RES is not 
suitable for satellite operation because of ionospheric interference and the technological 
difficulties in constructing a suitable antenna at the relatively long wavelengths used (Rees and 
Squire, 1989). 

The other parameters listed in Table 1.1, such as the location of glacier boundaries and 
surface features, generally require a higher spatial information content. The recommended 
accuracy is available from a wide variety of sensors. Aerial photography remains the highest 
quality source but recent products are often unavailable from glacierised regions and new 
campaigns are prohibitively expensive. The best resolution of a currently operational 
spaceborne scanning system is that of the HRV (High Resolution Visible) instrument aboard 
the French SPOT s~tellite, which, in panchromatic mode, has a 10 m pixel size. This resolution 
has been improved upon by experimental instruments, also operating at v_isible and near
infrared (VIS/NIR) wavelengths, such as the German MOMS-02 (5 m resolution). Space
borne photography has even better spatial resolution; -2.5 m for the Russian KWR-1000 
photographic product. One of the principal advantages of improved spatial resolution is that the 
characteristically lower velocities of smaller ice masses, of the order of tens of metres per year, 
can be monitored using sequential images (cf. Section 2.7 .2.1); at poorer resolutions, small 
displacements in crevasse patterns over time may not be observable or indeed the crevasses 
themselves may be difficult to identify (Dowdeswell et al., 1993). A significant and common 
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problem that is not necessarily solved by improved spatial resolution is discriminating the 

terminus position of a debris-covered glacier. 

Two other parameters of interest to glaciologists are surface temperature and 
accumulation rate. Sensors able to measure surface temperature operate at either thermal
infrared (TIR) wavelengths, such as Landsat TM (Thematic Mapper) band 6 or AVHRR 

(Advanced Very High Resolution Radiometer) bands 4 and 5, or are PMR (passive microwave 

radiometer) instruments like the SMMR (Scanning Multichannel Microwave Radiometer). The 
latter type have a very coarse spatial resolution of tens of kilometres; therefore, they clearly 
address other applications than the study of mountain glaciers. However, the TIR sensors, 
with spatial resolutions of 120 m and 1.1 km for the TM and AVHRR, respectively, do have 
potential value for studying the larger glaciers and ice caps. Orheim and Lucchitta (1988) found 

that temperatures obtained from TM 6 were 8-20°C lower than measured surface temperatures 
while relative temperature variations were accurate, results that suggest a calibration error. The 

best accuracy of temperatures measured using A VHRR (± 1-4 °C) is constrained by inadequate 
knowledge of atmospheric and surface conditions (Steffen et al., 1993). Information on 
accumulation rate is available from PMR instruments, which are able to estimate the snow 

water equivalent of a snowpack. At microwave wavelengths e = TB I T, where e is the 
emissivity (the commonly used notation, t:, is used solely for dielectric permittivity in this 
thesis), TB is the brightness temperature or received signal, and T is the physical temperature; 

the emissivity of an object is also dependent on its physical characteristics, and relationships 
have been derived between TB, grain size, and snow depth (e.g. Chang et al., 1987). 

Currently, accumulation rate cannot be determined by sensors with a sufficiently high spatial 

resolution for the data to be utilised in estimations of mountain glacier mass balance. 

As mentioned briefly in the preceding discussion, cloud cover has the ability to limit the 
effectiveness of many currently operational sensors because it is opaque at the VIS/NIR 
wavelengths at which these sensors frequently operate. Therefore, an instrument such as 
synthetic aperture radar (SAR), which utilises the microwave part of the spectrum and can 
obtain data independently of cloud cover, has enormous potential for procuring glaciological 

information whenever and wherever it is required. However, its capabilities to obtain the 

geophysical parameters outlined earlier remain poorly understood, principally because, until 
recently, there have been few opportunities to quantify the information contained in SAR 
imagery of glaciers. 

1.1.3 The aims of the thesis 

The launch of the European Remote Sensing satellite, ERS-1, provided the first 
opportunity to study time-series of SAR imagery. The principal theme of the research presented 
in this thesis is an analysis of such a multitemporal dataset, obtained from Spitsbergen, 
Svalbard (Figure 1.1), with the broad aim of determining its suitability for glaciological 
investigations. 
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The three main aims of the work are as follows: 

1. To examine the applicability of using spaceborne SAR data to obtain geophysical 

parameters for use in glaciological research, particularly through the application of a 

multitemporal dataset able to take account of the dynamic behaviour of snow and ice. The 

eight SAR images that comprise this dataset were acquired during a period of 18 months, 

between March 1992 and September 1993. Therefore, parameters that are seasonal in 

nature receive most consideration, particularly the glacier surface facies. Certain facies 

margins may be employed for the first-order estimation of net mass balance so the potential 

for their discrimination by SAR is significant because, allied to the transparency of clouds 

at microwave frequencies, it would guarantee annual data of the type necessary for 

observing climate change. Analysis of the SAR dataset is supported by in situ 

measurements from the Spitsbergen glacier Ayerbreen, acquired coincident with the 

acquisition of SAR imagery during two field campaigns undertaken in July/August 1992 

and April/May 1993. 

2. To model and explain seasonal variations in radar backscatter from a glacier. An annual 

backscatter model, generalised as far as possible by incorporating data from two years and 

from other Spitsbergen glaciers besides Ayerbreen, is derived from the multitemporal 

dataset. Additionally, the accuracy and applicability of existing models of microwave 

backscatter from snow and ice are validated and refined where appropriate; ice and 

snowpack parameters observed during the Ayerbreen field campaigns are input into the 

models and the resultant backscatter is compared with actual values obtained from 

coincident ERS-1 SAR imagery. 

3 . To determine the relative merits of SAR and VIS/NIR imagery, specifically Landsat TM 

data, for obtaining glaciological information. This study consists of two separate analyses: 

i) A direct comparison of imagery of certain glaciers obtained from the different 

sensors and a determination of their relative abilities to obtain synoptic mass balance 

information from Nordenskiold Land, Spitsbergen. 

ii) An analysis of the respective abilities of SAR and VIS/NIR sensors to provide 

multitemporal datasets, by considering particularly the effect of cloud cover on 

VIS/NIR sensors and also the respective revisit capabilities of ERS-1 and Landsat. The 

initial study, limited to Spitsbergen, is subsequently expanded to other regions of the 

European Arctic sector in order to examine the spatial variation of both climate and 

latitude imposed limitations. 

The remainder of Chapter 1 comprises an introduction to the study region of 

Nordenskiold Land, Spitsbergen; it includes a brief history of its exploration; descriptions of 

its geomorphology, climatology, and climatic history; and a discussion of previous 

glaciological research undertaken there. At the end of the chapter the organisation of the 

remaining seven chapters of this thesis is outlined. 
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Figure 1.1. Map of the Svalbard archipelago showing the main islands. The inset 
illustrates its position within the European Arctic sector. 
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1.2 THE STUDY AREA - NORDENSKIOLD LAND 

1.2.1 Introduction 

The Arctic island archipelago of Svalbard is situated between the latitudes 74 ° and 
81 ° N, and between longitudes 10° and 35° E (Hisdal, 1985). Its discovery is attributed to the 
Dutchman Willem Barents in 1596, although the name appears in Icelandic texts 400 years 
earlier. The entire land mass covers 63 OOO km2 (Hisdal, 1985), with the central region 
comprising the four largest islands: Spitsbergen, called Vestspitsbergen until 1969 (Helle, 
1970), Nordaustlandet, Edges;:;ya, and Barentss;:;ya, together with numerous smaller islands. 
Bjs;:;rns;:;ya, Hopen, Kong Karls Land, and Kvits;:;ya are among the more isolated islands (cf. 
Figure 1.1). The Scott Polar Research Institute (SPRI) first began working in Svalbard in 
1980, co-operating with the Norsk Polarinstitutt (NP) in a programme of radio echo sounding 
(Drewry et al., 1980). Since then Svalbard has become the focus of the Institute's glaciological 
activities, and the research presented in this thesis continues a long series of wide-ranging 
glaciological studies undertaken in the archipelago by members of SPRI. 

The fieldwork and remote sensing components of this research are entirely based in the 
central Spitsbergen region of Nordenskiold Land (Figure 1.2). This comprises the peninsula 
between the fjord systems of Isfjorden to the north and Bellsund and Van Mijenfjorden to the 
south, with its eastern margin formed by a series of connecting valleys; from the mouth of 
Sassendalen it passes southwards through Eskerdalen, Adventdalen, and Lundstromdalen, to 
the mouth of Kjellstromdalen. Nordenskiold Land is confined by the latitudes 77° 40' N and 
78° 25' N and longitudes 13° 35' E and 17° 25' E, and encompasses an area of approximately 
3500 km2• The region was named after the Swedish explorer A.E. Nordenskiold by de Geer in 
1896 (de Geer, 1896). In 1890, Nordenskiold's son and two others made the first recorded 
overland journey in the region that ~as subsequently given his family's name (Nordenskiold, 
1892). The interior of the region was first explored by Conway in 1896 who, with three 
companions, travelled through Nordenskiold Land to the east coast of Spitsbergen at 
Agardhbukta by way of Adventdalen (Conway, 1896). He and the geologist Garwood also 
journeyed south from Adventdalen through Foxdalen and Tverdalen and back via Bolterdalen, 
the fieldwork site . ()f this current research (cf. Section 1.2.6 and Figure 1.2). Nordenskiold 
Land was topographically surveyed between 1911 and 1928 by expeditions sponsored by the 
Norwegian government and private contributors (Hoel, 1929). These data, together with 
photogrammetric information derived from the oblique aeriru coverage flown in 1936 (Luncke, 
1936), were used to produce the first complete maps of the region. 

1.2.2 Geomorphology 

Much of Nordenskiold Land has a high, fairly well dissected topography formed from 
flat-lying layers of Tertiary sedimentary rocks. Peaks, ridges, and plateaux are evenly 
distributed, with many summits exceeding 1000 m (Major and Nagy, 1972); the highest is 
Gustavfjellet at 1235 m. They are the sparse remains of a peneplane which has been almost 
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destroyed by several periods of glacial and fluvial erosion. The most westerly mountains are, 
however, formed from a system of metamorphic and igneous rocks, named Hecla Hoek in 
Svalbard, and in consequence provide a much more rugged topography. Another characteristic 
feature of the west is the coastal strandflat Nordenskioldkysten, a 2-10 km wide lowland plain 
partially covered with marine deposits. It was carved out by a combined action of sea and frost 
during interglacial periods, when the sea level was higher than today (Hisdal, 1985). 

The region is crossed by a number of flat-bottomed valleys several kilometres wide, 
such as Adventdalen and Reindalen (cf. Figure 1.2). These are covered with unconsolidated 
glacial, alluvial or marine deposits, eroded and transported by a complex changing system of 
channels. Examples of features associated with the underlying permafrost conditions, such as 
pingos and patterned ground, are found in the valleys. During the ablation season, snow-melt 
feeds the tributary streams that cut down through the mountain slopes of friable sandstones and 
shales, building extensive alluvial cones along the valley sides (Major and Nagy, 1972). All the 
major, and many smaller valleys are U-shaped, having undergone significant glacial erosion, 
and frequently contain prominent glacial deposits such as terminal and lateral moraines. The 
glaciology of the region is described in Section 1.2.5. Typical Nordenskiold Land scenery is 
illustrated in Figure 1.3. 

1.2.3 Climatology 

The major factors governing the climate of Nordenskiold Land are its high latitude, the 
oceanic currents and sea ice extent west of Spitsbergen, and the general circulation pattern of 
air currents over the North Atlantic (Hanssen-Bauer et al., 1990). Svalbard has a comparatively 
mild climate compared with other Arctic regions of similarly high latitude. One of the reasons 
for this phenomenon is the existence of the northernmost area of Arctic open water to the west 
of the archipelago, called Svalbardbukta, which is itself a consequence of the warm waters of 
the West Spitsbergen Current. The strength of the current determines the relative spatial and 
temporal extent of Svalbardbukta and the sea ice to the west of Svalbard (Blindheim and LjS1)en, 
1972), and therefore modulates the climate; an ice-free ocean loses sufficient heat to markedly 
change the regional heat balance and provides a moisture source for Spitsbergen's glaciers, 
whereas sea ice restricts heat transfer and the increase in surface albedo reduces atmospheric 
temperature (Simoes, 1990). 

A more direct reason for the mild climatic conditions is the prevailing westerly or south
westerly winds that transport warmer maritime air to Svalb~d from lower latitudes during the 
passage of depressions (Hisdal, 1985). To the north of the archipelago the prevailing easterly 
and north-easterly winds are associated with cold anticyclonic Arctic air originating in the 
Arctic Basin. The confluence of these two manifestly different air masses is marked by the 
Atlantic Arctic Front (Lamb and Marth, 1978). Generally, as the polar air mass expands during 
winter this front lies south of Svalbard, but its position oscillates with changes in the 
characteristics of the polar vortex, and maritime air often reaches Svalbard during winter. 
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Figure 1.3. Oblique view of typical Nordenskiold Land scenery. The photograph, which 
shows the plateau glacier Foxfonna in the foreground, was taken in 1936 
when many of the glaciers were close to their maximum extent following the 
Little Ice Age. Ayerbreen, to the right of centre, is marked with an 'A'. 

Temperature fluctuations during this season of the polar night, caused by the alternating 
presence of mild and cold air, are enhanced by an interdependence between air circulation and 
radiation conditions; the passage of depressions is marked by cloudy skies preventing heat loss 
through radiation, whereas anticyclonic conditions are associated with clear skies (Hisdal, 
1985), thus promoting heat loss. In summer the polar air mass contracts and the maritime 
climate dominates. The relation between air circulation and radiation then causes temperature 
variations to become damped; overcast skies associated with the warm south westerlies reduce 
the amount of solar radiation and conversely. 

The presence of coal-bearing strata in the Tertiary and Carboniferous sediments of 
Nordenskiold L.and has caused the human population to be concentrated there, with a 
secondary consequence that most of the climatological data pertaining to Svalbard have been 
obtained from the region. The Norwegian meteorological stations, of which only two remain 
operational (cf. Figure 1.2), have all been sited in low-lying coastal areas and are not 
necessarily representative of the whole region. The Mean Annual Air Temperature (MAAT), 
mean winter air temperature (Dec-Feb), and mean summer air temperature (Jun-Aug) for 
Svalbard Lufthavn (1976-89) are -6.5°C, -15 .1 °C, and 4.3°C, respectively. Corresponding 
figures for Sveagruva (1980-89) are -7.0°C, -16.2°C, and 4.3°C. The greater difference 
between summer and winter values at Sveagruva is indicative of a more continental climate; 
Figure 1.4 illustrates that mean winter temperatures at Sveagruva are lower than those at 
Svalbard Lufthavn while mean summer temperatures are very similar. If the temperature 
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Figure 1.4. Recent trends in temperatures recorded at the Norwegian meteorological 
stations in Nordenskiold Land, as illustrated by the 5-year running mean. 
(a) winter (Dec-Feb); (b) summer (Jun-Aug). Simultaneous observations 
were made at Longyearbyen and Svalbard Lufthavn for a two year period to 
allow the construction of a long temperature record (cf. Hanssen-Bauer et 
al., 1990). · 

relationship between the stations have remained constant, as suggested by the parallel series in 

Figure 1.4, mean temperatures in the west of Nordenskiold Land, i.e. at lsfjord Radio, are 

approximately 3.8°C higher in winter and 0.5°C cooler in summer than at Svalbard Lufthavn, 

offering further evidence of the increased continentality of the inner fjord regions. The marked 

seasonal disparity in the magnitude of temperature fluctuations, as previously mentioned, is 

clearly indicated by data from Svalbard Lufthavn; the differences between mean monthly 

maximum and minimum temperatures for February and August, 1976-89, are 34.2°C and 

13.1 °C, respectively. Frequent thaws during winter are readily identified by layers of ice in the 

winter snowpack (e.g. Guskov, 1983; Hagen et al., 1993). 

Annual precipitation is low, although generally higher than other Arctic regions due to 

orographic enhancement associated with the cyclonic activity (Semb et al., 1984). The long 

term mean at Isfjord Radio (1951-75) is 435 mm yr- 1
, at Svalbard Lufthavn (1976-89), 

189 mm ye 1, and at Sveagruva (1980-89), 262 mm yr 1
; these values also reflect the greater 

continentality of the inner fjords. Rain may occur at sea level in winter and snow in summer 

(Hisdal, 1985), when cloud cover is greatest. A detailed account of the seasonal variation of 
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Spitsbergen cloud cover with regard to its impact on the effectiveness of VIS/NIR sensors is 

described in Section 7.3. 

There have been few studies regarding the inland distribution of precipitation in 

Nordenskiold Land. Koryakin and Troitskiy (1969) measured snow depths at 24 profiles in the 

major valleys and on several glaciers in the north of the region during May/June 1967. They 

found that accumulation varied principally with longitude over Nordenskiold Land; 

accumulation was highest on the western coast ( 450-600 mm), decreased to a minimum in the 

central area (160-200 mm), and increased again in the east (320-350 mm), as illustrated in 

Figure 1.5. Vertical gradients were also greatest on the west coast, at 100 mm per 100 m, 

falling to 40-50 mm per 100 m further inland. A second study in 1983 by Semb et al. (1984), 

encompassing all of Svalbard, suggested a trend of accumulation decrease from south-west to 

north-east across Nordenskiold Land. The difference in accumulation patterns between the two 

studies may be caused by variation in climatic conditions, particularly the prevailing winds, 

between the respective years, or it may simply reflect that the 1984 study has too few points in 

the region (four) to produce meaningful isograms; certainly the value at Isfjord Radio of 

250 mm yr1 is significantly below the mean figure for this station ( 435 mm yr1
). 

Maps of glacier ELA (equilibrium line altitude: cf. Section 2.6.2) have been interpreted 

as directly reflecting the precipitation pattern; that is, the amount of snow fall is assumed to be 

inversely proportional to the ELA. Two ELA maps by Koryakin and Troitskiy (1969) and 

Liestjijl and Roland (cf. Steffensen, 1982) show generally similar relative patterns for 

Nordenskiold Land. However, local factors, for example those that influence the heat budget, 

such as cloud cover variation, make such an approach tentative at best, as confirmed by the 

scatter in Figure 1.5. 

Hagen et al. (1993) produced the first precipitation map of Svalbard, based on limited 

observations of glacier mass balance and meteorological station data in addition to ELA (Figure 

1.6). This shows a broadly similar precipitation distribution scenario to Koryakin and Troitskiy 

( 1969) across Nordenskiold Land, although the values in the east are much higher. The 1993 
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Figure 1.5. Longitudinal changes in snow accumulation and glacier equilibrium line 
altitude (ELA) across N ordenskiold Land in 1966/67 ( modified from 
Koryakin and Troitskiy, 1969). 
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Figure 1.6. Estimated precipitation across Nordenskiold Land. Isograms, given in 
mm yr- 1, are based on measurements at the Norwegian meteorological 
stations, and glacier mass balance and ELA data (after Hagen et al., 1993). 

map is probably more representative of the general precipitation pattern, as it utilises data from 
more than one year. Precipitation values for the central region of Nordenskiold Land are some 
of the lowest in Svalbard and make this region, together with Andree Land in the north-east, 
one of the arid zones of Spitsbergen (Hisdal, 1985). This is reflected in the low glacial 
coverage of the region; the 15% figure for Nordenskiold Land compares with an average of 
60% for the archipelago. On a more local scale precipitation is controlled by orography; most 
of the precipitation is associated with winds from the south or south-east (Steffensen, 1982) 
and Longyearbreen, which lies across the direction of these moisture laden winds, intercepts 
more precipitation than nearby Bogerbreen, which has its long-profile parallel to them 
(Guskov, 1983) (cf. Figure 1.2). 

1.2.4 Past climatic fluctuations 

Past climatic change on Nordenskiold Land may be inferred from its glacial history, 
summarised here since 18 OOO BP; particular emphasis is placed on the most recent glacial 
phase, the Little Ice Age (LIA). The more recent climatic ~uctuations of the twentieth century 
are also described with reference to the instrumental record. 

During the Late Weichselian ice maximum in Svalbard, around 18 OOO BP (L0nne and 
Mangerud, 1991), Nordenskiold Land was covered by an ice dome with outlet glaciers 
radiating along valleys to the north, west and south (Mangerud et al., 1987). Until recently it 
was thought that Isfjorden remained essentially ice free at this time while Van Mijenfjorden was 
filled by an outlet glacier from the Barents Sea Ice Sheet to the east (Mangerud et al., 1987). 
However, seismic records and sediment cores from the coastal sea-floor indicate that the ice 
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margin reached onto the continental shelf west of the entrance to Isfjorden (Svendsen et al., 

1992). Deglaciation occurred at about 12 500 BP (Mangerud and Svendsen, 1990). 

The Holocene period in Svalbard was characterised by a series of glacier advances; for 

example, Troitskiy et al. (1985) identified a series of push moraines found in front of several 
Nordenskiold Land glaciers that were radiocarbon dated at c.7800 BP, 4500-4000 BP, 3000-

2500 BP, and 17th-19th century, respectively. Those advances in the most recent stage, the 

LIA, and particularly during the nineteenth century, were often the most significant to have 
taken place since the last glacial period (Grove, 1988). Werner (1993), using lichenometrical 
studies, deduced that there were actually two main periods of LIA moraine deposition in 

Spitsbergen: at about 650 BP, and during the last few centuries. However, oxygen-isotope 
ratios from a 213 m core drilled in the Gronfjordbreen-Fridtjovbreen ice divide (cf. Figure 1.2) 
indicated that the LIA began at the end of a mild sixteenth century and, except for interruptions 

by two short periods of warming at approximately 1750 and 1860, lasted until early this 
century. The findings from the core, which provided information about climatic conditions in 

Nordenskiold Land for nearly 1000 years (Punning et al., 1980), have been corroborated by 
cores taken from other regions of Svalbard (Vaykmyae et al., 1984). Simoes (1990) suggested 
that the main glacier advance in Nordenskiold Land occurred during the 1880s, coinciding with 

the coldest period of the LIA and moraines formed by cirque glaciers since melted away. The 

large proportion of glaciers known to surge in Svalbard (cf. Section 1.2.5) requires that a 
significant number are examined before any climatic inferences are determined from glacier 

extent (Hagen et al., 1993); nevertheless, the general retreat of Svalbard glaciers since about 
the 1920s, as noted by Ahlmann (1933) and Koryakin (1967), coincides with the period of 
warming following the LIA; this has been confirmed by the instrumental record that started at 

Green Harbour ( cf. Figure 1.2) in 1911. 

When the instrumental record began, temperatures in Nordenskiold Land were falling 

and reached the minimum recorded MAAT of - l l.0°C in 1917. The rise in temperature across 
north-west Europe that followed was particularly pronounced in the Arctic (Lamb and Morth, 

1978), as exemplified by the 7.9°C increase in the MAAT at Green Harbour in the seven years 
to 1923 (Simoes, 1990). This rise in annual temperature was principally the result of a marked 
increase in mean winter temperatures caused by a change in air circulation that meant southerly 

sub-Arctic cyclones more frequently penetrated northward (Lamb and Morth, 1978), thus 
increasing the winter periods during which mild air was situated over Svalbard (Steffensen, 
1969). The ensuing interval of relatively high temperatures c~lminated in a maximum MAAT in 
the late 1950s, which was followed by a sharp fall in temperatures until 1968. Since then there 
have been a series of short-term fluctuations with a 5-year averaged minimum in 1980 and 
maxima in 1974 and 1985. These are reflected closely by variations in mean winter temperature 
but only approximately by those of mean summer temperature (cf. Figure 1.4). 

Changes in precipitation during the instrumental period have predominantly emulated 
those of temperature (Brazdil, 1988), with an increase until the late 1950s followed by a slight 
decline. The highest recorded values in 1972 were an exception; 740 mm at Isfjord Radio for 

16 



example. More recently, there has been greater variability in precipitation, and at Sveagruva 
values fluctuated between 174 and 462 mm yr- 1 in the 1980s (Simoes, 1990). 

1.2.5 Glaciology 
This section describes the glaciology of Nordenskiold Land and summarises previous 

glaciological work completed in the region, particularly that regarding the thermal regime of the 
glaciers, RES investigations, mass balance studies, and research relating to surging glaciers. 
Despite the relatively small scale of the region's glaciation, the easy accessibility from 
population centres has meant a significant amount of glaciological fieldwork has been 
undertaken there. 

A high proportion of the smaller valleys of Nordenskiold Land remain occupied, either 
partially or entirely, by valley and cirque type glaciers; the largest glacier, Fridtjovbreen, is also 
the only remaining tidewater glacier. Thin plateau glaciers and small ice caps also contribute to 
the 15% ice cover and the region's total of approximately 270 glaciers. This figure is derived 
from the glacier inventory of Hagen et al. ( 1993) and is an estimate because their Glacier Atlas 
is subdivided by drainage basin and combines all small glaciers (area< 1 km2

) within each 
watershed together; as some watersheds are only partially situated in Nordenskiold Land, the 
number of small glaciers in the region could not be determined precisely and was estimated as 
147 using the NP 1:100 OOO maps. Following the procedure of IAHS(ICSI)-UNEP-UNESCO 
(1989), it appears that the number of glaciers of a given size in the region as a function of that 
size is scale invariant, as indicated by Figure 1. 7. Comparable values of d, which is similar to 
the fractal dimension (cf. Section 5.5.3), for the North Cascades, Washington, and the Alps 
are 2.13 and 2.79, respectively (IAHS(ICSI)-UNEP-UNESCO, 1989). The low value of 2.07 
for Nordenskiold Land suggests that glacier size is more uniform than in the other regions, 
particularly the Alps. Possible controls on the value of d are the bedrock geology and 
climatology of a region. It is not known at what lower limit the relation is no longer valid in 
N ordenskiold Land because of the unavailability of data for glaciers of area < 1 km2

• 

The majority of Svalbard glaciers can be classed as sub-polar (e.g. Baranowski, 1977; 
Hagen et al., 1993); such glaciers form one of three categories within the geophysical 
classification devised independently by Lagally (1932) and Ahlmann (1933). Criteria for this 
glacier classification system are based on the thermal properties of the ice mass, that is, 
whether it is either at the pressure melting point (warm) or below it (cold). The temperature of 
polar glaciers generally stays below the pressure melting po_int (although a surface layer in the 
ablation zone may become seasonally warm), whereas temperate glaciers remain above the 
pressure melting point below the depth to which the seasonal cold wave penetrates from the 
surface. Sub-polar glaciers reflect an intermediate stage, in which different sections of the 
glacier are at and below the pressure melting point; hence they may be described as 
polythermal. 

Baranowski (1977) extended this category into five subtypes, and his 'sub-polar 
maritime in high latitudes' is representative of the glaciers most frequently found in 
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Figure 1.7. The number of Nordenskiold Land glaciers larger than a given size vs. that 
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, ... km2). The fitted power-law line 
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sizes shown; the slope of the line, d, where 2 < d < 3, may be likened to the 
fractal dimension (cf. Section 5.5.3). 

Nordenskiold Land. This subtype is characterised by warm and cold thermal regimes in the 
accumulation and ablation areas, respectively. In the accumulation area the porosity of the firn, 
defined as wetted snow that has survived one summer without being transformed to ice 
(Paterson, 1981 ), is sufficiently high to allow the penetration of meltwater into the glacier 
interior (Baranowski, 1977). Here it refreezes, because of the sub-zero temperature of the 
overlying snowpack at the start of the ablation season, releasing latent heat that raises the ice 
temperature to the pressure melting point, a condition that persists all year in the deeper parts of 
the glacier (Hagen et al., 1993). Although melting in the ablation zone is more intensive, the 
meltwater escapes as runoff, mainly in surface channels but also englacially and subglacially 
(Baranowski, 1977); thus, no latent heat is released and negative temperatures are accumulated 
in the ice mass from one winter to the next (Hagen et al. , 1993). 

However, glaciers with different thermal regimes are known to exist in Nordenskiold 
Land; both Bogerbreen (Zagorodnov, 1981) and Scott Turnerbreen (R. Hodgkins, pers. 
comm., 1994) (cf. Figure 1.2) have been demonstrated to be frozen to their beds. A two-layer 
thermal regime was observed in an ice core drilled at the ice divide of Fridtjovbreen and 
Gronfjordbreen (Zagorodnov and Zotikov, 1981; Macheret et al., 1984[a]); cold ice, 
approximately 120 m thick, overlays warm ice with an estimated water content of 3.8%. RES 
data have shown that, of those glaciers sounded in Nordenskiold Land (Table 1.2), 
Fridtjovbreen is the only one known to possess this particular polythermal regime (Figure 1.8). 
Bamber (1 987) stated that the distribution of Spitsbergen glaciers with this regime, indicated by 
an internal reflecting horizon (IRH) in the RES data, might be related to ice thickness, the 
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Survey Glacier 
System Glaciers sounded Source 

date thickness 

1972 Ground based Foxfonna > 100m Liest!,jl, 1974 

f=? 

1974-75 RV-17 Aldegondabreen Macheret and Zhuravlev, 
Airborne Austre Gronfjordbreen 210 m 1980 

f =440 MHz Dahlfonna 

Erdmannbreen 210 m 

Fridtjovbreen 320m 

Voringbreen 120 m 

1977-79 RLS-77 /RLS-620 As above+ Macheret et al., 1984[b] 
Airborne Vestre Gronfjordbreen 165 m 

f= 620 MHz 

1974-80 RV-17 /RLS-620 Austre Gronfjordbreen Macheret and Zhuravlev, 
Ground-based Bogerbreen 1981 

f = 440/620 MHz Fridtjovbreen 

Voringbreen 

1980 SPRI Mk.IV Austre Gronfjordbreen 170 m Dowdeswell et al., 1984[b] 
Airborne Foxfonna 

f= 60MHz Fridtjovbreen 320 m 

Gruvfonna 

Slakbreen 320 m 

1988 MPI-8/RLS-620 Fridtjovbreen Glazovsky and 
Ground-based Moskalevsky, 1989 

f = 2-13/620 MHz 

Table 1.2. Summary of radio echo sounding activities in Nordenskiold Land and 
measured maximum ice thicknesses of glaciers (if stated at source). 

inference being that a certain thickness was necessary for its development; however, Slakbreen 

reaches the same thickness as Fridtjovbreen (Table 1.2) although no IRH is present ( cf. Figure 

1.8). The height of the IRH above the glacier bed is probably related to sub-glacial water 

pressure; Bamber ( 1987) found that its height corresponded to the modelled piezometric 

surface, the level to which water rises under hydrostatic pressure, predicted using the englacial 

conduit theory of ·Rothlisberger (1972). Such a model, which implies that the glacier has a 

large-scale permeability beneath the IRH via irregularly distributed conduits present in the 

warm ice, is supported by sub-metre anisotropic scattering at the IRH from Russian 440 MHz 
RES data (Bamber, 1987). 

The maximum ice thickness recorded in the region by the 60 MHz SPRI Mk.IV RES 

system is 320 m for both Fridtjovbreen and Slakbreen (Dowdeswell et al., 1984[b]); the same 

value for Fridtjovbreen has also been obtained previously at 440 and 620 MHz by 

Soviet/Russian workers ( cf. Table 1.2). More recently, a detailed RES survey of Fridtjovbreen 
using a ground-based 620 MHz system, and comprising 204 points, enabled the derivation of 

both bedrock topography and volume changes (Glazovsky et al., 1991). The asymmetrical 
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Figure 1.8. Long profiles of three Nordenskiold Land glaciers determined from SPRI 
Mk.lV 60 MHz RES data. Results from Soviet 620 MHz RES and borehole 
data are shown for comparison. Note the IRH in the Fridtjovbreen profile 
(Dowdeswell et al., 1984[b]). · 

structure of the Austre Gronfjordbreen-Fridtjovbreen profile is apparent in Figure 1.8; in 
addition to Fridtjovbreen being 50% deeper, the location of the bedrock divide is under Austre 
Gronfjordbreen, 1.5 km north of the ice divide. A similar profile has been shown to exist for 
Dahlfonna-Erdmannbreen (Macheret et al., 1984[b]) (cf. Figure 1.2), and probably reflects the 
long term effect of higher ablation on south-facing slopes. 

Mass balance studies have been undertaken at various periods on six glaciers in 
Nordenskiold Land by the Soviets/Russians since 1966; the complete results from this work to 
1989/90 are shown in Table 1.3. Voringbreen has a sufficiently long period of continuous 
study (17 years) from which to derive information concerning recent mass balance changes in· 
the region. The 5-year running mean of the winter and summer balance components of this 
glacier are illustrated in Figure 1.9, and fluctuations in the net mass balance are indicated by the 
displacement of these two lines. A comparison with Figure 1.4a reveals that the fluctuations in 
winter balance (accumulation) follow a similar trend to those of winter temperature, thus 
corroborating the findings of Brazdil (1988), with a decrease to a minimum centered around 
1979/80 and a subsequent rise to a maximum at 1985/86. Trends in summer balance are less 
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N ...... 

GLACIER 

Balance Austre Vestre 
year Gronfjordbreen 

Bogerbreen Fridtjovbreen Longyearbreen 
Gronfjordbreen 

Voringbreen 

bw bs bn bw bs bn bw bs bn bw bs bn bw bs bn bw bs bll 
1965/66 0.54 -1.14 -0.60 
1966/67 

0.87 -1.07 -0.20 

1973/74 
0.64 -1.80 -1.16 1974/75 0.57 -0.57 0.00 0.73 -0.99 -0.26 1975/76 -0.20 0.44 -1.61 -1.17 1976/77 0.62 -0.88 -0.26 0.57 -0.99 -0.42 0.62 -0.75 -0.13 1977/78 0.34 -1.15 -0.81 0.45 -1.18 -0.73 0.50 -1.66 -1.16 1978/79 0.61 -1.68 -1.07 0.48 -1.71 -1.23 0.54 -1.43 -0.89 1979/80 0.48 -1.13 -0.65 0.50 -1.19 -0.69 0.55 -1.05 -0.50 1980/81 0.56 -0.92 -0.36 0.49 -0.82 -0.33 0.49 -1.43 -0.94 1981/82 0.38 -0.13 0.25 0.41 -0.29 0.12 0.50 -0.52 -0.02 1982/83 0.48 -0.78 -0.30 0.60 -1.13 -0.53 1983/84 0.62 -1.23 -0.61 0.70 -1.80 -1.10 1984/85 0.54 -1.11 -0.57 0.76 -1 .21 -0.45 1985/86 -0.60 0.84 -1.63 -0.79 0.70 -1 .25 -0.55 1986/87 0.73 -0.90 -0.17 0.79 -1.21 -0.42 0.62 -0.94 -0.32 1987/88 0.80 -1 .26 -0.46 0.80 -1.17 -0.37 0.74 -1.49 -0.75 0.84 -1.38 -0.54 1988/89 0.70 -1.20 -0.50 0.71 -1.04 -0.33 0.67 -1.33 -0.66 0.65 -1.20 -0.55 1989/90 0.75 -1.24 -0.49 0.74 -1.15 -0.41 0.68 -1.50 -0.82 0.66 -1.53 -0.87 

Table 1.3. Results of the Soviet/Russian glacier mass balance investigations in Nordenskiold Land; bw, bs, and bn are the winter mass balance, summer mass balance, and net mass balance, in m a·1 water equivalent, respectively. 
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Figure 1.9. Running 5-year mean of the mass balance components of Voringbreen. 
Changes in the magnitude of the negative net mass balance are reflected by 
the displacement of the two lines. 

defined but suggest a general decrease in ablation to 1980/81 followed by an irregular increase. 
Net mass balance has increased slightly from< -0.70 m a- 1 at the start of the measurement 
period to> -0.60 m a-1 at the end of the period. Therefore, Voringbreen is gradually becoming 
closer to equilibrium following the climatic warming since the LIA, similar to Austre 
Br0ggerbreen in north-west Spitsbergen (Lefauconnier and Hagen, 1990). Further aspects of 
the Soviet/Russian mass balance results are described in Section 6.4.4. 

The geographical distribution of surge-type glaciers, those that exhibit periodical 
instabilities related to internal changes in the glacier system rather than to external factors such 
as climate fluctuations (e.g. Meier and Post, 1969), is highly specific; Svalbard is one region 
of concentration, and indeed some workers have speculated that most of the archipelago's 
glaciers may be surge-type (Hagen et al., 1993). Several theories have been proposed to 
account for the cyclical phases of surge or active phase (short period of fast flow) and 
quiescent phase (long period of stagnation) that distinguish surge-type glaciers ( e.g. Clarke et 
al., 1984; Kamb etal., 1985; Fowler, 1987; Kamb, 1987), and are comprehensively reviewed 
by Hamilton (1992). Both the active and quiescent phases of Svalbard surge-type glaciers are 
of longer duration than those in other regions : 3-10 years and 50-500 years, respectively 
(Dowdeswell et al., 1991). During the quiescent phase mass builds in an upper reservoir area 
while the lower parts of the glacier experience wastage. Between 1936 and 1988 the maximum 
height change for these two regions on Fridtjovbreen, which last surged in 1861, were +50 m 
and -100 m, respectively (Glazovsky et al., 1991). In the active phase a dramatic increase in 
the transfer of mass from the upper reservoir area to lower parts of the ·glacier frequently 
occurs, often leading to the rapid advance of the terminus. The latter feature means that many 
past surges have been recorded in the accounts of sailors and early expeditions to Svalbard. A 
list of identified surge-type glaciers in Nordenskiold Land is given in Table 1.4. If the date of 
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Glacier Date of surge 

Ankerbreen 

Arebreen 1985 

Dr0nbreen 1900 

Fridtjovbreen 1861 

Greinbreane 

Gronfjordbreen 

Livbreen 

Lunckebreen c. 1930 

Marthabreen c. 1925 

M0ysalbreen c. 1925 

Scott Turnerbreen c. 1930 

Slakbreen 

Table 1.4. Surge-type glaciers identified in Nordenskiold Land (see text for details). 

the surge is not given the glacier is inferred to be surge-type by Croot (1988), on the basis that 
composite ridge systems located in front of the glacier could only have been formed during 
surging. However, the lack of statistical evidence to support this statement led Hamilton (1992) 
to discount Croot's findings. 

Hamilton (1992) undertook a statistical analysis of approximately 30% of Svalbard's 
glaciers in order to identify possible environmental controls on glacier surging. The glaciers in 
the analysis were chosen by NP 1: 100 OOO map sheet rather than region and, as a consequence, 
only some of Nordenskiold Land's glaciers were included. Map sheets C9 (Adventdalen) and 
CIO (Braganzavagen), which lie wholly and partly in the region, had surge probability 
statistics of 40.8% and 37.4%, respectively, as compared with 36.4% for the entire analysis 
population. These values were derived from the individual surge indices, a qualitative 
description that a glacier is surge-type, of the glaciers in the sample population. The analysis 
indicated that glacier length and bedrock geology influence the probability that a glacier is 
surge-type, and also that two-layered sub-polar glaciers, such as Fridtjovbreen, are more likely 
to surge (Hamilton; -1992). 

The only remote sensing study of Nordenskiold Land prior to this one, excluding the 
NP aerial photography campaigns of 1936, 1961, 1977, and 1990, was an airborne SAR 
mission undertaken in the summer of 1984 (Burns et al., 1986). Some of the imagery, 
illustrated in Rott et al. (1988), contained a few small glaciers, including Longyearbreen and 
Dryadbreen (cf. Figure 1.2). 

1.2.6 Ayerbreen 

The site chosen for the in situ field measurements was the glacier Ayerbreen. Named 
after Frederick Ayer, co-founder of the Arctic coal company, which began mining operations in 
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Spitsbergen, this glacier is located at 16° 00' E and 78° 05' N (cf. Figure 1.2) and has the 
World Glacier Inventory (WGI) identification N4W136 24 (Hagen et al., 1993). It descends in 
a north-easterly direction from the Hillestadfjellet mountain ridge (950 m a.s.l.) to its terminus 
(380 m a.s.l.) at Bolterskardet, a high pass at the watershed between Bolterdalen to the north 
and Tverdalen to the south. Consequently, meltwater from the glacier reaches the ocean at both 
Adventfjorden and Van Mijenfjorden, 40 km apart. Ayerbreen is less than 900 m wide along its 
3.5 km length, except for a pronounced widening to 1200 m at the terminus (Figure 1.10); 
covers an area of 4.5 krn2

; and is estimated to contain 0.34 krn3 of ice (Hagen et al., 1993). 
The first documented evidence of Ayerbreen is the map produced by Conway (1896) 

which clearly shows the terminus position. Oblique aerial photographs taken in 1936 (Figure 
1.3) probably capture Ayerbreen close to its maximum extent at the end of the LIA. Since then, 
the glacier appears to have downwasted rather than retreated and the northern part of the 
terminus has become stagnant. The difference in the relative height of the lateral moraines and 
glacier surface in 1936 and 1992 suggests a decrease in terminus area elevation of 

Figure 1.10. Section of a near-infrared vertical aerial photograph showing the Ayerbreen 
ablation area. The image was acquired on 14 August 1990 and has a 
nominal scale of 1: 15 000. Clearly visible are the debris-covered stagnant 
ice in the north of the ablation area (top of the picture), main surface 
meltwater channels, and terminal and lateral moraines. 
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approximately 15 m. This downwasting may have initiated the marked change in course of the 

main ablation area surface meltwater channel between 1961 and 1990, as recorded by NP aerial 

photography. Formerly the stream flowed directly to the southern part of the terminus, the 

lowest region of the glacier, but now reaches the edge of the ice about 400 m to the north and 

flows southwards between the ice and terminal moraine ( cf. Figure 1.10). The small glacier to 

the south of Ayerbreen has retreated approximately 100 m; it was probably once a tributary (the 

1936 photograph does not resolve this hypothesis) but is now isolated from the larger glacier. 

1.3 THE ORGANISATION OF THE THESIS 

Seven chapters form the remainder of this thesis. Chapter 2 deals with the principles of a SAR 

system and the nature of SAR imagery, with reference to the ERS-1 mission, and reviews 

other glaciological studies using SAR. The methods employed to obtain the various field 

measurements are reported in Chapter 3. These data are subsequently used to interpret the 

multitemporal SAR data that are described and modelled in Chapter 4. Modelling studies are 

expanded to Chapter 5 in which the applicability of existing backscatter models to the SAR 

dataset are investigated. A detailed comparison of ERS-1 SAR with Landsat VIS/NIR sensors 

is undertaken in the two subsequent chapters: Chapter 6 analyses the different glaciological 

information available from the two types of imagery and compares their relative merits for 

obtaining synoptic mass balance information, and Chapter 7 describes the effects of 

climatological and orbital constraints on the ability of the two systems to provide multi temporal 

datasets of benefit to the glaciological community. Finally, Chapter 8 presents the main 

conclusions of this research and makes brief recommendations regarding extensions of the 

present work and future satellite system parameters for glaciology. 
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CHAPTER 2 

·sAR SYSTEMS AND THEIR APPLICATION 
TO GLACIOLOGY 

2.1 INTRODUCTION 

This chapter begins by introducing the general concepts and physical principles of 

microwave interaction with the Earth's surface. The physical basis behind the characteristics of 

a SAR system and the nature of SAR imagery are then explained with reference to the 

instrument onboard ERS-1, where appropriate. A brief history and catalogue of non-military 

airborne and spaceborne SAR missions relevant to glaciology, including an overview of the 

ERS-1 mission, precedes the chapter's final two sections, which review previous glaciological 

research using SAR data. In the first of these, the concept of glacier surface facies and the 

ability of SAR to discriminate these zones on the basis of their differing backscatter regimes, 

one of the primary topics of this thesis, are examined in detail. The chapter concludes with a 

summary of the application of SAR data in determining other glaciological parameters, 

including the use of interferometric techniques. 

2.2 THE PRINCIPLES OF MI CROW A VE BACKSCATTER 

2.2.1 The backscatter coefficient 

The magnitude of a radar signal return is often described quantitatively by its 

backscattering coefficient cr0 (sigma nought). This is defined as the ratio of the energy received 

by the sensor over the energy that the sensor would have received if the surface had scattered 

the energy incident on it in an isotropic fashion (Elachi, 1987). The backscattering coefficient 

may be related to the received radar signal, and other relevant parameters, by the monostatic 

radar equation, which is given in a simplified form below 

(2.1) 

where ~ is the power received from the target, ~ is the transmitted power, A is the 

wavelength, G is the antenna gain, R is the slant range to the target, T] is the antenna efficiency, 

and dA an element of the surface area. For a derivation of the radar equation see Ulaby et al. 

(1982) or Rees (1990) , cr0 is dimensionless and is usually given in dB rather than its absolute 

value, such that 
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(2.2) 

The backscatter from a medium is dependent upon how the incident microwave energy interacts 

with the surface and volume of that medium; the remainder of this section describes the 

principles that govern such interactions. 

2.2.2 Backscatter from a smooth surface 

The effects on an electromagnetic wave incident on the interface between two media of 

different electrical properties are now described (Figure 2.1). The incident energy from 

medium 1 interacts with the atoms in medium 2, which oscillate at a relative phase such that the 

reradiated electric field consists of two plane waves: one in medium 1 at an angle equal to the 

incidence angle 81 (reflexion), and a second in medium 2 at angle 82 (refraction/transmission) 

such that 

(2.3) 

where n1 and n2 are the refractive indices of the two media, and (2.3) describes Snell's law. 

Note that n may also be written in a complex form. The refractive index of a vacuum, to which 

the Earth's atmosphere may be approximated, is unity. In addition 

£ = n2, (2.4) 

where £ is the dielectric permittivity of the medium, and is a measure of the ability of the 

medium to resist the formation of an electric field within it (Barnhart, 1986). It therefore 

determines the propagation and absorption of microwaves and the mean fields that give rise to 

first-order scattering (Matzler, 1987). The relative complex dielectric constant of a medium t:c 

has both real (dielectric constant) and imaginary (dielectric loss factor) components 

medium 1 

medium 2 

Figure 2.1. Reflection and refraction at a plane interface between two media of differing 
electrical properties. 
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cc = t:' +it:". (2.5) 

Both ice and water are polar materials (t:c is dominated by molecular reorientation because of the 
large dipole moment of the H20 molecule); the variation oft:' and t:" of such materials are 

described by Debye equations that represent a resonant phenomenon with a time constant 
(Rees, 1990). Assuming a time factor of the form e-iwt, where m is the circular frequency and t 
the time, ensures that for a lossy (absorptive) medium t:" > 0 (Matzler, 1987). 

Radar may be described as an active sensor because the instrument illuminates the 
Earth's surface with its own radiation rather than sensing naturally emitted or reflected 
radiation. Thus, the radar signals are 'man-made' and all vibrate in the same plane as well as at 
the same frequency (Curran, 1985). Waves where the electric field vibrates either perpendicular 
or parallel to the plane containing the propagated energy are described as being horizontally and 
vertically polarised, respectively (Figure 2.2). The topics of polarisation and radar polarimetry 
are outlined in Section 2.3 .7. 

The reflexion and transmission coefficients r and t, which may be described as Fresnel 
coefficients, can be found in terms of the dielectric constant, loss factor, and incidence angle e. 
Assuming medium 1 is air (t:1 = 1), the following expressions are valid for horizontally and 

vertically polarised waves, respectively 

2 (p- cose)2 + q2 
r1- = 2 2 , 

(p+cose) +q 
(2.6) 

2 (t:'cos8-p)
2 

+(t:"cos8-q)2 
1i1= 2 2' (t:' cose + p) + (t:" cose + q) 

where e = 81 and 

,--------,---------1 
I I I 
I I I 
I 
I 
I 81 

Figure 2.2. Vertical and horizontal polarisations of radiation incident at, and reflected 
from, a plane boundary between two media (after Rees, 1990). 
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The equations in (2.6) are called Fresnel formulae and can be similarly constructed to find the 

transmission coefficient. However, rand tare related through 

r=l-T, (2.7) 

where the power reflexion (r) and power transmission (T) coefficients are equal to r 2 and t 2
, 

respectively. r may also be written in terms of the refractive indices 

(2.8) 

For a vertically polarised wave there is an angle where r
11
= 0 if tan 8, = n2 (Rees, 1990). At this 

angle, referred to as the Brewster angle, all the incident radiation is transmitted. 

2.2.3 Surface scattering and surface roughness 

If a surface is perfectly smooth, as assumed in the previous section, then the surface 

scattering is dependent only upon the power reflexion coefficient r. In this case the surface acts 

as a specular scatterer (Figure 2.3a ), defined such that radiation incident in direction ( 80 , </)0) is 

scattered only in direction (81, </J,) such that e, = 80 and </J, = </)0 - n, where e and </J refer to the 

incidence and azimuth angles, respectively. Special cases occur when radiation is reflected 

either two (dihedral) or three (trihedral) times from smooth surfaces at right-angles to each 

other; for example, dihedral reflectance might be caused by the reflexion from the vertical walls 

of buildings to the ground. The responses of accurately constructed man-made trihedral corner 

reflectors, with a typical side length of 1-2 m, are often used to calibrate SAR imagery (e.g. 

Jezek and Gogineni, 1992). 

The other limiting case is when a surface may be considered perfectly rough such that 

for any uniform illumination the scattered radiance is isotropic; such a surface is called a 

Lambertian scatterer (Figure 2.3c). Although these cases seldom occur naturally, surfaces may' 

be described as quasi-specular or quasi-Lambertian if their scattering behaviour is sufficiently 

similar (Figure 2.3b, d'). 

However, most surfaces are complex; that is, intermediate between a specular and 

Lambertian scatterer (Figure 2.3e ). To calculate the scatter from such surfaces the surface 

roughness, relative to wavelength and incidence angle, is considered in addition tor. In Figure 

2.3 the backscatter is proportional to the distance from S to the edge of the lobe in the direction 
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(a) (b) 

s s s 
(d) (e) 

s 

Figure 2.3. Schematic illustration of different types of surface scattering. The lobes are 
polar diagrams of the scattered radiation, proportional to the length of an 
imaginary line joining S, the point where the radiation is incident, to the lobe 
in the direction of the line. (a) specular; (b) quasi-specular; (c) Lambertian; 
(d) quasi-Lambertian; (e) complex. Note the increased scattering in the 
specular direction for most real surfaces (Rees, 1990). 

of the radiation source; therefore, a rougher (more Lambertian) surface will result in higher 
backscatter. The Rayleigh criterion provides a first estimation of whether a surface is rough or 
smooth. To be defined as the former a surface must have 

a> A/(8cos8), (2.9) 

where a is the standard deviation (or rms variation) of the surface height. Note that a given 

surface appears rougher with decreasing wavelength and incidence angle. The degree of 
roughness can be described as the random statistical variation of surface height relative to the 
mean reference surface (Drinkwater, 1989). It is quantified in terms of a and l, the surface 
correlation length; using the notation of Ulaby et al. (1982) these two parameters are now 
defined. 

If the surface height at a point on a two-dimensional surface, relative to the reference 
x-y plane through it, is z(x, y) then 

(
2 -2)1/2 

(j= z -z . (2.10) 

However, if z(x, y) is statistically independent of the azimuth angle in the x-y plane then, for a 
discrete one-dimensional case, (2.10) reduces to 
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a= [~(f (z} -N(z)2JJ
112

, 
N 1 ,=1 

(2.11) 

where 

(2.12) 

and N is the number of samples. 

The normalised autocorrelation function for a spatial displacement x' = (j - l)&, where 

j is an integer~ 1, is given by (Ulaby et al., 1982) 

N+l-j 

L,Z;Zj+i-1 
p( x') = ___.i=-I~N --

L,Z;2 
i=I 

(2.13) 

The surface correlation length l is defined as the displacement x' for which p(x') = e-1 

(0.3679)_ It is a measure of the statistical dependence of two points on the surface; those points 

separated by a horizontal distance greater than l are considered statistically independent and 

conversely. Note that l is inversely related to roughness and that for a perfectly smooth specular 
surface l = oo. The sampling interval of z(x, y) is chosen, such that & ::;; A I 10 (Ulaby et al., 

1982), to ensure that surface segments have no appreciable effect upon scattering from the 

surface (Drinkwater, 1989). For microwave frequencies Llx is of the order of millimetres to 

centimetres. Surface autocorrelation profiles may often be approximated by either a Gaussian 

function 

(2.14) 

or an exponential function 

p( x') = e -(x'/1). (2.15) 

For example, Drinkwater (1989) observed that the surfaces of deformed (undulating) and 

undeformed (smooth) sea-ice floes, sampled every 10 mm; corresponded to Gaussian and 

exponential autocorrelation functions, respectively. A surface profile may also be described in 
terms of its rms slopes (radians). 

2.2.4 Volume scattering 

If incident radiation penetrates the surface then both absorption and volume scattering 

occur at geometrical and dielectric inhomogeneities within the medium. Some of the radiation 
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that is volume scattered within the medium passes back out in a direction towards the source; 
thus, it is additional to any surface scatter (Rees, 1990). The radiation that penetrates the 
medium is generally considered to have been absorbed within depth o,, from the surface where 
op, the penetration depth, is defined as the depth at which the average power of a propagating 
wave is equal to e- 1 (0.3679) of its level at the surface (e.g. Ulaby et al., 1984), equivalent to a 
loss of 4.3 dB (Elachi, 1987). The penetration depth is related to the extinction coefficient Ke 

by 

(2.16) 

Generally Ke comprises both an absorption coefficient Ka and a scattering coefficient Ks such 

that 

(2.17) 

If scattering losses are ignored then Ke ~ Ka, which is defined as (Stiles and Ulaby, 1982) 

(2.18) 

Therefore, from (2.16-2.18) it follows that longer wavelengths will penetrate further in a given 
medium (assuming £

1 and £ 11 change slowly with A: cf. Section 5.2). The value of OP obtained 
by inverting (2.18) is a maximum because of scattering losses, which increase with frequency 
(Rott et al., 1985). If the depth of the medium is less than OP further scattering will take place at 
the interface between the medium and whatever lies below it. 

2.3 SYNTHETIC APERTURE RADAR 

2.3.1 Waveband designation 
The microwave region of the electromagnetic spectrum is shown in Figure 2.4. Note 

that the subdivisions are commonly denoted by a series of letters rather than individual 
frequencies or wavelengths; for example, the ERS-1 SAR operates at C-band (f = 5.3 GHz, 
A= 57 mm). These US designations are now standard nomenclature in the literature, although 
they vary among military users (Curran, 1985). 

2.3.2 Basics and observation geometry 
In the remainder of this section the principles that govern a SAR system are described 

with reference to the ERS-1 satellite and the Active Microwave Instrument (AMI) onboard. The 
AMI incorporates two separate radars, both operating at 5.3 GHz (C-band), and can function in 
three operational modes; a SAR is utilised for both the Image and Wave Modes, and a wind 
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Figure 2.4. The microwave region of the electromagnetic spectrum and the nomenclature 
commonly used to designate the subdivisions. 

scatterometer for the Wind Mode. High resolution SAR imagery is only acquired whilst the 
AMI is operating in Image Mode, whereas Wave and Wind Mode are often used sequentially to 
enable simultaneous characterisation of oceanic wind and wave fields (cf. Attema, 1991). 

A simplified diagram of a SAR system is illustrated in Figure 2.5. The transmitter and 
modulator combine to produce a continuous stream of pulses. These are routed to the antenna 
that is alternatively in transmit or receive mode. Each pulse is transmitted from the antenna to 
the Earth's surface, where it is scattered and the radar echo or backscattered signal returned to 
the antenna. The narrow beamwidth (0.288° for ERS-1 SAR) illuminates a strip of the Earth's 
surface formed from the scattering properties of the individual targets and, as the satellite 
moves, an image is built up from the individual strips. From the antenna the signal is passed, 
via the receiver, to the processor and a SAR image is produced following further processing on 

MODULATOR 

PROCESSOR 

SAR 
IMAGE 

TRANSMITTER 

RECEIVER 
ANTENNA 

INCIDENT 
WAVE 

Figure 2.5. Simplified diagram of a SAR system (after NASA, 1987). 
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the ground. The individual elements of this system are detailed at the relevant points in the 
following subsections. 

The nominal observation geometry of the ERS-1 SAR is illustrated in Figure 2.6; note 
that Section 2.5.4 discusses the orbit characteristics in detail. The antenna, which has 
dimensions of 10 m x 1 m, is aligned lengthways parallel to the satellite flight or azimuth 
direction and restricts the radar illumination to a beam pointing to the right-hand side of the 
satellite track. Normally, the incidence angle is,23° at mid-swath and varies from approximately 
19.5° to 26.6° at near- and far-range, respectively, although during April 1992 a roll tilt of the 
satellite was performed to increase the incidence angle by 9.5°. The swath width is nominally 
100 km wide with a 30 m spatial resolution. Note that the magnitude of the parameters 
described in this subsection are dependent upon the various different operating principles of 
SAR, which are now described. 

2.3.3 Spatial resolution in the azimuth direction 
SAR has developed from SLAR (side-looking airborne radar) systems that employ real 

aperture radar (RAR) techniques. Although the CIS are operating RAR instruments in space 
onboard the OKEAN satellites, the spatial resolution is several kilometres, or two orders of 
magnitude larger than equivalent SAR systems (cf. Table 2.4; Section 2.5.2). This is because 
the resolution of a SLAR in the azimuth (along-track) direction is dependent upon the height 
above the ground H. If the angular width of the antenna beam is approximated as }., I L, where 
L is the length of the antenna, the azimuthal resolution is given as 

Sub-satellite 
track 

785 km 
nominal 
altitude 

/ 

Satellite flight 
vector 

Figure 2.6. AMI Image Mode geometry. 
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Ra = H)., I (Lcos8). (2.19) 

If the appropriate ERS-1 and AMI parameters are used in (2.19) the azimuthal resolution is 

approximately 5 km. 

SAR overcomes this altitude dependence by employing a Doppler beam-sharpening 

approach (NASA, 1987). A point target imaged by a SAR produces a series of echoes, starting 

with the first echo from the leading edge of the azimuthal footprint and ending with the last 

echo at the trailing edge of the footprint. The echoes from the target change from being 

negatively to positively Doppler shifted when the SAR is parallel to the target, at which point 

the Doppler frequency is zero. The voltage output from a SAR receiver due to the point target is 

given by (NASA, 1987) 

(2.20) 

where t is time, Vis the platform velocity, and j = ~. Thus, at any given time a unique 
response exists for each incidence angle e. By passing the received signal v through a 

correlation device comprising a suite of narrow-bandwidth filters, calibrated to select different 

Doppler shifts, data from a range of incidence angles are obtained. Maximum Doppler shifts for 

the AMI Image Mode are typically 1500 Hz, which is small compared to the detector bandwidth 

of 20.4 MHz (Attema, 1991). The signal, together with a calibration signal, is then routed to 

the processor prior to being digitised by analogue-to-digital (AID) converters. In Image Mode 

the output data rate of 105 Mb s-1 from the AMI is too high for onboard storage; therefore, 

image acquisition is limited to those regions within the mask of a receiving station. Hence, with 

the addition of auxiliary data, the digitised signal is output via an onboard memory to the 

receiving stations as a continuous bit stream (Attema, 1991). 

· In summary, the SAR technique takes advantage of the platform motion to produce a 

'synthetic aperture' of length Vt, where t is the time interval over which the returned signal is 

stored; in the case of ERS-1 the synthetic aperture is 800 m in length (Francis et al., 1991). It 

can be shown that: the azimuthal resolution of a SAR is independent of the platform height and 

incidence angle, and ~hat the best azimuthal resolution possible is ( e.g. Rees, 1990) 

Ra= LI 2, (2.21) 

where Lis the real antenna length. However, other factors, such as the need to remove speckle 

(cf. Section 2.4.2), mean that Ra"" 28 m for most AMI Image Mode data formats rather than 

the best possible 5 m. The magnitude of L is dependent upon the limitations imposed by 
ambiguity (cf. Section 2.3.5). 
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2.3.4 Spatial resolution in the range direction 
SAR systems generally transmit a continuous series of pulses, each of pulse length r, 

and this parameter determines the spatial resolution in the range (across-track) direction. For 
two points to be resolved on the ground their slant range must differ by er/ 2, where e is the 
velocity of light. Hence it follows that the minimum range resolution is 

R, = er I (2sin8), (2.22) 

and is reduced as a function of increasing incidence angle (cf. Figure 2.7a). 
The pulse length is equivalent to 1 / B, where B is the transmitter bandwidth. To 

increase the bandwidth, and hence improve the range resolution, the transmitted pulses may be 
chirped or linear frequency modulated, which also enables the waveform to be compressed. 
Such pulse-compression radars combine high resolution (short pulses) with high sensitivity 
(large energy per pulse) (Attema, 1991). In the AMI the intermediate frequency (IF) radar 
equipment takes the transmitted pulse, of width 37 .1 ± 0.05 µs, and the IF signal to produce 
the 'short pulse'. This is input to a surface acoustic wave device, which produces the chirped 
pulse centered around the IF (UK EODC, 1991). The compressed pulse length of 64 ns gives a 
minimum range resolution of 24.6 m at the mid-swath position using (2.22); R,"" 26 m for the 
majority of AMI Image Mode data formats. 

2.3.5 Limitations imposed by ambiguity 
The radar pulses are transmitted at a PRF (pulse repetition frequency) p, in the range of 

1640-1720 Hz for the AMI. The need to avoid range and sampling ambiguities (aliasing), 
which cause noise in the SAR image, places constraints on the maximum and minimum values 
of p, respectively, which in turn influences the choice of both orbital and SAR system 
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Figure 2.7. Range resolution (a) and swath width (b) vs. incidence angle for the 
proposed EOS L-band SAR system (NASA, 1987). 
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----------------· ... 
parameters. Range ambiguities occur when the travel time is greater than or equal to the 
interpulse period (1 / p), as it will be uncertain which return echo belongs to which transmitted 
pulse. From Figure 2.8 it can be observed that, for no such ambiguity to exist 

p < (c I 2H) · (secemax - secemin ), (2.23) 

where emax and emin are the limits of the antenna power pattern. If the antenna beamwidth 
tie, which is equal to (emax - emin), is small then (secemax - secemin) z tiesine I cos2e, and 
tiez Al w (Rees, 1990), where w is the antenna width. Hence (2.23) may be written as 

( cw ) (cos
2

eJ p< 2AH . sine . (2.24) 

Using the nominal parameters for ERS-1 and the AMI, p must be less than 7265 Hz. 
However, if the PRF is too small then the Nyquist sampling criterion is not satisfied. 

This states that for a signal to be sampled discretely and unambiguously the sampling frequency 
must be greater than twice the signal bandwidth; for a SAR the signal bandwidth refers to that 
of the filters used to detect the Doppler shifts of the return echoes. In addition, the PRF should 
be sufficiently high so that the best azimuthal resolution (A I 2) may be obtained, that is 

p>2VIL. 
(2.25) 

Assuming a spherical Earth with radius 6367 .5 km ( the mean of the equatorial and polar Earth 
radius) and a satellite orbital period of 6000 s, V z 6.7 km s-1

• Therefore, for the AMI, p must 
also be greater than 1340 Hz. Combining (2.24) and (2.25) gives 

H1 

/ t..R 

Figure 2.8. SAR geometry illustrating the problem of range ambiguities. These occur when the difference in travel time between two points within the beamwidth (c I 2M) is greater than or equal to the interpulse period (1 / p) (see text for notation). 
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wL>(4VJ.H)·(~). 
c cos2

(} 
(2.26) 

This requirement for a minimum antenna area to avoid ambiguity noise places constraints on the 

orbital altitude, incidence angle, wavelength, and platform velocity, which are all 
interdependent. For example, the maximum practical incidence angle (}max at a given altitude H 

is determined by the ambiguity considerations (2.24); increasing the antenna length L reduces 
the ambiguity noise (2.25), andconsequently (}maxis determined by L (2.26). 

The swath is limited near its nadir by the antenna beamwidth, while at larger angles of 
incidence it is constrained by the data rate that limits the PRF, which in turn restricts (}max· The 

variation of swath width with incidence angle for an assumed L-band SAR operating at 824 km 

is shown in Figure 2.7b. Note the narrow swath width, typical of SAR systems (nominally 

100 km for the ERS-1 SAR), that may constrain this type of instrument with respect to global 

applications. The future EOS system may have a swath width of up to 700 km by utilising a 

burst mode, in which the high PRF rates needed to prevent sampling ambiguities can be 

achieved without exceeding the limitations imposed by the data rate. However, this capability 

would result in degraded azimuth resolution and significantly more complex processing 

(NASA, 1987). 

2.3.6 Power considerations 

For good image quality the signal to noise ratio (SNR) S, which is the ratio of the 

received signal power to the thermal noise generated in the receiver, should be at least 3: 1 

(NASA, 1987). It can be shown that the SNR varies with the inverse cube of the slant range R 
and proportionally to a 0 

(2.27) 

where k is the Boltzmann constant (1.38 x 10-23 J K'), T is the physical temperature of the 

antenna, and Fis the receiver noise figure (the other notation has been defined previously; cf. 

2.1, 2.20, and 2.22). Hence, the SNR decreases markedly with both spacecraft altitude and 

incidence angle. Equation (2.27) also indicates why, because of current power limitations on 

space-qualified transmitters, spaceborne SAR systems operating at higher frequencies (Ku 

band and above) are impractical (NASA, 1987). The peak transmit power PP is given by 

p = P,. 
p 'rp (2.28) 

P,, is 4.8 kW for the AMI in Image Mode (UK EODC, 1991), and is amplified by 45 dB before 

being routed to the SAR antenna. Prelaunch testing indicated that variations in PP caused by 
changes in Tare within 2.3% (Attema, 1991). 
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2.3. 7 Polarisation and radar polarimetry 
For SAR systems capable of transmitting and receiving both horizontally and vertically 

polarised microwaves (cf. Section 2.2.2) there are a maximum of four possible polarisation 
states, termed HH, VV, HV, and VH, where ij refers to microwaves transmitted in polarisation 

i and received in polarisation j. A quad-polarised system is capable of producing all four 
polarisations. The AMI transmits and receives only vertically polarised energy, described as 

VV polarisation. 

The return signal becomes depolarised as a function of the terrain backscatter, because 

the reflective and emissive properties of a material vary with polarisation (Massom, 1991). A 
single scattering coefficient is measured for each specific polarisation state so that only one ( or 
possibly two) of the components of the scattered wave, a vector quantity, is measured, 

resulting in a scalar characterisation of the wave (Zebker and van Zyl, 1991). Co-polarised 
images (HH or VV) are generally best suited for glaciological studies in order to maximise the 
return signal. However, cross-polarised (HV) data are sensitive to volume scatter by water 
inclusions and large grains within a snowpack (NASA, 1987). 

Recent technological developments have permitted the implementation of full imaging 

radar polarimeters such as the airborne JPL AIRSAR, CCRS-580, and spaceborne SIR-C 
systems. The AIRSAR polarimeter transmits alternate horizontally and vertically polarised 
waves. Both components of the received wave are detected separately, but simultaneously, at 

two identical receivers. In this manner it is possible to measure the complete scattering matrix 
of an object and subsequently calculate its scattering cross-section a (a= a 0A, where A is the 

illuminated area; cf. (2.32)) (Mader, 1991). 

The general case of an electromagnetic wave is shown in Figure 2.9; the electric field 

traces out an ellipse in the x-y plane, proportional in size to the amplitude of the wave, as it 
propagates in the z direction. All electromagnetic polarisations can be defined using the 
ellipticity angle X, the arctangent of the ratio of the semiminor to semimajor axis of the 

y 

X 

Figure 2.9. Polarisation geometry of an electromagnetic wave (with propagation into the 
page). Any polarisation can be specified by using appropriate values of X, 
the ellipticity angle, and 'I', the ellipse orientation angle (after Mader, 1991). 
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polarisation ellipse, and the ellipse orientation angle \If, the angle between the ellipse semimajor 
axis and the horizontal coordinate line (Zebker and van Zyl, 1991). For example, a linear 
polarisation (X = G°) can be either horizontal (\If = 0°) or vertical (\II = 90°). It is also possible to 
fully specify an electromagnetic wave by its four Stokes parameters, which together comprise 
the Stokes vector of the wave 

So 

S0cos( 2 \If )cos( 2 X) 
= 

S0cos(2\lf )sin(2X) ' (2.29) 

S0sin(2X) 

where S0 is proportional to the total power of the electromagnetic wave (Mader, 1991). 
The polarisation signature is a graphical representation of the variation of received 

power as a function of polarisation. Two examples of polarisation signatures are illustrated in 
Figure 2.10; (a) shows the co-polarised backscatter response for glacier ice and (b) the same 
response for wet snow. Both polarisation signatures were acquired at C-band and represent the 
mean of over 100 observations (Rott and Davis, 1993). They are indicative of a slightly-to
medium rough surface and slightly rough surface overlying a half-space of random scatterers, 
respectively. Both show the highest backscatter response occurring at VV polarisation. The 
height of the 'pedestal' upon which the polarisation signature sits represents the diffuse
scattering contribution (Rott and Davis, 1993) or between-pixel variation in scattering response 
or both (Zebker and van Zyl, 1991). This pedestal is relatively small for wet snow, because of 
its homogeneous nature and the very small penetration depth at C-band, and higher for glacier 
ice because of greater pixel variation. 

Using global and local Cartesian coordinate systems, the transverse components of the 
electric field of the scattered wave may be defined in terms of those of the illuminating wave 
using a complex scatteririg matrix [S] . From this it is possible to calculate the scattering cross
section of an object for any polarisation combination using 

b1 
.,, 
• 
1 

0 z 
0 
0 

o,.,. 
9
'lfot· 90 

10,, 

-1.,gl, 
(b) e 11, 180 

Figure 2.10. C-band polarisation signatures showing the co-polarised backscatter 
response of (a) glacier ice (8= 60°) and (b) wet snow (8 = 49°). Note that 
cr0 decreases from VV polarisation ('I'= 90°) to HH polarisation ('I'= 0° 
and 180°) in both cases (Rott and Davis, 1993). 
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1 r 1 

_ 4n S0cos(2\Jf)cos(2X) N [ (nl] S0cos(2\Jf )cos(2x) 
cr(x;, \Jf ;,Xj' \JI j )- kJ S

0
cos(2\Jf )sin(2X) ~ M S

0
cos(2\Jf )sin(2X) ' (2.30) 

S0sin(2X) S0sin(2X) 

where ko is the wavenumber in free space (k0 = 2n I Ao), n is the measurement number, rand t 

correspond to the receive and transmit antennas, respectively, and [M] is the Stokes matrix, 
defined in terms of the elements of [S]; for a derivation of [M] see Zebker and van Zyl (1991). 
The automatic mapping of snow and ice in SAR imagery using classification algorithms based 
on some of the Stokes matrix parameters, which are independent of (}, is briefly discussed in 

Section 2.7.1. A further use for polarimetric SAR is in determining terrain elevation angles (cf. 

Section 2.7.4). 

2.4 THE NATURE OF SAR IMAGERY 

2.4.1 Image distortion 

SAR systems measure the time taken for the radar pulse to reach an object on the 
ground rather than the planimetric distance from the nadir beneath the instrument. In this slant 
range format the image scale decreases uniformly with range, and is compressed relative to the 
ground scale as shown in Figure 2.11; the amount of compression is approximately 
proportional to cos</), where </J is the depression angle (Leberl, 1990), and therefore areas near 

the nadir are compressed more than those at far range. However, this distortion is usually 
corrected automatically into a ground range format with a constant scale in the range direction. 

Other distortions in SAR data are caused by the image topography, and occur for any 
point that does not lie on the reference datum. In ground range format the relief displacement 

I 
1 Nadir 

Figure 2.11. Scale distortion on a radar image in slant range format. Compression 
decreases uniformly from the nadir to far range; i.e. on the ground 
distances AB = BC = CD = DE, but on the image distances 
A'B' < B'C' < C'D' < D'E', and A'B'/B'C' = B'C'/C'D' = C'D'/D'E' . 
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caused by an object of height h above the datum may be approximated by htan</J (Leber!, 1990). 
Such displacements result in three distinct distortions in SAR imagery, which are illustrated in 
Figure 2.12. The first of these is layover and occurs when the top of an object, such as Hill A, 
is closer to the radar than its base that is nearer in ground range. Thus the near-side slope 
appears to lean towards the radar and lays over the terrain in front of it; layover occurs for 
slopes where the near-slope angle is greater than 8;, the local incidence angle. Hill B shows 
two different effects; the near-slope experiences a less extreme form of layover called 
foreshortening, where the radar return is 'squashed' making it appear very bright in the image; 
the far-slope of Hill B experiences shadowing because its gradient is greater than </J, and this 
part of the image becomes independent of the terrain backscatter. Note that the magnitude of 
foreshortening may be described by the foreshortening factor, equal to sin8;. Near-slopes of 
gradient 8 parallel to the azimuth direction appear as a line as they represent the limiting case 
between layover and foreshortening (Leber!, 1990). An analogous situation exists for back
slopes with a slope angle equal to </J. Foreshortening may be corrected with knowledge of the 
topography, but not layover and shadowing. 

It can also be ascertained from Figure 2.12 that a larger incidence angle will decrease 
the amount of layover but increase the amount of shadowing in an image, and similarly the 
converse is true. Therefore, for a given area there must be an ideal antenna angle that minimises 
the sum of both distortions. Such a hypothesis was investigated by Rott et al. (1985) using 
simulated radar images of areas of the Otztal Alps and Leibnitz, Austria, which had mean slope 
angles of 27.1 ° and 4.8°, respectively. The results show a clear minimum topographic 
distortion with a radar incidence angle of 40° (cf. Table 2.1). However, this study was carried 
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Figure 2.12. The effect of topography on a radar image; see text for details (modified from Curran, 1985). 
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Area 
Incidence 

Layover Shadowing 
Foreshortening 

angle factor 

Otztal Alps 20· 19.2% 1.1% 30.0 
40° 2.5% 2.2% 28.5 
60° 0.2% 20.1% 15.6 

Leibnitz 20· 8.9% 0.0% 49.4 
40° 0.8% 0.5% 33.2 
60° 0.0% 7. 3% 14.3 

Table 2.1. The influence of varying incidence angle on the fraction of SAR imagery 
affected by topographic distortions (after Rott et al., 1985). 

out in a slant range projection and the results are not necessarily valid for a ground range 
format. 

An alternative indication of the percentage of unfavourable local incidence angles is 
provided by the image foreshortening factor FS where 

N 

FS = I[(1-sineJ100] 1 N, (2.31) 
i=I 

and N is the number of image points. The FS values indicate a clear minimum at 60° for both 
sites (Table 2.1) and led Rott et al. (1985) to conclude that the optimum radar incidence angle 
lies between 40-60°. The nominal 23° mid-swath depression angle of the ERS-1 SAR will 
produce imagery that is affected principally by layover. 

Topography also distorts the radiometric calibration of an image by altering the local 
spatial resolution. For example, the far-side slope of Hill A in Figure 2.12 has a weak return 
because its slope is greater than the depression angle </J, and the local spatial resolution is very 
much higher than that on the reference datum. Haefner et al. ( 1994) computed theoretical pixel 
areas of 70 OOO m2 near regions of strong layover in ERS-1 imagery, compared with the 
nominal figure of - 750 m2• Thus, the backscattering coefficient er0, which may be written as 

o er er =
A' (2.32) 

where er is the scattering cross-section and A is the local ground resolution, will vary markedly 
for a given surface class. Two models for reducing the effect 9f the local incidence angle ei are 

er0 
( ei) = er0 

( 0) cos ( ei) , (2.33) 

and 

er0 
( ei) = er0 

( 0) cos 2 
( ei) ' (2.34) 
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where (2.33) represents isotropic backscatter from densely packed spheres or a perfectly rough 
surface and (2.34) obeys a cosine law typical of vegetation (Ulaby et al., 1982). Shi and Dozier 
( 1993) used a cos 1.s( 8;) function to normalise the backscatter coefficients of a C-band VV 

polarisation image in order to classify glacier ice, snow, and other surfaces in the Otztal Alps. 
In order to remove SAR image distortion caused by topography, the data must be 

geometrically rectified using a digital elevation model (DBM). One such method is the 
rigorous-Doppler approach (Haefner et al., ·1994), which considers both the illuminating 
geometry and processor characteristics. The SAR data are returned to slant range format and 
then transformed to the same reference system as the satellite ephemeris data. Subsequently it 
is possible to calculate and, where possible, remove the effects of topography and Earth 
rotation on the Doppler frequency shift and azimuth geometry. 

Although it is not possible to remove layover by corrections with DEMs, for satellite 
systems with a sun-synchronous orbit such as ERS-1 (cf. Section 2.5.4), data acquired from 
both ascending (crosses the equator in a northerly direction) and descending (crosses the 
equator in a southerly direction) passes may be combined in order to minimise the effects. This 
method was used by Rott and Nagler (1994) in the Otztal Alps; layover, which constituted 
25% and 35% of the area in the ascending and descending passes, respectively, was reduced to 
only 2%. Similar work by Haefner et al. (1994) in the Swiss Alps decreased layover from 
28% and 45% in the individual passes to 5% in the synthesised image. The effect of 
topographically induced geometric and radiometric distortion on a single ERS-1 SAR image of 
Nordenskiold Land is discussed in Section 6.4.2. 

2.4.2 Speckle 

Raw SAR image data have a 'grainy' appearance called speckle, which results from the 
use of coherent radiation; that is, the signals have similar phase, direction, and amplitude, and 
are capable of demonstrating interference (Barnhart, 1986). The radar pulse illuminates a 
surface area consisting of many scattering points that may produce component echoes that 
interfere either destructively or constructively if two or more scatterers are sufficiently close; 
see Rees ( 1990) for details. The returns from these points add vectorially and form a single 
vector V, which represents the amplitude a and phase </J of the total echo (Figure 2.13). The 
phase </J; of each elementary vector is related to the distance between the sensor and the 
corresponding scattering point. Thus, if the sensor moves by a small amount between radar 
pulses all these phases will change, leading to a different value of a for successive observations 
of the same surface area; this variation is called fading. Similarly, two adjacent pixels of a 
homogenous surface that have the same scattering cross-section CJ' but slightly disparate spatial 
distributions of scatterers will give rise to different amplitudes; this variation is the cause of 
speckle. 

Speckle results in statistical uncertainties of the backscatter power greater than receiver 
noise (Rees, 1990); for example, the range from 5-95% of the probability distribution is 
equivalent to 18 dB (Ulaby et al., 1982). The effect of speckle on image interpretability, where 
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Figure 2.13. Composite return from an area with multiple scatterers (after Elachi, 1987). 

only one independent sample is used, is equivalent to increasing the area of the pixel by a factor 
of 21.9 (Moore, 1979). Fortunately, the effects of speckle can be significantly reduced by the 
multilooking technique. This is accomplished by dividing the SAR along-track beam into 
subbeams, each using a Doppler band centred on a different Doppler frequency so that there is 
no overlap (Cracknell and Hayes, 1991). A subbeam provides a 'look' at the scene with a 
statistically independent speckle pattern. By incoherently averaging the output for each look the 
speckle is reduced and the backscatter coefficient a 0 can be estimated as the mean of the 
different looks. Typically three or four looks are used to produce a multilook image; for 
instance, the ERS-1.SAR.PRI and GEC products used in this work are derived from three 
looks (cf. Table 2.2). 

However, a reduction in speckle can only be achieved at the expense of decreased 
azimuthal spatial resolution. This decrease is proportional to the number of looks used; 
therefore, following from (2.21 ), the maximum azimuth resolution for a multilook image may 
be approximated by 

Ra= N·L/2, (2.35) 

where N is the number of looks. Hence, a trade-off exists between the two ways of improving 
interpretability, by a reduction in speckle or an increase in the azimuthal resolution. Usually it is 
possible to obtain a higher azimuthal resolution than range resolution because of the great 
length of the synthetic radar antenna (Leberl, 1990), and therefore the processing of multilook 
imagery is often implemented so that a similar resolution in both directions is achieved. Rott et 
al. (1985) found that a SAR image with a 15 m spatial res~lution and one look (15/1) had a 
similar interpretability to a (30/4) image, and similarly with (30/1) and (60/4) images. Image 
filters that can be used to further decrease the effect of speckle are described in Section 4.2.2. 

2.4.3 ERS-1 SAR data formats 
There are seven standard product formats in which the AMI Image Mode data are 

available (ESA, 1992). These range from the ERS-1.SAR.RA W echo data, suitable as input to 
a SAR processor, to the ERS-1.SAR.GTCOl product, which has the most accurate 
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instrumental corrections applied, is precisely located, corrected for terrain variations, and 
rectified on to a map projection using DEMs and ground control points (GCPs). Both the 
ERS-l.SAR.UI16 and ERS-1.SAR.FDC are fast delivery products; the former is supplied on
line via high data rate links and the latter as an off-line version disseminated using the more 
orthodox tape media. The ERS-1.SAR.SLC is a single look complex image and contains the 
phase information required for interferometric techniques (cf. Sections 2.7.2.2 and 2.7.4). 

The ERS-1 .SAR.PRI precision image is the standard product used in this research. It 
is a multilook ground range digital image generated using up-to-date (at the time of processing) 
auxiliary parameters, and corrected for antenna gain and range spreading loss (ESA, 1992). 
This product was specifically designed for multitemporal applications and to derive the 
backscatter coefficient a 0 (cf. Section 4.2.3). The ERS-1.SAR.GEC product utilises the 
WGS-84 as its reference ellipsoid and the radar data are transformed to either Universal 
Transverse Mercator (UTM) projection, for latitudes 80° S to 84 ° N, or Universal Polar 
Stereographic (UPS) below 80° S (ESA, 1992). The significant image parameters in these 
seven products are summarised in Table 2.2. Note that modifications of these standard formats 
are available from the different processing and archive facilities (PAFs); see UK EODC (1991) 
for a list of those generated at the UK P AF. 

2.5 SAR MISSIONS: PAST, PRESENT, AND FUTURE 

2.5.1 Airborne systems 
Rapid military development of the SLAR system in the 1950s led to its release for 

civilian use in the following decade (Fischer, 1975). The first radar images of glaciers were 
generated using the Westinghouse AN/ APQ-97 system, and acquired from regions around 
South Cascade Glacier and Mount Rainier, Washington (Meier et al., 1966). Today, airborne 

Number Range Azimuth Pixel Data 
Product of Projection resolution resolution size volume 

looks (m) (m) (m) (Mb) 

RAW n/a Slant range 7.9 3.9 7.9 X 3.9 ,.,300 

UI16 3 Ground range <33 <33 20 X 20 63 

FDC 3 Ground range <33 <33 20 X 20 63.7 

SLC 1 Slant range <10 <10 , 7.9 X * 150.2 

PRI 3 Ground range <33 <30 12.5 X 12.5 131.3 

GEC 3 UTM/UPS <30 <30 12.5 X 12.5 165.8-288.2 

GTCOl 3 UTM/UPS <30 <30 12.5 x 12.5 165.8-288.2 

Table 2.2. The standard ERS-1 AMI Image Mode data product formats, as given in ESA 
(1992). * The azimuth pixel spacing is dependent upon the platform velocity 
and PRF. 
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systems are often used to test radar instruments that will subsequently be used in space; for example, the recently flown German X-SAR will be onboard the Space Shuttle during the third of the SIR-C missions in 1996. However, airborne SAR also has certain advantages, apart from cost, over satellite systems. The lower altitude means that a higher spatial resolution is possible, for example SAR-580 data acquired over the Austrian Alps had a 3 m resolution (Rott, 1984[a]). Furthermore, there is evidence that lower frequency SAR, such as P-band, which has successfully been employed from afrcraft (e.g. AIRSAR), would be distorted by ionospheric and tropospheric irregularities if used from satellite (Quegan and Lamont, 1986), while higher frequency SAR are restricted by power considerations (cf. Section 2.3.6). A list of airborne SAR instruments that have acquired imagery of glacierised regions is provided in Table 2.2, and imagery from many of these are discussed in Sections 2.6.4 and 2.7. 

2.5.2. Spaceborne systems 
Despite its unintentionally short mission from June-October 1978, Seasat, the first spaceborne mission to use a SAR system, successfully demonstrated the suitability of radar for revealing surface and near-surface phenomena invaluable for glaciology (Drewry et al., 1991 ). Seasat acquired data over glacierised regions of the Alps, Greenland, Iceland, and North America. Subsequent US SAR missions have been flown on the Space Shuttle. However, because of the low inclination of the orbit (angle between the plane of the orbit and equator), coverage by the SIR (Shuttle Imaging Radar) series was limited to 38° and 57° latitude for SIRA and SIR-B/C, respectively, and very few glacierised regions were imaged during the first two missions. A qualitative study of a SIR-A image of the Karakoram Mountains in Pakistan by Rott (1984[b]) is the only in-depth analysis of SIR imagery containing glaciers in the literature. However, SIR-C, with its multiple incidence angle, frequency, and polarisation capabilities, has recently obtained data from important glacierised regions within its orbital coverage(± 57° lat.) such as the Patagonian icefields in South America (Forster, 1994). The 

Country of Frequency Dates of Instrument Polarisation Glacierised regions imaged manufacture band imagery 

AN/APQ-97 USA Ka HH,HV? 1965 N.W. USA 
JPL-L USA L ? early 1970s N.W. USA 
SAR-580 USA/Canada L,C,X Quad pol. 1981, 83, 84 Alps, Spitsbergen 
STAR-I USA X HH 1986, 88 Greenland, N.W. USA 
AIRSAR* USA P,L,C Quad pol. 1989, 91 Alps, Greenland, N.W. USA E-SAR Germany C,X HH 1990 Alps 
CCRS-580* Canada c,x Quad pol. 1993 Canada 
X-SAR Germany X w 1994 Alps 

Table 2.3. Summary of airborne SAR missions known to have acquired imagery over glacierised regions. * These instruments are now equipped with an interferometric capability (cf. Sections 2.8.2.2 and 2.8.4). 
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former Soviet Union (now CIS) first put an imaging radar (SLAR) into space in 1983 aboard 
COSMOS-1500 and, with the advent of the Almaz series, has been using spaceborne SAR 
operationally since 1987. This data is slowly becoming available in the west, although it is 
hoped that future CIS radar data will be able to be received at the Alaska SAR facility (Massom, 
1991). 

The global and multitemporal coverage provided by the currently operational non-CIS 
SAR sensors, ERS-1 and JERS-1, offer significant advantages for the glaciological cornrnunity 
over past SAR missions. Sensors due for launch in 1995, namely ERS-2 and Radarsat, should 
mean that coverage from spacebome SAR continues to be available through the 1990s, until the , I 
launch of the first ESA Polar-Platform mission (ENVISAT) in 1997 (Readings et al., 1991), I 

I II and the NASA EOS SAR (Massom, 1991), and possibly SPOT SAR, in 1999. A surnrnary of 
the main parameters of past, present, and future spacebome SAR missions is provided in Table 
2.4. 

Operational Country of Frequency Incidence Azimuth Mission Polarisation 
dates manufacture band angle resolution 

Seasat 1978 USA L HI-I 23' 25 m 
SIR-A 1981 USA L HI-I 50' 33 m 
CMS.-1500 1983 CIS X ? ? 1 km 
SIR-B 1984 USA L HI-I 15-65' 20 m 

Almaz 1987 CIS s ? ? 25-30 m 
RESURS-0 1988+ CIS s ? ? 200 m 
OKEAN-01 1988+ CIS X w c. 35' 2.1-2.8 km 
Almaz-1 1991+ CIS s ? ? 15 m 
ERS 1991+ Europe C w 23' 30 m 
JERS-1 1992- Japan L HI-I 35' 18 m 
Priroda 1993- CIS L, S VV,HH 35' 20m 

Germany 

SIR-C/ 1994-1996 USA& L,C Quad po!. 20-55' 40 m 
X-SAR (3 missions)* Germany X w " " 
Radarsat 1995 Canada C HI-I 20-49' 25 m 
OKEAN-0 1995+ CIS X w c. 35' 1-2 km 
ENVISAT 1997+ Europe ? ? ? ? 
EOSSAR 1999 USA L,C,X Quad po!. 20-55' 40 m 
SPOT SAR 1999 UK/France C, (L, X?) Quad po!. ? 30 m 

Table 2.4. Summary of past, present, and future civilian spaceborne SAR and SLAR 
missions. Series of more than one satellite are indicated by a '+' symbol after 
the launch date, which refers to the first satellite in that series, whereas a'-' 
symbol after the launch date refers to a single satellite that is currently 
operational. * The German X-SAR will only be flown on the third SIR-C 
mission in 1996. Note that the information relating to CIS missions is 
sometimes uncertain because different sources are often contradictory. 
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2.5.3 Overview of the ERS-1 mission 
The first European Remote Sensing satellite (ERS-1) was launched into space by the 

Arianne V 44 rocket on 17 July 1991. Conceived in the late 1970s and early 1980s by the 
European Space Agency (ESA), the multidisciplinary ERS-1 mission was designed to 
systematically observe the Earth's atmospheric and surface properties to a high degree of 
accuracy on a global scale. The major goals of the mission were (Duchossois, 1991): 

• More accurate representation of the interactions between ocean and atmosphere in 
climate models. 

• A major advance in knowledge of the ocean circulation, its variability and the 
associated energy transfers. 

• Better monitoring of polar regions, in particular the Arctic and Antarctic ice sheets and 
sea-ice-covered areas. 

• The regular monitoring of land-surface processes on a global scale, and in particular 
the vegetation cover. 

• The monitoring of changing land-use patterns. 

Furthermore, the near-real-time and global coverage of ERS-1 data has benefited operational 
meteorology and sea-ice-forecasting. Many of the scientific objectives of the mission are being 
investigated by researchers involved in the 'announcement of opportunity' (AO) scheme, 
supported by ESA through the direct dissemination of data from the ERS ground segment. This 
research forms part of the AO INT 8-9 project. 

2.5.4 ERS-1 orbital characteristics 
As with all satellite missions, the orbit configuration for ERS-1 was determined by a 

series of requirements and constraints (UK EODC, 1991). The compromise solution was for 
the platform, based on the French SPOT satellite series, to be placed in a sun-synchronous 
near-circular orbit (quasi-polar) at a nominal altitude of 785 km. In a sun-synchronous orbit, a 
satellite precesses (the orbital plane rotates about the polar axis) at the same rate as the sun 
appears to rotate around the Earth, so that it crosses a given latitude at the same solar time every 
day, for example the ERS-1 descending pass crosses the equator at 10:30 hrs. The orbit has an 
inclination of 98.5°, which implies theoretical coverage to latitudes of± 81.5° (the exact figure 
for SAR data varies between ascending and descending passes because of the side-looking 
geometry of the AMI in Image Mode), and an orbital period of approximately 100 minutes. 

However, ERS-1 is a multi-disciplinary mission and carries a suite of instruments; in 
addition to the AMI there are two other main .instruments: the Radar Altimeter (RA) and the 
Along-Track Scanning Radiometer and Microwave Sounder (ATSR-M). Furthermore, two 
sensors for accurately determining the satellite position and orbit characteristics in support of 
the RA are carried: the Precise Range and Range-Rate Experiment (PRARE), which failed, and 
the Laser Retro-Reflector (LRR). Each of the three main instruments has a preferred orbital 
pattern and provides data for users from many disciplines who have diverse requirements 
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regarding the temporal resolution of the data. Therefore, the ERS-1 mission has an orbit 
scenario that involves three different orbit types and at least four changes in orbit (Figure 2.14 ). 

The commissioning phase used a 3-day repeat cycle (43 orbits) because it provided 
frequent revisits to dedicated calibration sites under similar geometrical and illumination 
conditions (Attema, 1991). The ice phase that followed had similar orbit characteristics but with 
different longitudinal phases to ensure repetitive coverage of winter Arctic sea ice. Note that the 
phases with 43 orbits had only limited spatial coverage. All the data described in this research 
were acquired during the subsequent multidisciplinary phase, which, with a 35-day repeat cycle 
(501 orbits), provided potential near-global SAR coverage. Following a second ice phase in 
early 1994 the remainder of the ERS-1 mission was intended to be devoted to the 17 6-day 
repeat cycle of the geodetic phase, favoured for the measurement of the mean sea surface and 
geoid because of the very high density of altimeter tracks. However, with ERS-1 still 
functioning and the forthcoming launch ofERS-2, a TANDEM mission would present a unique 
opportunity to promote SAR interferometric methods and applications (cf. Sections 2.7.2.2 and 
2.7.4). The proposed scenario has the two satellites 30 minutes apart on the same orbit, 
equivalent to a one day revisit interval because of the Earth's rotation (Hartl, 1994). Near 
simultaneous imaging would require two receiving stations because of the high data rate. 

2.6 SAR IMAGING OF GLACIER SURFACE FACIES 

2.6.1 The glacier-facies concept 
The idea of glacier surface facies was originated by Benson (1959, 1961, 1962). His 

notion of 'diagenetic facies' developed from field observations, using snow pits and cores, on 
the western side of the Greenland Ice Sheet. It was later modified by Mullet (1962), following 
a study of glaciers on Axel Heiberg Island, N.W.T., Canada, and has since evolved through 

C3 - Commissioning phase (3-day repeat cycle) 
13 - Ice phase (3-day repeat cycle) 
M35 - Multi-disciplinary phase (35-day repeat cycle) 
G176-- Geodetic phase (176-day repeat cycle) 
T7 - Possible TANDEM mission with ERS-2 

~I _c_3__,,_l3_..I ___ M_3_s ___ .._l 1_3 .._I __ G_1_?6 _ __i_i ~ 
1991 1992 1993 1994 1995 I I I I I 111 I 11 I I 111 I I 11 I 11 I I 11 I 11 I I 11 11 I 11 11 I I 111 11 I I I I 111111 I I I 

Figure 2.14. The ERS-1 orbit scenario. 
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the renaming of particular terms and the subdivision of certain facies into zones (cf. Benson, 
1967; Benson and Motyka, 1979; Paterson, 1981; Williams et al., 1991). 

The concept evolved because it is often not possible to designate ice masses, 
particularly those of great extent such as the Greenland Ice Sheet, as a single category based on 
their thermal properties alone (cf. Section 1.2.5). The glacier-facies concept addresses the 
spatial variations in the effect of surficial melting by dividing a single ice mass into a series of 
zones or facies, thus permitting the quantitative subdivision of large glaciers that span the entire 
range of environments from temperate to polar (Benson, 1959). Facies is a term borrowed 
from geology, and may be defined loosely as the sum total of features that characterise a rock 
as having been formed under a given environment and that differentiate it from other rocks 
formed under different conditions. The glacier surface facies, described in Section 2.6.3, result 
from differential diagenesis of the snowpack (Fahnestock et al., 1993), itself caused by 
variations in the magnitude of accumulation and ablation processes. These fluctuate with 
latitude, local climate, and, most significantly for mountain glaciers, elevation. This 
dependence on local meteorological conditions means that the spatial distribution of the facies 
are temporally changeable, and they retreat up-glacier as the ablation season progresses 
reaching a maximum altitude at its end. Unless observed at this time the facies margins are 
given the qualifying adjective 'transient'. The glacier-facies concept and geophysical 
classification are not mutually exclusive because the existence of certain facies is dependent on 
a glacier's thermal regime. 

2.6.2 The equilibrium-line altitude 
The equilibrium-line altitude (ELA) is one of the most important parameters to 

determine on a glacier. At the ELA the net mass balance of a glacier is zero; that is, it separates 
the ablation area below, where a glacier has a net loss of mass over the year, from the 
accumulation area above, where there is a net gain in mass. Many studies have shown that, 
despite being a function of several different climatic factors, net mass balance can be directly 
correlated to the ELA at the end of the ablation season (e.g. Schytt, 1966; Liest01, 1967; 
0strem, 1975). Braithwaite (1984) used the following simple linear relation to describe this 
correlation 

(2.36) 

where bn is the glacier net balance in a given year, the ELA in that year and when the glacier net balance is zero are ELAn and ELAo, respectively, and a is termed the effective balance gradient. 
In Svalbard, Hagen and Liest0l (1990) reported a strong correlation between bn and 

ELA for Austre Br0ggerbreen and Midre Lovenbreen, two small glaciers in north-west 
Spitsbergen, where mass balance investigations started in 1966/67 and 1967/68, respectively; 
Figure 2.15, which utilises data up to 1992/93, reveals correlation coefficients of 0.95 and 
0.96 for the two glaciers. In practical terms, this means that if the ELA is known to the nearest 
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Figure 2.15. The strong correlation between glacier net mass balance and ELA for Austre Br0ggerbreen and Midre Lovenbreen (dashed line), Spitsbergen, 
1966/67-1992/93. Data from two years are unable to be plotted as the ELA was greater then the maximum elevation of the glaciers. 

5 m, b
11 can be estimated to the nearest 0.04 m a-1 water equivalent with 95% confidence. If 

(2.36) is rearranged to correspond with Figure 2.15 such that 

1 ELA
11 
=--b

11 
+ ELA0 , (2.37) a 

the values for ELA0 and a are determined as 271 m and 3.20 mm water equivalent m-1, and 
298 mand 3.60 mm water equivalent m-1, for Austre Br0ggerbreen and Midre Lovenbreen, 
respectively. 

Assuming such a linear relation exists for a glacier, and has been established from 
previous in situ measurements, b11 may be estimated from the ELA. However, Braithwaite 
( 1984) concluded that significant variations of ELA0 and a can exist in a region, as illustrated 
by the two adjacent Spitsbergen glaciers; therefore, these two parameters are unable to be 
estimated with sufficient accuracy to predict the net mass balance from the ELA of individual 
glaciers without the aid of calibrating field measurements. In addition, a may vary markedly 
between the ablation and accumulation areas and between different years, particularly in the 
accumulation area (LaChapelle, 1962). Nevertheless, Pelto (1987) demonstrated that on large 
glaciers in south-east Alaska a varied predictably according to ocean proximity, surface slope, 
and valley width-valley height ratio, and could be estimated to within 0.15 mm water 
equivalent m-1

• 

An alternative estimate of b11 may be derived from the accumulation area ratio (AAR); 
the fraction of a glacier's area above the ELA at the end of the ablation season. If one assumes a 
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linear relation and a symmetrical altitudinal distribution of the glacier area, then ELAo will be at 
the median elevation of the glacier and the equivalent AAR0 would equal 0.5 (Meier and Post, 
1962); However, Gross et al. (1977) found that an AAR0 value of 0.67 was typical for Alpine 
glaciers, while for Peyto Glacier, Canada, AAR0 is 0.53; in the latter case there is a better 
relationship between bn and AAR than with ELA (0strem and Brugman, 1991). In glacierised 
regions of high relief AARo may be less than 0.5 because of accumulation by avalanching or 
the dominant effects of orographic precipitation (Mtiller, 1980); for example, Kulkarni (1992) 
found an AAR0 value of 0.44 for glaciers in the western Himalayas. Appropriate values of 
AARo for Spitsbergen glaciers are discussed in Section 6.4.4. 

If reconnaissance methods, such as remote sensing, are to be successful in obtaining 
mass balance estimates using the methods discussed, the ELA must necessarily be recognised 
in the imagery used. As the ELA has no surficial expression itself it is its spatial relationship 
with certain glacier fades that enables its discrimination. 

2.6.3 Definitions of the glacier facies, zones, and facies margins 
Although the two uppermost glacier fades, namely the dry-snow fades and percolation 

fades, may occur on high-latitude mountain glaciers such as the Devon Island Ice Cap, 
N.W.T. , Canada (Koerner, 1970), they are generally restricted to the ice sheets and do not 
exist on the ice masses of Svalbard. Consequently they are not discussed in this work; for a 
description of these two glacier fades see Benson (1962) and Paterson (1981). 

The terminology used in this thesis is that of Williams et al. ( 1991) with one revision, 
the superimposed ice line. This modification is explained at the appropriate point in the 
following definition and characterisation of the glacier surface fades, zones, and facies margins 
found on the glaciers of Nordenskiold Land, which are described as a down-glacier succession 
and illustrated diagrammatically in Figure 2.16. Their spatial distribution across Ayerbreen on 
19 August 1992 is shown in Figure 2.17. 

In the region of the wet-snow facies all the snow deposited since the previous ablation 
season has been raised to 0°C. Prior to this situation being realised, surface melting can lead to 
localised meltwater percolation into snow and firn at temperatures below 0°C. Echelmeyer et al. 
(1992) reported penetration depths of up to 3 m in cold firn in Greenland. At relatively 
impermeable layers the meltwater may spread laterally and, on refreezing, form melt features 
such as ice lenses (glands) or more extensive ice layers. These have smooth lower edges 
parallel to the snow stratigraphy, but are undulating above, where the meltwater has caused 
grain rounding and filled voids in the snowpack (Mayo, 1991 ), and where the lenses have been 
thickened from above by vertical percolation (Ahlmann, 1935). Ice pipes are created when large 
vertical percolation channels refreeze after their meltwater supply has terminated. The refreezing 
of 1 g of water releases sufficient latent heat to raise the temperature of 160 g of snow by 1 °C 
(Paterson, 1981 ), making the refreezing of meltwater the dominant factor in increasing 
snowpack temperature. Conversely, the ice bodies can survive the ablation season because the 
heat required to melt them would cause the temperature of the surrounding snow to drop below 
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Figure 2.16. Cross-section of a sub-polar glacier showing the relative positions of the different glacier facies, zones, and margins, and their significance in estimating the ELA position using remote-sensing techniques (modified from Williams et al., 1991). 



Figure 2.17. The spatial distribution of the glacier facies and zones across Ayerbreen on 
19 August 1992. Wet snow (1) is seen above the dark narrow band 
distinguishing the slush zone (2). Beneath the lower limit of this zone, the 
snow line, are the pale superimposed ice (3) and, further down-glacier, the 
much darker bare glacier ice (4). (cf. Figure 2.16). 

0°C. Temperature cycling and fall cooling result in the wet snow refreezing as dense iced firn 

(Long and Drinkwater, 1994). Note that fall, rather than autumn, is used .in this work as it is 

widely used in the scientific literature. 

In the lowest part of the wet-snow facies the snow may be completely saturated with 

water and is described as the slush zone (cf. frontispiece of this thesis). It is an ephemeral 

transition zone that usually grades up-glacier into the upper part of the wet-snow facies 

(Williams et al., 1991). The slush zone loses material by runoff and a gradient of only 3-4° is 

sufficient to initiate slush avalanches (Muller, 1962). Thus the slush limit, the upper margin of 

the slush zone, may_ be defined as the highest elevation at which the glacier loses material by 

runoff. 

The lower margin of the wet-snow line is termed the snow line, the highest elevation to 

which the snow cover has retreated. The region below this margin, to the terminus ( or calving 

face) of the glacier, comprises the ice facies. On a sub-polar glacier the ice facies can be 

separated into two areas: the superimposed ice zone above and bare glacier ice below. 

Superimposed ice forms by the refreezing of meltwater onto the glacier surface, either at the 

base of the overlying snowpack through which it has percolated, or onto the bare ice surface 

over which it is flowing (Koerner, 1970); its development is thus an accumulation process. The 

conditions required for the formation of superimposed ice, surface melting despite the ice not 
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being uniformly at the pressure melting point (thus enabling the meltwater to refreeze), are only 
widespread on sub-polar glaciers and, therefore, the extent of any superimposed ice zone on 
temperate glaciers is negligible. The presence of superimposed ice is critical to the existence of 
some glaciers; for example, on McCall Glacier, Alaska, approximately 50% of the meltwater 
contributes to the formation of superimposed ice, which comprises the main body of the glacier 
(Wakahama et al., 1976). When formed at the base of the snowpack superimposed ice is 
usually discernible from glacier ice because of a whiter colour (less entrained debris) and 
smoother surface (smaller crystals and no foliation) (Mayo, 1991). However, if exposed to 
sub-aerial ablation processes it assumes a characteristic white broken-crystalline surface. 

Many studies (e.g. Muller, 1962; Koerner, 1970) have specified that the lower margin 
of the superimposed ice zone corresponds to the ELA, and this has been assumed in the 
terminology of Williams et al. (1991). However, 0strem and Brugman (1991) stated that the 
ELA does not necessarily lie exactly at this point, but somewhere within the superimposed ice 
zone. The height of the ELA above the lower limit of superimposed ice is dependent on the 
spatial distribution of internal ice temperatures (0strem and Brugman, 1991), which are 
determined by the balance between two processes: the accumulation of superimposed ice and 
the ablation of glacier ice, melted as a consequence of latent heat released by the first process. 
The ELA of Spitsbergen glaciers has been reported to lie within the superimposed ice zone 
(Parrot et al., 1993; Hagen, pers. comm., 1995); hence the term superimposed ice line, herein 
defined as the lowest elevation of superficial superimposed ice, is introduced in this work. It is 
equivalent to the runoff-line, defined by Koerner (1986) as the line that separates the area 
where all melt refreezes within the firn from that where some part, or all, of the meltwater 
leaves the glacier. Below the superimposed ice line bare glacier ice (blue ice) is ablated through 
runoff and evaporation. 

As the ELA of a Spitsbergen sub-polar glacier is located within the superimposed ice 
zone, remote sensing methods can only estimate its position as being somewhere within that 
zone. The upper and lower limits of this estimate are defined by the snow line and 
superimposed ice line, respectively. Therefore, it is essential that the sensor being used to 
determine the ELA is able to discriminate both of these facies margins ( cf. Figure 2.16). For 
temperate glaciers the ELA may be approximated by the snow line. 

2.6.4 Discrimination of glacier surface facies using SAR data 
This section reviews previous work that has utilised. SAR to study and discriminate 

between the different glacier facies and zones. General explanations of the observed 
backscatter, with reference to the principles outlined in Section 2.2, are provided as 
appropriate; a comprehensive analysis of backscatter from glaciers is provided in Chapter 5. 
Much of the work described has been undertaken in the south-west of the Greenland Ice Sheet 
which, unlike the Antarctic Ice Sheet, has a large ablation area and experiences significant 
surface melting at its margins. The other glacierised areas that are frequently mentioned are the 
ice caps of Iceland, which were all imaged by Seasat in 1978 (Williams, 1987), and the Otztal 
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region of the Austrian Alps, which has been used as a test site for campaigns using the 
SAR-580, E-SAR, AIRSAR, and ERS-1 SAR instruments (cf. Tables 2.3 and 2.4). 

The extent of the superimposed ice zone in Greenland has been shown to be significant 
(Echelmeyer et al., (1992), and the discrimination of superimposed ice from glacier ice remains 
a prerequisite for accurately determining the Ice Sheet's mass balance. However, both 
Bindschadler and Vornberger (1992) and Long and Drinkwater (1994) believed it virtually 
impossible to distinguish superimposed ice from glacier ice in Greenland using SAR; the latter 
authors declared that no recognisable physical difference exists between the two ice types, a 
statement that appears inconsistent with field observations on mountain glaciers (e.g. Koerner, 
1970; Wakahama et al., 1976). Rott and Matzler (1987) surmised that the smoother surface of 
superimposed ice would also cause problems for discrimination against wet snow; 
consequently, the apparent snow line in SAR-580 imagery of glaciers in Spitsbergen, described 
by Burns et al. (1986), may actually be the superimposed ice line. A transitional zone between 
wet snow and ice, of approximately 1 km width and intermediate backscatter strength, was 
observed in summer ERS-1 SAR imagery of Nordaustlandet, Svalbard (Dowdeswell et al., 
1994[b]), and might represent the superimposed ice zone although, without validating field 
data, such a hypothesis must remain conjectural. 

The remainder of this section describes the reported appearance of the wet-snow and ice 
facies in SAR imagery and, by discriminating between these two facies, the derivation of the 
snow line, a process that is sometimes aided by the presence of a slush zone. Changes in the 
backscatter response of the glacier facies to different frequencies and polarisations are also 
outlined. 

Temperature, or more specifically the position of the 0°C isotherm, is the critical factor 
in determining the nature of backscatter from the wet-snow facies. Many studies (McDonough 
and Martin-Kaye, 1984; Rott, 1984[a]; Rott and Matzler, 1987) have described a low return 
signal from the wet-snow facies in Seasat SAR imagery of Icelandic ice caps acquired during 
the ablation season. This is a consequence of the relatively smooth wet-snow surface (low 
surface scatter) and the liquid water, which significantly increases the complex dielectric 
constant of the snow pack so that the penetration depth is negligible (low volume scatter). 
Backscatter from the wet-snow facies increases towards the margins of Hofsjokull, Iceland, as 
a consequence of greater surface roughness caused by melt erosion (Rott, 1984[a]). Pollution 
of fim by volcanic ash has been shown to have a similar effect (Rott, 1980). 

At periods outside the ablation season the whole glacier surface becomes covered with 
fresh dry snow. The dry snow has a very high power transmission coefficient T (close to 
unity) and surface scattering is negligible (cf.. Section 2.2.2). Furthermore, the depth of the dry 
snow layer will be significantly less ( of the order of metres) than the penetration depth of the 
microwave energy (of the order of tens of metres) so volume scattering will also be very weak, 
thus making the dry snow virtually transparent to the radar. Hence, backscatter is dominated by 
scattering from the media beneath the overlying snowpack (cf. Section 2.2.4). 
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When the temperature of wet snow falls below 0°C it refreezes as firn (defined in 
Section 1.2.5). The previous summer's wet-snow facies is then observed to have a strong 
radar return, as seen in SIR-A imagery of mountain glaciers in the Karakoram, for example 
(Ford et al., 1983; Rott, 1984[b]). Fieldwork in Greenland has shown that such high 
backscatter values are a consequence of radar penetration into the firn and subsequent enhanced 
volume scattering from the rough tops of horizontal ice inhomogeneities (lenses and layers) 
(Jezek, 1993), with additional strong dihedral scattering from vertical ice pipes if they exist. 
The percolation zone of the Greenland Ice Sheet, where these ice bodies are best developed, 
displays the highest radar return from any natural terrestrial surface (Rignot et al., 1993). 
During the fall, backscatter from the wet-snow facies increases with the depth of the frozen 
snow (Rott and Nagler, 1994). Bindschadler and Vornberger (1992) believed that 
topographically controlled brightness variations within the wet-snow facies in Seasat SAR 
imagery of Greenland are caused by the preferential formation of meltwater, giving low return, 
on south-facing surfaces. However, as the surface temperature was probably below 0°C, 
because of the presence of a surface covering of dry snow (Bindschadler et al., 1987), this 
hypothesis only remains valid if the refreezing of the wet snow had been thus far prevented by 
the insulating properties of the dry-snow cover. 

Rott and Matzler ( 1987) interpreted a zone of very low return in summer Seasat imagery 
of Langjokull ice cap, Iceland, as the slush zone. Although Williams ( 1987) was unable to find 
a similar feature on Vatnajokull, such bands of low backscatter are quite marked in similar 
imagery of other Iceland ice caps (cf. Barber, 1981; Rott et al., 1985; Rees, 1988). A region of 
supraglacial lakes and streams at low elevations in south-west Greenland, equivalent to the 
slush zone, also appears very dark because of high dielectric losses caused by the free water 
(Bindschadler and Vomberger, 1992). 

Multifrequency instruments, such as the SAR-580 and AIRSAR systems, enable a 
direct comparison of the change in backscatter response of a given glacier facies with 
frequency. Such changes may be interpreted as modifications to the relative strength of volume 
and surface scattering, and provide information regarding the nature of the surface and sub
surface properties. For example, summer AIRSAR data from the wet-snow facies in Greenland 
(Jezek et al., 1993) and the Alps (Rott and Davis, 1993) indicate that the contribution of 
volume scatter decreases from P-band through L- to C-band, confirming that it is a function of 
the penetration depth of the incident energy. In Greenland this phenomenon manifests itself in 
the contrast reversal between C- and P-band in the slush zone pescribed previously; Jezek et al. 
(1993) postulate that air bubbles or fractures in thin lake ice may cause surface scatter at C-band 
but are too small to affect the longer P-band. Rott and Davis (1991) found that X-band imagery 
provided more detail than C-band in the wet-snow facies on Hintereisferner at the 6tztal test 
site, suggesting that the surface scattering is responding to micro-scale (mm) roughness 
variations, possibly related to the melt metamorphism of snow grain clusters. 

Backscatter from glacier ice is generally high, as the surface is rough ( cf. Section 
2.2.3), but the volume scattering component is small because the presence of surface meltwater 
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causes high dielectric losses by absorption (cf. Section 2.2.4). When penetration does occur, 
for instance at near-nadir incidence angles, volume scatter results from the presence of air 
bubbles, entrained sediment bands, and geometrical discontinuities such as crevasses. 
Variations in backscatter from glacier ice are principally governed by surface roughness, and 
are apparent in the Seasat image of Skeidararjokull, an outlet glacier of Vatnajokull, which has 
been the subject of several studies (Rott, 1980; McDonough and Martin-Kaye, 1984; Rott et 
al., 1985; Drewry et al., 1991). The glacier ice shows a linear texture that is a function of the 
ice flow; Rott (1980) suggested that this is related to surface topography. Heavily crevassed 
glaciers, such as Mulajokull, an outlet glacier of Hofsjokull, reveal a significantly higher 
backscatter (Rott et al., 1988) (cf. Section 2.7.3). Refreezing of meltwater from fresh snow 
may cause a smoothing of the glacier ice at the end of the ablation season with a consequent 
reduction in backscatter (Rott and Nagler, 1994). 

Multifrequency AIRSAR data acquired over glacier ice reveal that micro-scale surface 
roughness is important at C-band, but too small to influence the response at L-band and 
particularly P-band (Jezek et al., 1993; Rott and Davis, 1993). This premise is supported by 
the fact that the C-band co-polarisation ratio (aHH / O'vv) becomes greater than unity (surface 
scatter) over the ice-facies in Greenland, whereas at P-band it remains close to zero (volume 
scatter), as it did at both frequencies throughout the higher facies (Jezek et al. 1993). Hence, 
the backscatter magnitude from a glacier ice surface is frequency dependent (cf. (2.9)), an 
important characteristic when discriminating between the wet-snow facies and ice facies in 
order to derive the snow line. 

Hall and Ormsby (1983) and Williams (1987) demonstrated that the roughness of firn 
and bare glacier ice is not sufficiently dissimilar for the snow line to be apparent in Seasat 
L-band imagery. Similar difficulties have been encountered in L-band SAR-580 imagery from 
Spitsbergen (Burns et al., 1986) and AIRSAR imagery of the Otztal Alps (Shi and Dozier, 
1993). Rott (1984[a]) stated that although the backscatter intensity of wet snow and ice were 
similar in Seasat imagery they could still be separated using texture; the wet snow appeared 
homogeneous whereas the glacier ice showed linear flow features. Burns et al. (1986) 
discovered that while problems discriminating the snow line occurred with the HH polarisation 
channel of the L-band SAR-580, the same as Seasat, snow and ice were easily separable using 
a cross-polarised (HV)' channel. Multifrequency data generally indicate that the ability to locate 
the snow line using backscatter alone decreases with frequency (Rott et al., 1985; Burns et al., 
1986), as indicated by quantitative measurements of the relative backscatter coefficients (Table 
2.5). However, the wet-snow and ice facies on Hintereisferner showed higher contrast at 
C-band than X-band in data acquired by the German E-SAR instrument (Rott and Davis, 
1991). Furthermore, Rott (1994) found that the P-/C-band power ratio, derived from AIRSAR 
data, could separate these two facies, whereas the L-/C-band power ratio was unable to. Lin 
and Rees ( 1994) demonstrated that lower frequency and cross-polarised AIRS AR data of 
Greenland were better for distinguishing between wet snow and ice using texture (spatial 
structure) analysis. 
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Frequency and Backscatter coefficient (dB ) 

polarisation 
Wet-snow facies Ice facies Difference 

- * I. SAR-580: e = 60°,0tztal Alps, 1981, mean of unknown no. of pixels (Rott, 1984[a]) 

X-HH - 19 - 13 6 
C-HH - 21 -17 4 

2. SAR-580: e = 48°, Spitsbergen.1984, one target only (Burns et al., 1986)t 

X-HH 6.5 13.8 7.3 
X-HV 2.7 10.8 8.1 
L-HH 8.6 9.4 0.8 
L-HV 1.7 5.8 4.1 

3. SAR-580: e = 58', Spitsbergen, 1984, one target only (Burns et al., 1986)t 

X-HH 3.7 12.1 8.4 
X-HV 1.0 9.0 8.0 
L-HH 10.3 10.7 0.4 
L-HV 2.9 6.7 3.8 

4. AIRSAR: e = 59'/60', btztal Alps, 1991, mean of 2:: 100 pixels, (Rott and Davis, 1993)# 

C-VV - 22.6 - 14.1 8.5 
L-VV - 24.5 - 18.1 6.4 
P-VV - 16.2 - 14.6 1.6 

Table 2.5. Examples of backscatter coefficients derived from SAR data. Note that higher 
frequencies appear better for snow line discrimination. * denotes dB values 
relative to the maximum backscattering intensity in each channel; t dB values 
relative to system noise per day; # dB values calibrated. 

Thus, previous analyses suggest that the snow line will be visible in SAR imagery of 
temperate glaciers, both in the summer (except for L-band co-polarised data), when the glacier
ice has a higher return due to its greater surface roughness, or in winter, when the wet-snow 
facies has a higher return because of enhanced volume scatter from internal inhomogeneities. 
Lingle et al. (1993[a]) believed the contrast in winter to be a consequence of differences in 
roughness between glacier ice and firn at the interface with the overlying dry snow; however, 
this hypothesis has not been supported by in situ data obtained elsewhere, which indicate that 
glacier ice remains rougher than wet snow throughout the ablation season (Rott and Nagler, 
1993). 

Two annual reversals between the relative magnitude of backscatter from the wet-snow 
and ice facies, caused by marked seasonal changes in radar return from the former, occur: at the 
end of the ablation season when the snowpack freezes, and at the start of the ablation season 
with the onset of melt as the snowpack becomes isothermal at 0°C (Matzler, 1987). They will 
be described in this work as the fall cooling and spring warming reversals, respectively. Such 
reversals have been confirmed by multitemporal ERS-1 SAR observations from Greenland, 
where the fall cooling reversal occurred between 17 August and 26 October in 1992 
(Fahnestock et al., 1993). Data from test sites in the Alps (Rott and Nagler, 1994; cf. Figure 
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2.18) reveal that in 1993 the spring and fall reversals took place between 27 April and 1 June, 
and 14 September and 19 October, respectively. During reversal periods difficulties may arise 
in discriminating the snow line; Fahnestock et al. (1993) reported a reduced contrast between 
the wet-snow and ice facies in Greenland at this time. 

Therefore, the use of winter SAR imagery, rather than that acquired at the end of the 
ablation season, may be advantageous for identifying the snow line; in addition to the absence 
of interpretative difficulties associated with the fall cooling reversal, no problems arise through 
annual variations in the calendar date marking the end of ablation (Bindschadler et al., 1993). 
The ELA of Black Rapids Glacier, Alaska, observed in a January ERS-1 SAR image agreed 
closely to that derived from stake measurements the previous summer (Ahlnas et al., 1992; 
Lingle et al., 1993[a]). However, Dowdeswell et al. (1994[b]) demonstrated that uniform 
volume scattering occurred across the ice caps of Nordaustlandet, Svalbard, during the winter 
of 1992/93 . This might be explained by the existence of ice lenses in the overlying snowpack 
formed as a result of melting events or simply melt metamorphism, possibly induced by the 
diurnal cycle of solar radiation (Matzler, 1987), prior to the polar night but subsequent to the 
end of the ablation season. Their presence would mean that the winter dry-snow cover is no 
longer transparent at C-band. At the greater penetration depths of P-band the additional 
inhomogeneities formed in the wet-snow facies during the summer might also contribute to the 
volume scatter in this area, and the snow line would still be apparent as an up-glacier increase 
in backscatter. 

The response of both the wet-snow and ice facies during the ablation season is also 
dependent on diurnal changes in temperature: these affect the rate of melt and thus the volume 
of liquid water in the snowpack or flowing supraglacially over the glacier ice. The ERS-1 orbit 
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Figure 2.18. Seasonal and diurnal variations in the backscatter coefficient a0 derived from ERS-1 SAR data of the 6tztal test site, Austria; (a) fim plateau of Gepatschferner (wet-snow facies) and (b) terminus region of Hintereisferner (ice facies). Square = day overpass, triangle = night overpass. Note that the spring warming and fall cooling reversals in the relative magnitude of a 0 from the wet-snow and ice facies are due principally to changes of the former (Rott and Nagler, 1994). 
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configuration gave two daily passes over the Otztal test site in Austria. Backscatter variation 
between 10:08 hrs (descending orbit) and 21:28 (ascending orbit) for wet snow on 
Gepatschferner and ice on Hintereisferner is shown in Figure 2.18. Snowpack observations 
confirmed that the volume of liquid water is generally lower at night (Rott and Nagler, 1994); 
however, this is not necessarily reflected in higher backscatter, as indicated by the results from 
1 June (Figure 2.18a). The greater diurnal variation for the ice on Hintereisfemer is primarily a 
function of the differing incidence angles of the ascending and descending orbits with the 
sloping surface at this site (Rott and Nagler, 1994). Nonetheless, seasonal changes in the 
variation are a function of the surface properties. 

The relationship between radar backscatter and glacier facies has become more fully 
understood through the use of validating in situ measurements, but where these do not exist 
interpretation of SAR data remains problematical. September ERS-1 SAR imagery of Zemlya 
Frantsa Iosifa shows three well-defined zones on the ice caps with a sequence of low, high, 
and low return. Rees et al. (1993) tentatively interpreted the zones as (i) specular scatter from 
bare ice, (ii) wet snow providing more diffuse scatter, and (iii) a zone of snow with little or no 
melting. This scenario might be correct if the temperature was below 0°C, with enhanced 
scattering from ice lenses responsible for the high backscatter from zone (ii), the wet-snow 
facies. However, the percolation facies, a zone of very high backscatter during winter (e.g. 
Fahnestock et al., 1993), may be expected to lie between the wet-snow and dry-snow facies. 
Furthermore, neither the percolation nor dry-snow facies occur on the Nordaustlandet ice caps 
in Svalbard, which are at a similar latitude. An alternative explanation can be advanced as 
follows: assuming an air temperature above 0°C, zone (i) represents glacier ice that has 
undergone intensive sub-aerial weathering that has reduced its surface roughness and produced 
significant surface meltwater giving high dielectric losses, zone (ii) depicts glacier ice more 
recently exposed and hence rough at C-band, and zone (iii) the wet-snow facies, with similar 
characteristics to those in summer SAR imagery of Iceland, as previously described. 

This last example clearly demonstrates that the interpretation of SAR images lacking any 
in situ data is particularly problematical at the end of the ablation season, when the ELA is 
required for mass balance studies. With the proviso that non-seasonal melting events have not 
produced a uniform distribution of melt features in the new snow cover, the most useful SAR 
data for determining the snow line will be acquired during winter. 

2.7 DERIVATION OF OTHER GLACIOLOGICAL 
PARAMETERS USING SAR DATA 

2.7.1 Discrimination of glacier extent and margin fluctuations 
Glacier extent is typically well-defined in SAR imagery, allowing for the topographic 

distortions in mountainous regions, and glacier boundaries may indeed be enhanced (Rott et 
al., 1985). However, this is not related to differences in the intensity of radar return, but rather 
to the characteristic shape of glaciers (the image geometry) and also to differing texture (Rott et 
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al., 1988). Rees (1988) determined that it is necessary to use texture to discriminate the outlet 
glacier Tungnaarjokull from adjacent lava fields in Seasat imagery of Iceland. 

In mountainous regions the variation in backscatter for a given surface class is increased 
by the relation to the local angle of incidence (cf. Section 2.4.1). Therefore, automatic 
classification methods of SAR imagery based solely on backscatter intensity have not proved 
successful. Even after slope effects are removed, using a DEM and an angular dependence 
function, the best accuracy achieved for a single-polarisation SAR classifying wet snow, 
glacier ice, and other surfaces at the Otztal test site is 74% (Shi and Dozier, 1993). Topographic 
effects can be minimised by using parameters derived from the Stokes matrix that results from 
the complex data obtained from polarimetric SAR (cf. Section 2.3.7). For example, the 
optimum polarisation to enhance the contrast between two targets with differing scattering 
properties is called the polarisation filter and can be quantified by the enhancement factor, 
defined as the image ratio of the synthesised polarisation image to the total power image (Shi et 
al., 1991 ). Enhancement factor images provide specific polarisation-feature measurements, and 
are therefore independent of the effects of topography. Shi et al. (1991) found them effective in 
classifying AIRSAR C-band polarimetric data at Otztal, while other polarisation measurements 
were similarly employed by Shi et al. (1994). 

Glacier margin fluctuations have been detected in Seasat SAR data of Greenland when 
compared with earlier maps (Drewry et al., 1991; Fahnestock and Bindschadler, 1993), and the 
initial stages of the 1992 surge of Monacobreen, Spitsbergen, have been documented by 
ERS-1; the glacier advanced 400-500 m between 27 September 1991 and 3 May 1992 
(Lefauconnier et al., 1994). Despite the use of calving relations based on velocity and glacier 
geometry (e.g. Hughes, 1992), iceberg calving is often cited as the least known component of 
the mass balance equation for ice sheets and tidewater glaciers (e.g. Meier, 1993). The calving 
of large tabular icebergs has been reported from sequential ERS-1 images of Daugaard-Jensen 
Gletscher, East Greenland (Diament, pers. comm., 1992) and Pine Island Glacier, Antarctica 
(Lucchitta et al., 1994). Thus, approximate calving rates could be determined from glacier or 
ice shelf margin fluctuations using multitemporal SAR imagery. 

The ability of radar to penetrate cloud cover is particularly advantageous when 
monitoring relatively short-term events such as a glacier surge. Both airborne SLAR (Molnia, 
1993) and spaceborne ERS-1 imagery (Lingle et al. , 1993[b]) have been used to study the 
1993 surge of Bering Glacier, Alaska. However, discriminating small margin fluctuations of 
non-calving glaciers with SAR may not be feasible if debris cov~rs the ice of the lower ablation 
area, as observed in SIR-A imagery of Karakoram glaciers (Rott. 1984[b ]). 

2.7.2 Determination of ice velocity and strain rate 
Measurements of ice velocity are vital to understanding the mass balance of tidewater 

glaciers; for example, ice discharge may be calculated as the product of the mean velocity near 
the calving front or grounding line of an ice shelf (the point at which the ice becomes afloat), 
ice thickness (available from RES data), and ice density . SAR data allows two different 
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techniques to be used: satellite sequential imaging (SSI) and satellite radar interferometry (SRI). 
The velocity resolution of the two techniques are -2 m yr' and - 0.6 m yr 1 for SSI and SRI, 
respectively (Goldstein et al., 1993). 

2.7.2.1 Velocity determination by satellite sequential imaging 
The method of SSI has been applied successfully for many years using VIS/NIR 

Landsat imagery (e.g. Lucchitta and Ferguson, 1986). It requires a pair of images acquired a 
relatively long time apart, ideally a period of one year (Thomas et al., 1985), so that glacier 
movement is sufficiently large to be apparent at the spatial resolution of the data used. The 
images are co-registered with one another using a series of GCPs, comprising distinctive 
stationary features such as nunataks or coastlines. Then the relative displacements of glacier 
surface features, crevasse patterns are particularly well suited for this purpose, are calculated. 
Recently such velocity determination techniques have been semi-automated (Scambos and 
Bindschadler, 1993). Although ERS-1 SAR images may be geocoded (cf. Section 2.4.3), this 
process is not sufficiently accurate to enable co-registration without the use of GCPs (Bennat et 
al., 1994). 

Lucchitta et al. (1994) used two ERS-1 SAR images acquired ten months apart to 
measure surface velocities on Pine Island Glacier in West Antarctica. The high spatial 
resolution of the SAR and penetration of the incident energy meant that small buried crevasses 
above the grounding line could be traced in addition to the larger ones below, enabling a more 
precise determination of discharge than previously possible. The rapid flow of Jakobshavns 
Isbrre, West Greenland, meant that ERS-1 SAR images acquired only 105 days apart could be 
utilised to determine velocity vectors of up to 2 km yr ' . Using semi-automated methods, a 
velocity field was established with an accuracy of ± 80 m yr' based on a one-pixel 
misregistration between the two images (Fahnestock et al., 1993). However, the same semi
automated method has been attempted with little success on ERS-1 SAR data of Daugaard
Jensen Gletscher in East Greenland (Diament, pers. comm., 1993). Bindschadler and 
Vornberger ( 1990) resolved ice sheet velocities from a combination of co-registered SAR and 
VIS/NIR data. 

In addition to being derived from velocity gradients, zones of high horizontal strain rate 
have been imaged directly by SAR. The lateral shear margins of the Rutford Ice Stream, 
Antarctica, were found to have a high backscatter coefficient; Vaughan et al. (1994) postulated 
that microfracturing in the surface layers, a precursor to crevasse formation, was the cause. 
Similar effects were observed between the floating Filchner-Ronne Ice Shelf and both Hemmen 
Ice Rise and Berkner Island (Bennat et al., 1994). Further evidence for this hypothesis can be 
derived from the marginal zones of the very large flow feature in north-east Greenland, first 
revealed by an ERS-1 SAR mosaic. Inland, the margins are 'streaky', and represent sites of 
shear strain which give way to crevasses nearer ( -100 km) the coast (Fahnestock et al. , 1993). 
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2.7.2.2 Velocity determination by satellite radar interferometry 
SRI uses phase information contained within the complex radar return signal (e.g. ERS-1 SAR.SLC format; cf. Section 2.4.3) to measure extremely small changes by means of the interference between two signals acquired on different dates or slightly different locations. Either ground elevation through parallax can be obtained, by assuming no surface movement between the two images, or the surface displacement and hence velocity may be resolved if the effects of topography are corrected for. The former technique, interferometry, is outlined in Section 2. 7.4, while the latter technique, described as differential interferometry, is discussed in this section. SRI techniques are only possible because of the high stability of both the ERS-1 orbit and AMI. 

Once the two SAR images have been co-registered the phase data are averaged and condensed to reduce phase noise, and phase corrections introduced to account for the change in sensor position between image acquisitions and also topographic effects (Goldstein et al., 1993). The areal representation of the coherence between two images is termed an interferogram; it is characterised by sequences of fringes, each indicative of a height change or displacement of half the wavelength, equivalent to 28 mm for ERS-1 (Goldstein et al., 1993; Bennat et al., 1994). Absolute phases are obtained by 'phase unwrapping'; starting from a reference point phase values are integrated by summing up +nor -n if the phase value between adjacent pixels is greater than 2n. Problems in phase unwrapping may be caused by phase noise, layover, and sudden height changes. 
The coherence of a glacier surface is affected principally by changes in superficial topography, movement, and state. Reductions in coherence, termed decorrelation, occur in crevassed regions, contact zones of different flow regimes, fast flowing glaciers (where the displacement is greater than the pixel resolution) (Lefauconnier et al., 1994), and where surface state is affected by water content. Theoretically, a fall of dry snow without compaction is not an impediment to the technique, but Rignot and van Zyl (1993) and Sievers et al. (1993) reported that wet-snow falls meant that the coherency between SAR images acquired six days apart was not of sufficient 'quality' to produce an interferogram. Therefore, in contrast to the SSI method, SRI usually necessitates a small time period between a pair of images. Lefauconnier et al. (1994) examined qualitatively the flow of glaciers in north-west Spitsbergen using differential interferometry. Lilliehookbreen exhibited a typical glacier interference pattern: strong coherence in the central part is indicative of a steady but low velocity, whereas the lateral bands of weak coherence represent the complex ice structure of the contact zone with the slower moving ice at the glacier margins. Monacobreen displayed very poor coherence within its lower basin in the ERS-1 imagery of October 1991 and surged the following year (Lefauconnier et al., 1994). As surging glaciers exhibit fast velocities and crevassed regions, both causing a low coherence value, interferometry might be used as an early indicator of the initiation of surge activity. 

Rignot et al. ( 1995) were able to separate the effects of topography and velocity on interferogram fringes in Greenland ERS-1 SAR imagery; velocity estimates were within 6% of 
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in situ measurements. However, this method could only be similarly employed for mountain glaciers if a sufficiently accurate DEM was available. Goldstein et al. (1993) reported a study of glacier velocity using SRI on the Rutford Ice Stream, Antarctica. They assumed that the ice stream was flat and hence any phase change due to surface topography was negligible. Again, 
the calculated velocity was in good agreement with ground-based measurements. Abrupt 
changes in the interferogram fringe pattern of the ice stream were interpreted as resulting from the vertical motion of tidal flexure below the grounding line. Therefore, further important uses of SRI are in locating the grounding line of ice streams and shelves, to -0.5 km (Goldstein et al., 1993), and in detecting any subsequent changes, which may be significant regarding the 
future stability of the West Antarctic Ice Sheet (e.g. Thomas et al., 1979). The method could also be utilised to corroborate other evidence for the existence of ice shelves in Zemlya Frantsa 
Iosifa (Dowdeswell et al., 1994[a]). 

2.7.3 Additional glaciological parameters 
One of the most striking features in SAR imagery of glaciers are the moraines; this is because of their greater surface roughness (Rott, 1984[a]), variation in dielectric properties 

(Elachi and Brown, 1975), and marked changes in slope angle (Rott, 1980). The Alaska Range 
contains many glaciers exhibiting unstable flow, a characteristic detectable in SAR imagery because of the distinctive form of the glaciers' medial moraines. Highly deformed moraines that have a series of repeating loops are indicative of surge-type glaciers, whereas wavy morainal 
patterns are thought to signify pulsing glaciers (Sugden and John, 1976). The former moraine morphology is clearly seen on Muldrow Glacier (Ford, 1984) and Black Rapids Glacier (Lingle 
et al., 1993[a]), while the latter can be observed on the Tokositna Glacier and lower reaches of the Eldridge Glacier (Ford, 1984). 

Curvilinear features related to ice flow dynamics, but which are not medial moraines, 
are also. apparent in many SAR images and have been variously described as flowlines (Drewry 
et al., 1991) or flowbands (Vornberger and Bindschadler, 1992). On the Greenland Ice Sheet the distance between these features decreases in a down-glacier direction, suggesting flow 
convergence towards outlet glaciers such as Daugaard-Jensen Gletscher in East Greenland (Rees et al., 1993) and Kangiata Nunata Sermia in south-west Greenland (Ford et al., 1980; Bindschadler et al., 19-87). Such features represent topographic highs on Antarctic glaciers, of 
the order of tens of metres (Dowdeswell and McIntyre, 1987; Casassa and Brecher, 1993), and 
can be seen in ERS-1 SAR imagery of Pine Island Glacier (Lucchitta et al., 1994) and the Filchner-Ronne Ice Shelf, where they are still visible despite originating on the Foundation Ice 
Stream 600 km inland (Bennat et al., 1994 ). Comparison of flow lines visible in Seasat imagery of Sorte Brre, East Greenland, with the morainal pattern on earlier maps indicated a change in the principal accumulation area contemporaneous with its terminus retreat (Drewry et al., 
1991). 

Crevasse fields on glaciers generally show as bright areas, providing they are sufficiently perpendicular to the SAR look direction for dihedral scattering from the crevasse 
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t -
walls to occur (Josberger et al., 1994). Co-polarised signatures of a large crevasse at the Otztal 
test site, obtained by AIRSAR with a 45° look angle, also indicated trihedral scattering (similar 
to a comer reflector) at C- and L-band (Rott and Davis, 1993). As the degree of crevassing on a 
glacier is often related to its level of activity (LaChapelle, 1962), with the extreme case being 
the heavily crevassed surface of a surge-type glacier during the active phase (e.g. Meier and 
Post, 1969), SAR observations may provide qualitative information about glacier activity, even 
when the crevasses are not sufficiently distinct to be used for velocity determination by SSI. 
Hall and Ormsby ( 1983) postulated that crevasse patterns in the interlobate areas of the 
Malsapina Glacier, Alaska, were the result of tensional stresses related to the underlying 
topography, which could thus be inferred from the radar image. Further details regarding the 
complex subglacial morphology of this glacier were obtained from airborne ST AR-1 X-band 
imagery (Molnia and Jones, 1989). 

2.7.4 Determination of terrain elevation 
The method of deriving terrain elevation by radar interferometry, described fully by 

Zebker and Goldstein (1986), uses a change in SAR antenna position to obtain the required 
phase differences; for airborne SAR this can be achieved by mounting a second, receive only, 
antenna on a different section of the airframe (Gray etal., 1992). The distance between the two 
antennas is called the baseline, and is therefore of the order of metres for an airborne system 
but is of the order of hundreds of metres for satellite repeat orbits, typically 165 m for ERS-1 
(Zebker et al., 1994). In an idealised system the baseline would be sufficiently long to provide 
adequate phase sensitivity to height but short enough to prevent the introduction of unnecessary 
decorrelation noise. Note that the temporal baseline between orbits acts analogously for satellite 
systems (cf. Section 2.7.2.2). 

The imaging geometry of the method is illustrated in Figure 2.19. Al and A2 represent 
the two antenna phase centres, h the instrument altitude above a datum, R the range, B the 
baseline, e the incidence angle, a the angle between the interferometer baseline and horizontal, 
and z(y) the surface topography. An interferogram is formed where the phase at each point is 
proportional to the difference between the path lengths (28) and the wavenumber k. Terrain 
altitude is derived as follows (Zebker et al., 1994) 

8 = A</J 
4n' 

sin ( e - a ) = ( R + ~) - R2 - B2 
2RB 

z(R, 8) = h- Rcose, 

(2.39) 

(2.40) 

(2.41) 

where A is the wavelength and </J is the measured phase. Zebker et al. (1994) derived DEMs 
from ERS-1 complex data with an rms height accuracy of 5 m using six tie points of 5 m rms 
positional accuracy. 
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Figure 2.19. Interferometer imaging geometry (after Zebker et al., 1994). 

There are several limitations for deriving DEMs of mountain glaciers using spacebome 
SAR imagery. The small 23 ° incidence angle of the ERS-1 SAR causes significant layover in 
mountainous regions (cf. Section 2.4.1); this produces 'holes' in the topographic data, which 
must be interpolated with a consequent loss of accuracy. In addition, the rapid temporal 
decorrelation that may occur on glaciers through melting or velocity induced surficial change 
necessitates a very small temporal baseline; this particular problem would be overcome by the 
proposed ERS-1/2 TANDEM mission that would have a revisit interval of only one day (cf. 
Section 2.5.4). However, none of these problems apply to an airborne interferometric SAR 
system: topographic distortion can be removed by combining data from flights with differing 
look directions, temporal decorrelation is non-existent, and the system can· operate anywhere 
within range of an airfield. An example of an interferometrically derived DBM, using data 
acquired from an airborne system, is shown in Figure 2.20. 

A second technique for extracting height information from SAR data is 'shape from 
shading' (e.g. Cooper, 1994). The relation between backscatter intensity (image grey level) and 
incidence angle for a homogenous scattering surface is used to reconstruct DEMs; it is thus 
ideally suited for improved topographic mapping of uniform snow covered terrain, where a 
lack of short-wavelength detail (texture) may cause the image correlation techniques required 
for photogrammetric heighting to fail. Using ERS-1 SAR data, Fiksel et al. (1994) employed a 
spatial frequency decomposition approach to refine a DBM of Adelaide Island, in the Antarctic 
Peninsula, from a 200 m to 10-20 m height resolution. 

Recently it has been shown that polarimetric SAR (cf. Section 2.3.7) may be used to 
obtain elevations by the application of the monopulse principle (Freeman and Zink, 1994). This 
concept uses simultaneous amplitude and phase measurements made by the same antenna but 
with differing modulations; from these data the terrain elevation angle can be derived. Results 
utilising AIRSAR data were generally poor but the authors postulated that significant 
improvements could be achieved with an instrument designed specifically to suit the method_. 
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Figure 2.20. Interferometrically derived DEM of an unnamed glacier on Bylot Island in the Canadian Arctic (-z73.7° N, 80.0° W). The data were acquired by the CCRS-580 INSAR system operating at C-band. (Photograph courtesy of Dr A.L. Gray of the Canadian Center for Remote Sensing). 



CHAPTER3 

METHODS OF IN SITU DATA ACQUISITION 

3.1 INTRODUCTION 

Many studies have indicated that the acquisition of in situ verification measurements, 
commonly but often mistakenly called 'ground truth' (Coppin and Bauer, 1994), are of vital 
importance in validating and improving models of microwave backscatter from snow and ice 
(e.g. Rott et al., 1985; Rott and Matzler, 1987). With the advent of near-global multitemporal 
ERS-1 SAR data these in situ measurements may now be acquired wherever it is possible to 
mount a field campaign and, weather conditions and daylight permitting, can be obtained over a 
complete glacier mass balance cycle. 

The data acquired from Ayerbreen, Spitsbergen, represent the first in situ measurements 
from a sub-polar glacier specifically obtained to validate SAR imagery and backscatter models. 
There were two primary reasons why Ayerbreen, described in Section 1.2.6, was chosen as 
the test site. First, it was accessible from the 1992 field camp at Bolterskardet at which other 
expedition members, studying the neighbouring glacier, Scott Turnerbreen, were based. 
Second, unlike Scott Turnerbreen, the geometry and morphology of Ayerbreen meant that it 
was likely to be relatively unaffected by geometric distortions in the SAR imagery (cf. Section 
2.4.1). More specifically, the lower two-thirds of the glacier are open towards the look
direction of the ERS-1 SAR when the satellite is in a descending orbit; descending mode 
imagery was chosen because the nominal scene coordinates provided complete coverage of all 
the glaciers of Nordenskiold Land (cf. Section 4.1.1). Furthermore, Ayerbreen has a relatively 
constant and low gradient (-5°) so local incidence angle variation across the glacier is small. 

Two seasons of fieldwork were undertaken; the first encompassed most of the 1992 
ablation season (early July to late August), and the second a period in spring 1993 prior to the 
onset of melt (late April to late May). Both field seasons included coincident ERS-1 
overpasses, on 1 August 1992 and 8 May 1993, respectively. As the backscatter coefficient cr0 

can be derived from the ERS-1.SAR.PRI format data (cf. Section 4.1.2), scattering models can 
be calibrated against the image data using appropriate surface and subsurface parameters 
observed at the time of the overpass. 

The remainder of this chapter describes the various methods and techniques used to 
obtain such parameters on Ayerbreen, including the spatial distribution of the glacier facies, 
snowpack parameters, and the surface roughness at different scales. In addition, a small 
automatic weath~r station provided basic meteorological information to aid the understanding of 
ablation processes at Ayerbreen during the 1992 field season. 
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3.2 POSITIONAL MEASUREMENT 

3.2.1 Surveying measurements 
At the start of the 1992 field season a series of monitoring stations was established at 

suitable sites around the glacier perimeter by means of a traverse (cf. Section Al.2). From 
these stations the up-glacier retreat of the three facies or zone margins located on Ayerbreen, 
namely the transient slush limit, snow line, and superimposed ice line, was observed. The 
traverse comprised nine stations, three each located on the northern lateral moraine, southern 
lateral moraine, and terminal moraine of Ayerbreen, and given the names Nl-N3, Sl -S3, and 
El-E3, respectively (cf. Figure 3.1). The absence of any Norsk Polarinstitutt (NP) control in 
the Ayerbreen area necessitated the introduction of a local metric grid system. Station El was 
given the arbitrary coordinates 10 OOO E, 10 OOO N, and the bearing from El to E2 set to 0° and 
referred to as Grid North. The stations were marked with a small vertical pipe, partially buried 
in the moraine or kept upright by a rock cairn. 

Radiation techniques (cf. Section Al.5) were used to survey the facies and zone 
margins. The surveyor, equipped with a pogo-mounted prism (this enables the prism to be 
positioned vertically at a known height over a point), followed the margin and subjectively 
decided where to place the pogo, usually where a change of direction occurred. Often the 
margin could better be described as an area, particularly the transient snow line and slush limit; 
in such cases the boundary was taken where the down-glacier of the two facies or zones had 
the greater extent. Such arbitrary decisions, necessary for surveying 'soft detail' like glacier 
facies margins, may have caused slight errors at the initial plotting scale of 1: 1000. However, 
the main function of the facies monitoring was to validate qualitatively the SAR imagery and for 
this purpose a much lower spatial accuracy, of approximately five metres, was sufficient. 
Measurements from two stations, one on each lateral margin of Ayerbreen, were required 
because of the convex surface morphology of the ablation area. The facies margins were 
surveyed on 21 and 27 July and 4 August 1992. Supplementary information was derived from 
oblique terrestrial photography, taken from the adjacent peaks of Soleietoppen and Foxtoppen 
when weather permitted (16 and 24 July and 19 August; Figure 2.17), together with numerous 
photographs from the Ayerbreen moraines. 

The techniques· .of bearing and distance (cf. Section Al.3) or resection (cf. Section 
Al.4) were used to determine the location and elevation of the points where in situ data were 
obtained in 1992 (18 surface sites and four pit positions) and to fix the positions of survey 
stations NO and N4; these points are also illustrated in Figure 3.1. Several traverse stations, 
relocated in 1993, were used to similarly set out the new surface site positions (931-933), 
enabling the same local grid to be utilised in both years. The coordinates of all survey points 
and surface sites are given in Appendix 2. Surface slope measurements were undertaken in 
1992 at the 18 surface sites; gradients were obtained over a 20 m horizontal distance parallel to 
the slope direction, which was also recorded. These data were acquired in order to provide a 
value for the local incidence angle 8; in model validation, and to provide general information 
about the slope variation across the ablation area. 
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Figure 3.1. Sketch map of Ayerbreen showing the locations of survey stations, surface sites, and snow pit positions. 



3.2.2 GPS measurements 
A principal objective of the 1993 field season was the determination of the geometric 

transformation required to convert coordinates from the local grid system to a UTM (zone 33 
for Svalbard) projection based upon the WGS-84 reference ellipsoid; this is the map projection 
of the ERS-1.SAR.GEC data, to which the multitemporal ERS-1.SAR.PRI imagery were to be 
transformed. Once the transformation has been performed, subsequent correction of the 
coordinates for terrain distortion enables the location of the surface sites on the imagery ( cf. 
Section 4.2.4), allowing the accurate calibration of the backscatter models from site specific in 
situ data. The UTM coordinates of at least two survey stations were required to derive the 
transformation. 

This information was obtained using the GPS (global positioning system), a global 
network of 24 high altitude satellites transmitting pseudo-random sequences of data at intervals 
of 1 ms and synchronised to each other by onboard atomic clocks (Rees and Buck, 1994). A 
small hand-held GPS receiver, such as the Trimble Flightmate Pro employed in the field, is 
used to determine the position with respect to the satellite ephemeris. This is achieved by 
comparing the Doppler shift from four or more satellites, which are always above the horizon at 
any given time and place. The fourth satellite is required for a three-dimensional fix to eliminate 
timing errors caused by the receiver having a quartz clock only approximately synchronised to 
those onboard the satellites. Absolute errors, which are a function of several sources (Rees and 
Buck, 1994), are typically 20-80 m. However, note that, because these errors are highly 
correlated spatially, if two or more receivers are available then differential GPS techniques can 
determine the vector displacement between the receivers with sub-metre accuracy. 

Control measurements, made by Dr W.G. Rees at Svalbard Lufthavn during a period of 
several days, indicated that the mean GPS determined positions in the field were subject to 
random errors of± 10 m EW and ± 20 m NS. The standard deviation of the GPS 
measurements at the field site (cf. Table 3.1) may be underestimated, as they were obtained 
over a period of approximately one hour, similar to the correlation time of GPS position errors 
measured at Cambridge (W.G. Rees, pers. comm., 1994). Four GPS positions were recorded: 
three at survey stations El-E3, and a fourth on the Hillestadfjellet ridge to the south of 
Ayerbreen; Hillestadfjellet was chosen because of the presence of a NP triangulation pillar of 
known UTM coordinates, which was to form part of the transformation control. However, the 
pillar was not visible from Ayerbreen, being located on the further side of the ridge and, 
moreover, it simply consisted of a cemented cairn with no mark~d central point. As the climb to 
the top of Hillestadfjellet from Gibsonbreen was particularly steep, and prohibited the 
transportation of heavy surveying equipment to the summit, a fluorescent orange flag was 
positioned on the nearer side of the ridge, to which a bearing was possible from the north-west 
part of Ayerbreen. An approximate bearing and distance from the pillar to the flag were 
measured, as were the GPS coordinates of both these points. It was originally intended to take 
the bearing to the flag from the 1992 survey station NO; however, this could not be relocated 
because of the snow cover so a new station, N4, was established (cf. Figure 3.1), and linked 
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Survey Local grid coordinates GPS derived UTM zone 33 WGS-84 coordinates 

station E (m) N(m) E (m) (j (m) N(m) (j (m) 

El 10 OOO 10 OOO 523 833 26 8669 165 18 
E2 10 OOO 10 533 523 494 28 8669 570 29 E3 9837 10 794 523 195 27 8669 665 50 N4 8858 10 77 1 

FLAG 521 746 12 8665 890 12 

Table 3.1. Coordinates of the points used to determine the transformation between the local grid and UTM projection. Note that the local grid coordinates are rounded to the nearest metre, consistent with the lower accuracy of the UTM coordinates derived using GPS. 

to the local grid. The local grid coordinates and GPS derived UTM coordinates of the points 
used to derive the transformation, together with standard deviations of the latter, are given in 
Table 3.1. 

In general, a geometric transformation between two plane rectangular coordinate 
systems comprises three separate translations: 

(i) the translation of the origin, 
(ii) the change of scale from one system to the next, and 
(iii) the rotation of the axes about a common origin. 

Note that the second translation is not required for the transformation from the local grid to 
UTM coordinates as both are metric systems. Therefore, if (x, y) and (x', y') refer to the 
coordinates of a point in the local grid and UTM projection, respectively, then the required 
geometric transformation may be written as 

x = x'cose + y'sin8 + a, 

(3.1) 
y = -x'sin8 + y'cose + b, 

where 8 is the rotation angle and a and b refer to the origin translation in eastings and 
northings, respectively. In addition, the bearing from N4 to FLAG in the local grid system</> 
was measured as 231 °·52• 19". Thus, from (3.1) and the known coordinates of N4 and FLAG 
it follows that 

</> 
1746cos8 + 5890sin8 + a- 8858 tan = -------- -----

-1746sin8 + 5890cos8 + b -10771 (3.2) 

Arranging (3.2) as a linear relationship between a and b 

a - btan</> - z( 8) = 0, 
(3.3) 

where 
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z(8) "'"5758.2cos8 - 8114.5sin8 - 4864.9. (3.4) 

The perpendicular distanced; from the line a - btan<f> - z( 8) = 0 to a point (a;, b;) is given by 

d; = a,cos</> - b;sin</> - z( 8)cos</>. (3.5) 

Using the three points El -E3 for which coordinates are known in both grid systems a least 
squares adjustment can be made; i.e. the value of e is obtained for which I,d;2 is a minimum. 
The adjustment gives e = 39.146°; hence a= 1249.3, and b = 5314.7, and the transformation 
(3.1) becomes 

X = 0.77554x' + 0.63130y' + 1249.3, 

y = - 0.63130x' + 0.77554y ' + 5314.7. 
(3.6) 

The coordinates of all survey stations and surface sites in the local grid and UTM 33 WGS-84 
projection, derived from the former using (3.6), are given in Appendix 2. 

The accuracy of the transformation is obtained by using the inverse transformation on 
stations El -E3, that is, going from UTM to local grid by rearranging (3.6), and comparing the 
derived values with those measured in the field. Using positional data rounded to the nearest 
0.1 m, the rms error is 6.4 m EW and 2.1 m NS, giving an overall transformation error of 
± 6.7 m. As a further check on the accuracy, if the position of FLAG is similarly transformed 
the local grid coordinates obtained are 6321.7 E, 8780.4 N, and the calculated bearing from N4 
to FLAG is 231° 52' 11". This 8" departure from that measured in the field corresponds to a 
positional error of only 0.1 m. The deviation between the GPS derived position of the 
triangulation pillar and the NP coordinates was found to be - 86.1 m in eastings and +36.5 m in 
northings. This is a consequence of the Norwegians using a different reference ellipsoid, the 
International 1924 with the ED50 European geodetic datum rather than the WGS-84 
(B. Karlberg, pers. comm., 1994). 

3.3 SNOWPACK STUDIES 

Measurements were made of the following snowpack parameters, known to influence 
radar backscatter (cf. Chapter 5), which could subsequently be integrated into appropriate 
scattering models: liquid water content, density, temperature, stratigraphy (snow grain size and 
location of ice lenses), acidity, and depth. The majority of these parameters were obtained 
during pit studies, summarised in Table 3.2. Pits were dug to the underlying glacier ice so that 
a 1 m wide vertical face was available for taking sample measurements; this face was chosen so 
that it lay in shadow to prevent surface melting from direct insolation. Following the 
recommendations of 0strem and Brugman (1991), observations of temperature and liquid 
water content were undertaken as the pit was dug, thereafter density measurements were 
completed, and finally an assessment of the remaining parameters made. Most parameters were 
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Date Pit site 

1992 

18 July (J.D. 200) 12, 22, 32,42, 52, 62 
20 July (J.D. 202) Pitl, Pit2 
25 July (J.D. 207) 12, 22, 32 

01 August (J.D. 214) 12, Pitl, Pit2, Pit3, Pit4 
19 August (J.D. 232) Pit3, Pit4 

1993 

09 May (J.D. 129) 931 
10 May (J.D. 130) 932,933 
17 May (J.D. 137) 931,932 
19 May (J.D. 139) 933 
23 May (J.D. 143) 931,932 
24 May (J.D. 144) 933 

Table 3.2. Dates and positions (cf. Figure 3.1) of pit studies; J.D. refers to Julian day. 

sampled at depth intervals of 200 mm, starting 50 mm below the surface. Results from the 
summer 1992 and spring 1993 snowpack studies are discussed primarily in Sections 5.6.3 and 
5.6.2, respectively. 

3.3.1 Determination of the liquid-water content of snow 
A range of techniques have been employed to calculate the fraction of liquid-water in a 

snowpack; including for example, calorimetric, centrifugal, dielectric, dilution, and freezing
point depression methods. Many of these are compared in Colbeck (1978) and Boyne and Fisk 
(1987). Spatial variation of liquid water within the snowpack means that .the comparative 
testing of different methods and instruments is problematical (Denoth et al., 1984; Boyne and 
Fisk, 1987) and, more importantly, that a large number of samples are required in the field to 
obtain a meaningful statistical average. Two techniques were used for the Ayerbreen fieldwork: 
the freezing point depression method in 1992 and the dielectric method in 1993. Samples, two 
or three per pit, were obtained at or near the surface. Measurements at depth were not taken 
because of the small radar penetration depth into a wet-snowpack during the latter stages of the 
ablation season (cf. Fig~.lfe 5.4), or because the spring melting was limited to the surface layer. 

3.3.1.1 The freezing-point depression method 
This relatively simple method was first proposed by Bader ( 1948) and modified, 

making it more practical for fieldwork, by Morris (1981) whose notation is used in the 
following discussion regarding the method's theory. The technique used to obtain the snow 
samples is described in Section 3.3.2.1, and Figure 3.2 shows the field equipment used for the 
method. 

A solution of known concentration, containing mass c0 of water and mass M of solute 
at initial temperature t1, is added to the sample of wet snow at 0°C and of mass b such that 
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b=a0 +x, (3.7) 

where a0 and x are the mass of ice and water, respectively. The solution and snow sample are 
mixed in a Dewar of heat capacity Hand initial temperature t2• A phase equilibrium is reached at 
temperature t after mass am of ice has melted. If am < a0, ltl is also the freezing-point depression 
of the solution (Morris, 1981). The solution concentration A, diluted from the initial value by 
the addition of mass (am+ x) of water, which produces the observed freezing-point depression 
can be found from standard chemical tables (e.g. Weast, 1978). Conservation of the mass of 
H20 gives 

(3.8) 

where c1 is the mass of liquid water at phase equilibrium, and may be calculated as 

M 
c1 =100-- M. 

A 
(3.9) 

By considering the conservation of energy between the initial situation and that at phase 
equilibrium in terms of heat inputs, x may be calculated as follows. Five heat inputs are 
required to bring all components to equilibrium: 

(i) to melt mass am of ice at 0°C requires Lam, where L is the latent heat of fusion of ice 
(334 J g·1), 

(ii) to bring mass (a0 - am) of ice at 0°C tot requires yt(a0 - am), where yis the specific heat of 

ice (2.09 J g·1 K 1). 

During the procedure the mass of water (am+ x) at 0°C and mass of solution (c0 + M) at t1 are 
mixed and brought to t. This can be envisaged as a two stage process: 
(iii) to bring mass (c0 + M) of solution at t1 to 0°C requires - 80t1(c0 + M), where 80 is the 

specific heat of the original solution at t1, 

(iv) to bring mass (c1 + M) of diluted solution at 0°C tot requires 8dt(c1 + M), where 8d is the 

specific heat of the diluted solution at 0°C. 

Note that this two stage process might equally be considered as raising the temperature of the 
water to that of the solution and then lowering the diluted solution from t1 to t. Calculations 
indicate that deviations in the derived value of x using the two scenarios are less than 0.01 %. In 
addition, no term for the heat of dilution has been included as this is assumed to be negligible. 
(v) to bring the Dewar (thermos flask and polystyrene stopper) at t2 tot requires H(t - t2), 

where His the heat capacity of the Dewar. 

A method for determining Hin the laboratory is given in Appendix 3; H = 134.3 J K 1 for the 
Dewar used in this work. 

The sum of these five terms equals zero; therefore 

(3.10) 
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Figure 3.2. Measuring the weight of a snow sample prior to mixing it with NaCl solution. Additional equipment required for the freezing-point depression method is shown in the foreground: wide mouthed thermos flask, thermometer with probe placed through the polystyrene stopper, and NaCl solution in plastic bottles. 

By rearranging (3.7) and (3.8) the two unknowns, a0 and a 111 , can be repl_aced by known 
parameters and the single unknown x to give 

(3.11) 

The volumetric liquid water content of the snow sample W, given as a percentage, may then be 
calculated from 

W= lOOx 
pV, 

where p is the density of water (1 kg m-3
) and Vis the volume of the sample. 

(3.12) 

The use of both sodium hydroxide (Bader, 1948) and sodium chloride (Morris, 1981) 
solutions has been reported in the literature; the latter is simpler to prepare and was chosen for 
use in the field. Following Morris ( 1981 ), who found that a 5%+ concentration by weight was 
optimum for reducing the relative error E(W) (cf. (3.17)) in the expected range of W, 100 ml 
samples of NaCl solution at 5% concentration (M = 5 g, c0 = 95 g) were prepared using 
laboratory equipment manufactured to 0.1 % volumetric accuracy and a mass balance of 0.01 g resolution; the samples were subsequently transported to the field site in durable plastic bottles. 
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The specific heat of the NaCl solution 8, between 273 and 448 K, may be calculated using the 
following equation (Chou and Rowe, 1969) 

8 = l.3041791-8.1519942m + 16.203997m2 

-(0.19159475 x 10-2 - 0.0299552864m + 0.0037589577m2 )T 

+(0.29944976 X 10-5 -0.498581 X 10-4 m.-0.89329066 X 10-6 m 2 )T2 

' (3.13) 

where m is the mole fraction of the solute and T is the temperature in Kelvin. Note that this 
gives the value of 8 in cal g- 1 K'; multiplying the answer by 4.1868 converts it to SI units 
(J g- 1 K 1). miscalculated from 

ab 
m= ' ab + e(lOO - a) (3.14) 

where a is the mass concentration of the solute as a percentage of the solution, b is the 
molecular weight of the solvent (18.02 for H20), and e is the molecular weight of the solute 
(57.44 for NaCl). Therefore, in the original solution, where a = 5%, m = 0.01624. The 
variation of 8 over the observed range of temperature values (t1 > 0°C, t < 0°C) and solute 
concentrations are shown in Figure 3.3. Variations in 8 during the measurement procedure are 
principally due to changes in concentration rather than temperature; for example, 8 only 
changes by 0.25% between 270 and 280 K for a NaCl solution of 4% concentration by weight. 
Thus, the small changes in temperature (- 3 K) during heat inputs (iii) and (iv) can justifiably be 
considered to have a negligible effect on 8. 

Note that (3.11) is slightly different to (4) of Morris (1981), which can be written as 

(3.15) 

where the specific heat of the solution 8 is not defined as applying to either the original or 
diluted solution. Assuming it relates to the phase equilibrium scenario ( 8 = 8d), the difference 
between the two formulae, (3.15) - (3.11), is 

(3.16) 

The formula used by Morris (1981) will give larger values of Wthan (3.11) but the difference 
is small; using typical values obtained in the field: t1 = 1.5°C, t2 = 3.Q°C, t = -2.5°C, and 
b = 270 g, gives Was 3.37% using (3.11) and 3.46% using (3.15). 

The relative error E(W), defined as 

E(W)=1~:1, (3 .17) 
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Figure 3.3. Variation of the heat capacity of NaCl solution for the observed range of 
temperature values and solute concentrations experienced during field 
measurements. 8was calculated using (3.13). 

for the freezing-point depression method can be shown to approximate to I.5E(T) and 3. lE(m) 
(Colbeck, 1978). Assuming 11T = ± 0.1 K and 11m = ± 0.00002, from quoted instrumental 
accuracy, and W = 5%, T = 273 K, and m = 0.01624, gives 11W as± 0.003 and± 0.019 for 
the two relative error approximations. The larger of the two errors corresponds closely to the 
value of± 0.02 quoted by Morris (1981). Hence, the absolute accuracy of the method is of the 
order of± 0.1 %, and, as a consequence, the deviations of e obtained by the Morris formula 
(3.15) and (3.11) are not significant. 

3.3.1.2 The dielectric method 

A snow probe was utilised to obtain the liquid water content of the snowpack during the 
spring 1993 field season as the expected values of W ( < 0.5 % ) were of a similar order to the 
accuracy of the freezing-point depression method. The probe used was manufactured by the 
Finnish company Ins.Toimisto Toikka from a design originally developed at the Helsinki 
University of Technology, and is one of several such instruments available (cf. Denoth et al., 
1984). It consists of an open fork resonator that has two parallel 75 mm long stainless steel 
spikes, 17 mm apart, that are pushed into the snow. Note that 'open' means that the sensor can 
measure snow properties in situ without the snow being removed and disturbed, (Matzler, 
1987), unlike destructive techniques such as the freezing-point depression method. High
frequency power is fed in and out of the resonator through rigid coaxial cables and coupling 
loops that are supported within a fibreglass pipe. This is connected, via the cables, to the 
control unit which automatically measures the characteristic quantities of the resonance curve 
(Denoth et al., 1984), between 500-1000 MHz at a 1 MHz resolution. A keyboard is used to 
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enter ancillary data such as the sample depth. The average frequency f, bandwidth B, and 
signal attenuation from a cylindrical volume of approximately 50 mm radius are measured; 
using the first two of these parameters, t:' and t:" of the snowpack, and subsequently W, are 
calculated from linear approximations of the following: 

e'=(1 J. (3.18) 

B0 = 0.02 · (f-56), (3 .19) 

(B-B) 
t:" = t:' · 0 and f ' (3.20) 

W=-0.06+ (0.06)2 + , ( 
t:" J 

0.0075! (3.21) 

where Jo and B0 are the frequency and bandwidth in air (free space), with expected values of 
856-857 MHz and 16-17 MHz, respectively. 

Generally, surface melting was negligible during the 1993 field season; despite 
extended periods of continuous insolation the temperature remained below 0°C. This appeared 
to be accurately reflected by the snow fork measurements of W, which, apart from a few 
erroneous readings, were < 0.3%. However, many of the snow density results using the snow 
fork are impossibly high (cf. Section 3.3 .2.3). As these are dependent upon t:' and W, 
determined using (3.18-3.21), the measured values of W must also be considered incorrect. 
Therefore, it is fortunate that the liquid water content of the snowpack during the spring field 
season may be effectively regarded as zero. 

3.3.2 Determination of snow density 
The following two methods were employed to determine snow density: (i) the density p 

was derived by measuring the mass of a known volume of snow (1992/93), and (ii) the snow 
probe, characterised i:ri Section 3.3.1.2, was used to obtain p indirectly by the dielectric method 
(1993). The 1993 density data indicate that the two methods gave markedly different results, as 
described in Section 3.3 .2.3 . At each depth interval three sn<?w samples were measured to 
obtain an average value for p. 

3.3.2.1 Measuring the mass of a known volume of snow 
Snow samples were obtained using a piece of cylindrical metal piping of length 282 mm 

and internal radius 23 .5 mm and, therefore, an internal volume v of 4.8925 x 10-3 m3. The 
outside edges of the ends of the piping were filed down so it could be pushed easily into the 
snowpack. Samples were taken horizontally from a vertical snow pit wall so that any rapid 
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changes in density within the surface layers could be detected. Note that for an accurate calculation of the density of the entire snowpack, as required for mass balance measurements, samples are necessarily taken vertically and continuously (e.g. 0strem and Brugman, 1991). Once the snow above the piping had been cleared using a small shovel the sample was removed from the pit wall, its edges trimmed using a knife, and transferred to a set of digital scales. These were placed on a horizontal surface, usually one of the steps of the snow pit, on top of a piece of wooden board. Thus, they were protected from both the wind and the cold of the underlying snow. Any snow sticking to the inside of the piping after weighing was removed using a coarse brush. 
The average density of the snow sample may be calculated from 

(3.22) 

where m, and mP are the combined mass of the piping and snow sample and the mass of the piping, respectively; mP was measured prior to the field season while m, represents the mean of three similar results (within 3 g), to avoid the occasional erroneous readings the scales produced. The accuracy of this method is discussed in Section 3.3.2.3. 
Depth hoar, which develops by sublimation in the lower part of an unconsolidated snowpack (Paterson, 1981), formed the bottom 0.3 m of the snowpack overlying Ayerbreen in May 1993. A slightly different approach was necessitated for weighing this layer because it comprised coarse unconsolidated grains that flowed out of the piping once the sample was removed from the pit wall. To prevent the grains 'escaping' a piece of sheet metal was placed at either end of the pipe whilst the sample was still in situ and these, together with the piping and sample, were placed in a plastic bag for the weighing process. 

3.3.2.2 The dielectric method 
The open fork resonator, described in Section3.3. l.2, can also measure snow density; following from (3 .18-3.21), p is calculated using a linear approximation of 

· . (1+8.7W+70W2
) p = (W -1.2142857) + (1.2142857)2 

- • 
0.7 (3.23) 

3.3.2.3 Comparison of results obtained by the two methods 
Throughout the 1993 field season values of p derived independently by the two methods were often markedly different. Some discrepancy was to be expected because the two techniques were measuring the average density over a slightly different snow volume. However, apart from the layer of depth hoar, the spring snowpack overlying the ice facies was homogeneous, with no ice inclusions, and such deviations should have been minimal. A direct comparison of the two methods for the entire 264 sample density measurements made is shown in Figure 3.4. Note that differences between the two methods are not always of the same sign, 
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1.e. points are scattered both sides of the line y = x. There is some bias at values of 
p > 0.4 kg m·3 (obtained by measuring the mass of a known volume of snow, hereafter known 
as the MKV method) for the dielectric method to give significantly higher values of p. 
However, generally the differences do not appear to be systematic and may be considered to be 
random in nature. 

The mean difference between the two methods is 0.032 kg m·3, or typically about 10%. 
Maximum relative errors for both m, and v are unlikely to exceed± 1 % so the MKV method 
itself is probably accurate to within± 2% (cf. (3.22)). Very few of the readings achieved using 
the dielectric method lie within this error margin (cf. Figure 3.5) and, therefore, the random 
differences must be due to the open fork resonator. This hypothesis is confirmed by the 
impossibly high values of p for a dry snowpack obtained using this instrument, up to 
0.792 kg m·3, as compared with a maximum value of 0.483 kg m·3 using the MKV method. 
Consequently the data obtained by the dielectric method are not used in any subsequent 
analysis. 

Problems with the frequency counter of the open fork resonator equipment may 
produce random frequency and bandwidth results in very cold conditions ( < -40°C), resulting 
in impossible values of Wand p (M. Toikka, pers. comm., 1993). Although such temperatures 
were not encountered, the random nature of the difference from the MKV derived results 
suggests a similar problem caused the erroneous measurements during the 1993 field season. 
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Figure 3.4. Comparison of snow density measurements made using both the dielectric 
and MKV methods. Note the random nature of the differences between the 
two methods except for some bias at values of p > 0.4 kg m·3 on the x-axis. 
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Figure 3.5. The variation of snow density measured by the dielectric method as a function of values obtained using the MKV method. The curved lines indicate the expected relative error margins of the MKV method; any points lying outside the area defined by these two limits were incorrectly measured by the open fork resonator. 

3.3.3 Determination of snow temperature 
Snowpack temperature measurements were made coincident with other pit 

measurements and, additionally, during the 1993 spring field season: were recorded 
continuously for a 19-day period at surface sites 931 and 933. 

3.3.3.1 Snow pit measurements 
Measurements were made with a platinum resistance probe thermometer, accurate to 

0.1 K, with the probe pushed approximately 100 mm into the pit wall to minimise the effects of 
insolation. Readings were taken every 10 mm in the top 50 mm of the pit and subsequently 
every 200 mm. Air temperature was also recorded. Again, near-surface observations were 
considered most important because of the minimal penetration depth of C-band radar into the 
wet snow (cf. Figure 5.4)) and the possibility of surface melting in the spring. 

3.3.3.2 Thermistor string measurements 
Two thermistor strings were used to obtain continuous measurements of the snowpack 

temperature during the 1993 field season. These were positioned at surface sites 931 ($#1) and 
933 ($#2) (cf. Figure 3.1); at altitudes of approximately 425 and 525 m a.s.l., respectively. 
Each string consisted of eight thermistors positioned at depths of 10, 20, 40, 80, 160, 320, 
640, and 1280 mm. A narrow vertical hole fashioned with an avalanche probe made the 
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insertion of the string into the low density dry snow very simple. The strings were connected to 
a Grant 1204 data logger with a 40K memory; this was placed inside a plastic box and 
surrounded by foam to protect the batteries from the cold. The box had a removable lid 
enabling access to the logger so data could be downloaded during the field season. 
Measurements were recorded at hourly intervals from 7-26 May (450 readings) and 8-26 May 
( 431 readings) using $# 1 and $#2, respectively. 

It was intended that results from this experiment could resolve the following: 

(i) whether the temperature of the surface snow rose above 0°C and thus activated surface 
melting, 

(ii) the depth to which diurnal fluctuations penetrated the snowpack, 
(iii) the rate of snowpack warming at depth, and 
(iv) whether any significant differences in the above existed between the two elevations. 

Prior to the field season, the thermistor strings were constructed from screened multi
core cable (16 cores being required for the eight thermistors) following a method suggested by 
Mr M.R. Gorman, and calibrated over the range of temperatures expected in the field (-30 to 
+5°C) using the cold rooms at SPRI. The resolution of the data logger memory is dependent 
upon the range of resistance expected; for example, a 0.05 ohm resolution corresponds to a 
range of 0-200 ohms. A preliminary calibration indicated that a 0-2 K ohm range was 
applicable (cf. Figure 3.6), with an equivalent memory resolution of 0.5 ohms. Both 5 and 10 
K R-T (resistance-temperature) curve matched thermistors were considered but experimentation 
indicated that the resistance of the 5 K type changed more rapidly with temperature; it thus 
provided a better temperature resolution, typically 0.04 °C for the lower part of the curve 
illustrated in Figure 3.6. A second order polynomial function effectively described the 
calibration curve of all thermistors; the correlation coefficient r varied from 0.998 to 1.000. 

3.3.4 Determination of other snowpack parameters: stratigraphy, acidity, and depth 
The mean diameter of the snow grains, assumed to approximate to a sphere, was 

measured to the nearest 0.25 mm by scattering the grains on a metal rule of 0.5 mm resolution 
and examining them through a magnifying glass. Any significant range of values, as sometimes 
found in the wet-snowpack and spring depth hoar layer, was also recorded, as was information 
pertaining to the consolidation and clustering of the snow grains,. During the 1992 field season, 
many ice lenses were evident within the snowpack, and their depth and thickness were 
measured to ascertain whether they contributed to radar backscatter. 

Svalbard lies in the path of winter cyclones laden with anthropogenic pollution from the 
industrialised regions of central Europe, Scandinavia, and particularly north-west Russia. 
Snowpack studies have indicated that in winter the archipelago may have similar levels of 
pollution to rural Scotland (Simoes, 1990). In the summer, changing meteorological 
conditions, specifically the northward movement of the Arctic front (cf. Section 1.2.3), mean 
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Figure 3 .6. Examples of thermistor calibration curves; those shown have the highest and lowest correlation coefficient values calculated. 

that the influx of pollution is significantly reduced. High pollution may indirectly influence 
radar backscatter; Tiuri et al. (1984) showed that the dielectric loss factor of dry snow increases 
rapidly with acidity if the pH is less than 4. 

The main difficulty in obtaining exact pH measurements from a snowpack is the uptake 
of atmospheric C02; this appears as H2C03 in melted snow samples and reduces the pH value 
(Simoes, 1990). Techniques to overcome this problem, namely acid titration, measurement 
under an inert atmosphere, and measurement under reproducible conditions (subtracting the 
acidity of a blank sample) are only practical in the laboratory. However, approximate values 
were derived in the field using a calibrated pH meter of,:, 0.1 accuracy. Snow samples, taken at 
the top and bottom of the snow pit, were obtained by pushing a plastic bottle into the pit wall 
until filled. Each sample was then sealed, melted, and its pH measured one hour later, after the 
sample was opened for ten minutes during which equilibrium with atmospheric C02 should 
have been realised (Sim6es, 1990). Hence the observed pH data represent minimum values and 
any error should be generally consistent between the samples. Results revealed that the 1992/93 
Ayerbreen winter snowpack had a mean pH of 5.4 and a standard deviation of only 0.2. The 
weak acidity values are consistent with the findings of Semb et al. (1984), who determined that 
concentrations of sodium, non-marine sulphate, and hydrogen ions in the Ayerbreen region 
were among the lowest in Svalbard. Therefore, snowpack acidity probably has a negligible 
affect on the total and spatial variation of radar backscatter from Ayerbreen and is not discussed 
further. 

In addition to obtaining snow depth from the pit studies, four depth profiles were 
completed on 11 and 12 May 1993. These comprised one 1.5 km long-profile from the 
terminus via surface sites 931-933 (cf. Figure 3.1), and cross-profiles through each of these 
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three surface sites to the glacier margins. Soundings were made every 25 m to the nearest 
50 mm using a 3 m avalanche probe pushed vertically downwards as far as possible. The first 
hard layer encountered was known to be the underlying ice surface because the 
contemporaneous pit studies indicated the complete absence of ice lenses within the dry-snow 
overlying the ice facies. 

3.4 DETERMINATION OF SURFACE ROUGHNESS 

The roughness of glacier ice can be observed to vary at two scales, here termed micro 
(millimetre scale) and macro (metre scale). Micro-scale roughness of glacier ice is a function of 
selective ablation, surface drainage, and glacier flow (Rott et al., 1985). Enhanced ablation 
occurs close to debris particles because of their lower reflectivity, that is, they appear darker 
than the surrounding ice, and results in the formation of cryoconite holes. Typically, these have 
a diameter of the order of millimetres or centimetres and are partially filled with meltwater. The 
micro-scale roughness is superimposed on macro-scale roughness (cf. Figure 5.6), attributable 
to the planar or layered foliation structure of the ice that develops during glacier flow (Paterson, 
1981). Foliation, and hence the macro-scale roughness, on Ayerbreen is generally oriented 
parallel to the flow direction ( cf. Figure 1.10). Wind action acts alone to cause dry-snow 
surface roughness, and in combination with melt erosion to shape the surface of wet snow 
(Reber, 1988). 

3.4.1 Micro-scale roughness 
The ability to obtain quantitative measurements of surface roughness from a glacier 

surface, for validating backscatter models, presents several challenges. As described in Section 
2.2.3, the required sampling interval is very small, 5 mm for a C-band radar, for example. In 
addition, physical contact with a target wet-snow surface will disrupt its natural roughness. 
Furthermore, the instrument needs to be practical for field application; it should be easily 
transportable and able to operate in a polar environment. 

The simplest measurement technique described in the literature is spray-painting a 
paper-covered metal sheet that has been inserted vertically into the snowpack, and subsequently 
digitising the surface contour. This method was used at the Otztal test site in 1989 and gave 
results similar to those obtained using a more 'technical' approach in 1991 (Rott and Davis, 
1993). Mechanical profile or rill meters, also called comb ga,uges, have long been used for 
measuring the surface roughness of soils (e.g. Moore and Larson, 1979), and have more 
recently been employed on sea ice (Drinkwater, 1989) and ice sheets (Jezek and Gogineni, 
1992). A profile meter consists of a series of rods, metal or dowelling, of equal length held 
together by a bracket. The instrument is placed on the target surface and a photograph taken of 
the profile formed by the top of the rods against a dark background; the profile is later digitised 
from the image. Generally, such instruments have a 10 mm sampling interval, 900 mm 
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sampling range, and 1000 mm sampling length (Paterson et al., 1991). They are thus awkward 
to use and, although suitable for glacier ice, the rods would disrupt the surface of wet snow. 

Recently laser profilometers have become available, and a typical example is described 
by Carlstrom (1991). The instrument uses an infra-red (820 nm) laser source that illuminates a 
small spot on the target surface. This is projected onto a 512 pixel linear array charge-coupled 
device (CCD) by a lens, such that its position on the CCD is dependent upon the height 
between laser probe and target. The induced charge from each pixel is AID converted and 
transferred to a PC. The probe is moved along a 1 m frame at 1 mm intervals by a stepper 
motor; a complete profile takes ten minutes. By applying a low-pass filter to remove noise the 
rms height variation a could be determined to an accuracy better than 0.1 mm (Carlstrom, 
1991). The complete system weighed 40 kg and, like all laser profilometers, was expensive to 
construct. 

Optical methods have also been used for measuring surface roughness. In addition to 
being non-destructive, they have the advantage of obtaining areal data rather than being 
restricted to linear profiles. Therefore, a single equipmental set-up can be used to determine 
whether surface roughness varies with orientation as might be expected, for example, in the 
case of snow ripples formed by wind erosion (Reber, 1988). One optical instrument described 
in the literature is the surface roughness meter (Paterson et al., 1991). The raw data comprise 
close range oblique photographs, taken simultaneously with vertical illumination, covering a 
known area of the target surface. By levelling a support tripod, a standard 35 mm camera (at 
incidence angle 8) and a downward pointing camera flash unit, a known horizontal distance 
apart, are located at height h above the target reference plane. The complete instrument is then 
fitted with a black sun shroud to inhibit ambient light from reducing photographic contrast. As 
the geometry of the situation is known, surface roughness information can be derived using 
computerised post-processing techniques. Typically, e = 20° and h = 1200 mm, which 
illuminates a 550 mm x 130 mm surface area. The vertical resolution of the instrument is only 
± 4 mm, principally due to the digitising process used (Paterson et al., 1991). 

Close range photogrammetrical techniques have been utilised for obtaining surface 
roughness data from geologic surfaces (e.g. Schaber et al. , 1980). Kirby (1991) employed this 
method in desert terrain encompassing sand dunes; he used two vertically pointing Hasselblad 
Mk70 cameras mounted on a gantry to obtain a photographic stereopair of the target surface, a 
situation geometrically analogous to the acquisition of aerial photography. Once the film had 
been digitised, an analytical plotter was used to obtain the surface relief using standard 
orientation techniques (e.g. Wolf, 1983). It was decided to employ a comparable system during 
the 1992 field season because of the availability of a single Hasselblad 500C/M 70 mm format 
camera at SPRI, and the similar surface characteristics of snow and sand. Furthermore, rather 
than studying multiple linear transects, it was intended to utilise automated data reduction 
methods, developed at University College London (UCL), in order to find the mean surface 
roughness parameters for the target area. The UCL technique incorporates the Otto-Chau 
region-growing stereo matching algorithm, involving more than 105 floating-point operations 
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per pixel per iteration of the least-squares adjustment process. Parallel processing transputer 
arrays are used to significantly reduce the execution time (Wall et al., 1991). The reported 
accuracy of the technique is better than 0.3 pixels rms for stereo satellite imagery derived 
DEMs, which would enable the required millimetre accuracy for a to be obtained from the 
digitised stereo-photography. 

The gantry was constructed at the Department of Engineering, University of 
Cambridge, to a design developed by the author and Mr M.R. Gorman. It comprised a 6 inch 
(152.4 mm) diameter 1/ 4 inch (6.4 mm) thick extruded aluminium tube cut to a length of 2.2 m. 
Supports at either end, around which the tube could be rotated, enabled the tube to be lowered 
onto two standard Wild target mounts, fitted into tribrachs mounted on top of survey tripods. 
The two camera mounts were spot welded to the tube so that the camera would point vertically 
downwards when the gantry had been levelled. 

The fixed baseline B between the two camera positions may be calculated using (Wolf, 
1983) 

B = hd ( l - PE ) 
p 100 ' (3.24) 

where his the height above the target reference surface, dis the format dimension (56 mm), p 
is the principal distance of the lens (84.44 mm), and PE is the percent end lap of the two 
photographs. As p was calibrated for a distance of 1.5 m, the standard 60% end lap gives an 
optimum baseline of 398 mm; however, the base-height ratio, which is proportional to the 
vertical exaggeration and therefore height resolution during stereo analysis (Wolf, 1983), 
would then be very small (0.26). Note that in an ideal situation a camera lens with a much 
smaller principal distance ("" 60 mm) would be used rather than that available for the fieldwork. 
By increasing B to 412 mm the base-height ratio was improved slightly to 0.275 causing an 
insignificant reduction in end lap to 58.5%. Increasing B further would have caused the tripod 
legs to obstruct the target, while lengthening the tube would have greatly reduced the flexibility 
of transporting the gantry by vehicle, in addition to making it heavier. Assuming a level 
surface, a target area of approximately 0.58 m2 was viewed by both cameras. 

A total of 28 spa~ial/temporal site combinations were photographed between 17 July and 
17 August 1992; 25 of these were made at the six central surface sites (12-62), and a further 
three close to site 62 to ascertain the magnitude of roughness variation in the lower Ayerbreen 
ablation zone at a given time. Where possible, the exact same area was used for each visit to a 
site; however, when significant ablation had occurred or there had been a change in the glacier 
facies or facies zone at the site, such a rigorous approach became redundant 

For each set-up the gantry was positioned perpendicular to the sun direction to avoid 
shadows from the tripod legs falling within the target area. First, the tripods were placed the 
required distance apart, to an accuracy of 10 mm, and the tripod heads made level. Next, the 
target mounts and tribrachs were screwed to the tripod head but allowed to move within the 
horizontal space defined by the locking mechanism. The gantry, after being wiped free of 
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water, was then lowered onto the target mounts moving the tribrachs as required. Originally it 
had been intended to adjust the horizontality of the long-axis using the tribrach footscrews and 
to subsequently rotate the tube around its centreline; however, in practice it was found that the 
force required to turn the tube would have damaged the target mounts. Instead, large 
adjustments were made by altering the relative length of the tripod legs, achieved by allowing 
the tribrach to move horizontally above the tripod head. Then the tribrachs were locked to the 
tripod and further minor adjustments accomplished using the tribrach footscrews. Two accurate 
spirit levels, mounted parallel and orthogonal to the long-axis of the tube, respectively, and 
perpendicular to the camera mounts, were used to indicate when the gantry was level. 

Six round-headed 6 inch (152.4 mm) roofing nails were used for height control; these 
were set out in the optimum configuration of the six classical positions used for the relative 
orientation of stereopairs (e.g. Wolf, 1983). To position the nails accurately, the person placing 
them in the target area was guided by a second person looking through the camera viewfinder. 
The nails were pushed into wet snow or hammered into glacier ice, the latter causing slight 
surface deterioration in the immediate vicinity. The relative heights of the nails were levelled, 
using a Wild NAK2 automatic level and GPM3 optical micrometer, to a precision of 0.01 mm. 
Prior to taking the photographs (Figure 3. 7) the gantry was temporarily removed to allow for 
the levelling process; thus, any vertical movement of the nails in wet snow, caused by the 

Figure 3.7. Obtaining micro-scale surface roughness data in the Ayerbreen ablation area 
using close range photogrammetry. The nails used for height control can be 
observed in the target area. Also note the macro-scale roughness associated 
with the glacier ice foliation. 

90 



weight of the staff during levelling, occurred before the photography was taken and was 
therefore inconsequential. 

Ilford FP3 200 ASA 70 mm panchromatic aerial film was used for the photography. 
The Hasselblad was metered using a Nikon FM2 manual 35 mm camera equipped with a zoom 
lens, the focal length of which was set equal to that of the Hasselblad lens. Three sets of 
stereopairs were acquired of each target site, taken at the metered exposure and half an f/stop 
above and below to obtain optimal contrast. The photographs were acquired as pairs to ensure 
minimal changes in sunlight between the left and right photographs of a given stereopair. 
Occasionally, when there was no cloud, an additional three sets of stereopairs were taken with 
the target area placed in shadow. This was because of uncertainties in the ability of the stereo
matching technique to cope with a homogeneously bright snow surface, a circumstance made 
worse by overexposure in bright sunlight. Each set-up took between 45-60 minutes to 
complete. The total weight of the equipment, including that used for the levelling, was 
approximately 50 kg and could be carried by two people. 

Unfortunately, a problem with the Hasselblad camera meant that very few of the 
photographs were developed successfully. Those that did are distributed randomly on any 
given roll of film and, therefore, a faulty camera shutter appears to be the most likely 
explanation for the disappointing results. As the new film arrived a few days before the 
commencement of the field season, because of distribution problems at the suppliers, it had not 
been possible to test the camera first. Due to the random nature of the shutter problem no 
stereopairs were successfully imaged, and surface roughness parameters could not be derived. 
An example of one of the photographs that was developed, taken in the lower ablation area, is 
shown in Figure 3.8. Good image contrast indicates that the method is well suited for acquiring 
roughness data from ice surfaces. Photographs of wet snow surface sites show very little 
contrast; lowering the reflectance by sprinkling soot on the surface might overcome this 
problem, however. The lack of in situ micro-surface roughness data necessitates that 
appropriate data from the literature be used as inputs into the backscattering models described in 
Chapter 5. 

3.4.2 Macro-scale roughness 
No quantitative measurements of the macro-scale roughness of ice or wet snow have 

been reported in the literature; therefore, this research represents the first investigation of the 
importance of low frequency surface height fluctuations in determining radar backscatter from a 
glacier surface. The acquisition of macro-scale data also provides the means to establish 
whether a glacier surface may be modelled · as being fractal. A fractal surface, defined 
mathematically in Section 5.5.3, can be described as being scale invariant. True stochastic 
fractal surfaces possess self-similarity, that is, they appear equally rough, statistically, at all 
scales of observation (Efford, 1993). 

Two datasets of spot heights were obtained from the Ayerbreen ablation area on 3 and 
15 August 1992, at a position adjacent to surface site 52 (cf. Figure 3.1), by means of a simple 
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Figure 3.8. Vertical photograph of surface site 61 acquired on 2 August 1992; it 
represents one half of a stereopair intended for use in deriving surface 
roughness parameters. Note the nails used for height control positioned in 
the six classical positions and the good photographic contrast. The width of 
the photograph corresponds to approximately 1 m on the ground. 

gridding technique (cf. Bannister and Raymond, _ 1984). Each dataset was acquired over a 
30 m x 30 m grid using an automatic Wild NAK2 level and lightweight staff; heights were 
recorded to the nearest millimetre. Measurements were made by row, orthogonal to the 
direction of the level instrument, starting with that farthest from the instrument so that surface 
trampling by the staff holder did not affect the area remaining to be levelled. The axes of the 
grid were oriented parallel and perpendicular to the glacier flow, with the former also 
approximately orthogonal to the SAR look-direction. The destructive nature of the technique 
meant that the second grid was situated 10 m to the north, although both sites had a similar 
aspect and elevation. A 6 inch ( 152.4 mm) roofing nail, hammered into the ice, was used as a 
temporary benchmark (TBM) against which the surface heights were measured. The instrument 
was relevelled every hour to ensure that any deviation of the line of collimation from the 
horizontal, due to enhanced melting around the tripod legs, was not sufficiently large as to be 
incorrectable by the instrnment itself. As the levelling of a grid was completed within six hours, 
any height change of the TBM caused by localised ablation wa~ assumed to be negligible. 

Levels were taken at a 2 m sampling interval over the entire grid; three sub-regions of 
10 m x 10 m were levelled at 1 m intervals and in each of these a sub-region of 5 m x 5 m was 
levelled at a 0.5 m interval. In the second dataset a further subdivision to a 2.5 m x 2.5 m 
region and 0.25 m interval was made, as indicated by the sampling pattern shown in Figure 
3.9. The exact sampling patterns were calculated prior to the commencement of levelling to 
avoid premature surface destruction and redundant measurements. Many points were elements 
of more than one sampling interval dataset. Therefore, the number of points levelled was 
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Figure 3.9. Sampling pattern for the second macro-scale surface spot height dataset 
obtained on 15 August 1992. 

significantly less than the number contained within the total dataset; for example, 1022 against 
1345 for the second grid. Nevertheless, the large number of measurements made, taking 
several hours to obtain, suggests that the method is unsuitable for wet-snow surfaces of similar 
area; operator fatigue might cause the levelling staff to compress the surface, rather than simply 
touch it. 

3.5 METEOROLOGICAL DATA 

In 1992 auxiliary meteorological data were obtained from the field for two specific 
applications. First, to determine whether a correlation exists between the air temperature at 
Ayerbreen and that at the Svalbard Lufthavn meteorological station, from where data are 
available through the Norske Meteorologiske Institutt. If such a correlation existed it would 
enable the calculation_of melting degree days (MDD) on Ayerbreen at periods outside the field 
season; the number of MDDs has been found to be well correlated to net mass balance on other 
Spitsbergen glaciers (Lefauconnier and Hagen, 1990). Second, the meteorological data were 
used to ascertain the effect of air temperature and additional climatic parameters on the rate of 
retreat of the transient snow line. An analysis of the meteorological data with regard to both 
these applications is undertaken in Section 4.4.1. 

An automatic weather station (A WS) was obtained through NERC Scientific Services. 
The A WS type used, fully described by Strangeways and Smith ( 1985) and Phizacklea and 
Harrison ( 1987), comprised the following instruments: wind run sensor, wind direction 
sensor, solarimeter, net radiometer, platinum resistance temperature sensors for air temperature 
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and wet bulb depression, and a tipping bucket rainguage. All sensors were interfaced to a 
Campbell CR21 data logger using circuits appropriate to the signal type. 

It was impractical to locate the AWS on the margins of Ayerbreen because of difficult 
terrain between the campsite and the glacier. Therefore, it was established at the campsite at an 
altitude similar to the Ayerbreen terminus, approximately 400 m a.s.l. The seven variables were 
recorded every five minutes and automatically averaged over an hour. Data were obtained for 
the 39-day period from 13 July to 20 August 1992 (Julian day 195-233) and downloaded on 
return from the field. No significant problems were encountered using the AWS, which 
functioned properly at all times including blizzard conditions with a mean hourly wind run of 
> 13 m s- 1• 
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CHAPTER4 

ANALYSIS OF THE SAR DATASET 

4.1 INTRODUCTION 

This chapter describes the utilisation of the ERS-1 SAR dataset for multitemporal 
studies of three Nordenskiold Land glaciers. In addition to Ayerbreen, a detailed analysis of 
Fridtjovbreen and the Kokbreen-Rugaasfonna area (cf. Figure 1.2) are undertaken. These 
glaciers were chosen because: (i) they have different characteristics from Ayerbreen, both are 
significantly larger and Fridtjovbreen is a tidewater glacier; (ii) recent Russian mass balance 
data and 1990 aerial photography of Fridtjovbreen, and 1992 terrestrial photography of 
Kokbreen were available; (iii) topographic distortion was minimal for both glaciers. Ancillary 
data, including: in situ measurements from Ayerbreen, terrestrial and aerial photography, and 
NIR satellite imagery, are used to calibrate the SAR imagery where appropriate. The combined 
observations from the three glaciers are then synthesised to produce a general model that 
predicts the expected annual C-band backscatter changes from a sub-polar glacier. Some of the 
results described in this chapter pertaining to Ayerbreen are contained within Marshall et al. 
(1995). The remainder of this section summarises the basic parameters of the multitemporal 
dataset. 

4.1.1 Characteristics of the multitemporal SAR dataset 
. The principal spatial and temporal characteristics of the multitemporal SAR dataset are 

given in Table 4.1. These data can be obtained from the header files provided with the 

Acquisition Image Acquisition Scene centre coords. (°) t1 a1 

date ID time Lat. Long. (s X 10-9) (°) 

18.04.1992 00601 11:17:57 78.1749725 15.9667339 5600000.0000000 19.5027180 
01.08.1992 02626 11:18:11 78.1148758 15.7887888 5596935.2640154 19.4902382 
05.09.1992 02627 11:18:12 78.1180878 15.7823133 5596936.2980472 19.4848900 
08.05.1993 01361 11:17:52 78.1778793 16.0003700 -5596935.5288033 19.4797688 
12.06.1993 01655 11:18:03 78.1132507 15.7989693 5596934.9176783 19.4881115 
17.07.1993 02062 11:18:06 78.1132660 15.8010464 5596935.0294910 19.4863567 
21.08.1993 02452 11:18:18 78 .1158676 15.7810564 5596935.2221284 19.4963551 
25.09.1993 02625 11:18:12 78.1185455 15.7748575 5596935.7862082 19.4829903 

Table 4.1. Spatial and temporal characteristics of the multitemporal SAR dataset, 
together with those parameters required to derive the local incidence angle ( cf. 
Sections 4.2.2 and 4.2.3). t1 and a1 are the zero-Doppler range time and 
incidence angle of the first range pixel, respectively. 
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ERS-1.SAR.PRI image data. As a consequence of having to re-order the 1992 data, which had 
previously been delivered in GEC format, the image identification numbers do not follow the 
same order as the acquisition dates. Therefore, to avoid confusion, the images will be 
subsequently referred to by their acquisition date only. Note that the two images obtained 
earliest in a year, namely 18 April 1992 and 8 May 1993, have a significantly different (-0.06° 
north and -0.20° east) scene centre from the other six images. This translates to approximately 
8 km on the ground, mainly in the azimuth direction, and is sufficient for the lower region of 
Fridtjovbreen to be missing from these two images. The northerly shift of these images is also 
indicated by the slightly earlier acquisition time. 

4.2 IMAGE CALCULATION AND PROCESSING METHODS 

The best available image processing software at SPRI comprised the GRASS 
(Geographical Resources Analysis Support System) version 4.0. This is a public domain 
system, developed by the Construction Engineering Research Laboratory (CERL) of the US 
Army, with various subroutines added by other organisations (Hinthorne et al., 1991). 
GRASS operates in a UNIX environment and is command-line driven. Although it has 
relatively few standard image processing routines, compared to more advanced software 
packages, it is possible for the user to interface his/her own programs to the system using shell 
scripts. 

This section explains the image calculations used in the research: (i) the derivation of the 
backscatter coefficient cr0 from the ERS-1.SAR.PRI product, (ii) the determination of the 
location of surface sites in the contemporaneous imagery, and (iii) the image processing 
techniques employed, either as part of the aforementioned calculations or for image 
enhancement. The calculations and image processing techniques are described in the order that 
they were undertaken. Where original GRASS subroutines have been used they are indicated in 
parentheses; for example, (i.rectify). These are fully described in the GRASS 4.0 manual 
(ASSIST, 1991). 

4.2.1 Geometrical transformation of ERS-1.SAR.PRI data 
Prior to the product specifications becoming known, two ERS-1.SAR.GEC images 

(1 August and 5 September 1992) were ordered, as it was believed that the backscatter 
coefficient cr0 could also be obtained from this data format. , Although it transpired that this 
assumption was incorrect, one GEC image was used to geometrically rectify the PRI imagery 
to the UTM zone 33 coordinate system. This was necessary, because of the variation in image 
coordinates ( cf. Table 4.1 ), to ensure that spatially accurate temporal changes in backscatter 
could be derived. In addition, the exact image position of the surface sites could then be 
determined and the correct value of crO used to validate backscatter models. 

Due to constraints imposed by the available computer memory, each glacier and its 
surrounding area was rectified separately. Co-registration was achieved using standard 
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procedures in the GRASS 4.0 image processing software (i.target, i.points, i.rectify). A 
transformation matrix was obtained from selected ground control points (GCPs) and the data 
resampled to the UTM zone 33 WGS-84 projection. Note that the principles behind geometric 
transformation (e.g. Gonzalez and Wintz, 1987; Rees, 1990) are broadly similar to those 
outlined in Section 3.2.2. Pixel resampling was performed using bilinear interpolation, 
whereby the new digital number (DN) of a non-integral pair of coordinates (x, y) is a proximity 
weighted average of the nearest four pixels (Curran, 1985), providing a smooth and 
geometrically accurate image. Using the notation of Gonzalez and Wintz ( 1987) the interpolated 
DN, v(x, y), is found by 

v(x, y) = ax +by+ cxy +d, (4.1) 

where the four coefficients (a, b, c, and d) are determined from the four equations in four 
unknowns that can be written using the DN values of the four neighbours of (x, y ). 

Except for the occasional meltwater stream channel, and a small length of coastline 
adjacent to Fridtjovbreen, very few surface features could be used as GCPs in the SAR 
imagery. Therefore, most of the GCPs employed were distinctive areas of layover, usually 
related to mountain peaks or aretes. The displacement caused by layover is essentially 
dependent upon pixel altitude if the incidence angle deviation is negligible (Leberl, 1990); as the 
variation in range, unlike azimuth, for a given pixel varies insignificantly between the eight 
images, the layover pattern was considered constant for the entire dataset. The rectification 
process was completed in two stages. First, a linear transformation from the other seven PRI 
images to the 1 August 1992 image was undertaken to ensure that no angular variation would 
exist between the PRI imagery following the second stage of rotation, that is, the NS and EW 
pixel dimensions would be consistent. The rotation was based upon the rectification of the 
1 August 1992 PRI image to its GEC equivalent; the similarity between these two images, 
identical except for the absolute pixel magnitudes and the rotational transformation to ensure 
grid-north lies at the top of the GEC image, means that a particularly accurate rectification was 
possible. Each transformation was based on 20 GCPs and typically had rms errors of 5 m for 
the linear transformation and 4 m for the rotation. Approximately 10% of GCPs were rejected 
because of high (> 10 m) rms errors. The rotation was -60°, giving a maximum rms error for 
the rectification process of - 7 .8 m. 

4.2.2 Filters used for speckle removal 
Residual speckle remains in the PRI product despite the use of multilooking techniques 

during data processing (cf. Section 2.4.2). Assuming that the noise caused by the speckle is 
multiplicative and obeys a negative exponential function, the mean and standard deviation are 
both equal to unity, and (Lee, 1986) 

z=xv , (4.2) 
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where z is the observed pixel intensity, x the speckle-free pixel intensity, and v the speckle. 

Lowpass filters have been developed to 'smooth' images by removing high-frequency 

components such as speckle. For spatial-domain methods, rather than those of the frequency 

domain ( e.g. Gonzalez and Wintz, 1987), these lowpass filters use the local statistics of a 
chosen neighbourhood window, typically 3 x 3 or 5 x 5, to determine the value of x for the 

pixel at the centre of the window. 

The simplest smoothing technique is neighbourhood averaging (box filtering), where x 

is simply the mean of the DN values within the window. Such a general method will also 

remove details, such as narrow linear features like surface meltwater streams, that are not a 

consequence of speckle and need to be preserved. The median filter, where x is the median DN 

value of those pixels within the window, is particularly effective in removing strong, spike-like 

components while preserving edge sharpness (Gonzalez and Wintz, 1987). However, these 
same properties cause the median filter to be unsuitable for SAR data calibrated using cr0 values 

from comer reflectors, as it reduces the local high intensity response (Frost et al., 1982). 

Therefore, more complex adaptive filters have been developed that use both the mean 

and variance of the pixel DN values within a window. One of these is the local statistics 

method, described by Lee (1986); x is estimated by minimising the mean square error or 

weighted least squares estimation. The algorithm is 

_ [ var(x) J _ x =x+ _2 2 ( ) (z-x), 
X (Yv + var X 

(4.3) 

where, because v = 1, 

x=z, (4.4) 

and 

( ) 
[

var(z) +z
2 J -2 var x = 

2 
-x . 

(Yv + 1 
(4.5) 

For a three-look image processed by amplitude averaging, such as the ERS-1.SAR.PRI 
product, CYv = 0.3017, assuming that the amplitude of each look obeys a Rayleigh distribution 

(Lee, 1986). Other adaptive filters include the minimum mean square error filter (Frost et al., 

1982), local linear minimum mean square error filter (Kuan et al., 1985), and the sigma filter 

(Lee, 1986). Of these, Haefner et al. (1993) reported that the Frost filter was the most adaptive 

but, because it is more computationally intensive than the local statistics method described 
above, the latter was utilised in this work using a 5 x 5 window (r.mfilter). 

An evaluation of statistical correlation between adjacent pixels, the result of the pixel 

spacing being smaller than the azimuth or range resolution, was not undertaken because the 

glaciers studied did not contain a sufficiently large homogeneous area necessary for such an 
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analysis. Furthermore, previous studies using Seasat SAR data have produced conflicting 
results: Lee (1986) found a weak correlation whereas Rott et al. (1988) showed that 
considerable interpixel correlation existed. 

4.2.3 Derivation of backscatter coefficient values from ERS-1.SAR.PRI data 
All images within the multitemporal dataset are fully calibrated, having been processed 

after 1 September 1992 (Laur, 1992). For such data the in-flight SAR antenna pattern has been 
measured and corrected for, using a tropical rainforest target that is independent of incidence 
angle and season, and compensation made for range spreading losses. Following from (2.2), 
the backscatter coefficient a0

, expressed in decibels, is 

(4.6) 

where DN is the pixel digital number, proportional to the square-root of the radar return I 1 

(intensity), K is the calibration constant, and /3, the angular correction factor, is 

( 
sina J 

/3(dB) = 10 · log10 . , 
smaref 

(4.7) 

where a is the incidence angle and aref = 23°. Note that K is only valid for one specific 
processor; for the UK-PAF, where the PRI data were processed, K = 59.49 dB (Laur, 1992). 
/3 varies from-0.7 dB to +0.6 dB. The following derivation of am the local incidence angle at 
pixel n, where (n - 1) is the number of pixels from the near-range, is modified from that given 
by Laur (1992); the geometrical notation used is shown in Figure 4.L Three additional 
parameters are required: the zero-Doppler range time of the first range pixel t1, the incidence 
angle of the first range pixel a,, and the geodetic latitude of the image centre 1 (cf. Table 4.1). 

· The Earth radius RT is estimated from 

Ry. = a (4.8) 

where a is the equatorial Earth radius (6378.137 km) and b is the polar Earth radius 
(6356.752 km) corresponding to the WGS-84 ellipsoid. Note that, for reasons unknown, Laur 
(1992) uses the similar GEM6 (Goddard Earth model 6) reference ellipsoid (a= 6378.144 km 
and b = 6356.759 km). It can be shown that deviations in a resulting from interchanging the 
two ellipsoids are negligible over the entire swath. Also note that ( 4.8) assumes a NS orbit 
(inclination= 90°), but the resultant errors are trivial (Rees, pers. comm., 1993). The altitude 
of ERS-1 above the Earth centre is 
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Earth Centre 

Figure 4.1. The geometrical notation used in the derivation of the local incidence angle in 
the ERS-1.SAR.PRI product (after Laur, 1992). 

(4.9) 

where h is the height of ERS-1 above the reference ellipsoid and R 1, the slant range to the first 
range pixel, is 

R = ct1 
I 2' (4.10) 

and c is the velocity of light (299 792 458 m s· 1
). The Earth angle (between the satellite and 

pixel verticals) of the first range pixel l/fi is 

(4.11) 

where 81, the look angle to the first range pixel, is given by 

. (R sina J 8 = arcsm T 
1 

• 1 
R +h T 

(4.12) 

As the change in Earth angle across the swath is small ( < 0.9°), the Earth angle to pixel n (in 
degrees) may be simplified to 

_ 180 [(n -l)~r] 
l/f n - lff1 + R , 

7T: T 
(4.13) 
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where !iris the pixel length in the ground range (12.5 m). It follows that the slant range to pixel 
n is 

(4.14) 

and hence, rearranging (4.9) and substituting Rn for R1, gives an as 

a = arccos[ ( Rr + h )2 - R; - I?; ] 
n 2R R ' 

n T 
(4.15) 

or, more simply, as 

_ . [(Rr +h)sinl/fn ] an - arcsm . 
Rn 

(4.16) 

The variation of /3 across the three glaciers was investigated to ascertain if this 
parameter could be assumed constant for each. The Kokbreen-Rugaasfonna region has the 
largest extent in the range direction, and is furthest from the near-range (greatest change in an 
for a given range of n) in the 25 September 1993 image; A ~ 78.1185455°, 
t1 = 5596935.7862082 x 10-9 s, and a1 = 15.7748575° in this 'worst case scenario' (cf. Table 
4.1), and the region varies from n = 2140 to 3220. Using (4.7-4.16) the values of /3 at the near 
and far range of the region are - 0.30 dB and - 0.12 dB, respectively. Therefore, as the 
validation of backscatter models from the image data was to be performed to an accuracy of 
0.1 dB, the variation in /3 cannot be neglected. Thus, after speckle removal ( cf. Section 4.2.2), 
and prior to further analysis, both Kand /3 were eliminated from the SAR imagery. GRASS 
4.0 can only create images formed from integer values (r.mapcalc); hence the RHS of (4.6) 
was multiplied by ten so the desired image resolution of 0.1 dB was achieved. 

4.2.4 Determination of surface site image position 
Prior to determining the image position of the surface sites the range reduction caused 

by foreshortening ( cf._ Section 2.4.1) must be calculated. The two pairs of corner coordinates 
corresponding to the near-range side of the image are obtained from the header files and 
transformed to UTM zone 33/WGS-84 coordinates (a 1, b1) and (a2, b2); from these a linear 
equation for the near-range line (along the azimuth direction) is 'determined 

(4.17) 

The line perpendicular to this (in the range direction), that passes through the UTM coordinates 
of the surface site (E, N) (cf. Appendix 2), is 
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(4.18) 

By solving the simultaneous equations (4.17) and (4.18), the intersection of the two lines is 
derived. If the intersection coordinates are (a;, b;) then, assuming the surface site lies on the 
reference datum, it lies within the nth pixel from the near-range where 

(4.19) 

Using (4.8-4.13) to obtain lfln, the Earth angle to the actual surface site on the image If/a, taking 
into account the shift caused by layover, may be calculated using 

(4.20) 

where A is the altitude of the surface site above the reference datum. If 1f1n and lfla are expressed 
in degrees, the displacement is 

d = Rrn( _ ) 
180 

lfln lfla · (4.21) 

Ayerbreen slopes towards the near-range of the descending mode imagery so the displacement 
increases up-glacier; i.e. RT and lfln both increase from near- to far-range. Therefore, the 
minimum displacement of 1010 m is for surface site 62 (420 m a.s.l.) and the maximum of 
1343 m is for Pit 4 (560 m a.s.l.) (cf. Figure 3.1). The actual position of the surface site (Ea, 
Na) is obtained by solving the following two simultaneous equations, relating to the magnitude 
and direction of the range displacement 

(4.22) 

N-Na a1 - a2 - ' E-Ea b2 -b1 

(4.23) 

where IEI < IE) < la;I and IM < IN0 I < lb;I. 

4.2.5 Determination of temporal changes in backscatter 
The ability to quantify temporal effects using multitemporal data sets is commonly 

called change detection (Singh, 1989), and the simplest method is to calculate the difference in 
the magnitude of the parameter of interest recorded on two dates. However, Rignot and van Zyl 
(1993) showed that the distribution of the difference of intensity in SAR imagery is dependent 
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upon both the relative change and a reference level; consequently, the difference method 
produces more errors in the high intensity areas of a SAR image. Moreover, this method is 
affected by radiometric errors introduced by assuming a flat Earth model during processing ( cf. 
Rignot and van Zyl, 1993); for a given surface type the difference method yields higher 
changes in mountainous terrain (slopes facing the radar) than in flat areas. Both errors are 
multiplicative factors to the total radar intensity. Nonetheless, if the data are ratioed then the 
distribution of the difference is dependent only on the relative change in average intensity, and 
radiometric errors are eliminated because they are exactly reproduced in repeat-pass imagery 
(Rignot and van Zyl, 1993). Although ratioing has been criticised for being based on a non
normal distribution, it has performed better than other change detection methods (Singh, 1989). 

Rignot and van Zyl (1993) also described a technique based on the temporal 
decorrelation of speckle, which may be used with multilook data provided that the number of 
looks is small. However, as this method detects changes in the position of scatterers ( cf. 
Section 2.4.2), it is generally unsuitable for use in glacierised areas because the possible rapid 
alterations in micro-scale topography (through ice motion) and surface state (principally 
through changes in liquid water), described in Section 2.7.2.2, may cause complete 
decorrelation. Only changes in surface state are likely to be applicable to Ayerbreen as it 
undoubtedly has a low velocity rate; the neighbouring Scott Turnerbreen has a summer velocity 
of the order of metres per year (R. Hodgkins, pers. comm., 1994). Nevertheless, such 
changes may be significant and occur very rapidly, particularly during the spring warming and 
fall cooling reversals. Thus, ratioing provides a more reliable means of change detection. 

4.2.6 Image enhancement techniques 
4.2.6.1 Histogram equalisation 

After the 16-bit PRI data had been converted into <r0
, the number of levels, each 

representing 0.1 dB, was greater than the 220 that could be shown on the screen; the latter 
figure is lower than the usual 256 levels as a consequence of software/hardware 
incompatibility. Nonetheless, the extreme values comprised only layover and shadow, and, 
generally, the useful information was contained in less than 220 levels (a range of 22 dB). 
Therefore, after the 220 values encompassing the maximum number of pixels were chosen 
(r.rescale), it was advantageous to further enhance the image using histogram equalisation 
techniques. The aim of this algorithm: is to make the image histogram, a graph of the frequency 
distribution of the display scale values, uniform, thus increasing the image contrast 
proportional to the number of pixels; that is, x% of the pixels are spread over x% of the display 
values. Histogram equalisation is not a standard GRASS 4.0 routine so a look-up table for the 
new image had to be computed as follows, using the method described by Gonzalez and Wintz 
(1987). 

If i is the normalised display scale value (0 ::; i ::; N), where N is the number of display 
levels (220 for the SPRI system), the probability density function may be written as 
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P(i) = n;, (4.24) 
n 

where P(i) is the probability of the ith grey level, n; is the number of image pixels at this level, 
and n is the total number of image pixels. The transformation function T(i), which is single
valued, monotonically increasing, and such that O :::; T(i) :::; N in the interval O :::; i :::; N 

(Gonzalez and Wintz, 1987), is 

j=i 

T(i) = NI_P(j). (4.25) 
j=O 

T(i) is rounded to the nearest discrete display level to obtain the look-up table. 

4.2.6.2 Density slicing 

This simplest of classification techniques divides the image DNs into a smaller number 
of categories, each associated with a certain range of original DN values and given a new 
identifying DN or colour. The SAR data were density sliced every 2 dB, such that DN = x dB 
if (x- 1) dB< DN:::; (x + 1) dB, in order to facilitate the graphical presentation of the data in an 
image format (r.colors). The look-up tables used for the images shown in this thesis are 
displayed in Table 4.2. Note that the same basic look-up table is utilised for both the 
backscatter and ratio images, but that the backscatter magnitude/change associated with a given 
colour varies between the two types of image. Table 4.2 expresses each colour in terms of the 
relative components of the three primary colours (red, green, and blue), each of which 

Backscatter image Ratio 
Red Green Blue 

(dB) image ( ,1dB) 

3.0<DN 250 250 250 13.0 < DN 
1.0 <DN $ 3.0 225 0 0 11.0 < DN $ 13.0 

-1.0 < DN $ 1.0 200 25 0 9.0 < DN $ 11.0 
-3.0 < DN $ -1.0 175 50 0 7.0 < DN $ 9.0 
-5.0 < DN $ -3.0 150 75 0 5.0 < DN $ 1.0 
-7.0 < DN $ -5 .0 125 100 25 3.0 < DN $ 5.0 
-9.0 < DN $ -1.0 100 125 50 1.0 < DN $ 3.0 

- 11.0 < DN $-9.0 75 150 75 -1.0 < DN $ 1.0 
-13.0 < DN $ -11.0 50 125 100 -3 .0 < DN $ -1.0 
-15.0 < DN $ -13.0 25 100 125 -5.0 < DN $ -3.0 
-17.0 < DN $ -15.0 0 75 150 -7.0 < DN $ -5.0 
-19.0 < DN $ -17.0 0 50 175 -9.0 < DN $ -1 .0 
- 21.0 < DN $ - 19.0 0 25 200 -11.0 < DN $-9.0 
-23.0 < DN $ - 21.0 0 0 225 -13.0 < DN $ -11.0 

DN $ -23.0 0 0 0 DN $ -13.0 

Table 4.2. The look-up table used for the SAR images displayed in this thesis. Note that 
the backscatter magnitude/change associated with a given colour varies 
between the backscatter and ratio images. 
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J has a range from O to 255. In the backscatter images (Figures 4.2a, 4.4a, 4.10, 4.15, and 

4.17) DN::;; - 23 dB is black and DN > + 3 dB is white; those values in-between increase from 
blue, through green, to red. Similarly, for the ratio images (Figure 4.12), DN ::;; - 13 dB is 
black and DN > +13 dB is white, and mid-green represents an 'unchanged' radar return 
(- 1 dB< DN::;; +1 dB). 

4.2.6.3 Masking 

Unwanted areas of the image, including layover and shadowing, were removed by 
creating a vector mask that was converted to raster format (v.to.rast). The wide range in cr0 

possible from a glacier surface overlaps with both layover (- > +O dB) and radar shadow 
(- < -18 dB), and meant that the masks could not be produced using density slicing techniques 
(cf. Section 4.2.6.2). Therefore, each mask was formed manually (v.digit) using 
NP 1: 100 OOO scale maps, and a combination of summer and winter SAR data as reference 
images. The extent of the SAR mask is shown in Figure 4.1.0. 

4.3 VALIDATION OF SUB-POLAR GLACIER SURFACE FACIES 
IN SAR IMAGERY USING IN SITU DATA 

In situ measurements obtained during the summer 1992 and spnng 1993 field 



4.17) DN::; - 23 dB is black and DN > + 3 dB is white; those values in-between increase from 
blue, through green, to red. Similarly, for the ratio images (Figure 4.12), DN::; - 13 dB is 

black and DN > +13 dB is white, and mid-green represents an 'unchanged' radar return 
(- 1 dB< DN ::; +1 dB). 

4.2.6.3 Masking 

Unwanted areas of the image, including layover and shadowing, were removed by 
creating a vector mask that was converted to raster format (v.to.rast). The wide range in cr0 

possible from a glacier surface overlaps with both layover (- > +O dB) and radar shadow 

(- < -18 dB), and meant that the masks could not be produced using density slicing techniques 
(cf. Section 4.2.6.2). Therefore, each mask was formed manually (v .digit) using 

NP 1: 100 OOO scale maps, and a combination of summer and winter SAR data as reference 
images. The extent of the SAR mask is shown in Figure 4.1.0. 

4.3 VALIDATION OF SUB-POLAR GLACIER SURFACE FACIES 
IN SAR IMAGERY USING IN SITU DATA 

In situ measurements obtained during the summer 1992 and spring 1993 field 
campaigns are used to calibrate the backscatter patterns in the contemporaneous SAR data of 

Ayerbreen, acquired on 1 August 1992 and 8 May 1993, respectively, in terms of glacier 
surface facies and zones. Density sliced cr0 images of the Ayerbreen mask (r.mask) and 

backscatter profiles (r.profile) from the 3.5 km Ayerbreen long-profile (cf. Figure 4.2a), which 
approximates to the surface site centre line (cf. Figure 4.3), are used for the analysis. 

4.3.1 Example 1: 1 August 1992 

The SAR image acquired on 1 August 1992 is illustrated in Figure 4.2a. One of the 
facies margins is clearly revealed as a rapid up-glacier decrease in mean cr0, from - 6 dB to 

- 14 dB. By comparing its position with ground survey data obtained either side of the 
acquisition date, on 27 July and 4 August (cf. Figure 4.3), this margin is shown to correspond 

to the transient superimposed ice line (cf. Section 2.6.3 for definitions of facies, zones, and 
margins). This conclusion is confirmed by point survey measurements made on 1 August along 

the surface site centre line (low cloud meant that oblique photography could not be utilised), 
which fixed the position of the transient superimposed ice line approximately half-distance 
between surface sites 32 and 42. At this time both the bare glacier ice and superimposed ice 
were undergoing surface melting; therefore, the significant difference in a 0 between the two ice 

types is principally a function of surface roughness. The transient superimposed ice line occurs 
at pixel position 42 in the profile (Figure 4.2b). 

The point survey measurements indicate that profile pixel positions 81 and 86 
correspond to the transient snow line and transient slush limit, respectively. Although, the latter 

D SAR mask 
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Figure 4.1.0. Sketch of Ayerbreen showing the extent of the SAR mask ; the area 
unaffected by layover or shadowing in the SAR imagery analysed. Also 
illustrated are the SAR and TM long-profiles , the look-directions of both 
these sensors, and those of the principal photographs of Ayerbreen 
included in the thesis. 
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Figure 4.2. ERS-1 SAR data of Ayerbreen acquired on 1 August 1992. (a) Backscatter 
coefficient image of the Ayerbreen mask; (b) Backscatter along the long
profile (top to bottom) indicated in (a). The full look-up table for the image is 
provided in Table 4.2, and a quick reference look-up table, based on the 
actual colour output, given below. The scale bar represents 1 km and Grid 
North (local and UTM) is shown in Figure 4.3 . 

> +3 dB (white), +2 dB (red), -4 dB (brown), - 10 dB (green), 
-16 dB (blue), -22 dB (indigo),< - 23 dB (black) 
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Figure 4.3. Sketch map showing the position of the glacier facies margins on Ayerbreen prior to and after the SAR acquisition date of 1 August 
1992 (J.D. 214). By comparing the ground survey data obtained on 27 July (J.D. 209) and 4 August (J.D. 217) 1992 with the margin 

0 apparent in the SAR image, the latter can be identified as the transient superimposed ice line. 
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is expressed as an increase in a0 (cf. Figure 4.2a), it could not be discriminated with certainty 
without a priori knowledge. A visual inspection of the superimposed ice zone on 1 August 
revealed that the ice had been heavily ablated near the transient superimposed ice line, and 
formed a slush-like consistency that graded down-glacier into the newly exposed glacier ice. It 
appears likely that this zone of wet 'superimposed slush', with its high dielectric losses, is 
responsible for the marked change in a0 at the transient superimposed ice line. On moving up-
glacier the slush graded into a crystalline ablation surface (cf. Section 2.6.3) with a typical 
crystal radius of 4 mm. Assuming a0 is directly related to the micro-scale surface roughness of 
this ablation surface, it can be postulated that the m4ximum roughness occurred at profile pixel 
position 70 (cf. Figure 4.2b). Further up-glacier the surface had undergone progressively less 
ablation, causing a decrease in backscatter until the profile minimum, which represents smooth, 
recently exposed superimposed ice, immediately below the transient snow line. 

During periods of surface melting the upper superimposed ice zone and slush zone are 
likely to be similarly wet and smooth, and thus give a comparably low backscatter response. As 
a consequence, the transient snow line, reportedly distinguishable as the lower margin of the 
slush zone in L-band Seasat SAR imagery of temperate ice caps in Iceland (e.g. Rott and 
Matzler, 1987), is not distinct in the ERS-1 SAR imagery of Ayerbreen because of the presence 
of superimposed ice. Therefore, it appears that C-band SAR is not necessarily able to 
discriminate the snow line of sub-polar glaciers during the ablation season. 

4.3.2 Example 2: 8 May 1993 
The steeper gradient of the southern terminus region of Ayerbreen, which faces directly 

towards the SAR look direction, is the cause of the high a0 from this area; the same quasi-
specular backscatter is also apparent to a lesser extent further up-glacier on the southern side of 
the convex ablation area (cf. Figure 4.4a). Elsewhere, two distinct backscatter regimes are 
present in the 8 May image and profile data (Figure 4.4b); the lower glacier has a typical a0 of 
-13 to -9 dB, as compared to the up-glacier zone, where a0 is characteristically -7 to -4 dB. 
The magnitude of the backscatter from the upper and lower zones is similar to that on the firn 
plateau of Gepatschferner and terminus of Hintereisferner, respectively, as described by Rott 
and Nagler (1994). Therefore, the two zones probably represent the extent of the ice facies and 
wet-snow facies at the end of the 1992 ablation season, and the change in backscatter regime 
that occurs at pixel position 90, equivalent to an elevation of 540 m a.s.l. (all subsequent 
references to elevations are implicitly assumed to relate to mean sea level), marks either the 
1992 snow line, which could not be determined by SAR during the ablation season, or the 
slush limit. 

Detailed comparison of the 5 September 1992 SAR image of Ayerbreen (Figure 4.10g) 
with near-infrared (NIR) data, acquired by the Landsat TM sensor eight days earlier on 
28 August (Figure 6.4), reveals that the backscatter change actually occurs at the slush limit (cf. 
Section 6.3 .2). Thus, the apparent snow line in winter SAR imagery, as reported by other 
workers (cf. Section 2.6.4), should be considered as the maximum possible elevation of this 
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Figure 4.4. ERS-1 SAR data of Ayerbreen acquired on 8 May 1993. (a) Backscatter coefficient image of the Ayerbreen mask; (b) Backscatter along the long
profile (top to bottom) indicated in (a). The full look-up table for the image is 
provided in Table 4.2, and a quick reference look-up table, based on the actual colour output, given below. The scale bar represents 1 km and Grid North (local and UTM) is shown in Figure 4.3. 
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parameter (cf. Figure 2.16). Typically, the altitudinal range of the slush zone is sufficiently 
small (-2-3 m for Ayerbreen) for any estimates of the ELA derived from winter SAR imagery 
to be essentially correct; therefore, the sharp up-glacier increase in backscatter observed in 
winter SAR imagery will be described as the snow line throughout this work. 

Unfortunately, the question regarding the facies margins was not confirmed during the 
1993 field season because, at that time, the author was unaware of the ability of winter SAR 
data to reveal the previous year's snow line. The highest pit study, undertaken at surface site 
933 (525 m), revealed a homogeneous snowpack with the exception of the depth hoar layer 
contained in the lower 0.3 m (cf. Section 3.3.2.1); Figure 4.5 illustrates the continuous 
snowpack temperature data acquired at site 933 using a thermistor string, and shows that slight 
surface melting occurred on only three days, all after 8 May, when the coincident SAR data 
were acquired. However, the 1992 Pit 4 site at 560 m remained above the snow line; the pit 
dug there on 19 August (Figure 4.6) had ten distinct ice layers, most of which were complete 
across the entire 2 m pit wall. Close inspection revealed a deposit of dust on the upper surface 
of some of these, which may represent the annual summer surface marking the boundary 
between accumulation of successive years (Ahlmann, 1935). However, ice layers are also 
known to form in Svalbard as the result of melting events outside the ablation season (Schytt, 
1964), as indicated by the winter SAR image of Nordaustlandet examined by Dowdeswell et al. 
(1994[b]). Spring diurnal air temperature fluctuations penetrate the snowpack to a depth 
between 160 and 320 mm (cf. Figure 4.5); therefore, the volume scatter responsible for the 
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Figure 4.5. Snowpack temperatures at site 933 during the spring 1993 field season. 
During the 'day' the temperature at depths of 10, 20, 40, 80, 160, 320, 640, 
and 1280 mm are shown from top to bottom. Note that: (i) slight surface 
melting occurred on J.D. 140, 141, and 146, (ii) the snowpack was affected 
by diurnal air temperature fluctuations to a depth between 160 and 320 mm, 
and (iii) the snowpack temperature at 1280 mm increased steadily from -10.3 to -8.2°C. 
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Figure 4.6. Sketch showing the western face of the snow pit dug at Pit 4 on 19 August 
1992. Ice lenses/layers are shown to scale (5-20 mm thick); a broken pattern 
indicates that the ice crusts were incomplete across the section. The lower 10 mm comprised superimposed ice. 

high values of a0 from the Ayerbreen wet-snow facies during winter probably results from a 
combination of summer surface crusts and additional ice lenses formed by short-term melting 
events. 

4.4 THE MULTITEMPORAL SAR DATASET 

4.4.1 Analysis of meteorological data 
By obtaining a relationship between the air temperature at Svalbard Lufthavn and 

Ayerbreen during the ablation season, the dates of the beginning and end of this period may be 
determined. If these correspond closely to the spring warming and fall cooling, the periods of 
backscatter reversal between the ice and wet-snow facies, they can provide a temporal reference 
against which the multitemporal data can be interpreted. In addition, the relative importance of 
air temperature, wind speed, and long-wave radiation, recorded using the A WS, are discussed, 
to ascertain if they can be used to predict the position of the facies margins during the ablation 
season with sufficient accuracy to validate the SAR imagery, and hence remove the requirement 
for ground survey in the future. 

4.4.1.1 Comparison of field site and Svalbard Lufthavn air temperature data 
A comparison of the air temperature recorded at Svalbard Lufthavn meteorological 

station with that obtained, using the AWS, at the Bolterskardet campsite in 1992 is shown in 
Figure 4.7a. Climatological parameters are only recorded four times per day at Svalbard 
Lufthavn (01:00, 07:00, 13:00, and 19:00 hrs.), so the AWS data have been appropriately 
subsampled. A strong relationship exists between the two sets of temperatures; the correlation 
coefficient r equals 0.86. 
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Figure 4.7. Comparison of air temperature recorded at Svalbard Lufthavn (28 m a.s.l.) 
and Bolterskardet (400 m a.s.l.) between 13 July and 20 August 1992. 
(a) temperature regimes; (b) temperature difference. 

The temperature differences 11T (Svalbard Lufthavn - field site) are illustrated in Figure 
4.7b. In 1992 the air temperature at Svalbard Lufthavn was always higher than Bolterskardet, 
with a mean difference of +2.7°C. This value is a consequence of the lapse rate, the vertical 
decrease of temperature in the troposphere, and possibly of the increased continentality of 
Bolterskardet compared to the coastal Svalbard Lufthavn site, which would act to reduce the 
difference in summer and increase it in winter. Note the sinusoidal pattern of 11T, which can be 
attributed to the passage of air masses across Nordenskiold Land. In July 1989, Shiraiwa and 
Sawagaki (1992) measured the lapse rate (every 30 minutes) between Merckollfjellet (825 m), 
close to Kokbreen (cf. Figure 1.2), and a point approximately 2 km away in Reindalen 
(135 m). They found that the lapse rate increased with clear skies due to rapid warming at 
lower altitudes. No such relationship exists between 11T and cloud cover at Svalbard Lufthavn 
(r = 0.1 ), probably because Svalbard Lufthavn and the field site are separated by 20 km while 
the influence of orographic cloud is local. 
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Svalbard Lufthavn and Bolterskardet are at 28 m and 400 m, respectively. Therefore, 
the mean lapse rate (this contextual definition includes any effects of continentality) during the 
1992 field season was 7.3°C km- 1, with a standard deviation of l.0°C km- 1

• Shiraiwa and 
Sawagaki (1992) reported a lapse rate ranging from 1-13 °C km- 1

, with an average of 
5.9°C km-1, between Reindalen and Merckollfjellet in July 1989. They also recorded mean 
daily lapse rates from August 1989 to July 1990; the four months that encompass the ablation 
season, June to September, had mean monthly lapse rates of 5.2, 2.2, 4.7, and 4.2°C km·1, 
respectively. Ottar et al. (1986) quoted lapse rates of 6.0-6.5°C km·1 near Svalbard Lufthavn in 
August 1983. Thus, it appears that the mean lapse rate in Nordenskiold Land varies 
significantly during the ablation season, both between the summer months in a given year and 
between different years. 

4.4.1.2 Prediction of melting events on Ayerbreen 

In order to calculate the possible duration and extent of melting events on Ayerbreen, 
assumed to occur if the air temperature was greater than 0°C, three lapse rates were 
investigated: 4.0, 5.5, and 7 .0°C km·1• The calculated melting degree days (MDD) on 
Ayerbreen, derived from the Svalbard Lufthavn air temperature data, for the 1992 and 1993 
ablation seasons are shown in Figures 4.8 (4.8c is the most accurate scenario (cf. Section 
4.4.1.1) but 4.8a and b have been included for comparison) and 4.9, respectively. The MDD 
were calculated at 400, 650, and 900 m; these three altitudes represent the lower, middle, and 
upper elevation of the Ayerbreen long-profile. 

The data from Figures 4.8 and 4.9 are summarised in Table 4.3. Although the MDD at 
a given altitude varies markedly with the lapse rate used, as it must by definition, the timing, 
and hence duration, of the ablation season is relatively constant for most of the lapse 
rate/altitude combinations studied; this is indicative of a rapid commencement and cessation of 
ablation .. MDD totals are between 17.8 and 203.4% higher in 1993 than 1992 for the analysed 
scenarios, despite the fact that the number of days experiencing melt is generally predicted to be 
lower in 1993. Thus, assuming all other environmental parameters, such as accumulation rate 
and lapse rate, are equal, then Ayerbreen had a more negative net mass balance in 1992/93 than 
1991/92. Using the 7.0°C km·1/400 m combination as an example: in 1992 the MDD total was 
235.1, with 93 days experiencing melt over an ablation period of 113 days, whereas in 1993 
the MDD total was significantly higher at 316.6 (+35%), there were 14 fewer days when melt 
occurred, and the ablation period was six days longer. In concl1.1:sion, the 1993 ablation season 
comprised periods of melting that were more intense and discontinuous in nature than those in 
1992 (cf. Figures 4.8 and 4.9). 

The characteristic intermittent melting pattern of the ablation season necessitates an 
examination of whether melting was actually taking place on Ayerbreen when the SAR data 
were acquired. A mean of the Svalbard Lufthavn air temperature recorded at 07:00 and 13:00 
hrs was used to indicate the presence of melting on Ayerbreen because of the 11: 18 time of the 
ERS-1 overpass. The findings, using the same three lapse rates, are as follows: 
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Figure 4.8. Melting degree days (MDD) on Ayerbreen during the 1992 ablation season, derived from air temperature data at Svalbard Lufthavn meteorological station; assumed lapse rates are: (a) 4.0°C km· 1, (b) 5.5°C km·1, and (c) 7.0°C km·1• Arrows show dates when the ERS-1 SAR data used in this research were acquired. 
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Figure 4.9. Melting degree days (MDD) on Ayerbreen during the 1993 ablation season, 
derived from air temperature data at Svalbard Lufthavn meteorological 
station; assumed lapse rates are: (a) 4.0°C km- 1, (b) 5.5°C km- 1, and 
(c) 7.0°C km- 1• Arrows show dates when the ERS-1 SAR data used in this 
research were acquired. 
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Lapse Altitude Total Ablation Ablation Ablation No. of days 
rate (m a.s.l.) MDD season season season experiencing 

(°C km-1) (days) start (J.D.) end (J.D.) melting 

1992 

4.0 400 353.8 118 155 272 106 
650 253.9 118 157 272 96 
900 166.7 102 171 272 79 

5.5 400 292.6 118 155 272 98 
650 166.7 102 171 272 79 
900 75.1 95 172 266 44 

7.0 400 235.1 113 160 272 93 
650 96.5 101 172 272 57 
900 34.8 91 175 265 23 

1993 

4.0 400 416.9 110 164 273 89 
650 332.4 106 165 270 79 
900 255.2 106 165 270 69 

5.5 400 365.1 106 165 270 83 
650 255.2 106 165 270 69 
900 167.3 100 171 270 54 

7.0 400 316.6 106 165 270 79 
650 189.2 102 169 270 56 
900 105.6 62 172 233 43 

Table 4.3. Summary of the 1992 and 1993 ablation seasons on Ayerbreen, predicted 
using the Svalbard Lufthavn air temperature data. 

(a) 1 August 1992 (J.D. 214) - melting occurred over the entire altitudinal range, as confirmed 
by ground observations, 

(b) 5 September 1992 (J.D. 249) - melting non-existent over the entire altitudinal range, 
(c) 17 July 1993 (J.D. 198) - melting occurred over the entire altitudinal range, 
(d) 21 August 1993 (J.D. 233) - melting occurred over the entire altitudinal range, 
(e) 25 September 1993 (J.D. 268) - melting probable at lower altitudes only, the 4.0 and 

5.5°C 1an-1 lapse rates indicate possible melting at 650 m, and the former at 900 m. 

4.4.1.3 Comparison of A WS data with the retreat of the Ayerbreen transient snow line 
Holmgren ( 1971) reported that the greatest rates of melting on Devon Island Ice Cap in 

the Canadian Arctic were associated with strong winds, while both Braithwaite and Olesen 
(1985) and Lefauconnier and Hagen (1990) suggested that a strong relationship exists between 
ablation and long-wave ( outgoing) radiation; therefore, in addition to air temperature, the 
influences of wind speed and long-wave radiation, the latter computed as the difference 
between global and net radiation, on ablation were examined. The increase in the transient 
snow line elevation was used as a proxy indicator of ablation; its change in altitude was 
estimated to the nearest metre along the centre line through the surface sites ( of known 
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Lapse Altitude Total Ablation Ablation Ablation No. of days 
rate (m a.s.l.) MDD season season season experiencing 
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Table 4.3. Summary of the 1992 and 1993 ablation seasons on Ayerbreen, predicted 
using the Svalbard Lufthavn air temperature data. 

(a) 1 August 1992 (J.D. 214) - melting occurred over the entire altitudinal range, as confirmed 
by ground observations, 

(b) 5 September 1992 (J.D. 249) - melting non-existent over the entire altitudinal range, 
(c) 17 July 1993 (J.D. 198) - melting occurred over the entire altitudinal range, 
(d) 21 August 1993 (J.D. 233) - melting occurred over the entire altitudinal range, 
(e) 25 September 1993 (J.D. 268) - melting probable at lower altitudes only, the 4.0 and 

5.5°C 1cm-1 lapse rates indicate possible melting at 650 m, and the former at 900 m. 

4.4.1.3 Comparison of A WS data with the retreat of the Ayerbreen transient snow line 
Holmgren ( 1971) reported that the greatest rates of melting on Devon Island Ice Cap in 

the Canadian Arctic were associated with strong winds, while both Braithwaite and Olesen 
( 1985) and Lefauconnier and Hagen ( 1990) suggested that a strong relationship exists between 
ablation and long-wave (outgoing) radiation; therefore, in addition to air temperature, the 
influences of wind speed and long-wave radiation, the latter computed as the difference 
between global and net radiation, on ablation were examined. The increase in the transient 
snow line elevation was used as a proxy indicator of ablation; its change in altitude was 
estimated to the nearest metre along the centre line through the surface sites ( of known 
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elevation), from site 62 to Pit 4. Seven observations were made and are summarised, with the 
associated meteorological data, in Table 4.4. 

The data were analysed using simple or multiple regression techniques, the latter 
incorporating more than one independent climatological variable. As expected, the simple 
correlation coefficients of the cumulative data are all very high: 0.992 for air temperature, 0.976 
for wind speed, and 0.964 for long-wave radiation, and are significant despite the small 
number of observations in the analysis. These values are equivalent to predictions of the 
transient snow line altitude to within 4.46, 7.48, and 9.08 m, respectively, at a 95% confidence 
level. Assuming a 5° gradient these values translate to a planimetric accuracy of 51, 85 and 
104 m, respectively, and are consequently of little use for validating remotely-sensed imagery. 
By using all three variables to predict the transient snow line altitude the accuracy can be 
significantly increased. The correlation coefficient becomes 0.997, which, with a 5° slope, 
corresponds to a vertical and planimetric accuracy in the transient snow line position of 2.58 m 
and 29 m, respectively, at a 95% confidence level. However, the required spatial accuracy of 
6.25 m (half the image pixel size) is only obtained at a 37% confidence level and, therefore, 
ground survey is a necessary requirement in determining the position of the Ayerbreen facies 
margins to an accuracy commensurate with ERS-1 SAR image validation. 

4.4.2 Analysis of Ayerbreen multitemporal SAR data 
In the following qualitative analysis the multitemporal backscatter changes on 

Ayerbreen are described in Julian day order, thus characterising the annual cycle over a 
calendar year. Significant variation between the 1992 and 1993 data, caused by differences in 
the rate and extent of ablation, for example, are explained where appropriate. Image data 
(Figure 4.10), profile data (Figure 4.11), ratio (backscatter change) images (Figure 4.12), and 
backscatter histograms of the Ayerbreen mask (d.histogram) (Figure 4.13) are all utilised to 
interpret the seasonal changes in cr0• Ratio images have only been derived where two 
successive images (35 days apart) were obtained. 

Date Transient Observation Cumulative Cumulative Cumulative 
(J.D.) snow line method air wind speed long-wave 

altitude temperature (m s- 1) rad. 
(m a.s.l.) (°C) (MJ m-2) 

198 420 Oblique photography 0.000 0.000 0.000 
203 429 Facies margin survey 10.830 19.300 359.525 
206 434 Oblique photography 21.626 26.157 592.107 
209 445 Facies margin survey 36.759 40.447 835.519 
214 483 Point survey 60.716 62.830 1097.095 
217 490 Facies margin survey 71.842 72.000 1225.573 
232 518 Oblique photography 103.449 123.427 1957.942 

Table 4.4. Observational and meteorological data used in the statistical analysis of the 
retreat of the Ayerbreen transient snow line during 1992. 
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Figure 4.10. Multitemporal ERS- 1 C-band SAR imagery of the Ayerbreen mask. 
(a) 18 April 1992 (J.D. 109); (b) 8 May 1993 (J.D. 128); (c) 12 June 1993 
(J.D. 163); (d) 17 July 1993 (J.D. 198). The full look-up table for the 
imagery is provided in Table 4.2, and a quick reference look-up table, 
based on the actual colour output, given below. The scale bar in (a) 
represents 1 km. 

> +3 dB (white), +2 dB (red), -4 dB (brown), -10 dB (green), 
-16 dB (blue), - 22 dB (indigo), < -23 dB (black) 
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Figure 4.10. Multitemporal ERS-1 C-band SAR backscatter imagery of the Ayerbreen mask. (e) 1 August 1992 (J.D. 214); (f) 21 August 1993 (J.D. 233); (g) 5 September 1992 (J.D. 249), the area of slush also visible in the 28 August TM image (Figure 6.4) is labelled 'S'; (h) 25 September 1993 (J.D. 268). The full look-up table for the imagery is provided in Table 4.2, and a quick reference look-up table, based on the actual colour output, given on the previous page. The scale bar in (a) represents 1 km. 
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Figure 4.11. Multitemporal ERS-1 C-band SAR backscatter from the Ayerbreen long-profile (cf. Figure 4.2a). The glacier surface facies margins are indicated where discernible. (a) 18 April 1992 (J.D. 109); (b) 8 May 1993 (J.D. 128); (c) 12 June 1993 (J.D. 163); (d) 17 July 1993 (J.D. 198). 
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Figure 4.12. 
Backscatter changes across the Ayerbreen 
mask derived from ERS-1 C-band SAR 
data acquired 35 days apart. (a) 8 May-
12 June 1993; (b) 12 June-17 July 1993; 
(c) 17 July-21 August 1993; (d) 1 Augusts September 1992; (e) 21 August-
25 September 1993. The full look-up table 
for the difference imagery is provided in 
Table 4.2, and a quick reference look-up 
table, based on the actual colour output, 
given below. The scale bar =.1 km. 

> + 13 dB (white) 
+12 dB (red) 

+6 dB (brown) 
0 dB (green) 

-6 dB (blue) 
- 12 dB (indigo) 

< - 13 dB (black) 
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Figure 4.13. Multitemporal ERS-1 C-band backscatter histograms of the Ayerbreen 
mask in 1 dB bins (n = 6708). (a ) 18 April 1992 (J.D. 109); (b) 8 May 
1993 (J.D. 128); (c) 12 June 1993 (J.D. 163); (d) 17 July 1993 
(J.D. 198); (e) 1 August 1992 (J.D. 214); (f) 21 August 1993 (J.D. 233); 
(g) 5 September 1992 (J.D. 249) ; (h) 25 September 1993 (J.D. 268). 
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18 April 1992 (J.D. 109): The snow line is clearly revealed as a marked change in cr0 in the 
image (Figure 4.10a) and profile data (Figure 4.lla); the ice and wet-snow facies have an 
average cr0 of - 7 dB and - 12 dB, respectively. Assuming Ayerbreen is a sub-polar glacier with 
a warm thermal regime in at least part of the accumulation area (cf. Section 1.2.5), the trend of 
increasing mean backscatter with elevation in the wet-snow facies results from the firn being 
refrozen to greater depths at higher altitudes; therefore , proportionately more ice 
inhomogeneities contribute to volume scatter. Some of the variation of cr0 in the wet-snow 
facies can be attributed to topographic factors: peaks or troughs in the profile data at pixel 
positions 113, 142 (incised 3 m deep surface meltwater stream channel), 152, 163, 187, and 
216 (bottom of headwall) can be seen in many or all of the profiles ( cf. Figure 4.11 ). The 
inclusion of ice lenses in the overlying snowpack, from melting events outside the main 
ablation period, may be discounted because of the clear separability of the ice and wet-snow 
facies. Therefore, if the dry-snowpack may be considered homogeneously radar transparent, 
the considerable variation of cr0 within the ice facies (cf. Figures 4.10a and 4. lla) must be 
related to surface slope changes and, as the gradient is approximately constant along the lower 
profile, deviations in the surface roughness of the glacier ice beneath the snowpack. The 1991 
snow line, at pixel position 77, corresponds to an elevation of - 540 m. 

8 May 1993 (J.D. 128): Figures 4.10a and b, and Figures 4.lla and b, indicate a high 
similarity between the spring backscatter patterns of 1992 and 1993; the difference in cr0 

between the ice and wet-snow facies is not quite as marked as the previous year (cf. Figures 
4.lla and b).The 1992 snow line, at pixel position 90, is equivalent to an elevation of - 550 m. 

12 June 1993 (J.D. 163): Table 4.3 implies, assuming a lapse rate -:2'. 4 .0°C km·1, that 
significant melting did not begin until at least 13 June; this hypothesis is confirmed by the high 
correlation between Figures 4. lOb and c, Figures 4.1 lb and c, and the uniform nature of the 
8 May-12 June 1993 ratio image (Figure 4.12a), with a mean value of O dB . However, Figure 
4 .1 Oc does indicate that both the variation and average value of cr0 from the ablation area 
increased, the latter by +2 dB, probably as a result of greater volume scatter from a denser 
snowpack with larger mean grain radius (cf. Section 5.6.2). Consequently, the sharp change in 
cr0 at the snow line.is no longer present and, without a priori knowledge, this facies margin 
cannot be discriminated in the profile (Figure 4.1 lc), although still visible in the image (Figure 
4.10c). The SAR data were thus acquired near-coincident with the start of the spring warming 
reversal. 

17 July 1993 ( J.D. 198 ): The onset of melting over the entire glacier initiated striking changes 
in the backscatter pattern across Ayerbreen (cf. Figures 4.10c and d) '. Although a0 from the 
glacier ice increased slightly to a mean of -10 dB along the profile, as surface scattering from 
the exposed glacier ice began (Figure 4.1 ld), it is the decrease in a 0 within the wet-snow 
facies, to a mean of - 18 dB, that is the principal cause of the observed spring warming 
reversal. The 12 June-17 July 1993 ratio image (Figure 4.12b) indicates that the reduction was 
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significant, and the average figure of - 16 dB compares favourably with that of - 17 dB 
recorded at Gepatschferner (cf. Figure 2.18a) (Rott and Nagler, 1994). These transformations 
are reflected by changes in the mean and standard deviation of a0 from the Ayerbreen mask, the 

former by :5: - 3.2 dB and the latter by ~ + 1.0 dB, compared with the data acquired prior to the 
spring warming (cf. Figures 4.13a-c and 4.13d). 

The sharply defined O dB isoline in Figure 4.12b corresponds to the transient 
superimposed ice line in Figure 4.lOd (cf. Section 4.3.1), except for two curvilinear features 

representing surface meltwater channels. These show a contemporaneous increase in 
backscatter, caused by the overlying wet-snow cover being quickly removed once the streams 

began to flow, and uncovering steep channel walls from which dihedral scattering occurred. 
The increase in backscatter from south to north in the upper wet-snow facies is a consequence 

of the concave slope in the accumulation area. 

The profile (Figure 4.lld) shows an atypically high 16 dB difference (mean "" 8 dB) 
between backscatter from bare glacier ice and superimposed ice at the transient superimposed 
ice line. At higher elevations the transient snow line and slush limit are visible, although neither 

is easily identifiable in the image (Figure 4.10d). The idealised backscatter response of the 
superimposed ice zone (cf. Section 4.3.1) is more fully realised than in the 1 August 1992 
profile (Figure 4.1 le); up-glacier from the point of lowest backscatter (- 21 dB), a 0 increases to 

- 13 dB across two pixels (25 m), representing the transition from 'superimposed slush' to a 

very rough crystalline ablation surface. Further up-glacier the gradual decrease to -20 dB at the 
transient snow line is similar to that of the 1 August 1992 profile ( cf. Figures 4.1 ld and e ). 

1 August 1992 (J.D. 214): Although acquired 16 days later in its respective year than the 

17 July 1993 image, this image indicates that the facies margins were at a lower elevation on 

1 August 1992 than 17 July 1993 ( cf. Figures 4.10d and e ), corroborating the different ablation 
season characteristics displayed by Figures 4.8 and 4.9. Unlike the transient snow line and 
slush limit, the positional change of the transient superimposed ice line is significant (15 pixels 

= 187.5 m) and, therefore, the superimposed ice zone was considerably larger on 1 August 
1992. A comparison of the two corresponding profiles (Figures 4.1 ld and e) implies that the 
change was entirely due to variation in the size of the lower superimposed ice zone, that which 

grades from 'superimposed slush' to the rough crystalline ablation surface. Other profiles, not 
illustrated, reveal that the vertical extent of this lower superimposed ice zone varied 
considerably in both images. 

Both the 17 July 1993 and 1 August 1992 data show a significant deviation in a0 across 

the wet-snow facies. The reversal of high and low backscatter on the two profiles, for example 
at pixel positions 132 and 193 ( cf. Figures 4. lld and e ), suggests that changes in surface 

roughness or liquid water content, caused by differential exposure to ablation processes, 
contributed to the backscatter variation in addition to topographic effects. The 1 August 1992 
histogram (Figure 4.13e) has two peaks at - 12 dB and--4 dB, and a minimum at -8 dB making 
a very basic classification of Ayerbreen possible; any pixel with a0 > - 8 dB is bare glacier ice, 
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and any pixel with cr0 :s; - 8 dB is superimposed ice, slush, or wet snow. This is not feasible for 

the 17 July 1993 data because the bare ice is less homogeneous and has a much lower mean cr0
• 

21 August 1993 ( J.D. 233 ): The image, profile, and ratio image data (Figures 4.10!, 4. llf, 
and 4.12c) show an extension of bare glacier ice since 17 July. However, it remains less 
homogeneous and with a lower average cr 0 than 1 August 1992 so that, despite the 

considerably larger extent of bare glacier ice, the mean cr0 of the Ayerbreen mask is 0.6 dB 

lower for the 1993 data (cf. Figures 4.13e and.f). As the multitemporal measurements of 

micro-scale surface roughness were unsuccessful, the variation of this parameter through the 

ablation season is unknown. Since glacier ice comprises a series of foliation layers, near

horizontal in the Ayerbreen ablation area, the micro-scale surface roughness may be cyclical, 

with each cycle corresponding to the melting of a single ice layer. 

An alternative hypothesis is that the surface roughness is dependent on the type of 

ablation occurring. Typically, radiational melting and convective-thermal melting are dominant 

in the former and latter parts of the ablation season, respectively; radiational melting is spatially 

selective, being a function of the uneven distribution of impurities in the ice (these have a 

higher emissivity than the ice and therefore absorb more radiant energy), whereas convective

thermal melting, which takes place when the convective heat influx from warm air is too great 

to be expended on selective ablation only, melts the surface uniformly (Shumskiy, 1964). 

Thus, it may be postulated that micro-scale roughness within the ablation area is, to some 

extent, inversely related to the temperature of the preceding period. In the case of Ayerbreen 

this premise satisfactorily explains the higher backscatter on 1 August 1992 compared to 

17 July and 21 August of the following year, a consequence of the more intense periods of 

melting in 1993 (cf. Figures 4.8 and 4.9). 

The transient superimposed ice line can be located in Figure 4.1 lf. However, the 

transient snow line and slush limit are less obvious. The latter may correspond to pixel position 
94; a comparison with other profiles reveals that the peak in cr0 at pixel position 112 is probably 

a topographic effect. The 21 August 1993 profile displays a decreasing trend in cr0 with altitude 

(until reaching the headwall) in the wet-snow facies, similar to that in Seasat SAR imagery of 

Hofsjokull, Iceland; Rott (1984[a]) postulated that the surface roughness of wet snow was a 

function of melt erosion, and could therefore be expected to decline with elevation. The 

17 July-21 August 1993 ratio image (Figure 4.12c) clearly discriminates the region of glacier 
ice exposed since 17 July, as the only homogenous area s~owing an increase in cr0 • It also 

suggests that the aspect of the glacier surface is the principal control regarding the retreat of the 

glacier facies. In the convex ablation zone the facies margins trend north-south whereas in the 

concave accumulation zone they trend east-west (cf. Figure 4.3), a phenomenon caused by 

enhanced ablation on south-facing slopes. 

5 September 1992 (J.D. 249): The Ayerbreen wet-snow facies was probably frozen to a depth 

of several centimetres on 5 September 1992 (cf. Figure 4.8). Thus, although more ablation 
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followed, Figures 4. lOg and 4. llg are indicative of the fall cooling reversal period. 

Furthermore, a snowfall in early August had settled and frozen in the topographic lows of the 

glacier foliation in the ablation area, thus reducing its micro-scale surface roughness (Figure 
4.14). A lowering of a0 on Hintereisferner in 1992 by approximately -4 dB following a cold 

period was reported by Rott and Nagler (1994) . The corresponding decrease of a 0 from 

Ayerbreen was between -5 and -10 dB , as revealed by the 1 August-5 September 1992 ratio 

image (Figure 4.12d). 

The wet-snow facies shows average increases in a 0 of + 12 dB and + 7 dB in its lower 

and upper extent, respectively , suggesting that volume scattering from snowpack 

inhomogeneities had restarted, thus supporting the premise that the snowpack surface layer was 
frozen . The higher increase in a 0 at lower altitudes is probably a function of a greater 

concentration of ice lenses, from more melting events, within the frozen layer. As the depth to 

which the snowpack is frozen increases through the fall , the summer surface crusts in the upper 

accumulation area also contribute to the volume scatter, which eventually exceeds that at lower 

altitudes ( cf Figures 4. lOa-c ). The profile (Figure 4 . llg) reveals that the transient 

superimposed ice line is no longer apparent, and that the transient snow line (probably the 
transient slush limit; cf. Section 4.3.2) , at pixel position 86, is now discernible as a rise in a0

• 

Note that this margin was not yet at the position indicated in the 8 May 1993 profile (pixel 

position 90) (cf. Figure 4.llb) , but Figure 4.8 suggests that further melting took place during 

Figure 4.14. Ayerbreen bare glacier ice surface on 15 August 1992. The refrozen snow, 
which caused a significant reduction in the micro-scale surface roughness, 
is evident in the topographic lows of the ice foliation. 
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September. A consequence of the fall cooling scenario is a smaller range of values and a 
lowering of the mean a 0 for the Ayerbreen mask compared to 1 August (cf. Figures 4.13e and 

g). 

25 September 1993 (J.D. 268): A substantial increase in a 0, from +8 to + 12 dB, occurred 

across most of Ayerbreen between 18 August and 25 September 1993 (cf. Figure 4.12e). The 
latter SAR data were acquired following a period of sub-zero temperatures, but melting 
probably did develop at lower altitudes on 25 September (cf. Figure 4.9). An explanation for 
the marked temporal increase in a 0 

( +5 dB) from the upper region of glacier ice can be 

advanced using the premise that micro-scale roughness is inversely related to temperature, 
through the influence of the latter on the ablation regime; Figure 4.9 indicates that high 
temperatures (convective-thermal melting= low roughness) probably occurred on 21 August 
( a 0 = - 11 dB), whereas low temperatures (radiational melting= high roughness) took place on 
25 September (a0 = -6 dB). Moreover, this hypothesis can similarly account for the decrease 
in a0 at the lower elevations of Ayerbreen on 25 September 1993; the reduction of -5 dB is a 
consequence of the higher temperatures at lower altitudes inducing convective thermal melting 
rather than radiative melting (cf. Figures 4.10h and 4.1 lh). In addition, perhaps sufficient 
surface water was present to cause high dielectric losses at the lower elevations where melting 
was most intense. Unfortunately, this second hypothesis is not valid for 1 August 1992; at that 
time Ayerbreen was experiencing significant ablation at all altitudes (cf. Figure 4.6a), yet 
Figure 4. lOe indicates that the glacier ice had a uniformly high backscatter. 

The 25 September 1993 profile (Figure 4.llh) displays a decrease in backscatter with 
elevation broadly similar to that on 5 September 1992 (Figure 4.1 lg). Reduced a0 values in the 
lower wet-snow facies may be a consequence of slight surface melting. As little melting 
occurred after 25 September (cf. Figure 4.9), an approximate 1993 snow line can be derived 
from the profile at pixel position 104 (565 m). The histogram data (Figure 4.13h) show a 
similar backscatter frequency distribution to the spring data, despite considerable differences in 
the areas of Ayerbreen contributing to a given a° value. 

4.4.3 Comparison with other Nordenskiold Land glaciers 
Two other glacierised areas, Fridtjovbreen and Kokbreen-Rugaasfonna (cf. Figure 

1.2), are analysed to ascertain the degree to which the backscatter changes that distinguish the 
annual mass balance cycle of Ayerbreen are characteristic ,of other glaciers in Nordenskiold 
Land. Only significant deviations from the Ayerbreen backscatter pattern are described, 
together with information regarding the. mass balance. The height of facies margins on 
Fridtjovbreen have been obtained by comparing the SAR imagery with the 1988 contour map 
produced by Glazovsky and Moskalevsky (1989). However, elevations on Kokbreen
Rugaasfonna have been estimated by assuming that the glacierised area has uniformly 
downwasted by 20 m since 1936, the date when the aerial photography used as a basis for the 
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NP 1: 100 OOO map series was acquired; justification for the 20 m figure is given in Section 
6.4 .3. 

4.4.3.1 Fridtjovbreen 

Fridtjovbreen is both the largest glacier in Nordenskiold Land, encompassing an area of 
48.70 km2 in 1980 (Hagen et al., 1993), and the only remaining tidewater glacier. It is known 
to have surged in 1861, and is shown close to its maximum extent in a 1901 map (cf. Nathorst, 
1910). By 1927 it had retreated approximately 800 m (Gripp, 1929), and since 1936 has 
further retreated between 1.3 and 2.0 km, equivalent to losing 1.38 km3 of volume. Recent 
Russian mass balance measurements are all negative (cf. Table 1.4), although calving is only 
thought to account for 17% of the wastage (Glazovsky et al., 1991). Six ERS-1 SAR scenes of 
Fridtjovbreen were available for study ( cf. Section 4.1.1 ); the image data and profile data are 
shown in Figure 4.15 and Figure 4.16, respectively. 

The 1992 snow line is identifiable in the 12 June 1993 data (Figures 4.15a and 4.16a) 
as a sharp 5 dB increase in cr0 beginning at pixel position 261, equivalent to an elevation of 
310 m. Assuming a linear relationship between net mass balance and ELA along the profile, 
then, using the information that bn = 0.00 m a-1 water equivalent (WE) when the ELA = 260 m 
(Hagen et al., 1993), and bn = - 0.37 m a- 1 WE when the ELA = 375 m (Glazovsky et al., 
1991), the maximum 1991/92 wastage, the snow line representing the maximum ELA (cf. 
Figure 2.16), is - 0.16 m a-1 WE (cf. Section 6.4.4 for a more accurate estimate). A noticeable 
difference between Fridtjovbreen and Ayerbreen is the high backscatter from the terminus 
region ( cf. Figures 4.10c and 4.15a ). This undoubtedly represents dihedral scattering from 
crevasses near the calving front, similar to that described by Dowdeswell et al. (1994[b]) at the 
margins of the Nordaustlandet ice cap. A comparison with 1990 aerial photographs reveals that 
the linear features of high backscatter on the lower eastern margin (cf. Figure 4.15a) are 
topographic in nature; a valley tens of metres deep separates the main body of the glacier from 
the most easterly section. I 'ii 

The transient superimposed ice line is the only facies margin clearly visible in the 1 !11 

17 July 1993 data (Figures 4.15b and 4.16b); however, the transient slush limit is discernible 
in the 1 August 1992 profile (Figure 4. 16c ). Several curvilinear features discernible in the 
Fridtjovbreen superimposed ice zone at this time are meltwater streams; these only have a high 
dihedral backscatter immediately above the transient superimposed ice line, and probably 
remained beneath snow or slush at higher elevations (cf. Figure 4.15c). Unlike Ayerbreen, the 
transient superimposed ice line had moved further up-glacier on 1 August 1992 than 17 July of 
the following year. 

A high backscatter zone is present in the 21 August 1993 data; so that the idealised 
backscatter pattern for the superimposed ice zone, described in Section 4.3.1 , is disrupted, and 
neither the transient snow line or slush limit can be determined. The transient superimposed ice 
line can still be discriminated in the profile (Figure 4.16d) but less easily in the image ( cf. 
Figure 4.15d). In the 5 September 1992 image (Figure 4.15e) this zone of high backscatter is 
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Figure 4.15. Multitemporal ERS-1 C-band SAR imagery of the Fridtjovbreen mask. (a) 12 June 1993 (J.D. 163); (b) 17 July 1993 (J.D. 198); (c) 1 August 1992 (J.D. 214). The full look-up table for the imagery is provided in Table 4.2, and a quick reference look-up table, based on the actual colour output, given below. The scale bar in (a) represents 1 km. 
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Figure 4. 15. Multitemporal ERS-1 C-band SAR backscatter imagery of the Fridtjovbreen mask. (d) 21 August 1993 (J.D. 233); (e) 5 September 1992 (J.D. 249), the slush feature also visible in the 28 August TM image (Figure 6.7) is labelled 'S'; (f) 25 September 1993 (J.D. 268). The full look-up table for the imagery is provided in Table 4.2, and a quick reference look-up table, based on the actual colour output, given on the previous page. The scale bar in (a) represents 1 km. 
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Figure 4.16. Multitemporal ERS-1 C-band SAR backscatter from the Fridtjovbreen long-profile (cf. Figure 4.15a). The glacier surface facies margins are indicated where discernible. (a) 12 June 1993 (J.D. 163); (b) 17 July 1993 (J.D. 198); (c) 1 August 1992 (J.D. 214); (d) 21 August 1993 (J.D. 233). 
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seen to stretch the entire width of Fridtjovbreen, and have the maximum a0 across the whole 
glacier, reaching - 2 dB in the profile (Figure 4.16e). The Landsat TM image, acquired on 28 
August 1992 (cf. Figure 6.7), shows that part of the transient slush limit in the centre of 
Fridtjovbreen, with a characteristic shape, extended further into the wet snow than elsewhere. 
This same feature is also displayed at the down-glacier side of the high backscatter zone in 
Figure 4.l5e. Therefore, the transient slush limit can still be discriminated in the 5 September 
1992 data, and the high backscatter zone must correspond to the lowest part of the unsaturated 
wet snow. Perhaps the very wet snow in this zone produced a particularly dense fim with large 
crystals on refreezing, which, combined with a high concentration of ice lenses from melting 
events, caused the high volume scatter; unfortunately, without in situ field data, the origin of 
this zone, which aerial photography demonstrates is not a function of topography, and that is 
not detectable in the Landsat imagery, must remain conjectural. 

The Landsat image, described fully in Section 6.3.3, also indicates that on 5 September 
1992 the Fridtjovbreen transient superimposed ice line was probably located at the beginning of 
an increase in a 0 , contrasting with Ayerbreen, where a similar rise is known to have 
corresponded to the transient snow line (cf. Figure 4.llg). On Fridtjovbreen the lower 
superimposed ice zone shows an up-glacier backscatter increase, that is, the refrozen slush has 
a higher a 0 than the bare glacier ice, whereas the smooth slush zone is still discernible as a 
narrow band of low backscatter. This image provides further evidence of the difficulties in 
interpreting SAR imagery of sub-polar glaciers acquired during periods of backscatter reversal, 
without the benefit of ancillary validating data. The 25 September 1993 data are similar to those 
of 5 September 1992, except for the zone of very high a0 near the calving front, up to +2 dB 
(cf. Figures 4.15f and 4.16.f), which may be indicative of a late melting event. All three facies 
margins may be discriminated in the 25 September 1993 profile (Figure 4.16.f); the transient 
snow line, at pixel position 347, is equivalent to a height of 355 m, and the transient 
superimposed ice line, at pixel position 260, is equivalent to 310 m. Hence, using the same 
relationship between bn and ELA as before, and assuming that ablation after 25 September was 
negligible, the net mass balance of Fridtjovbreen in the 1992/93 season was between - 0.16 and 
- 0.32 m a·' WE. 

4.4.3.2 Kokbreen-Rugaasfonna 

Kokbreen and its accumulation area, Rugaasfonna, have a combined area of 24 km2 and 
extend from 250 to 850 m a. s.l. (Hagen et al., 1993). No glaciological work has been 
undertaken on Kokbreen, but Hagen et al. (1993) estimated ELA0 as 510 m from the position 
of lateral moraines in 1977 aerial photography. A comparison of the SAR imagery with a map 
compiled from 1936 aerial photography indicates that the Kokbreen terminus has retreated an 
average of 1.5 km since that time. All eight SAR images were available for analysis; the image 
data and profile data are illustrated in Figures 4.17 and 4.18, respectively. 

The 1991 and 1992 snow lines are clearly defined in the spring imagery (Figures 
4.17a-c and 4.18a-c), and are both at 530-535 m. In the 18 April 1992 and 8 May 1993 data 
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Figure 4.17. Multitemporal ERS-1 C-band SAR backscatter imagery of the Kokbreen-Rugaasfonna mask. (a) 18 April 1992 (J.D. 109); ..... (b) 8 May 1993 (J.D. 128); (c) 12 June 1993 (J.D. 163); (d) 17 July 1993 (J.D. 198). The full look-up table for the imagery is ~ provided in Table 4.2, and a quick reference look-up table, based on the actual colour output, in Figure 4.15. Scale bar in (a)= 1 km. 
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Figure 4.17. Multitemporal ERS-1 C-band SAR backscatter imagery of the Kokbreen-Rugaasfonna mask. (e) 1 August 1992 (J.D. 214); (f) 21 August 1993 (J.D. 233); (g) 5 September 1992 (J.D. 249); (h) 25 September 1993 (J.D. 268). The full look-up table for the imagery is given in Table 4.2, and a quick reference table, based on the actual colour output, in Figure 4.15. Scale bar in (a)= 1 km. 
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Figure 4. 18. Multitemporal ERS-1 C-band SAR backscatter from the Kokbreen-Rugaasfonna long-profile (cf. Figure 4.17a). The glacier surface 
facies margins are indicated where discernible. (a) 18 April 1992 (J.D. 109); (b) 8 May 1993 (J.D. 128); (c) 12 June 1993 (J.D. 163); (d'J 17 July 1993 (J.D. 198). 
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the lower part of Kokbreen has very high values of a 0
, with a mean of - 8 dB, compared to 

- 12 dB further up-glacier (cf. Figures 4.17a and b); the boundary between the two zones 
corresponds to a marked narrowing of the glacier. Therefore, the higher backscatter may be a 
consequence of the underlying ice surface having greater macro-scale roughness associated 
with convergent flow, a hypothesis supported by the presence of flow lines down-glacier (cf. 
Figure 4.17). Apart from the peripheral areas of the terminus sloping towards the radar, the 
backscatter from the glacier below approximately 290 m shows a marked reduction in a 0 to 
- 16 dB by 12 June 1993 (cf. Figures 4.1 7c and 4.18c), and is indicative of the start of the 
ablation season, not yet evident at the higher elevations of Ayerbreen ( cf. Figure 4 .1 Oc). 

Note that, like Ayerbreen and Fridtjovbreen, the mean a0 from the Kokbreen glacier ice 
was greater during the 1992 ablation season than in 1993; typically - 2 dB versus - 5 dB (cf. 
Figures 4.17d-f). A comparison of the 17 July and 21 August 1993 data (Figures 4.17d and!) 
reveals that the transient superimposed ice line remained virtually static. This must have been 
due to very localised meteorological conditions, like persistent orographic cloud clover, 
because Ayerbreen, only 10 km to the north-west and at a higher elevation, undoubtedly 
experienced considerable ablation during this period (cf. Figure 4.9). Some melting did occur 
on Kokbreen, however, as demonstrated by the small up-glacier retreat of the transient slush 
limit and a 1-2 dB rise in a0 from the wet-snow facies (cf. Figures 4.18d and!). 

Terrestrial photography, taken on 21 August 1992 (Figure 4 .19), confirms that the 
I 

point where a0 starts to increase, from approximately - 10 to -4 dB, in the 5 September 1993 
profile (pixel position 278; cf. Figure 4.18g) is likely to correspond to the poorly defined 
transient slush limit; it also shows the transient superimposed ice line and snow line that are not 
apparent in the SAR image (Figure 4.17g). The up-glacier increase of a0 for the entire wet-
snow facies shown by the 25 September 1993 data (Figures 4.17h and 4.18h) suggests that the 
wet snow was refrozen to a greater depth than on 5 September 1992. However, the lower ice 
facies show high values of a0

, similar to Ayerbreen, implying that ablation was still taking 
place at lower elevations. The corresponding profile (Figure 4.18h) reveals the most likely 
transient snow line (or slush limit) position (pixel 210), is equivalent to only 410 m. This 
would mean that Kokbreen had a strongly positive balance year to 25 September, a hypothesis 
strengthened by the apparent non-retreat of the transient superimposed ice line between 17 July 
and 21 August 1993 (cf. Figures 4.17d and j); this contrasts with Ayerbreen and 
Fridtjovbreen, which appear to have had a more negative balance in 1992/93 than 1991/92. 

4.5 A MODEL OF THE ANNUAL BACKSCATTER CYCLE FROM A 
SUB-POLAR GLACIER 

A general model portraying the expected changes in C-band microwave backscatter 
from a sub-polar glacier long-profile throughou! a year has been developed. It is based 
principally on a comparison of the ERS-1 SAR dataset with the Ayerbreen in situ observations, 
together with additional information derived from Fridtjovbreen and Kokbreen. Only changes 
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Figure 4.19. View of Kokbreen on 21 August 1992, looking east across Svellnosbreen. 
Note the transient superimposed ice line 'a', not visible in the 5 September 
ERS-1 C-band SAR image, and the poorly defined slush zone 'b', that is. 

m a O resulting from spatial and temporal differences in either the surface or subsurface 
properties of the glacier are considered. Until similarly detailed surficial field-observations of 
· sub-polar glaciers are made elsewhere, the model must necessarily be consiqered valid only for 
Spitsbergen. It assumes an idealised terrestrial (non-tidewater) glacier of constant gradient in 
relation to the SAR look-direction - hence, the 'noise' caused by variations in the local 
incidence angle are disregarded - however, significant changes in a 0 induced by topography 
can be recognised by their static presence in the profiles. A further assumption is that no 
melting events encompassing the entire glacier occur outside the main ablation period between 
the fall cooling and spring warming reversals. The model, which follows a calendar year, 
comprises eight stag~s that are now described, and illustrated in Figure 4.20. Note that the · 
glacier shown may be considered small, say 5 km in length, so that details of the superimposed 
ice zone and slush zone are seen clearly. Note that, in the case of a tidewater glacier, strong 
dihedral backscatter from the crevassed lower region would cause high a 0 at all times except 
when wet snow was present (Stage 3). The extent to which theoretical radar backscatter models 
support quantitatively some of the depicted changes in a° is discussed in Section 5.6.4. 

1. Winter - early spring (Figure 4.20a): The entire glacier is covered by a dry-snowpack, 
transparent to the radar. Last season's snow line is visible as a sharp up-glacier increase in a 0

, 

typically 5 dB, from the ice facies (-11 dB) to the wet-snow facies (-6 to -4 dB). Backscatter 
from the wet-snow facies gradually increases up-glacier; the firn is frozen to a greater depth at 
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Figure 4.20. Eight stage model of C-band microwave backscatter from the long-profile 
of an idealised sub-polar glacier over a calendar year. 

higher altitudes so there are more ice inhomogeneities, resulting from summer surface crusts 
and significant surface melting events, that contribute to volume scatter. 

2. Start of spring warming reversal (Figure 4.20b): Slight surface melting and settling cause the 
overlying snowpack to become denser with a larger mean grain radius. This reduces the radar 
penetration depth into the firn, causing attenuation of a 0 from the wet-snow facies, but 
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increasing the volume scatter, and hence a0
, from the ice facies. Consequently, the ability to 

discriminate between the ice and wet-snow facies is impaired; the snow line is now represented 
by a 2-3 dB increase. 

3. Early ablation season (Figure 4.20c): Significant melting of the snowpack on the lower part 
of the glacier causes high dielectric losses that curtail volume scatter from this area. The wet
snow surface is fairly smooth resulting in a low radar return; a0 

- -16 dB. 

4. Mid-ablation season (Figure 4.20d): The spring warming reversal has finished. Bare glacier 
ice, which has replaced the wet snow of Stage 3, has a high backscatter (a0 = -7 dB) compared 
to the wet snow ( a0 = - 17 to -14 dB); backscatter from the latter decreases up-glacier as areas 
at higher elevations have undergone less melt erosion, the principal cause of surface 
roughening. Between these two regions lie the superimposed ice zone and slush zone. Moving 
up-glacier, the backscatter from the former shows a marked decrease to a -17 dB minimum as 
the glacier ice grades into the heavily ablated superimposed ice or 'superimposed slush'; this 
transition marks the transient superimposed ice line. There then follows a rapid rise in a0 to the 
point where the crystalline superimposed ice ablation surface is roughest. Backscatter, typically 
-12 dB, is less than from glacier ice as the large crystals are smoother at a micro (mm) scale. 
Further up-glacier a gentler decrease in backscatter reflects a reduction in surface roughness, 
the superimposed ice having undergone progressively less ablation. Newly exposed 
superimposed ice is smooth and has a similar a0 

(- -18 dB) to the lower slush zone; thus, this 
minimum backscatter denotes the transient snow line. The slush then grades quickly, assuming 
a slush zone only tens of metres wide, up-glacier into the wet snow, giving a local maximum at 
the transient slush limit. 

5. Late ablation season (Figure 4.20e): The facies margins have retreated up-glacier so the 
extent of bare glacier ice is enlarged. a0 is shown remaining constant for this zone, although 
temporal variation associated with changes in micro-scale roughness may occur; the influence 
of temperature on the relative importance of radiational and convective-thermal melting, which 
produce a rougher and smoother surface, respectively, may be a significant factor. Backscatter 
from the wet snow has increased slightly ( 1 dB) as the surface becomes rougher with repeated 
melting events. 

6. Start of fall cooling reversal (Figure 4.20.f): The wet-sno~ facies has refrozen to a shallow 
depth; volume scatter is higher at lower altitudes because the greater number of summer melting 
events have resulted in a higher concentration of ice lenses in the frozen surface layer. In 
addition, a 0 from the ice facies has decreased to approximately - 11 dB as a consequence of 
fresh snow settling and freezing in the sub-pixel scale (for spacebome SAR) topographic lows 
of the glacier and superimposed ice surfaces. Therefore, the transient snow line is the only 
facies margin now apparent, and is once more revealed as an up-glacier backscatter increase. 
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7. Late melting event (Figure 4.20g): This stage may not be present but is included as it 
occurred in Nordenskiold Land during both 1992 and 1993. Assuming that the ablation season 
comprises a cycle of several periods of melting interspersed with freezing temperatures, this 
stage represents a late melting event across the lower glacier while the snowpack remains 
frozen at higher elevations. Thus, a 0 from the bare glacier ice experiencing melting has 
increased again, to -7 dB, while it remains at -11 dB for the additional ice facies . An up-glacier 
expansion of the wet-snow facies with high backscatter reflects a deeper penetration of the cold 
wave into the snow and firn. If melting had occurred at higher elevations the surface of the 
lower region of wet-snow facies would become wet and have a low radar return, and, because 
it is unlikely that the summer backscatter pattern of superimposed ice and slush would fully 
develop following a short period of warming, the transient snow line would be denoted by an 
up-glacier decrease in a0

• Therefore, the considerably diverse meteorological conditions that 
can occur, both spatially and temporally, at the culmination of the ablation season make the 
interpretation of SAR imagery acquired at this time too problematical for automatic 
classification algorithms to be utilised successfully. 

8. Late autumn - winter (Figure 4.20h): Ablation has completely finished and dry snow covers 
the entire glacier. The firn is now refrozen such that all inhomogeneities within the radar 
penetration depth are contributing to the high volume scatter; therefore a 0 increases with 
elevation. Thus, the backscatter profile now resembles Stage 1, and the snow line is clearly 
discernible once again. 
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CHAPTERS 

ANALYSIS AND VALIDATION OF RADAR 
BACKSCATTER MODELS 

5.1 INTRODUCTION 

This chapter provides an overview of the theoretical models available for calculating the 
radar backscatter coefficient from a glacier, and uses in situ measurements acquired during the 
two field seasons on Ayerbreen to validate certain of these models against the values of a0 

derived from coincident SAR imagery (cf. Section 4.2.3). In the remainder of this introduction 
the individual scattering components from dry snow, wet snow, and glacier ice are described. 
The next section reviews empirical formulae regarding the dielectric properties of these three 
media, which are important parameters in the surface and volume scattering models outlined in 
the subsequent sections. As it is beyond the scope of this work to explain in detail the theory on 
which the various models are based, for most only the relevant equations, from which a0 is 
calculated, are presented, together with conditions for validity. Note, however, that the tangent
facet model, used for determining a 0 due to macro-scale surface roughness, differs from 
previous versions and is derived from first principles in Appendix 4. The macro-scale datasets 
themselves are also presented in this chapter; they are discussed in terms of their surface 
statistics, temporal changes, and whether they may be described using fractal geometry. Model 
validation is undertaken according to the three basic scenarios present on Ayerbreen: bare 
glacier ice, dry snow overlying glacier ice, and wet snow overlying glacier ice. The extent to 
which the theoretical models support the temporal changes in annual C-band backscatter from a 
sub-polar glacier, presented in Section 4.5, is examined by varying certain snowpack and 
roughness parameters. 

A general equation for the backscatter from a glacier surf ace may be written as 

0 0 0 0 
(1 = O'sa + O's + O'; ' (5.1) 

where O'~a is the backscatter at the air-snow interface, O'~ , is the volume scatter from the 
snowpack, and a? is the backscatter from the underlying glacier ice. A term to the left of 
another in ( 5 .1) will affect it by influencing how much energy is transmitted to the medium and 
at what angle. 

Thus, there is a maximum of three possible contributions, but only one or two need to be 
modelled for a given scenario. For a bare ice surface (Section 5.6.1) the first two terms are 
obviously irrelevant, but the third term comprises both a surface and volume scattering 
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component. The radar penetration depth into a wet-snowpack (Section 5.6.3) will probably be 
too small for the third term to be applicable. Furthermore, as Tsa(8) (the transmission 
coefficient across the air-snow interface) is very large in the case of dry snow (0.99 at normal 
incidence for p = 300 kg m·3 and T = -l0°C), a?a may be considered negligible compared to 
the other terms in (5.1) for a dry-snowpack (Section 5.6.2); such an approximation is usually 
invalid for wet snow because the surface has been roughened by wind and melt erosion. 

5.2 DIELECTRIC PROPERTIES OF ICE AND SNOW 

This section reviews recent experimental results regarding the real and imaginary 
components of the complex dielectric constant (permittivity) of ice, dry snow, and wet snow, 
that is, the dielectric constant t:', and dielectric loss factor t:" (cf. Section 2.2.2). 

5.2.1 The complex dielectric constant of ice 
The dielectric constant of ice is independent of frequency in the microwave region, but 

varies slightly with temperature (Wegmilller; reported in Matzler, 1987) such that 

t:; = 0.00091T + 3.1884, (5.2) 

where T is the temperature in Celsius. Previously it had been assumed constant over the 
microwave region and was often reported as 3.15 (e.g. Cumming, 1952; Blue, 1980; Ulaby et 
al., 1982). 

The dielectric loss factor, however, is significantly dependent on both frequency and 
temperature. Tiuri et al. (1984) used measurements of snow to derive the following equation 
for t:;', by extrapolating the snow density to that of ice at 0.917 g cm·3: 

s;'= 1.59 -106(!-1 + 1.23 -10-14 
• J 0

·
5 )e0

·
036

T = (1. 724 -10-3 e0
·
036

T for C- band), (5.3) 

where f is the frequency in Hz. The variation of t:;' with temperature is illustrated in Figure 
5.1, which shows the combined results of separate experiments by Matzler and Wegmilller 
(Matzler, 1987). 

No measurements oft:; specifically regarding glacier ice, which contains air in the form 
of bubbles, have been reported in the literature. However, if the volume fraction v of the air 
bubbles (the scatterers) is known, the statistical mean permittivity (t:) of the glacier ice may be 
obtained from the simple linear interpolation (Vallese and Kong, 1981) 

(5.4) 

where t:b and t:s are the permittivity of the background medium (t:b = t:;) and scatterers (t:s = 1). 
The variance of (t:), given the notation 8, is required for the Born approximation (Section 
5.4.3), and may be calculated using (Vallese and Kong, 1981) 
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Figure 5.1. Variation in the dielectric loss factor of pure ice with temperature. C-band (5.2 GHz) is represented by curve 3 and has an estimated error of 5% (Matzler, 1987). 

(5.5) 

5.2.2 The complex dielectric constant of dry snow 
The dielectric constant of dry snow is a function of snow density in the microwave 

region (Tiuri et al., 1984; Matzler, 1987). Tiuri et al. (1984) formulated the relationship as 

E;s = 1 + 1. 7 p + 0. 7 p2, (5.6) 

where p is the snow density in g cm-3• For p = 0-0.5 g cm-3, this expression never deviates by 
more than 2.8% from that of Matzler (1987), which has a smaller scatter when compared to in 
situ measurements, and is given by 

' -1 . I.6p 
Eds - + l-0.35p. (5.7) 

Work by Tiuri et al. (1984) showed the dielectric loss.factor of dry snow to be density
dependent and to have a temperature dependence similar to £;'. Using measurements at 2 GHz 
the following formula was derived: 

<:s = E;'( 0. 52p + 0. 62p1
). (5.8) 

Matzler (1987) used radiometric methods to calculate dielectric losses from a dry-snowpack 
(Figure 5.2). The values of the original data were reported unreliable at frequencies below 
10 GHz; new values at C-band (4.9 GHz), of :c:; 0.00036, are also shown (Rott et al., 1988). 
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Figure 5.2. Variation in the dielectric loss factor of dry snow with frequency. Squares 
and circles represent p = 0.30 g cm-3 and p = 0.35 g cm3, respectively (Rott 
et al., 1988). 

5.2.3 The complex dielectric constant of wet snow 
At GHz frequencies, both ice and air have a much smaller permittivity than liquid water, 

which is limited to certain isolated positions relative to the snow grains in a wet snowpack (cf. 
Colbeck, 1980). Therefore, the complex dielectric constant may be approximated by a 
linearised mixing formula for wet snow having~ 10% liquid water by volume (Matzler, 1987). 

Separate experiments by Hallikainen et al. ( 1982) and Matzler et al. (1984) indicated 
that the increase of the complex dielectric constant of snow due to wetness can be described by 
a Debye relaxation formula. The relaxation frequency of wet snow, the frequency where E;s is 
a maximum, is 10 GHz. Using the relationship between !:iE (the increase in snow permittivity 
caused by the liquid water fraction) and W (the volumetric liquid water content as a percentage; 
0 ~ W ~ 100) described by Denoth et al. (1984), the following equation was derived by 
Matzler (1987): 

, • 11 , 11 0.23W 
Ews = Ews + lEws = Eds +Eds + . ' 

1-if/fo 
(5.9) 

where fo is the relaxation frequency (10 GHz), and E;s and E';, are obtained using (5.6) or 
(5 .7), and (5.8). Thus, the real and imaginary components may be written separately as 

I I 0.23Wfo
2 

d 
Ews = Eds + 2 2 ' an 

fo + f (5 .10) 

,, 11 0.23Wfof 
Ews = Eds + 2 2 · 

fo + f (5.11) 

Tiuri et al. (1984) derived the following two relations: 
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(5.12) 

e;s = e':s + e;(o.OOlW + 0.00008W2
), (5.13) 

where e: and e; are the dielectric constant and dielectric loss factor of water, which, using 
Debye equations in Tiuri et al. (1984), are 65 .81 and 36.52, respectively, at 5.3 GHz. Note 
that e':s may be assumed negligible to three decimal places for p :s; 0.35 g cm-3• A comparison 
between (5.10) and (5.12), and (5.11) and (5.13), for a snowpack where p = 0.35 g cm-3, is 
displayed in Figure 5.3; this indicates that for W :s; 10% the discrepancy between the two pairs 
of formulae increases with W. Deviations between the two sets of formulae, in terms of the 
radar penetration depth 8p, are shown in Figure 5.4, where 8P is calculated using 

(5.14) 

This is an approximation of the inversion of (2.18), applicable when (e"/e") << 1 (Rott et al., 
1985), and 8P is an overestimation because (5.14) ignores scattering losses. Both e:s and e;s 
are larger in the Matzler (1987) formulae than those of Tiuri et al. (1984) (cf. Figure 5.3), as 
are the corresponding radar penetration depths in Figure 5.4. The absolute difference in 8P is a 
maximum at small W (high Dp); for example, 361 mm when W = 0.5% and 5 mm when 
W = 10%. Neither pair of formulae have found exclusive favour in the literature: Drinkwater 
( 1989) used those of Tiuri while Rott and Nagler ( 1993) employed those of Matzler. The latter 
will be used where appropriate in this work. 
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Figure 5.3. A comparison of the dielectric properties of a wet-snowpack 
(p = 0.35 g cm-3) predicted using the formulae of Matzler (1 987): (5.10) and 
(5.11), and Tiuri et al. (1984): (5.12) and (5.13). 
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Figure 5.4. A comparison of the penetration depth of C-band radar into a homogeneous 
snowpack (p = 0.35 g cm-3, T = -0.5°C) calculated (using (5.14)) from the 
dielectric formulae for wet snow of Matzler (1987) and Tiuri et al. (1984). 

5.3 SURFACE SCATTERING MODELS 

5.3.1 The Kirchhoff formulation 
Surface backscatter may be modelled using the Kirchhoff (physical optics) formulation. 

It is applicable to surfaces with undulations larger than the incident wavelength, and assumes 
plane-boundary reflection at the surface; that is, the total field at any surface point can be 
calculated as if the wave is incident on an infinite plane tangent to the point (Chan and Fung, 
1978). For the formulation to be valid, a surface must have a correlation length greater than the 
free-space wavelength (l > Ao), while er, the rms height variation, must be small enough for the 
average radius of curvature to be larger than Jlo. Mathematically this may be written as (Ulaby 

et al., 1982) 

(5.15) 

where the wavenumber k0 = 2,r I Ao- Assuming these conditions are met, further assumptions 

are required to obtain an analytical solution; the Kirchhoff surface integral is simplified into two 
approximations depending on the magnitude of s, therms surface slope variation. 

5.3.1.1 The stationary-phase approximation for rough surface backscatter (s > 0.25 rad) 

This approximation further requires that (Rott, 1984[a]) 

(5.16) 
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From (5.16), a further condition for the ERS-1 C-band SAR at its nominal incidence angle of 
23° is that a> 0.0156 m; the increase of amin (the minimum rms height variation for which the 
stationary-phase approximation is valid) with eat this frequency is shown in Figure 5.5. The 
backscatter coefficient, comprising purely noncoherent scatter, for VV polarised radar is 

0 
Jr vv ( 0 )12 exp[~( tan 2 

8 I 2s
2

)] 

avv = 2 2 4e . , s cos (5.17) 

where r vv(O) is the Fresnel reflection coefficient at normal incidence ( cf. (2.6) ). Hence, for a 
given set of dielectric conditions, a 0 is only a function of incidence angle and rms slope 
variation. Note that (5.17) does not account for multiple scattering and thus ignores 
depolarisation effects (Drinkwater, 1989); modifications are required for surfaces where 
multiple scattering is significant, that is, where s and e are large. 

5.3.1.2 The scalar approximation for smooth surface backscatter (s < 0.25 rad) 
In this case scattering consists of a specular coherent component (at near nadir angles), 

diffuse noncoherent component, and additional noncoherent component due to surface slopes 
(Ulaby et al., 1982). Rott (1984[a]) found that the slope term was generally insignificant, 
especially at small incidence angles. Using an exponential surface correlation function (cf. 
(2.15)), often applicable to relatively smooth wet-snow surfaces, a 0 can be simplified to the 
approximation used by Drinkwater (1989): 

( 
2 2 2 )n 

0 (I I 2 ) ( 2 2 ) ~ 4k0 a cos e Ciyy = 2 r vv COS 8 exp -4k0 COS 8 · L. 
n! 

(k; n/l) 
(5.18) 

n=I 

5.3.2 The tangent-facet model 
A natural surface may also be mathematically described and modelled as a series of 

planar facets, each of which is tangential to the surface, on which micro-scale roughness is 
superimposed (Figure 5.6). If a facet has length d, then d >> Ao for diffraction effects not to 
dominate. Moreove·r, in order for phase errors to be unimportant, the real and modelled 
surfaces must never differ in height by more than ;\, / 2. Both these criteria restrict the curvature 
of the surface. Typical autocorrelation functions for the surfa,ce of the Ayerbreen ablation area, . 
obtained at a sampling interval of 0.25 m, are displayed in Figure 5.7; the functions with the 
median correlation length in directions orthogonal (l = 0.344 m) and parallel(/= 0.271 m) to 
glacier flow are shown. Note that, for p(x') ~ 0, the curves may be approximated by a 
Gaussian function. Therefore, the radius of curvature i)c is defined as (Ulaby et al., 1982) 

z2 
i) =--

c 2. 76a (5.19) 
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Figure 5.5. The m1mmum rms height vanat10n for which the stationary-phase 
approximation is valid for a given incidence angle at C-band. 

In general, if r>c >> Ao, then the model is valid (Rees, 1990); thus, an analysis of Tables 5.1 
and 5.2 (cf. Section 5.5) reveals that the macro-scale roughness data obtained from Ayerbreen 
are suitable inputs into a tangent-facet model for C-band SAR. Additionally, the model is 
invalid at high incidence angles because one facet may overshadow another. The Ayerbreen 
slope data, sampled at a 0.25 m interval, indicate that all residual slope angles (after the mean 
slope has been removed) are< 40° (cf. Figure 5.8); therefore, in this case, as the mean slope of 
the Ayerbreen ablation area is 5°, the model remains valid for 8::; 45° at all .azimuth angles. 

In the tangent-facet model each facet is considered as a specular reflector, although the 
concept is still described as scattering (Ulaby et al., 1982). The bidirectional reflectance 
distribution function (BRDF) from a single facet is a function of its size in relation to Ao and 
orientation relative to e. It is defined as 

BRDF= L' 
E 

(5.20) 

where L and E are the outgoing radiance and the irradiance at the surface, respectively (cf. 
Rees, (1990) for mathematical definitions of Land E).The tangent facet model assumes that 
the total BRDF is the summation from each facet in the assemblage. The normal-incidence · 

Figure 5.6. Subdivision of a natural surface into facets (macro-scale roughness) and a 
slightly rough component (micro-scale roughness) (after Elachi, 1987). 
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Figure 5.7. Typical surface autocorrelation functions (solid line) for the Ayerbreen 
glacier ice surface obtained on 15 August 1992 at a sampling interval of 
0.25 m. Idealised Gaussian (large dash) and exponential (small dash) 
functions are also shown. Circles and squares represent directions 
orthogonal and parallel to the glacier flow, respectively. 

50° 

50° 50° 
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Figure 5.8. Distribution of slope angles in the 0.25#2 grid acquired from the Ayerbreen 
ablation area on 15 August 1992. These slopes were the steepest obtained 
from the glacier ice surface (cf. Table 5.2). Directions refer to the local grid. 
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reradiation patterns from facets of three different widths (relative to a given A) are shown in 

Figure 5.9. In Figure 5.9a the facet is infinite and the entire field is reflected due to specular 
reflection. However, a facet of finite dimensions causes the reflected beam to diverge because 
of diffraction. The resultant reradiated field has a pattern comparable to an antenna of similar j I 

size to the facet; Figure 5.9b and c show the reradiation patterns for a wide (many wavelengths I 

across) and narrow facet, respectively. Note the amplitude of the side lobes is small compared 

to the main lobe. The composite effect of size and orientation on the reradiation patterns of 
individual facets is shown in Figure 5.10. Narrower facets often provide a higher percentage of 
their potential BRDF than wide facets , unless the latter are optimally oriented, because they 

have a less directional (more diffuse) reradiation pattern (Ulaby et al., 1982). 

The mathematical derivation of the tangent-facet model used to estimate the backscatter 

from the Ayerbreen macro-scale datasets is given in Appendix 4, and the results discussed in 

Section 5.6.1. 

5.4 VOLUME SCATTERING MODELS 

5.4.1 The semi-empirical model 
The semi-empirical approach (Stiles and Ulaby, 1980) employs a simple cloud 

approximation and may be written, for the case of a snowpack overlying glacier ice, as 

a 0 (8)=T 2 (8)[a0 (8')+ a7(
8

')] 
sa s I; ( 8') ' (5.21) 

where 8 is the incidence angle, 8' is the transmission angle, related to 8 by Snell's law ( cf. 

(2.3)), a~(8') is the volume scatter from the snowpack, T.rn(8) is the power transmission 
coefficient across the air-snow boundary (cf. (2 .7)), a?( 8') is the backscatter from the 
underlying ice surface, and L( 8') is the one-way loss factor of the snowpack. In addition 

(a) Infinite plane facet (b) Wide facet (c) Narrow facet 

Figure 5.9. Normal-incidence reradiation patterns from facets of differing width. 
(a) infinite facet; (b) wide facet; (c) narrow facet (after Ulaby et al., 1982). 
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Figure 5.10. Illustration of backscatter from facets as a function of width and orientation 
(Ulaby et al., 1982). 

(5.22) 

L( 8') = exp( Kedsec8'), (5.23) 

where av is the volume-scattering coefficient, Ke the extinction coefficient, and d the snowpack 
depth. The [} ( 8' ) terms account for the two-way attenuation loss experienced by the wave due 
to propagation through the snowpack. When calculating C-band a0 for glacier ice, this term 
tends to zero for a realistic depth of ice (-100 m). Following (2.17), Ke is the sum of the 
absorption coefficient Ka ( cf. (2.18)) and the scattering coefficient Ks. The latter, due to 
Rayleigh scattering f cf. Section 5.4.2), is given by (Fung and Eom, 1982) 

(5.24) 

where kb is the wavenumber in the background medium, r is the scatterer radius, Es and £b are 
the permittivity of the scatterer and background materials, respectively, and the number of 
scatterers per unit volume N is 

N=~ 
4nr3

' 
(5.25) 
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Note that (5.22) ignores diffuse scattering in the snow volume and multiple reflections between 
the snow-air and snow-ice interfaces (Ulaby et al., 1982). Therefore, the model is not strictly 

applicable to the wet-snow facies because the surface may be significantly roughened by melt 
erosion (cf. Table 5.5); field measurements described by Ulaby et al. (1982) confirm the 

model's invalidity in such a scenario. 

Alternatively, an analytical solution to the wave equation for a random medium using 
the Born approximation (Section 5.4.3) may be employed; this method, also called the field 
approach (Rott et al., 1985), iteratively calculates the coherent (average) and incoherent 
(fluctuating) fields from which the scattering coefficient is derived. A third method for 
modelling volume scatter, not utilised in this work, is radiative transfer theory, which accounts 

for multiple scattering. It may be generalised as a non-coherent, geometrical optics 

interpretation of wave propagation (M~itzler, 1987), and can be solved for any polarisation, 
making it particularly applicable to polarimetry (e.g. Wen et al., 1990). The radiative transfer 
equation describes the interaction between radiation and a medium in terms of simultaneous 
extinction (attenuation of the radiation within the medium) and emission (a contribution from 
the medium), usually in units of specific intensity (which has the same dimensions as spectral 
radiance: W sr1 m-2 Hz-1); see e.g. Fung and Eom (1982) and Ulaby et al. (1986). Both the 

Rayleigh and Born approximations have been applied under the radiative transfer method (Fung 

and Eom, 1982). 

5.4.2 The Rayleigh approximation 

The non-spherical snowflakes/grains that constitute a dry-snowpack are often modelled 

as spheres because the scattering and absorption efficiencies of ice particles· are only weakly 
shape-dependent (Ulaby et al., 1981). Liquid water droplets in a wet-snowpack may be 
similarly modelled, although it is known that the real distribution of water is in small fillets and 
veins between the contact points of neighbouring snow grains (Colbeck, 1980). The majority 

of air bubbles within a volume of glacier ice are also approximately spherical (Shumskiy, 

1964). 

Scattering of electromagnetic waves from such dielectric spheres is generally known as 

Mie scattering. However, when the particle size is much smaller than the wavelength the 
Rayleigh approximation may be used, that is, if (Ulaby et al., 1981) 

I 

( 
2
;: )( :J < 0. 5, (5.26) 

where Ab is the wavelength in the background medium and the other parameters are defined in 
(5.24). Note that for a snowpack, with air as the background, Ab = A.0 and £b = l, and for 
glacier ice, with air as the scatterer, £s = 1. The Rayleigh approximation is valid for dry snow at 

C-band if r < 2.5 mm, and is therefore suitable for modelling the depth hoar layer at the bottom 
of the spring snowpack (r"" 1-2 mm). 
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For each scatterer the backscattering cross section ab due to Rayleigh scattering is equal 
to (Ulaby et al., 1981) 

(5 .27) 

Thus, the total volume scattering coefficient O'v is 

(5.28) 

which can be substituted into (5.22). 

Note that the Rayleigh approximation is unable to treat two types of scatterers 
simultaneously; this is problematical in the case of wet snow, where both ice grains and water 
inclusions contribute to the volume scatter. Thus, in (5.28) O'v may be a combination of more 
than one scatterer, with <J'b and N having to be calculated independently for each (cf. 

Drinkwater, 1989). Equation (5.27) also requires v to be sufficiently small so near-field effects 
and phase correlations may be neglected (Matzler, 1987). However, Zwally (1977) and Kong 
et al. (1979) noted that this is often not a valid assumption for a dry-snowpack, and leads to 
overestimation of volume scatter; Zwally (1977) found that predicted values of O'v from 
observations of snow emissivity were 70-90% less than those derived using a scattering model 
based on the Rayleigh approximation. 

5.4.3 The Born approximation 
This approximation is valid for a random medium with a dielectric function 8(r) << 1, 

such that (Matzler, 1987) 

e(r) = (e)[l + 8(r)], (5.29) 

where (c) is the average e of the scattering volume, and e is assumed to be a scalar function of 
space (vector r). A solution for the backscattering coefficient using the Born approximation, 
which assumes Ga~ssian and exponential correlation functions in the horizontal and vertical 
plane, respectively, was presented by Tsang and Kong (1979): 

(5.30) 

where the randomly fluctuating part of e is characterised by a correlation function with variance 
8, k, is the wavenumber of the scattering medium, lr and lz are the horizontal and vertical 
correlation lengths, K:a is the absorption coefficient ( cf. (2.18) ), and T vv is the power 
transmission coefficient (cf. (2.7)). For small lr and lz (5.30) may be replaced by (Tsang et al., 
1982) 
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(5.31) 

By analysing thin-sections, Vallese and Kong (1981) determined that lr and lz correspond to the 

size of ice grains in dry snow and air bubbles in ice; this means that the scatterers do not have 

to be considered as spherical. Fung and Eom (1982) utilised columnar scatterers to represent 

brine inclusions in sea ice and also stated that earlier studies ( e.g. Colbeck, 1980) indicated that 

water particles in wet snow should be treated as elliptical. Rott (1984-[a]) reported that av for 

wet snow derived using the Born approximation with spherical scatterers produced values that 

were a few dB too low when compared to field measurements. A possible explanation is that 

the Born approximation is not fully valid for a high-loss medium like wet snow. Moreover, it 

requires that (Matzler 1987) 

(5.32) 

which is not strictly met for an air-ice or air/water-ice mixture. However, an improvement to 

the Born approximation by Matzler (1987), which accounted for the depolarising fields in the 

scattering medium, effectively stated that, if exponential autocorrelation functions are assumed, 

the Rayleigh and Born approximations were identical if lr (or lz) = 0.721r. Hence, by reducing 

the correlation lengths the theoretically improved approximation actually lowers O"v further (Rott 

et al., 1988). Nevertheless, it does corroborate the findings of Zwally (1977), previously 

mentioned in Section 5.4.2. 

5.5 ANALYSIS OF THE MACRO-SCALE ROUGHNESS DATASETS 

5.5.1 Analysis of surface roughness statistical parameters 

The mean macro-scale surface roughness statistics acquired on 3 August and 15 August 

1992 are given in Tables 5.1 and 5.2, respectively. Note that therms slope variations and 

correlation length l are partly a function of the sampling interval and, consequently, so is the 

rms height variation .a. This is because the sampling interval defines the aspect ratio, and hence 

the maximum slope present; moreover, its value affects the derived slope angle because the 

steepest slopes occur at the smallest scale (Efford, 1993). As l is linearly interpolated between 

horizontal distances with a normalised autocorrelation function p(x') greater and less than e-1
, 

where x' is the sampling interval (cf. Section 2.2.3) , its accuracy decreases with the sampling 

interval size. In addition, the minimum possible l, which occurs when p(x') = -1, is 

[1-( 1/ e) ]/2· x ', and therefore increases linearly with the sampling interval. However, for other 

values, the relationship between l and the sampling interval is dependent on the gradient and 

curvature of the autocorrelation function as it crosses the line y = e-1
: l is overestimated if p(x') 

is concave and underestimated if p(x') is convex. 
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Sampling Grid Transect Sample Rms surface Correlation Rms surface 

interval direction number height var. length slope var. 

(m) a (m) l (m) s (rad) 

0.50 1 Orthogonal 11 0.01 7 0.730 0.165 
Parallel 11 0.017 0.423 0.181 

2 Orthogonal 11 0.017 0.354 0.181 
Parallel 11 0.017 0.636 0.174 

3 Orthogonal 11 0.023 0.593 0.197 
Parallel 11 0.022 0.740 0.188 

1-3 Both 66 0.019 0.579 0.181 

1.00 1 Orthogonal 11 0.029 1.938 0.145 
Parallel 11 0.028 1.202 0.144 

2 Orthogonal 11 0.021 0.926 0.136 
Parallel 11 0.021 0.846 0.134 

3 Orthogonal 11 0.030 1.335 0.170 
Parallel 11 0.030 0.902 0.169 

1-3 Both 66 0.026 1.191 0.150 

2.00 1 Orthogonal 16 0.050 4.208 0.136 
Parallel 16 0.049 3.741 0.1 23 

1 Both 32 0.050 3.975 0.130 

Table 5.1. Summary of macro-scale surface roughness statistics obtained from the 
Ayerbreen ablation area on 3 August 1992 (J.D. 215). The transect direction 
is given relative to the ice-flow of Ayerbreen. Each grid refers to a different 
sub-region of the area surveyed (cf. Figure 3.9). 

There appears to be little variation in CJ and s between transects orthogonal and parallel 

to the ice flow; however, at sampling intervals of 0.50 and 1.00 m some variation in l is 

apparent. Generally l is greater in the direction orthogonal to the glacier flow; this is a 

consequence of the parallel transects being perpendicular to the ice foliation, responsible for the 

majority of the macro-scale relief. The reversal of this pattern at the 2.00 sampling interval on 
15 August was caused by a surface meltwater stream channel disrupting the typical surface 
roughness pattern. Note that in the 15 August dataset the average l, and particularly CJ, changes 

only marginally between the data obtained at the 0.25 and 0.50 m sampling intervals. 
Therefore, this observation and the variation of l with orientation, only apparent at intervals of 

0.50 and 1.00 m, suggest that a sampling interval of -0.50 m is optimal to describe statistically 
the macro-scale height variation of the Ayerbreen ablation area.' 

5. 5. 2 Discussion of the temporal variation in macro-scale glacier ice 
roughness on Ayerbreen 

The macro-scale surface statistics indicate that, for all the sampling intervals used on 
both dates (0.50, 1.00, and 2.00 m), the mean CJ and s increased, while the mean l decreased, 
between 3 August and 15 August 1992. Scatterplots showing the changes in CJ and l at the 

different sampling intervals are shown in Figure 5. llb-d; the 15 August data obtained at 
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Sampling Grid Transect Sample Rms surface Correlation Rms suiface 

interval direction number height var. length slope var. 

(m) a (m) l (m) s (rad) 

0.25 1 Orthogonal 11 0.039 0.309 0.367 
Parallel 11 0.039 0.164 0.372 

2 Orthogonal 11 0.055 0.339 0.409 
Parallel 11 0.044 0.368 0.393 

3 Orthogonal 11 0.017 0.313 0.238 
Parallel 11 0.017 0.321 0.233 

1-3 Both 66 0.037 0.302 0.335 

0.50 1 Orthogonal 11 0.041 0.426 0.290 
Parallel 11 0.041 0.359 0.285 

2 Orthogonal 11 0.053 0.313 0.322 
Parallel 11 0.052 0.406 0.301 

3 Orthogonal 11 0.021 0.366 0.202 
Parallel 11 0.022 0.396 0.193 

1-3 Both 66 0.038 0.384 0.265 

1.00 1 Orthogonal 11 0.051 1.100 0.226 
Parallel 11 0.051 0.825 0.223 

2 Orthogonal 11 0.051 0.563 0.235 
Parallel 11 0.051 0.865 0.242 

3 Orthogonal 11 0.034 1.072 0.172 
Parallel 11 0.034 1.014 0.172 

1-3 Both 66 0.046 0.872 0.212 

2.00 1 Orthogonal 16 0.070 1.555 0.183 
Parallel 16 0.070 3.000 0.170 

1 Both 32 0.070 2.277 0.176 

Table 5.2. Summary of macro-scale surface roughness statistics obtained from the 
Ayerbreen ablation area on 15 August 1992 (J.D. 227). (cf. Table 5.1 for an 
explanation of terms). 

0.25 mare displayed in Figure 5.1 la for completeness. Using the t-test for difference between 
means (e.g. Shaw and Wheeler, 1985), all three variables can be determined to be separable for 
the three sampling intervals, with a confidence interval as high as 99.5%. Statistically, this 
reveals that the samples have been drawn from different populations and, therefore, a 

significant increase in the macro-scale roughness within the Ayerbreen ablation area developed 
during the 12 days between the acquisition of the two datasets, despite the refreezing of fresh 
snow in the topographic lows (cf. Figure 4 .14). It also suggests that the magnitude of the 
roughness parameters are highly time-dependent. 

The increase in Ayerbreen macro-scale surface roughness may be indicative of 
radiational melting, although the period between dataset acquisition occurred in the latter part of 
the ablation season. Analysis of Figure 4.7 reveals that the air temperatures at Bolterskardet 
were lower during this time, actually below 0°C on three consecutive days, than most of the 
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earlier ablation season. Mean cloud cover values recorded at Svalbard Lufthavn indicate a 

smaller magnitude of August cloudiness in 1992 than usual, 5.6 octas versus an average of 

6.3 octas for 1976-89 (Hanssen-Bauer et al. 1990). This may explain the unusually cold 

temperatures at Bolterskardet (cf. Section 1.2.3), and hence the occurrence of radiational 

melting late in the ablation season. 

5. 5. 3 Can a glacier ice surface be described as fractal for sampling intervals 
between 0.25 m and 2.0 m? 

The gridded macro-scale height data also allow a preliminary analysis to determine 

whether the glacier ice surface can be described as fractal, that is, whether the height transects 

at different horizontal resolutions have a similar statistical roughness after rescaling, a property 

described as self-similarity (Efford, 1993). The use of fractal geometry will improve the 

accuracy of models for terrestrial backscatter because it accounts for the effects of sub-pixel 

variation in local incidence angle (and similarly for reflectance models and sub-pixel 

shadowing). A fractal surface may be parameterised by its dimension D (also called the 

Hausdorff-Besicovich dimension). This is greater than the topological/Euclidean equivalent; 

i.e. a straight line is one-dimensional (D = 1), whereas for an irregular line 1 < D < 2. 

Following the illustrative examples of Mark and Aronson (1984) and Rees (1992), if a line is 

measured using dividers set at distance X, and is composed of N steps, then its apparent 'true' 

length is 

limXN(X) . (5.33) 
x~o 

However, for a fractal surface such a limit is infinite and D may be defined such that (Rees, 

1992) 

lim xd N( x), (5.34) 
x~o 

where (5.34) tends to O if d > D, and to oo if d < D. 

The fractal dimension may be derived using a variogram technique (Mark and Aronson, 

1984; Rees, 1992). A_semivariogram is a function that relates the semivariance of a parameter 

to spatial separation (Curran, 1988). The semivariance of a transect of surface heights may be 

written as 

( [ h(x)- h(x + 8)J2) 
y(8) = 2 ' (5.35) 

where h(x) is the height at position x, 8 is the lag (the separation between the two points of 

measured height), and ( ) denotes spatial averaging. It can be shown (Rees, 1992) that fractal 

surfaces are characterised by a power-law variation of ywith 8, such that for a transect 
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y( 8) oc c54
-2D. 

Thus, from a log-log variogram 

4-m 
D=--

2 ' 

where m is the gradient of the best-fit regression line determined by least-squares. 

(5.36) 

(5.37) 

The nature of the gridded height data (cf. Figure 3.9) means that a three-dimensional 
analysis, using independent points located randomly within the grid, would have produced bias 
in the values of c5 used because of the spatial distribution of specific sampling intervals across 
the grid. Therefore, analysis was limited to those transects n where all sampling intervals were 
present; for Grid 1, n = 7, and for Grid 2, n = 4 (cf. Figure 3.9), in both axis directions. 
Spatial averaging was only undertaken up to 40% of the grid length for a given sampling 
interval; as the length of the lag increases the number of those lags in a given transect decreases 
and the confidence level of y( o) becomes statistically unreliable. 

Two distinct forms of semivariogram were derived from the transect data. Both may be 
described as unbounded (Curran, 1988), that is, they represent a surface having a definite trend 
and with a range, the distance within which the surface heights are related, greater than the 
usable transect length (12 m for the Ayerbreen data) . A basic unbounded semivariogram is 
illustrated in Figure 5. l 2a, whereas Figure 5. l 2b shows a multifrequency pattern with a 
wavelength of approximately 4 m superimposed on the unbounded form. Such a 
semivariogram is undoubtedly the result of the ice foliation within the Ayerbreen ablation area. 

The maximum and minimum values of D in each of the axis directions for Grid 1 are 
shown in Figure 5.13, and similarly for Grid 2 in Figure 5.14. These show that no significant 
variation exists in either grid between directions parallel and perpendicular to the glacier flow; 
the former might be expected to be larger, being orthogonal to the foliation. However, there is a 
marked change in D between the two grids; for Grid 1, D = 1.53 ± 0.03, and for Grid 2, 
D = l.89 ± 0.01. As D has been shown to correspond to perceived roughness (Pentland, 1984) 
this is to be expected (cf. Tables 5.1 and 5.2). Efford (1993) showed that D varied as a positive 
non-linear function with the mean slope angle. However, the exact relationship is determined 
by the sampling interval (cf. Section 5.3.1) and the lacunarity, a textural property of the 
surface. 

Significant research regarding the exact relationship between D, the sampling interval, 
and the surface roughness statistics, is obviously a prerequisite before fractal geometry can be 
utilised effectively in surface scattering models . Nevertheless, this work has suggested that, 
because macro-scale glacier ice can be described as fractal, such models would be appropriate 
for calculating radar backscatter from the ablation area. Note that the macro-scale datasets are 
also used as the data for testing the tangent-facet model (cf. Section 5.6.1 ). 
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Semivariogram forms of the macro-scale surface height data from the 
Ayerbreen ablation area. (a) unbounded; (b) multifrequency superimposed 
on unbounded. 

5.6 APPLICATION OF BACKSCATTER MODELS TO IN SITU 
AYERBREEN DATA 

5.6.0 Summary of backscatter models 
The backscatter models applied to the three glacier surface scenarios: glacier ice, dry 

snow overlying glacier ice, and wet snow, are summarised in Table 5.2.0. A list of t_he 
geophysical parameters kept fixed or varied during the modelling process are given for the 
volume and surface scattering components for each scenario. 

I 

5.6.1 Glacier ice 

Modelling the volume scatter from glacier may not be strictly necessary during the 
ablation season because the radar penetration depth into surface meltwater is of the order of 
millimetres (Ulaby etal., 1986). Drinkwater (1989) showed that saturated and flooded sea ice 
floes may be expected to have lower backscatter values across the angular range of 40-80° he 
examined; a hypothetical extrapolation of his data to 8 = 20° indicates that the values of a 0 

GLACIER ICE - Section 5.6.1 

Volume scattering - solution to the wave equation for a random medium under the Born approximation 
Section 5.4.3 I Equation 5.30 
Parameters varied: radius of air bubbles (r) Parameters fixed: none 

volume fraction of air bubbles (v) 
ice temperature (7) 

Surface scattering (i) - stationary-phase approximation of the Kirchhoff formulation 
Section 5.3 .1.1 / Equation 5.17 
Parameters varied: rms surface slope variance (s) Parameters fixed: ice temperature (7) 

Surface scattering (ii) - tangent-facet model 
Appendix 4 / Equations A4.2 - A4.19 

Actual look and azimuth incident radiation angles,(8
0) and (t/>o) respectively, and local surface slopes (8) used 

DRY SNOW OVERLYING GLACIER ICE - Section 5.6.2 

Volume scattering - semi-empirical model under the Rayleigh approximation 
Sections 5.4.1 - 5.4.2 / Equations 5.22 - 5.28 
Parameters varied: snow density (p) Parameters fixed: snow depth (d) 

snow grain radius (r) snow temperature (7) 

Actual values of above four parameters also used 

Surface scattering (i) - stationary-phase approximation of the Kirchhoff formulation 
Section 5.3.1.1 / Equation 5.17 
Parameters varied: rms surface slope variance (s) Parameters fixed: ice temperature (7) (actual data) 

Surface scattering (ii) - scalar approximation of the Kirchhoff formulation 
Section 5.3.1.2 / Equation 5.18 
Parameters varied: rms height variance (o) Parameters fixed: ice temperature (7) (actual data) 

surface correlation length (l) 

WET SNOW - Section 5.6.3 

Volume scattering - solution to the wave equation for a random medium under the Born approximation 
Section 5.4.3 / Equation 5.30 
Parameters varied: snow density (p) Parameters fixed : snow temperature (7) 

snow grain radius (r) 
snow wetness (W) 

Actual values of above four parameters also used 

Surface scattering - scalar approximation of the Kirchhoff formulation 
Section 5.3.1.2 / Equation 5.18 
Parameters varied: rms height variance ( o) Parameters fixed: snow density (p) 

surface correlation length (l) snow grain radius (r) 
snow wetness (W) snow temperature (7) 

Actual values of snow wetness, density, grain radius, and temperature also used 

Table 5.2.0. Summary of backscatter models used in Section 5.6. 
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might be 1-2 dB lower. However, the actual penetration depth of radar into ice may be of the 

order of tens of metres, particularly at longer wavelengths: Gray and Arsenault (1991) 
described time-delayed reflections from the ice-water interface at the underside of icebergs that 

were present at L-band but not at X-band. 

The results of modelling the volume scatter from glacier ice, using a solution to the 
wave equation for a random medium under the Born approximation (cf. Section 5.4.3), are 

displayed in Figure 5.15. The different curves are a consequence of varying three parameters: 
the radius of the scatterer, the volume fraction of the scatterer, and the temperature. In the case 
of glacier ice the scatterers comprise air bubbles trapped in the ice during freezing or 

densification. Although some bubbles may be elongated, either in the direction of heat flux as 
the ice grows, or in the movement direction when subjected to stress during ice flow, the 

majority of the bubbles remain small and approximately spherical, with a maximum diameter of 
2 mm; the volume fraction of air varies from 1.3% to 13% (Shumskiy, 1964). A scatterer 
radius r of 0.5 and 1.0 mm, and volume fraction v of 5% and 10%, were used in the model. In 
addition, the ice temperature T, which affects the dielectric properties and power transmission 
coefficient of the air-ice interface, was varied between 0°C and - l0°C, to simulate the summer 

and spring field seasons. Figure 5 .15 indicates that for each set of the three parameters the 
angular variation of a° ( change with incidence angle) remained constant. The magnitude of the 

backscatter coefficient at any incidence angle was affected by the three parameters as follows: 

• increasing r from 0.5 mm to 1.0 mm increases a 0 by 8.59 dB, 

• increasing v from 5% to 10% increases a 0 by 3.22 dB, and 
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Figure 5.15. Calculation of volume scattering from glacier ice using a solution to the 
wave equation for a random medium under the Born approximation. 
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• increasing Tfrom-10°C to 0°C decreases a0 by 1.54 dB. 

Note that the modelled backscatter probably represents an unrealistic maximum possible return 
for two reasons: first, the data pertaining to T = 0°C assume that no surface meltwater is 
present, and second, the effects of surface roughness on the transmission through the air-ice 
interface are not accounted for. 

Due to camera failure, no data regarding the micro-scale surface roughness of either 
snow or ice were obtained from Ayerbreen (cf. Section 3.4.1). Unfortunately, only one series 
of data pertaining to glacier ice is available in the literature (cf. Rott, 1984[a]). The mean 
surface roughness parameters from 20-30 sites on Hintereisferner on 7 July 1981 were: 
a= 1.74 cm, l = 8.4 cm, and s = 0.79 rad, with corresponding standard deviations of 
0.76 cm, 6.1 cm, and 0.38 rad, respectively; Rott (1984[a]) believed that the roughness would 
increase later in the ablation season. Rott and Nagler (1993) described the ice surfaces on 
Hintereisferner as very rough in July and August 1992, and subsequently declining in 
September following a fall of fresh snow, similar to the scenario encountered on Ayerbreen in 
1992. Although roughness data have been obtained from sea ice (e.g. Onstott and Gogineni, 
1985; Drinkwater, 1989; Paterson et al., 1991; Shokr and Barber, 1994), they are not 
comparable to glacier ice because of the different forces that cause the surface roughness; 
Paterson et al. ( 1991) showed that a is principally a function of ice floe deformation. 

It was assumed that the Hintereisfemer and Ayerbreen micro-scale roughness statistics 
were similar, that is s > 0.25 rad; thus, the stationary-phase assumption of the Kirchhoff 
formulation is applicable ( cf. Section 5.3.1.1). The model was run for s =:= 0.25 (to determine 
its limit), 0.50, 0.75, and 1.00 rad, and the calculated backscatter is shown in Figure 5.16. As l 

· is unknown, an exact relationship betweens and a cannot be calculated (it can for a Gaussian 
function assuming constant l), so all calculations were completed to e = 60°, although this is 

probably beyond the model's limit of validity for 'real' glacier ice; for the Rott (1984[a]) data, 
described previously, the scalar-approximation is only valid above e = 35° at C-band (cf. . 

Figure 5.5) . 

The model shows that not only does the backscatter curve drop off more slowly with 
increasing incidence angle as the rms surface slope variation rises, as reported by Ulaby et al. 
(1982), but for very rough surfaces (s = 0.75 and 1.00 rad) a 0 actually increases slowly with 
incidence angle prior to (and beyond) reaching the limit of validity. This phenomenon was not 
described by Ulaby et al. (1982), who only displayed their modelled results for s ::;; 0.4 rad; 
however, these authors stated that, as the stationary-phase approximation ignores multiple 
scattering and shadowing effects, the model may not be appropriate for large s, although no 
limit was specified. A comparison of Figures 5 .15 and 5 .16 illustrates that volume scattering 
from the glacier ice may indeed be considered negligible during the ablation season for the 
range of incidence angles between the ERS-1 SAR and the surface of Ayerbreen; generally 
15° ::;; e::;; 30°. It might become important at larger incidence angles for ice surfaces where 
s ~ 0.25 rad, assuming that the stationary-phase approximation remains valid at these angles. 
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Figure 5.16. Calculation of surface scattering from glacier ice at 0°C usmg the 
stationary-phase approximation of the Kirchhoff formulation. 

Also note that when 8; < 25°,which is applicable to most of Ayerbreen, an inverse relationship 

between s and a0 exists because of enhanced specular return from the smoother surface. 

The backscatter coefficients, derived from the 1 August 1992 ERS-1 data, for the three 

surface sites where coincident in situ measurements were obtained within the zone of glacier ice 
are as follows: site 62 (8; = 26.4°), a0 = -5.1 dB; site 52 (8; = 23.8°), a0 = -6.3 dB; site 42 

(8; = 25.4°), a 0 = -8.7 dB. These figures indicate that, assuming the model to be correct, 

s ;:::: 0.25 rad at site 52 and ;:::: 0.60 rad at site 42; the former value is significantly lower than 

those measured on Hintereisferner by Rott (1984[a]). Note that the backscatter coefficient at 

site 62 is unable to be successfully modelled using the stationary-phase approximation, 

suggesting that s < 0.25 rad. However, the scalar approximation (cf. Section 5.3.1.i) gives a 
much stronger specular return, and a 0 would also be too small at 8; = 26.4 ° in this model. 

Further evidence of s being considerably less on Ayerbreen than Hintereisferner, is provided 

by the slopes on the extreme south-eastern region of the ablation area that face towards the 
radar. Here, where 8; is as low as 10°, values of a 0 are very high, between O and - 5 dB (cf. 

Figure 4.2a); Figure 5.16 shows that a strong negative correlation between 8; and a 0 only 

occurs for s ~ 0.25 rad. 

Thus, the stationary-phase approximation model suggests that the surface roughness (in 

terms of s) increased up-glacier on Ayerbreen on 1 August 1992. It may be postulated that the 

observed distribution of a0 values is due to a higher proportion of convective-thermal melting, 

which reduces the micro-scale roughness (cf. Section 4.4.2), at lower altitudes. Alternatively, 

it might be an effect of the cyclical exposure of ice foliation layers. Moreover, the amount of 

water and debris on the ice will also influence a0
; both of these are concentrated in channels 
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between the macro-scale roughness foliation (cf. Figure 3.8), and varied significantly across 

Ayerbreen (cf. Figure 1.10). The spatial variation of such parameters on a glacier surface, 

particularly the depth and extent of meltwater, need to be determined in addition to surface 

roughness in future fieldwork. Due to the failure of the Ayerbreen programme, observations of 

multitemporal and spatial variations of glacier ice micro-scale surface roughness remain a vital 

prerequisite, before deciding whether the stationary-phase approximation of the Kirchhoff 

formulation is always appropriate for modelling radar backscatter from glacier ice. 

Backscatter from the Ayerbreen ablation area resulting from macro-scale surface 

roughness was modelled using the tangent-facet model (Appendix 4); the results are given in 

Table 5.3. Image geometry applicable to the 1 August 1992 ERS-1 SAR data was used. The 

scattering coefficient is, as expected, very much dependent on the rms slope variation; a 
decrease in a 0 with facet size is because s is an inverse function of the sampling interval ( cf. 

Section 5.3.1), whereas the gain in a0 between 3 August and 15 August 1992 coincides with 

an observed increase in s (cf. Tables 5.1 and 5.2). This gain was typically +5.4 dB at 0.50 m 

and > 9 dB at the two larger sampling intervals. 

Figure 5 .17 shows the change in a 0 with look angle, specifically for the 0.25#1 

dataset. The irregular nature of the curve is caused by the particular angular distribution of the 

relatively small number of facets (n = 200), and a statistically larger sample would be expected 

to give a smooth curve. In addition, the reason why the maximum a0 does not occur at 0° is 

because the model includes the effect of the Ayerbreen surface slope across the 0.25#1 area. 

Note that the backscatter values obtained for the 3 August are generally lower, by about 10 dB, 

than the values derived from the 1 August 1992 ERS-1 SAR data, thus confirming the findings 

of others (e.g. Jezek et al., 1993), that micro-scale surface roughness is generally the principal 

factor governing the magnitude of backscatter from glacier ice at C-band. However, also note 

that the modelled backscatter from the 0.25#2 dataset on 15 August is of similar magnitude to 

the SAR data; its greater roughness means that a higher proportion of the facets scatter 

specularly towards the SAR antenna. Furthermore, Figure 5.17 demonstrates that at near-nadir 

Grid 3 August 1992 15 August 1992 

0.25#1 - -11.50 dB 
0.25#2 - -6.48 dB 
0.25#3 - -13.52 dB 

0.50#1 -21.37 dB -17.34dB 
0.50#2 -23.98 dB -15.30 dB 
0.50#3 -19.50 dB -16.01 dB 

1.00#1 -28.76 dB -18.28 dB 
1.00#2 -32.44 dB -18.49 dB 
1.00#3 -25.63 dB -20.98 dB 

2.00#1 - 37.54 dB -28.1 6 dB 

Table 5.3. C-band surface scattering coefficient from the macro-scale roughness in the 
Ayerbreen ablation area, as derived using the tangent-facet model. 
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Figure 5.17. Variation of backscatter from the Ayerbreen macro-scale glacier ice 
roughness on 15 August 1992 (0.25#1 dataset) with look angle (the 
azimuth angle, </Jo= 170.74°, corresponds to the ERS-1 SAR data acquired 
on 1 August 1992). The smooth curve gives the expected response for a 
larger number of sample facets than in the study (n = 200). The third curve 
represents micro-scale surface scattering for a surface with s = 0.50 rad, 
modelled using the stationary-phase approximation of the Kirchhoff 
formulation. 

angles coherent specular reflectance from the facets is significant, and may indeed be greater 

than that from incoherent scattering, caused by micro-scale roughness having s ~ 0.50 rad for 
() < 21 ° (this angle decreases with s). The relative magnitude and angular return of the two 

types of return, coherent specular and incoherent scattering, conforms to the simple physical 

model described by Ulaby et al. (1982), and shown in Figure 5.18. 

The variation in scattering coefficient with azimuth angle, derived from the tangent-facet 

model, assuming a constant look angle equal to that of the 1 August 1992 ERS-1 SAR 

imagery, is displayed for the 0.25#1 dataset in Figure 5.19. Again, the particular angular 
distribution of the facets produces an irregular curve with many local minima and maxima. 

However, the fitted ·smooth curve, representative of a statistically large sample, shows a 
definite trend and conforms to a sine curve with a wavelength of 2n. It is a function of the 

mean glacier slope for the 0.25#1 area, which is 9.5° towards the direction </>0 = 257.2°; thus, 

this azimuth corresponds to looking up-glacier and, with the facets optimally oriented for 

specular return, gives the maximum scattering coefficient in Figure 5.19. Conversely, the 

minimum occurs in the down-glacier direction. 

The effect of changing the radar frequency in the tangent-facet model is shown in 

Figure 5.20. An increase in frequency, equivalent to enlarging the facet size, for a given 
sampling interval causes a reduction in a0

• For all the valid points (sampling interval>> ;L) the 

results for X- and C-band, and for L- and P-band, are similar to within 2 dB , with the 
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Figure 5.18. A simple physical model of the backscatter coefficient, which comprises a 
coherent specular component around nadir and an incoherent scattering 
component (dashed curve) that varies slowly with incidence angle (Ulaby 
et al., 1982). 
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Figure 5 .19. Variation of backscatter from the Ayerbreen macro-scale glacier ice 
roughness on 15 August 1992 (0.25#1 dataset) with azimuth angle, 
measured anticlockwise from Grid North. (The look angle, 80 = 22.62°, 
corresponds to the ERS-1 SAR data acquired on 1 August 1992). The sine 
curve gives the expected response for a larger number of facets than in the 
study (n = 200). 
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Figure 5.20. The effect of frequency and sampling interval on backscatter due to the 
macro-scale roughness of the Ayerbreen ablation area ( cf. Figure 5 .18 and 
5 .19 for the azimuth and look angles used). The data are for grid # 1, 
15 August 1992, and the lines connecting the points are merely for visual 
interpretation. Non-shaded points have been derived using the tangent facet 
model but are potentially invalid because the wavelength-sampling interval 
ratio is too small; that is, diffraction effects will dominate the radar return. 

separation between the two groups approximately 12.5 dB. Note that although, theoretically, 
the 0.25 and 0.50 m facets are too small to be valid at L-band (sampling interval = 1.06-
2.13.:l), the modelled scattering coefficient still imitates the pattern observed at C-and X-band. 

However, P-band shows erratic behaviour, indicating that the model is clearly invalid for a 
sampling interval < 2 m at this frequency. 

5.6.2 Dry snow overlying glacier ice 

Depth profiles of the Ayerbreen snowpack showed that it was generally 2.0 m ± 0.1 m 
deep across the entire lower region of the glacier on 9 May; the exceptions were the margins, 
where drifting had caused the snow to gather preferentially in the depressions between the 
convex glacier surface_ and the lateral moraines. Point measurements indicated a typical 0.20 m 
reduction by 23 May, caused by settling and surface melting. A typical set of three density 
profiles, obtained at surface site 932 (cf. Figure 3.1), is illustrated in Figure 5.21. 

The semi-empirical approach of Stiles and Ulaby (1980) (cf. Section 5.4.1), under the 
Rayleigh approximation, was utilised to model the volume scatter from the snowpack. For a 
given frequency, the four independent parameters that can be altered in the model are the 
snowpack depth d, the snow grain radius r, snow density p, and temperature T; the latter two 
parameters are used to determine the real and imaginary components of the complex dielectric 
constant (cf. Section 5.2.2). 
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Figure 5.21. Successive density profiles measured at surface site 932 during the 1993 
field campaign. 

However, there are several empirical methods available to determine the volume fraction 

of ice v; in a dry-snowpack. The simplest is to assume that it is the ratio of the density of the 

dry snow to that of ice (taken as 0.917 g cm-3
). Thus 

p 
v.=--. 

I 0.917 
(5.38) 

In addition, V; may be calculated indirectly, by using (5.6) or (5.7) 
1
to obtain e;s and then 

employing this value to attain v; from (Glen and Paren, 1975) 

~-1 
v. = . 

I 0.47 
(5.39) 

Furthermore, if e; is also known (cf. (5.2)), 1then the following expression, derived from the 

Polder-van Santen (1946) mixing formula for spherical inclusions, may be utilised: 

(£' -lJ(e' + 2£' ) v. = ds , ds • 
l 3 I I 1 eds £; -

(5.40) 

A final example is the two-phase formula attributable to Tinga et al. (1973), which, by 

assuming e;' I e; < < 1, e;;, I e;s < < 1, and e; = 3 .18, reduces to 

(5.41) 

Note that this is a modification of the equation given in Ulaby et al. ( 1982), where it is assumed 

that e; = 3.15. 

The four equations (5.38-5.41) are compared in Figure 5.22 for the range p = 0.150-

0.450 g cm-3. Note that the simple ratio (5.38) appears to underestimate v;; the deviation 
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Figure 5.22. Comparison of four empirical methods for determining the volume fraction 
of ice in a dry-snowpack. Numbers refer to equations in the text. Note that 
T = - TC, the mean snowpack temperature during the 1993 field season, 
for those equations requiring c;' (cf. (5.2)). 

between this and (5.41), which gives the maximum v;, is 0.03 at 0.1 50 g cm·3 and 0.06 at 

0.450 g cm-3• As Matzler (1987) believed that the Polder-van Santen mixing formula was 

applicable to dry snow and depth hoar, both of which were present in the spring 1993 

Ayerbreen snowpack, and its derivation appears to give the 'average' value of the equations 

illustrated in Figure 5.22, this formula (5.40) was used in order to calculate v; in the model. 

Previous studies regarding the volume scattering from a dry-snowpack ~ave, because 

of a lack of in situ measurements, tended to model the medium as homogeneous (e.g. Jezek et I 
. . 

al., 1993). However, Figure 5.21 indicates that there were significant changes in the density of 

the Ayerbreen snowpack with depth and, more significantly in terms of modelling cr0, the 

lower 0.3 m comprised depth hoar with a grain size an order of magnitude larger tha~ the 

overlying dry snow. The effect of changing snowpack density and grain size radius in a 2 m 

deep snowpack at -7.5°C is shown in Figure 5.23a and b, respectively. Note that these : 
results are simply the volume scattering contribution in (5.21); that is, (5.22) multiplied by the 

square of the power transmission coefficient. Over the observed ranges of the two parameters 

within the Ayerbreen snowpack, the scatterer radius is more important in determining the 
magnitude of volume scatter; for example, an increase in p from 0.3 to 0.5 g cm-3 causes a rise 

in cr0 of 2.75 dB, whereas a four-fold increase in r, from .0.1 to 0.4 mm, produces a very 

significant rise in cr0 of 18.1 dB . With the exception of the case where r = 1.6 mm (which is 

not realistic for the snowpack as a whole), the modelled volume scatter is much lower than the 

values derived from the SAR data (cf. Figure 4.4a), hence confirming that dry snow is indeed 

almost transparent to the radar, and, as a consequence, that the ice surface underneath 

dominates the radar return. 

Although very little surface melting occurred during the 1993 field campaign, Figure 

5.23 suggests that the observed changes in p and r would have altered the magnitude of cr0• To 
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Figure 5.23. Modelled volume scatter from a dry-snowpack using the semi-empirical 

model under the Rayleigh approximation. Snowpack parameters are 
T= -7.5°C and a total depth of 2 m. (a) the effect of changing p between 
0.3-0.5 g cm-3; r = 0.4 mm; (b) the effect of changing r between 
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Figure 5.24. A combined model using the semi-empirical approach under the Rayleigh 
approximation to model the volume scatter from a dry-snowpack, together 
with the Kirchhoff formulation to model the surface scatter from the 
underlying glacier ice. For the latter, the stationary-phase approximation is 
used in (a), and the scalar approximation in (b) . 
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model these changes a three layer snowpack was used, to account for the main changes in 

density and grain size that occurred between the weekly measurements (cf. Figure 5.21). The 

assumption of a plane boundary between each layer was justified from pit observations, and the 

magnitude of the snowpack parameters used reflect average values acquired on Ayerbreen. At 

the start of the 1993 field season there was a period of significant snow fall. Thus, in the first 

stage of the model, the top layer consists of relatively fresh snow with a low density and small 

grain size. The second layer comprises snow that has settled, causing an increase in density, 

and in which the cumulative effects of a temperature gradient and heat flow have combined to 

produce grain growth (Colbeck, 1982). Depth hoar forms the third layer; it has a much larger 

mean grain size but lower density than the second layer because of the loose packing of the 

grains. The second and third model stages represent the subsequent changes in mean p, r, and 

d within the three layers, which may vary temporally in depth because of subtle changes in 

snowpack homogeneity, together with the contemporaneous increase in snowpack temperature 

(which affects the dielectric permittivity) and decrease in overall depth, the latter due to settling 

and melting. These model parameters are summarised in Table 5.4. 

The modelled return from the underlying glacier ice was limited to surface scattering; 

volume scattering from within the ice was considered insignificant following the results 

described in Section 5.6.1. In addition to the stationary-phase approximation, the scalar 

approximation was also used to model the surface scatter because the observed decrease in ice 

roughness at the end of the 1992 ablation season (cf. Figure 4.14) may have been such that s 

decreased below 0.25 rad. The results are shown in Figure 5.24a and b, respectively. Both 

models indicate that volume scattering becomes significant for e > 45° (but not for s = 0.50 rad 

using the stationary-phase approximation). As volume scattering is principally affected by grain 

Model parameter Stage I Stage 2 Stage 3 

Overall depth (m) 2.0 1.9 1.8 

LAYER 1 
Density (g cm-3) 0.250 0.350 0.375 
Grain radius (mm) 0.10 0.10 0.15 
Temperature (°C) -6.0 -5.0 -4.0 
Depth (m) 0.5 1.0 0.9 

LAYER2 
Density (g cm-3) 0.400 0.450 0.450 
Grain radius (mm) 0.15 0.20 0.25 
Temperature ('C) -8.0 -7.0 ' -6.0 
Depth (m) 1.2 0.6 0.6 

LAYER3 
Density (g cm-3) 0.350 0.350 0.350 
Grain radius (mm) 1.00 1.50 2.00 
Temperature (°C) - 8.5 -7.5 -6.5 
Depth (m) 0.3 0.3 0.3 

Table 5.4. Parameters used to model the changes in volume scatter from a dry-snowpack 
prior to the onset of significant ablation. 
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size (cf. Figure 5.23), this contribution must come predominantly from the depth hoar; note 

that this layer has also been identified as exerting the main influence on microwave emission 
from dry snow in northern Alaska (Hall, 1987). The expected range of a 0 for stage 1 of the 

model along the centreline of Ayerbreen is - 10 to - 12 dB, and the magnitude is considerably 

affected by surface slope (cf. Figure 4.4; 8 May 1993). Hence, the modelled backscatter using 

the stationary-phase approximation (Figure 5.24a) appears to be both too high, and too little 

influenced by local incidence angle, to portray accurately the spatial pattern of backscatter from 

the lower region of Ayerbreen. 

However, Figure 5.24b does reveal a greater rate of change of a 0 with 8;, because of 

the more strongly specular scatter from the scalar approximation. In addition, the backscatter 
values obtained using the ice roughness statistics of a= 0.01 m and l = 0.1 m, are very similar 

to those of the 1993 surface sites: at 931, - 12.0 dB compared to - 12.1 dB; at 932, - 13.2 dB 

compared to -13.5 dB; at 933, - 13.2 dB compared to -13.2 dB. The small deviations might 

easily be due to variation in the snowpack parameters over the pixel area. Thus, it appears that 

the semi-empirical model is valid for a dry-snow medium, particularly if changes in the relevant 

snowpack parameters are accounted for. Furthermore, the micro-scale roughness of the 

Ayerbreen glacier ice at the end of the ablation season appears to be characterised by a rms 

height variation of 0.01 m and a correlation length of 0.1 m. These figures represent a decrease 

and increase, respectively, when compared to the figures that Rott (1984[a]) obtained on 

Hintereisfemer early in the ablation season, and are consistent with the observed smoothing of 

the micro-scale surface by an early snowfall. Note that similar winter backscatter values 

(--12 dB) were displayed by Hintereisferner in 1992/93 (Rott and Nagler, 1994; cf. Figure 

2.18b). 

5.6.3 Wet snow 

. Once continuous ablation begins the surface scattering component of the backscatter 

from a snowpack becomes increasingly important. This is a function of the high dielectric 

losses, caused by the volumetric liquid water fraction W decreasing the radar penetration depth 

8,,, together with a simultaneous increase in surface roughness as a consequence of melt 

erosion. The modelled reduction in C-band penetration depth with snowpack liquid water 

content is illustrated in Figure 5.4. Note that 8,, declines rapidly with increasing W, from 30 m 

for dry snow to approximately one wavelength for W > 5%. Analysis of the surface sites 

within the wet-snow facies on 1 August 1992 (Pits 1-4 and S!tes 12 and 22) indicated that, by 
using the relevant measured or derived parameters in (2.16-2.18), Di, was always significantly 

less than the depth to the first ice lens. Thus, during the ablation season these inhomogeneities 

are unlikely to influence the backscatter, and the small depth of the Ayerbreen snowpack 

contributing to volume scatter may be approximated as a homogeneous medium. 

Volume scatter was modelled using the solution to the wave equation for a random 
medium under the Born approximation (cf. Section 5.4.3); despite the reservations of Rott 
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(1984[a]) and Matzler (1987) it remains the model most frequently used for wet snow. The 

volume fraction of ice is determined from 

[p-(W/100)] 
v. = . 
' 0.917 

(5.42) 

Following Fung and Eom (1982), the background was modelled as a mixture of water and air, 

the volume fraction of air being simply the difference between unity and the sum of the volume 
fractions of ice and water. Equations (5.4) and (5.5) were used to calculate the mean 
background permittivity and the variance of snowpack permittivity 8, where (c) = Bws, derived 

from (5.10) and (5.11). 

The effects of changing W, p, and rare illustrated in Figure 5.25a-c, respectively; the 
model always shows a similar angular response. A rise in W actually increases a0 (6.3 dB for 
W = 2-10% in the example, where p = 0.5 g cm-3, r = 0.4 mm, and T = -0.5°C), presumably 

because the greater scatter from the water inclusions more than compensates for the slight 
reduction in penetration depth for W > 2% (Figure 5.25a). Note, however, that a0 is negligible 

compared to the SAR derived backscatter values of the order of - 15 dB (cf. Figure 4.2). The 
necessary increase cannot be met by changing p: Figure 5.25b, which displays the range of 
values expected for W = 2% and 10% and p = 0.4, 0.5, and 0.6 g cm-3 (all other parameters 

unchanged), indicates that density is inversely related to a0 and that expected changes of the 
latter with the former are also small: -4.9 dB for p = 0.4-0.6 g cm-3 where W = 2%. This 

relationship (that contrasts that for dry snow) is caused by the small reduction in penetration 
depth with increasing snow density (cf. Drinkwater, 1989); the latter increases the complex 
dielectric constant (cf. Section 5.2.3), and, all other parameters being equal, reduces the 

volume scatter. 

Finally, Figure 5.25c reveals that a four-fold increase in r, from 0.1 mm to 0.4 mm and 
from 0.4 mm to 1.6 mm, for W = 2% (other parameters equal to Figure 5.25a), produce rises 
in a° of 18.0 and 17.0 dB, respectively. These are slightly smaller than the equivalent values , 

for dry snow (cf. Section 5.6.2), and the difference in a 0 between the cases where W = 2% 

and W = 10% decreases with r: 6.4 dB for r = O.l mm and 5.5 dB for r = l.6 mm. In situ 

measurements from j\yerbreen showed that, typically, r = 0.9 mm so, although the modelled 
values for r = l.6 mm are too large, it nonetheless appears that, unlike glacier ice, volume 
scattering from wet snow may contribute significantly to the total backscatter at incidence 
angles away from the normal. 

The micro-scale surface roughness statistics for wet snow described in the literature 
were all obtained at the Otztal test site, and are presented in Table 5.5. They reveal that a wet 
snow surface gets rougher as the ablation season progresses because of melt erosion; 

statistically, the 1992 data suggest that this is reflected by a proportionately much higher 
increase in a than l, but that significant changes in l occur first. 

Both the scalar approximation (e.g. Rott, 1984[a]) and the stationary-phase 
approximation of the Kirchhoff formulation (e.g. Dowdeswell et al., 1994[b]; Jezek et al. , 
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Date Rms surface Correlation Rms slope var. Reference 

height var. ( er) length (l) (s) 

(m) (m) (rad) 

07.07.1981 0.0061 0.091 0.24 Rott (1984[a]) 
18.08.1989 0.018 0.179 Rott and Davis (1991) 
25.06.1991 0.008 0.189 Rott and Davis (1993) 
01.06.1992 0.004 0.12 Rott and Nagler (1993) 
06.07.1992 0.006 0.16 " 
10.08.1992 0.030 0.16 " 
14.09.1992 0.003 0.11 " 

Table 5.5. Mean micro-scale surface statistics of wet snow at the Otztal test site. 

1994) have been used to model the surface scattering from wet snow. However, those authors 

using the stationary-phase approximation have done so without the benefit of in situ 

measurements. Moreover, temporarily assuming a Gaussian surface autocorrelation function 

(s = 1.41a I [), all the data in Table 5.5, with the exception of 10 August 1992, are valid for the 

scalar approximation because s < 0.25 rad ( cf. Section 5.3 .1.2). Therefore, this approximation 

was utilised and four specific surfaces considered. Following the commencement of ablation, 

the micro-scale roughness statistics of the wet-snow surface were modelled as progressing 

through four stages. (i) a= 0.5 cm, l = 10 cm; (ii) a= 0.5 cm, l = 15 cm; (iii) a = 1.0 cm, 

l = 15 cm; (iv) a= 1.5 cm, l = 15 cm. For all model runs p = 0.55 g cm·3 and T = - 0.5°C, 

which represent average values for Ayerbreen on 1 August 1992. 

The effect of changing W between 0-10% on the stage (i) surface is shown in Figure 

5.26a. It demonstrates a small increase of a0 with W, and similar results have been found for 

the stationary-phase approximation (Dowdeswell et al., 1994[b]; Jezek et al., 1994). Note the 

migration of the Brewster angle (where a0 = 0, represented by the marked minimum in Figure 

5.26a; cf. Section 2.2.2) to higher e, as W, and hence Ew,, increases. Modelled backscatter 

from the four different surfaces at W = 6% are displayed in Figure 5.26b. As expected, the 

rougher the surface the greater the radar return; this means that the independent increase in l 
between the first and second stages produces a temporary drop in a0• The differences in 

backscatter between the four surfaces are approximately constant between e = 15-45°, with a 

maximum deviation, -between stages (ii) and (iv), of 8.6 dB. A six stage model, combining the 

effects of a rise in Wand surface roughness changes, is illustrated in Figure 5.26c; it reveals 

that contemporaneous increases in W do not off set the decline in a 0 due to the modelled 

decrease in roughness. However, when both Wand roughness increase together then the effect 
on a 0 may be significant; for example, +4.1 and +3.5 dB in the last two model stages for 

e = 23 °. At this incidence angle the surface scatter increases from -19 .0 to - 8 .2 dB between 

the first and final model stages. 

Prior to comparing the modelled data with that derived from the SAR imagery, the 

volume and surface scattering contributions were combined incoherently (summed) to calculate 

the overall backscatter. The final five stages of the surface scatter model (cf. Figure 5.26c) 
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Figure 5.26. Modelled surface scatter from wet snow using the scalar approximation of the Kirchhoff formulation. Snowpack parameters are 
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were integrated with the volume scatter, calculated using r = 0.9 mm, together with the 
appropriate value of W, and p and T as 0.55 g cm-3 and-0.5°C, respectively. Results from this 

model are shown in Figure 5.27. The ERS-1 SAR derived values of a0 corresponding to the 

surface sites where in situ measurements were completed on 1 August 1992, and the local 

incidence angles of the latter are, in an up-glacier progression: 

Site 22, a 0 = -13 .3 dB and 8; = 26.4°, 

Site 12, a0 = -19.7 dB and B; = 26.3°, 

Pit 1, · a 0 = -12.8 dB and 8; = 27.1 °, 

Pit 2, a 0 = -15.8 dB and 8; = 27.5°, 

Pit 3, a0 = -13.4 dB and 8; = 27.4°, and 

Pit 4, affected by layover. 

Comparing these data with Figure 5.27, it appears that site 12 and Pit 2 were at model stage 3-4 

and the other sites at stage 4-5. Note that the surface measurements of W reflect these results 

quite well; for example, site 12 and Pit 2 had lower values (-0.8%) than Pit 1 and Pit 3, 

respectively. Thus, deviations from the modelled a0 are probably caused by local deviations in 

actual micro-scale surface roughness statistics from those used in the model. 

Such departures are not unexpected considering the reported variations of er and l on 

Hintereisferner (Rott, 1984[a]). Rott and Davis (1993) believed that, in addition to elevation, 

the variance could be observed to be an effect of exposure of the snow surface to wind and 

sun. Unfortunately, such a hypothesis cannot be tested realistically on Ayerbreen without the 
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aid of in situ micro-scale roughness data. The wet-snow facies had a lower backscatter 

coefficient on 17 July 1993 than 1 August 1992 (cf. Figures 4.10/4.lld and e), as expected 

(and predicted by the model), being earlier in the ablation season. However, there was a 

generalreduction of-1-2 dB by 21 August 1993 (cf. Figures 4.10/4.11.f). Melting occurred on 

both dates (cf. Figure 4.9), so the change was probably caused by a decrease in roughness, 

that is, a proportionately more significant increase in l than a over this period. More 

observations of temporal changes in wet-snow roughness are obviously required to predict . 
accurately the multi temporal variation in d from the wet-snow facies. 

The relative importance of the surface and volume scattering components from a wet
snowpack are very much dependent on the incidence angle e, with surface scattering always 

dominating at low incidence angles. The relative percentages of the two scattering components 

at each stage of the integrated multitemporal scattering model are shown in Figure 5.28, which 

confirms that the surface scattering contribution becomes more important with increasing 

roughness. However, an independent increase in wetness, from 4-6% (stages 2 to 3), has very 

little effect; this is because of the apparent increase in volume scatter with W for small wetness 
values using the Born approximation. Volume scattering predominates for e > 38-52°, 

depending on the model stage (cf. Figure 5.28). Thus, for the ERS-1 SAR dataset used in this 

research, surface scattering is the dominant component for all possible incidence angles on 

Ayerbreen; Rott (1984[a]) found that volume scattering became dominant at approximately 30° 

for a snowpack where a = 0.61 cm, l = 9.1 cm, r = 1.5 mm, and W = 5.9%. Hence, 

considering the much larger r in his model, which increases the volume scattering component 

(cf. Figure 5.25c), the deviation between the findings of the two studies is accountable. 

Another study comparing the angular variation in the relative importance of the two 
scattering components was undertaken by Shi and Dozier (1992). They modelled a0 using a 

more complex radiative transfer approach that included surface-volume interaction terms, not 
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considered in the above model; it was demonstrated that these are only important for wet snow 
with small Wand a rough surface. The authors also concluded that surface scattering dominates 
at all incidence angles for high liquid water content snow (W 2 6%) with a rough surface, 

while for snow where W = 3%, and that is less rough, it became predominant at approximately 
48° (C-band VV polarisation). The significant difference between these results, and those from 
this study and that of Rott (1984[a]), is a consequence of the type of model employed for 
surface scattering. Shi and Dozier used the small perturbation model with an exponential 
function for surface backscatter; consequently, for this model to be valid (cf. Ulaby etal. ,I 
1982), the assumed values of/, and to a lesser extent a, are much smaller than all those 
measured on Hintereisferner (cf. Table 5.5). The use of this model seems particularly curious 

because these authors have studied exclusively polarimetric AIRSAR data of the Otztal test site 
(e.g. Shi et al., 1991). Thus, although interesting, the results of this study appear to be of little 
value for accurate backscatter modelling from wet snow at C-band, but may be relevant for 
longer wavelengths, where the criteria for the small perturbation model can be fulfilled by 
actual in situ measurements. 

5. 6. 4 Discussion of quantitative multitemporal backscatter results with regard 
to the model of the annual backscatter cycle from a sub-polar glacier 
This subsection outlines the ways in which the modelling studies described in 

Section 5.5 and the earlier parts of Section 5.6 support quantitatively the model of the annual 

backscatter cycle from a sub-polar glacier portrayed in Section 4.5 (hereinafter called the ABC 
model). Particular stages of this model, of which there are eight (cf. Figure 4.20), are referred 
to where appropriate. 

Although results derived from the tangent-facet model (cf. Appendix 4) reveal an 

increase in backscatter from macro-scale ice roughness through the ablation season, the micro

scale roughness on Ayerbreen is generally sufficiently small for it to dominate the radar return 
at most of the incidence angles encountered in the ERS-1 SAR imagery; indeed, the observed 
increase in macro-scale roughness coincided with the overall decrease in backscatter from the 

glacier ice following the snowfall. However, for rougher micro-scale ice surfaces, as reported 
on Hintereisferner (Rott, 1984[a]), an increase in larger-scale roughness is likely to become 
significant at smaller incidence angles (because the micro-scale roughness causes less strongly 
specular scattering). In such cases temporal increases in macro-scale roughness will generate a 
rise in a 0 from the glacier ice. Without the benefit of in situ micro-scale roughness data, any 

changes in backscatter from the glacier ice during the ablation season must remain conjectural; · 
thus, the simplification that backscatter from bare glacier ice remains approximately constant 
during an ablation season (stage 4 to 5) is used. However, the reduction in glacier ice micro
scale roughness at the end of the ablation season (stage 5 to 6) can be accurately modelled 
assuming it becomes characterised by arms height variation of 0.01 m and a correlation length 
of 0.1 m (cf. Figure 5.24b); these values may be assumed constant throughout the winter 
(stages 6 to 8 and 1 to 2). 
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Despite a dry-snowpack being virtually transparent to C-band radar, the physical 
changes that occur in a spring snowpack prior to ablation are enough to generate a slight 
increase in a 0 (cf. Figure 5.24b). Using the Ayerbreen snowpack data and ERS-1 SAR 

geometry, the semi-empirical model (cf. Section 5.4.1) indicates that such changes, due to 
densification and crystal growth, produce a rise in backscatter of -2-3 dB. Hence, the 
backscatter increase shown between stages 1 and 2 of the ABC model is approximate, but its 
magnitude of 1 dB reflects an intermediate stage in the spring warming reversal. A higher 

increase would mean that the snow line would become indistinct; thus, the end, rather than the 

beginning, of the spring warming reversal is likely to coincide more closely with the start of 

ablation. 

The integrated multitemporal scattering model for wet snow (Figure 5.27) demonstrates 

that, generally, backscatter from the wet-snow facies can be expected to rise with the amount of 
melt erosion experienced; thus, at a given point a° will increase over time, while at a given time 
a0 will decrease with elevation. This is because contemporaneous increases in micro-scale 

roughness and liquid water content are both positively related to a0
• Figure 5.27 suggests that 

the increase over the ablation season may be as high as 11 dB, from - 19 dB to - 8 dB whereas 
the ABC model, based on the ERS-1 SAR data, reveals a rise of 6 dB, from - 17 dB to - 11 dB 
(stages 4 to 7); this suggests that the magnitude of the modelled temporal changes in micro
scale surface roughness, based on the Hintereisfemer data, may not be appropriate for 

Ayerbreen. 

In summary, the modelling studies corroborate some of the main short-term temporal 

changes displayed by the ABC model. The absolute magnitude of certain of these changes may 

be doubtful, because the model is based on a multitemporal dataset comprising only a few SAR 
images, necessarily acquired with too great a temporal resolution to ensure that all backscatter 
changes were observed; however, without in situ micro-scale surface roughness data, 
alternative values determined by theoretical backscatter models remain equally uncertain. 

5.6.5 Conclusions 

The main findings of the modelling studies are summarised below: 

• The parameter with the most significant influence on volume scatter is the scatterer radius, 
and this should be measured with due accuracy in the field. 

• The volume scatter from glacier ice may be considered negligible for modelling purposes. 
Even assuming surface meltwater is not present, it remains' significantly less than the surface 
scattering component. 

• The stationary-phase approximation may not necessarily always be valid for modelling 
surface scattering from glacier ice. Possible causes are the effects of surface water and fine 
debris on the dielectric properties of the ice surface; therefore, the spatial distribution of 
these parameters should be obtained with any future in situ measurements of ice roughness. 
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• The micro-scale surface roughness of Ayerbreen glacier ice at the end of the ablation season, 

following smoothing by refrozen fresh snow, is predicted to be characterised by a rms 

height variation of 0.01 m and a correlation length of 0.1 m. 

• At near-nadir angles, applicable to spacebome SAR, coherent specular scatter from glacier 

ice macro-scale facets may be more significant than diffuse incoherent scatter from micro

scale roughness. 

• A sampling interval of -0.5 m is optimum for characterising the macro-scale surface 

roughness of glacier ice on Ayerbreen. 

• In situ measurements confirm that a combination of the semi-empirical model under the 

Rayleigh approximation (volume scatter from the dry-snowpack), together with the scalar 

approximation of the Kirchhoff formulation (surface scatter from the underlying glacier ice), 

can be used to accurately model the total backscatter of the lower glacier at periods outside 

the ablation season. Note, however, that significant changes in snowpack temperature, 

density, and particularly grain radius, with depth, need to be accounted for. 

• Volume scatter from depth hoar is predicted to become significant for incidence angles 

greater than 45° for a dry-snowpack similar to that overlying Ayerbreen in May 1993. 

• The surface scattering component is likely to dominate the volume scattering contribution 

from the wet-snow facies for the range of incidence angles experienced by ERS-1 SAR; 

however, volume scattering will be significant at the upper range of incidence angles 

available to the Radarsat SAR instrument. 

• Changes in micro-scale surface roughness have the greatest effect on the values of a 0 

derived from the wet-snow facies . 

• Significantly more field measurements are required, in order to model temporal changes in 

the surface roughness of both the ice and wet-snow facies, before backscatter variation 

through the ablation season can be successfully modelled itself. 
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CHAPTER 6 

ESTIMATING MASS BALANCE FROM GLACIER 
FACIES MARGINS USING ERS-1 SAR AND 

LANDSAT TM DATA 

6.1 INTRODUCTION 

This chapter comprises two sections. The first begins by introducing the Landsat TM 
instrument and discussing the analysis of glacier surface characteristics, including facies 
discrimination, using TM data. Image processing techniques applicable to multispectral data are 

then described, and illustrated with TM imagery of Ayerbreen. This first part of Chapter 6 
concludes with a detailed analysis of TM data for the three glacierised areas of Nordenskiold 
Land investigated in Chapter 4, and includes a comparison with the near-coincident ERS-1 

SAR imagery. Some of the results regarding Ayerbreen have been reported by Marshall et al. 

(1995). The second part of the chapter pertains to the derivation of regional mass balance 
estimates from the position of glacier surface facies margins; after a statistical analysis of the 

relative capabilities of SAR and TM imagery for obtaining such information, using 
Nordenskiold Land as an example, data from both sensors are integrated to generate regional 
patterns of ELA and AAR, the latter providing a first-order estimate of glacier net mass balance 

for 1991/92. Finally, the relative merits of ERS-1 SAR and TM are summarised, and the 
advantages and problems of synthesising data from radar and optical sensors are outlined. 

6.2 INTRODUCTION TO THE TM INSTRUMENT AND DATA 

6.2.1 The Thematic Mapper instrument 
The TM instrument became operational with the launch of Landsat 4 in July 1982. 

Unfortunately, the ~-band downlink failed in February 1983, leading to the early launch of 
Landsat 5 in March 1984, on which the TM remains functioning but restricted in output (cf. 

Section 7.2.3). TM data have contributed information on a wide variety of glaciological topics, 
particularly in Antarctica, including ice margin fluctuations (Doake and Vaughan, 1991; 
Frezzotti, 1993), ice stream velocity and strain rate measurements (Lucchitta et al., 1993; 
Scambos and Bindschadler, 1993), and snow surface temperature (Orheim and Lucchjtta, 
1988; Winther, 1993[a]). Moreover, the high spatial resolution has also led TM data to be 

utilised extensively for monitoring mountain glaciers (e.g. Rott and Markl, 1989; Bayr et al., 

1994). 

TM may be described as a mechanical multispectral 'whiskbroom' scanner, in which a 
rotating mirror scans the radiation along the ground track orthogonal to the satellite motion. The 
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ground track is subdivided into 16 lines that correspond to an array of 16 along-track detectors 

per waveband ( 4 lines for the thermal infrared (TIR) band, which has a spatial resolution four 

times larger than the other bands), so that, for each scan (rotation of the mirror), 16 (or 4) rows 

of pixels are generated. The second dimension of the image is formed through the forward 

satellite motion; a scan line corrector compensates this motion so that the image is straight and 

perpendicular to the ground track (Elachi, 1987). Pixel size is defined by the optics and altitude 

of the satellite (-705 km); a detector size of 0:1 mm, used for TM (bands) 1-4, provides an 

angular instantaneous field of view of 42.5 µrad (Elachi, 1987). A first focal plane is located at 

the primary telescope focus, and contains filters and silicon photomultiplier detectors for 

TM 1-4. Additional mirrors relay the image to a second focal plane, where the three filters and 

photodiode detectors for TM 5-7, which require cooling, are located. The bandwidths for the 

seven TM bands are given in Table 6.1; these all have a 30 m spatial resolution (for data 

processed at Kiruna; 28.5 m for US processed data) except TM 6, the TIR band, which has a 

lower spatial resolution of 120 m. 

6.2.2 Derivation of reflectance values 
At-satellite planetary reflectances (pP) may be calculated from the TM bands using the 

following formula (Markham and Barker, 1986): 

nL d 2 

p = .1. 
p ESUNA coses' 

(6.1) 

where L.1. is the spectral radiance in the image (mW cm-2 sr' µm- 1
), dis the Earth-sun distance 

(AU = 10-10 m), ESUN,1. is the mean solar exoatmospheric spectral irradiance (mW cm-2 µm- 1
) 

for a given channel (cf. Markham and Barker, 1986), and es is the solar zenith angle(°). L,1. can 

either be derived from the DN values in the image, using channel-specific radiometric 

parameters given in Markham and Barker (1986), or calculated using a simple radiative transfer 

model (Duguay and LeDrew, 1992; Koelemeijer et al., 1993; Rott, 1994). 

Apart from model simplifications and assumptions, errors arise because (6.1) provides 

the reflectance of the Earth-atmosphere system in the measured direction relative to a 

Lambertian target (c_f. Section 2.2.3). In reality, snow becomes an increasingly anisotropic 

Channel Bandwidth (µm) 

TM 1 0.45 - 0.52 (VIS) 
TM2 0.52 - 0.60 (VIS) 
TM3 0.63 - 0.69 (VIS) 
TM4 0.76 - 0.90 (NIR) 
TM5 1.55 - 1.75 (MIR) 
TM6 10.40 - 12.50 (TIR) 
TM7 2.08 - 2.35 (MIR) 

Table 6.1 . Spectral characteristics of the TM instrument. 
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scatterer as it metamorphoses, so the directional-hemispheric reflectance should be higher than 
pP under clear sky conditions. Moreover, the orientation of the glacier with respect to the sun 
may also affect Pp· In addition, note that Diament (pers. comm., 1993) discovered that the 
values of the radiometric parameters given by Markham and Barker ( 1986) are specifically for 
EOSAT data, and not necessarily valid for data processed at receiving stations outside the US; 
this may have caused systematic errors in the work of Winther (1993[b]), for example, who 
used Spitsbergen data obtained at Kiruna. 

6.2.3 Detector saturation in TM data 
Glaciological analysis of the VIS bands (TM 1-3) may be constrained by the very high 

reflectivity of snow surfaces at visible wavelengths, which can saturate the detectors, that is, 
the received radiance can be greater than the upper limit to which the detector is calibrated. 
Typical spectral reflectance curves for snow and ice in different stages of formation are shown 
in Figure 6.1. These indicate that snow reflectivity is similar in the three visible bands (- 0.95) 
and slightly less at the near-infrared band (-0.85); field measurements reported by Rott and 
Markl (1989) revealed a comparable relationship, with all values being approximately 0.05 
lower. However, the percentage of saturated pixels in these bands varies considerably; for 
example, the mean fraction of saturated pixels in three TM images of snow covered ground, 
two analysed by Rott et al., (1988) and the other by Rott and Mark! (1989), are 72.1 %, 
22.5%, and 34.4% for TM 1-3, respectively. Thus, these figures are primarily the effect of the 
varying gain settings of the individual detectors (cf. Dozier and Marks, 1987). Furthermore, 
the actual periods of saturation are dependent on local topography (slope effects), atmospheric 
transmission effects, and sun elevation. A knowledge of these factors, together with the gain 
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settings, enables the prediction of spatial and temporal distribution patterns of saturation for 

each band; Dowdeswell and McIntyre ( 1986) undertook such a study for Landsat Multispectral 

Scanner (MSS) data. 

Many examples of VIS TM band saturation over snow surfaces have been reported in 

the literature (e.g. Dozier, 1984, 1989; Hall et al., 1987, 1988; Rott et al., 1988; Rott and 

Marki, 1989; Winther, 1993[a]). TM 1 has been found to saturate over snow and firn, whereas 

TM 2 and 3 saturation is limited to fresh snow: thus, Winther (1993[b]) found that severe data 

saturation only occurred in TM 1 for summer imagery of north-west Spitsbergen glaciers. 

6. 2. 4 Effects of contamination and grain size on snow reflectance in TM data 

TM 1 and 2 are sensitive to contamination from deposits of dust and silt because 

impurities are significantly absorptive at these wavelengths, whereas ice is transparent (Dozier 

et al., 1981). This is illustrated by the marked difference in the reflectance of dirty glacier ice 

(0.2) and glacier ice (0.6) at visible wavelengths ( cf. Figure 6.1 ). However, TM 4, and to a 

lesser extent TM 3, are sensitive to grain size, as ice becomes slightly absorptive at these longer 

wavelengths (Dozier, 1984). Winther (1993[b]) stated that albedo reduction caused by snow 

grain coarsening and increasing liquid water content is most pronounced in the near-infrared, 

making TM 4 the most appropriate band for detecting spatial structural changes within a 

snowpack. Moreover, Hall et al. (1987) found that TM 4 displayed the greatest variability in 

spectral response to glacierised areas. Nevertheless, Choudhury and Chang (1979) and Dozier 

et al. ( 1981) both showed that, theoretically, the MIR part of the electromagnetic spectrum has 

a greater sensitivity to grain size than smaller wavelengths; thus, TM 5 and TM 7 might be used 

to characterise the surface grain-size distribution on a glacier (Williams et al., 1991). This band 

is also valuable because it can be utilised to mask out areas of cloud (cf. Section 7.3.1). Dozier 

(1989) used the various snowpack properties discernible in the TM bands to produce a series of 

indexes for studying contamination and snow grain sizes. 

6.2.5 Discrimination of glacier surface fades using TM data 

A TM 4/TM 5 ratio ( cf. Section 6.2. 7 .2) of the Grossglockner glaciers in Austria 

revealed three zones within the general up-glacier increase in reflectance (Hall et al., 1987, 

1988); the calculated pP values of zones 1-3 corresponded well to dirty glacier ice, firn, and 

fresh snow, respectively, when compared with Figure 6.1. Zones 1 and 3 had peaks in the 

TM 4 histogram, while zone 2 was considered to be a tr.ansitional region with no clearly 

defined lower reflectance limit. As the Grossglockner glaciers are temperate, the interpretation 

is simple; zone 1 corresponds to the ice facies and zone 2 to the wet-snow facies. However, the 

1987 and 1988 TM 4 frequency histograms of the sub-polar glacier Austre Br!Zlggerbreen, 

studied by Winther (1993[b]), are markedly different. First, there was no fresh snow so zone 3 

is non-existent. Furthermore, although there are two peaks in the data, they are separated by a 

marked cleft, indicative of a narrow transitional zone having reflectance values interposed 
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between those of snow and ice; thus, Winther believed that the two distinct regions of the 
histogram represented the ablation and accumulation areas. They were better separated, with 
more pronounced peaks, in 1987 when the glacier had a positive mass balance, that is, there 
was little if any transitional zone between snow and ice. The 1987 superimposed ice zone on 
Austre Br0ggerbreen could be determined simply from DN value in a TM 2, 4, and 5 
composite (Winther, 1993[b], pers. comm., 1994), although it was not discussed in relation to 
the TM 4 histogram (cf. Section 6.3.2). 

Williams et al. (1991) analysed a transect from a TM image of Bruarjokull, Iceland, 
acquired on 24 August 1986. This is a broad outlet glacier and therefore suitable for 
quantitative analysis of spatial spectral changes; up-glacier TM 4 and 5 transects are illustrated 
in Figure 6.2. The authors believed that TM 4 could be used to determine the transient snow 
line and slush limit, and thus delineate the ice facies, slush zone, and wet-snow facies. 
Additionally, a slight increase in the TM 5 DNvalues was claimed to correspond to the height 
at which the air temperature was 0°C when compared to meteorological data, thus defining the 
upper boundary of wet (non-frozen) snow at the time of overpass. 

However, Williams et al. (1991) wrongly interpret part of the Bruarjokull TM image; 
they concluded that the slush zone represents a zone of rapidly increasing reflectance (cf. 
Figure 6.2). This must be incorrect; for example, the saturated slush zone appears significantly 
and uniformly darker than the wet snow in Figure 2.17 and the frontispiece of this dissertation. 
Moreover, Winther (1993[c]) stated that the refractive index of water is similar to ice for 
wavelengths smaller than 5 µm and, therefore, increasing the liquid water enlarges the 
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effective grain size, which is known to decrease the reflectance (e.g. Wiscombe and Warren, 

1980). Hence, it appears that the reflectance rise displayed in Figure 6.2 simply represents the 
change from the ice facies to the wet-snow facies. This hypothesis is supported by Sigurdsson 

(1994), who declared that in situ observations reveal there is usually no slush present on 
Icelandic glaciers (this statement also casts doubt on the interpretation of the Seasat radar 
imagery; e.g. Rott and Matzler, (1987)). In addition, Sigurdsson had reservations regarding the 
suitability of the meteorological data (acquired 80 km distant and three hours prior to the TM 
data acquisition) for deriving the position of the 0°C isotherm on Bruarjokull. 

Two potential problems for facies discrimination using TM imagery are snow 
contamination and a snowfall during the ablation season. Contamination causes a reduction in 

snow · surface reflectance, so that it approaches values for bare glacier ice. Possible 

contaminants include volcanic ash, dust, and organic material. Reflectance reduction of a few 
percent at VIS wavelengths may be caused by 10 ppm by weight of desert dust (Warren, 

1982). Winther (1992) calculated TM 2 reflectances of 0.67 and 0.57 for clean and blackened 
snow, respectively; comparison with Figure 6.1 reveals that this contaminated snow had a 
lower reflectance than bare glacier ice. In contrast, a snowfall provides a uniformly high 
reflectance across a glacier, thus completely masking any facies margins. This occurred on 

Ayerbreen in early August 1992; fortunately, prior to the TM data utilised in this work being 
acquired, almost all the snow overlying the ice facies had either melted, been blown away, or 

become contaminated by debris on the glacier ice surface. 

6.2.6 Description of the TM data used for analysis 
A quarter-scene of a Landsat 5 TM image, chosen from within full-scene 213/004 (as 

defined in the worldwide reference system for Landsat 4/5 (WRS-2)) so that it encompassed all 
the glacierised regions of Nordenskiold Land, was used for the analysis. Ideally, the TM data 
would have been obtained near 1 August 1992, in order to be coincident with both the SAR 

imagery and in situ field measurements. However, persistent cloud cover over Nordenskiold 
Land (cf. Section 7.3.3) meant that an image acquired on 28 August (unfortunately a few days 

after the end of the field campaign) was the only TM data obtained during the 1992 ablation 
season without cloud obscuring Ayerbreen. Consequently, it was actually acquired near
contemporaneously with the 5 September, rather than 1 August, SAR data. 

Sun elevation at the time ofacquisition (11:21 Universal Time) was 19.45°. Generally, 

the data are of good quality, although some striping in TM~ and TM 7 can be discerned. As 
expected, data saturation occurs only in TM 1, and this is limited to steep slopes facing directly 
towards the sun: only 20 pixels are saturat.ed on Ayerbreen. Unfortunately, further data loss 
occurs because some glad.ers in the east of the region were covered by local orographic cloud 
(cf. Section 6.4.2). 

Analysis of Figure 4.8 reveals that on 28 August 1992 (J.D. 241) there was probably 
no surface melting on Ayerbreen. However, as Figure 4.8a indicates that ablation might just 
have occurred on the very lowest parts of the glacier (400 m a.s.l.) , assuming a lapse rate of 
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4.0°C km-1
, it is certainly possible that significant melting took place at the lower elevations of 

the Fridtjovbreen and Kokbreen ablation areas. Furthermore, this means that the 0°C isotherm, 
which \Villiams et al. (1991) claimed to be able to discriminate in TM imagery (cf. Figure 6.2), 
lay within the altitudinal range of these two glaciers. 

6.2. 7 Additional image processing techniques used 
In addition to histogram equalisation (Section 4.2.6.1) and masking (Section 4.2.6.3), 

two further image processing techniques were utilised to examine the multispectral TM data. 

6.2. 7 .1 Principal component analysis (PCA) 

This statistical technique, also called the eigenvector or discrete Karhunen Loeve 
transform, is a method of data compression that may be applied effectively to multispectral 
datasets displaying a significant degree of correlation between the bands, such as those of TM. 
The original wavebands are replaced with new wavebands that are linear combinations of the 
originals such that no correlation exists between them. Calculation of the principal components 
is based on the correlation matrix or the variance-covariance matrix ( correlation is simply the 
covariance measured for standardised variables), and thus removes the effect of within-band 
variability. 

Following the notation of Rees (1990), for an image containing N pixels in each of B 

bands, with l;(p) representing the DN value of pixel p in band i, the image covariance matrix cij 
is 

(6.2) 

where 

(6.3) 

that is, the mean DN for band i. The principal component transformation replaces l;(p) with 
I((p), the weighted sum of the original values of pixel p in all B bands, and may be represented 

by the matrix operation 

B 

I((p) = LM/)p), (6.4) 
j=I 

where Mij is the transformation matrix. Note that both cij and Mij are two-dimensional arrays 
with B x B terms. The diagonal terms in Mij are called eigenvalues and represent the variance of 

the new bands; their sum is equal to the number of original bands. The new principal 
component images are defined in terms of decreasing eigenvalues, that is, the greatest variance 
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is contained in the first principal component ([(). Alternatively, the original data may be 

considered as being scaled and rotated so that the new orthogonal axes are the coordinate 
system in B-dimensional space. In this context the eigenvalues define the lengths of the new 
principal axes, while the set of coordinates associated with each eigenvalue, called 
eigenvectors, determine their direction. 

The results of PCA undertaken on the Ayerbreen area are displayed in Table 6.2. 

Unlike previous PCA using snow and ice imagery (Orheim and Lucchitta, 1988; Winther, 
1993[a]), TM 1 data have been included because the number of pixels where detector saturation 

occurred is negligible. Identical analyses were also completed for Fridtjovbreen and Kokbreen

Rugaasfonna. There are significant differences between the three glacierised regions regarding 
the total variance contained in the first principal component (PCl), which varied between 
76-93%. However, the independent studies of Orheim and Lucchitta (1988) and Winther 

(1993[a]), using overlapping regions of Drenning Maud Land, Antarctica, had disparate 
figures of 89% and 72%, respectively. All three studies indicate that PCl is positively 
correlated to all wavebands, and highest for those at VIS/NIR wavelengths, whereas PC2 has a 
high positive correlation with the MIR wavebands. A comparison of Table 6.2a and the 

equivalent table in Winther(l993[a]) indicates that the relationship (sign) and approximate 
magnitudes of the eigenvalues for the VIS/NIR and MIR bands are similar for PCl -3, despite 
the inclusion of TM 1 in this work. The lowest TM PCs tend to comprise noise and systematic 
image defects. 

Orheim and Lucchitta (1988) suggested that the various correlations of PCl and PC2 

with the TM bands mean that the former is better for observing topographic variation, whereas 

the latter best shows the physical surface properties, such as the spatial distribution of the 
glacier surface facies. However, the PCl image of Ayerbreen (Figure 6.3a) reveals clearly the 

variation in surface reflectance, and thus the physical properties, particularly in the ablation 
area; it appears similar to the VIS/NIR bands, which is to be expected considering the 

eigenvalues in Table 6.2. Surface meltwater streams are also plainly discriminated. In the PC2 I 
image (Figure 6.3b) the slush zone is actually clearer, probably because it highlights pixels 1 11 

PCl 

PC2 

PC3 

PC4 

PCS 

PC6 

Eigen TM I TM 2 TM 3 TM 4 TM 5 TM 7 % of Acc. 
values - total var. 

var. 

5.3289 0.4122 0.4229 0.4245 0.4276 0.3890 0.3701 88.82 88.82 

0.5747 -0.3645 -0.2772 -0.2467 -0.1714 0.5266 0.6502 9.57 98.39 

0.0616 -0.0898 -0.0373 -0.01 16 0.0336 0.7418 -0.6625 1.03 99.42 

0.0279 0.7863 -0.0813 -0.3571 -0.4771 0.1372 0.0337 0.46 99.88 

0.0052 0.2490 -0.6499 -0.2291 0.6790 -0.0450 -0.0090 0.09 99.97 

0.0017 0.0945 -0.5603 0.7608 -0.3131 0.0159 0.0074 0.03 100.00 

Table 6.2. Principal component analysis results for TM data of Ayerbreen 
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Figure 6.3. TM imagery of Ayerbreen illustrating processing techniques applicable to multispectral data. (a) PCl image; (b) PC2 image; 
(c) TM 4/fM 5 band ratio (3 x 3 median filtered). The scale bar in (a) represents 1 km . 



with low values in the VIS wavebands (Winther, 1993[a]). Additionally, the influence of 
topography, both on the snow and ice surfaces, and in the surrounding rock and moraine areas, 
is enhanced. Similar findings were obtained for the equivalent PC images of Fridtjovbreen and 
Kokbreen-Rugaasfonna. 

6.2.7.2 Band ratioing 

Band-ratioed images display the variation between the spectral reflectance curves of two 
bands, that is, the magnitude of the resultant image is inversely related to the correlation 
between the bands. The TM 4/fM 5 ratio has been employed frequently to delineate spectrally 
similar regions (Hall et al., 1987, 1988; Williams et al., 1991; Bayr et al., 1994). Snow and ice 
characteristics are enhanced because of the large deviation in the spectral response of such 
surfaces between the two bands ( cf. Figure 6.1). In addition, the ablation area may also be 
separated from adjacent morainal material (Hall et al., 1987). However, Rott et al. (1988) 
found that a TM 3/TM 5 ratio worked best for an image of the Otztal Alps because the 
TM 4/fM 5 ratio could produce ambiguities between snow and vegetation. Band ratioing can 
also reduce the effects of shadow; Rott et al. (1988) determined that the TM 3/TM 5 ratio was 
also most suitable for this purpose. 

The TM 4/fM 5 ratio of Ayerbreen is illustrated in Figure 6.3c; the data have been 3 x 3 
median filtered because the original image was very 'pixelated', an effect partially caused by the 
striping in TM 5. Ratioing has effectively masked the area of non debris-covered glacier surface 
from most of the surrounding area, which is generally uniform, one exception being the lake in 
the top-left of the image. Although the relative DN of the areas in shadow has increased, they 
are still easily discriminated by DN and, therefore, cannot be used in any quantitative analysis 
of the glacierised area. There is relatively little information within the glacier itself; none of the 
facies margins are very distinct, although the DN from the wet snow increases up-glacier; this 
appears to contradict the work of Dozier (1989), who showed that the normalised ratio between 
TM 4 and 5 is both a measure of, and proportional to, small-grain size. Thus, the simple ratio, 
which is positively related to the normalised ratio, purportedly indicates an up-glacier increase 
in grain radius within the wet-snow facies. The actual slight up-glacier decrease in mean snow 
grain radius (1.2 to 0.8 mm), as revealed by in situ measurements made on 19 August, is 
probably overshadowed by the relatively significant effects of topography across such a small 
area. Despite the transient snow line being relatively conspicuous in the TM 4/fM 5 ratios of 
Fridtjovbreen and Kokbreen-Rugaasfonna, the images (not s~own) are generally less clear than 
the individual wavebands. 

Thus, although PCA can enhance particular features on the glacier surface, the PC 
imagery does not reveal any new information regarding the distribution of facies on the 
Nordenskiold Land glaciers. In addition, Winther (1993[b]) showed that a simple composite 
image ( cf. Curran, 1985) of TM 2, 4, and 5, could clearly discriminate all the different glacier 
surface facies and margins. Unfortunately, the GRASS 4.0 system at SPRI can only display 
such composite images using eight colours. Therefore, because of the strong correlation 
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between the four VIS/NIR wavebands, and between the two MIR wavebands, only TM 4 and 
TM 5 data are analysed in this study (cf. Sections 6.3.2-4). As Section 6.3 is simply concerned 
with discriminating glacier surface facies and glacier extent, no attempt has been made to 
convert the DN values into reflectances. 

6.3 ANALYSIS OF TM DATA AND COMPARISON WITH NEAR
COINCIDENT ERS-1 SAR DATA 

6. 3 .1 Previous studies comparing VIS/NIR and SAR datasets from glacierised 
regions 

Few previous comparative investigations exist because of the relative scarcity of SAR 
data until the advent of ERS-1; of those that do, most use Seasat SAR in the analysis, which 
was not contemporaneous with TM. Therefore, these studies are comparing data acquired 
several years apart without knowing whether surface conditions have significantly altered in the 
interim. Consequently results are often inconclusive; Bindschadler and Vornberger (1992) 
found a 2 km difference between the snow line position in Seasat SAR and TM imagery of 
West Greenland acquired nine years apart, but it remains unknown what proportion, if any, of 
the observed increase in snow line elevation is a function of the different surface interaction 
mechanisms of microwave and optical radiation. However, studies using either Landsat MSS 
data (Hall and Ormsby, 1983) or airborne ST AR-1 SAR data (Bindschadler and Vornberger, 
1989) were able to compare near-coincident SAR and VIS/NIR data. 

Many of these comparative analyses have focused on the Greenland Ice Sheet, where 
both Seas at and ST AR-1 SAR data have been acquired (Bindschadler et al., 1987; 
Bindschadler and Vornberger, 1989, 1992; Vornberger and Bindschadler, 1992). The 
relatively flat ice sheet terrain means that the two datasets can be co-registered without the use 
of a DEM, employing apparently permanent features such as lakes and stream meanders as 
GCPs. Generally, an inverse relationship exists between the two sensors in winter, which 
Bindschadler and Vornberger (1989) postulated is a function of topographically-induced grain
size variation; a larger grain size decreases surface reflectance at VIS/NIR wavelengths but 
increases the volume scatter from a dry-snowpack (cf. Section 5.6.2). However, in summer, 
liquid water in the snowpack reduces both surface reflectance and backscatter, giving a positive 
correlation. Note that Section 5.6.3. indicates that an inverse relationship between water content 
and backscatter is too simplistic because of the predominating influence of micro-scale surface 
roughness. 

Williams ( 1987) believed MSS imagery to be better than equivalent SAR imagery for 
distinguishing the transient snow line on Vatnajokull; he was comparing it with L-band Seasat 
data, which Hall and Ormsby (1983) also found unable to detect the snow line on Alaskan 
glaciers (cf. Section 2.6.4). However, Rott (1980) concluded that more information was 
contained within the wet-snow facies in Seasat SAR imagery of Skeidararjokull, Iceland, than 
either equivalent Landsat MSS or RBV (return beam vidicon) images; the latter, acquired by 
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Landsat 3, had a comparable spatial resolution to TM. More recent studies on temperate glaciers 

have shown that higher frequency radar (C- or X-band) has no difficulty in determining this 

facies margin (e.g. Rott and Davis, 1991). Nevertheless, TM is often used for validating the 

capabilities of SAR (e.g. Shi and Dozier, 1993) because of its capability for accurately mapping 

glacier margins, due to the marked reflectance differences between snow and ice, and the 

surrounding rock and moraine, assuming the ablation area is debris-free. 

6.3.2 Example 1 - Ayerbreen 

All three glacier surface facies margins that existed on Ayerbreen at the time of TM data 

acquisition, that is the transient superimposed ice line, snow line, and slush limit, are .visible in 

the TM 4 image (Figure 6.4). The correct identification and approximate positions of these 

margins are confirmed by the oblique terrestrial photography taken nine days previqusly 

(Figure 2.17). The DN values of the superimposed ice lie between those of the glacier ice and · 

wet snow for the VIS/NIR bands, but are only statistically separable at a 95% confidence level 

from the former. Therefore, assuming the reflectance of the wet snow approximates to that of 

firn, it appears that the Ayerbreen superimposed ice probably has a spectral reflectance curve 

broadly similar to that in Figure 6.1, in which it is termed refreezing ice. Note, however, that 

the DN values of superimposed ice are significantly higher than those of glacier ice in Figure 

-
i------t 

Figure 6.4. TM 4 image of Ayerbreen acquired on 28 August 1992. Glacier facies and 
zones are marked as follows: 1, wet-snow facies; 2, slush zone; 
3, superimposed ice zone; 4, bare glacier ice. The area of slush clearly 
visible in the 5 September SAR image (Figure 4.10g) is labelled 'S', and the 
scale bar represents 1 km. Note the similar distribution of the glacier facies 
to that shown in the terrestrial photography taken nine days previously 
(Figure 2.17) . 
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6.4, in contrast to the equivalent spectral reflectance curves shown in Figure 6.1; this may be 
because of the fairly high debris content of the Ayerbreen ablation area (cf. Figure 3.8), such 
that its reflectance curve is closer to dirty glacier ice than glacier ice (cf. Figure 6.1). Also note 

that the TM 4 profile (Figure 6.5) shows a small drop in DN value immediately above the 
transient superimposed ice line, that corresponds to the area of 'superimposed slush' described 
in Section 4.3.1. Although the DN values of the superimposed ice and wet snow are not 

statistically separable at a high confidence level, the slush zone is clearly identifiable as a 
narrow zone of low reflectance ( cf. Figures 2.17 and 6.4 ), and hence the position of the 
transient snow line and slush limit can be accurately defined. 

No facies margins can be discriminated in the TM 5 image, which shows a gradual up
glacier increase in reflectance (cf. Figure 6.5). However, the profile data indicate that the 

terminus is marked by a reversal in the relative magnitudes of TM 4 and TM 5 (cf. Figure 6.2), 
which abruptly decrease and increase, respectively, on moving down-glacier; both bands 
could, therefore, be used to determine the margins of an ablation area without surface debris. 

Although neither band can successfully define the debris-covered northern perimeter of the 
Ayerbreen ablation area, this margin is apparent in the PC2 image (Figure 6.3b). 

The profiles also reveal that slope effects cause .marked reflectance variations at NIR 
wavelengths (TM 4) in a given facies or zone, particularly the wet-snow facies. For Ayerbreen 

these appear especially pronounced because of the relatively small size of the glacier. 
Fortunately, for interpretative purposes, the most significant changes are limited to the steeper 
and more variable slopes of the upper accumulation area. The topographically induced 
reflectance variation at NIR wavelengths is generally mirrored, to a much lesser extent, at MIR 
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Ayerbreen transect (cf. Figure 6.4). 
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wavelengths (TM 5) (cf. Figure 6.5). Hence glacier surface topography is most clearly shown 
in the VIS/NIR wavelengths, thus corroborating the findings of Orheim and Lucchitta (1988). 

The Ayerbreen TM 4 frequency histogram (Figure 6.6a), with a single maximum, does 
not display a pattern similar to Austre Broggerbreen; that is, two distinct peaks, representing 
the ablation and accumulation areas, separated by a cleft (Winther, 1993[b]). The cleft may 
have been 'filled' by a combination of topographically-induced low DN values in the wet-snow 
facies and the large extent of the superimposed ice zone on Ayerbreen in 1992, which generally 
had TM 4 DN values interposed between those of glacier ice and wet snow. Unfortunately, 
Winther does not discuss his findings with regard to the superimposed ice zone on Austre 
Brpggerbreen. According to Wakahama et al. (1976), the predominant factors affecting the total 
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amount of superimposed ice formed on a sub-polar glacier are the initial temperature 
distribution in the glacier ice and the rate of water supplied to the snow-ice interface, the latter 
being proportional to the rate of surface snow melt. If the DN values of the cleft correspond 
principally to the superimposed ice, the depth of the cleft will be inversely related to the amount 
of melting, and hence directly related to the glacier mass balance. Thus, the original premise of 
Winther (1993[b]), that the two peaks corresponding to the ablation and accumulation areas are 
better separated for a more positive mass balance, remains valid when accounting for the 
intermediate TM 4 DN values in terms of superimposed ice extent. Such data may, providing 
they exhibit a bimodal frequency distribution, prove a reliable source for first-order mass 
balance estimation of sub-polar glaciers when prior knowledge concerning the relationship 
between AAR and the net mass balance of a glacier is unavailable. No such information can be 
deduced for Ayerbreen, however. The TM 5 frequency histogram (Figure 6.6b) also shows 
only one peak and has typically low DN values for MIR data of glacierised areas. 

A comparison of the 28 August TM 4 image (Figure 6.4) with the 1 August 1992 SAR 
image (Figure 4. lOe) shows that the transient superimposed ice line had increased in elevation 
by approximately 15 m, as compared to at least 35 m for the transient snow line (cf. Table 4.3); 
hence the altitudinal range of the superimposed ice zone increased as the 1992 ablation season 
progressed. Furthermore, the lowest elevation of the up-glacier zone of high backscatter 
coefficient (the refrozen wet-snow facies) in the 5 September 1992 SAR imagery (Figure 
4.10g) accurately corresponds to the position of the slush zone. Close examination reveals that 
it coincides specifically to the slush limit; the area of slush that formed in a depression up
glacier from the main zone of slush on the southern side of Ayerbreen can be seen to mirror 
exactly the 'tongue' of low backscatter in the SAR image ( cf. Figures 6.4 and 4.1 Og). 

6.3.3 Example 2 - Fridtjovbreen 
The glacier facies margins on Fridtjovbreen are more distinct in the TM 4 imagery than 

those on Ayerbreen because topographically induced reflectance changes are less marked, due 
to the greater size of the glacier and its essentially constant gradient and aspect. The effects of 
topography are most apparent in the larger of the two accumulation basins, where a series of 
'transverse dune' features with a wavelength of approximately 300 m can be observed ( cf. 
Figures 6.7 and 6.8): These do not reflect the underlying bedrock topography, obtained from 
RES by Glazovsky et al. (1991), and may have formed as a response to katabatic winds. 

Again, the slush zone is revealed as a narrow line of rpuch lower reflectance traversing 
the glacier, and is clearly shown in the TM 4 profile (Figure 6.8), which crosses this zone at its 
widest point. Many surface meltwater streams issue from the slush zone and, because of the 
dihedral backscatter from the channel side facing the look-direction, can be detected in both the 
1 August and 5 September 1992 SAR imagery (cf. Figures 4.15c and e). The lower margin of 
the transverse zone of very high backscatter in the 5 September image matches the transient 
slush limit in the TM 4 image, as described in Section 4.4.3.1 (cf. Figures 4.15e and 6.7). 
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Figure 6.7. TM 4 image of Fridtjovbreen acquired on 28 August 1992 (cf. Figure 6.4 
for key to the glacier facies and margins labelled). The slush feature that is 
also visible in the 5 September SAR image (Figure 4.15e) is labelled 'S', 
and the scale bar represents 1 km. 

Unfortunately, the upper margin cannot be observed in the TM data although, interestingly, this 
zone of uniformly high backscatter does coincide with the zone of maximum variability in the 
TM 5 profile (cf. Figure 6.8). The transient superimposed ice line position is identical in the 
TM and 5 September SAR imagery; in the TM 4 profile it is apparent as a small decline in DN 
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Figure 6.8. Annotated down-glacier reflectance curves of TM bands 4 and 5 along the 
Fridtjovbreen transect (cf. Figure 6.7). 
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values (Figure 6.8), attributable to the area of 'superimposed slush' immediately above the 
transient superimposed ice line. The TM 5 profile shows no evidence of the 0°C isotherm. 

Unlike the Ayerbreen example, the TM 4 frequency histogram for Fridtjovbreen (Figure 
6.9a) does show the bimodal pattern described by Winther (1993 [b]). The peak corresponding 
to the accumulation area (high DN values) is significantly greater than that for the ablation area 
(low DN values), and is indicative of a positive or slightly negative (assuming AARo is greater 
than 0.50) net mass balance, whereas the moderately shallow cleft points to a more negative 
balance (Winther, 1993[b]). Thus, overall one might expect a slightly negative net balance; in 
fact, the estimated net mass balance of Fridtjovbreen for 1991/92 is - 0.05 m a- 1 water 
equivalent (cf. Section 6.4.4). The TM 5 frequency histogram (Figure 6.9b) only shows a 
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Figure 6.9. Frequency histograms of DN values within the Fridtjovbreen mask. 
(a) TM4; (b) TM5. 
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single peak. Both the Fridtjovbreen histograms have a smaller range of DN values than their 
Ayerbreen equivalents, reflecting the greater range of slopes on the smaller glacier. 

6.3.4 Example 3 - Kokbreen-Rugaasfonna 
All three facies margins can also be clearly distinguished in the TM 4 image of 

Kokbreen-Rugaasfonna (Figure 6.10). Although there are several meltwater streams in the 
upper region of the glacier ice, which severely d1srupt the TM 4 (but not TM 5) profile (Figure 
6.11 ), their curvilinear pattern means that they are easily recognised as such in the image. The 
start of the increase in DN values in the TM 5 profile coincides with the transient superimposed 
ice line (cf. Figure 6.11); unfortunately, as this rise is situated below the transient snow line it 
cannot be determined whether the 0°C isotherm is apparent. Longitudinal features, possibly 
associated with convergent flow (cf. Section 4.4.3.2), aid facies discrimination in the image, as 
the specific image texture they produce is limited to the zone of bare glacier ice (foliation 
structures are not present in the superimposed ice as it has no stress history) (cf. Figure 6.10). 
The TM image and terrestrial photography of seven days earlier (Figure 4.19) both show that 
the slush zone in the centre of Kokbreen was not clearly defined as a single band, as it was for 
Ayerbreen and Fridtjovbreen; indeed, the particular TM 4 profile studied reveals a second 
reflectance minimum at a higher elevation than the main slush zone (cf. Figure 6.11). The 
transient snow line coincides closely with that discernible in the 5 September SAR image (cf. 
Figures 4.17g and 4.18g), both of which are approximately 60 m down-glacier from the 'snow 

Figure 6.10. TM 4 image of Kokbreen-Rugaasfonna acquired on 28 August 1992 (cf. 
· Figure 6.4) for key to the glacier facies and margins labelled). Note the I 
poorly defined slush zone, also visible in terrestrial photography taken 
seven days previously (Figure 4.19). The scale bar represents 1 km. 1 
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Figure 6.11. Annotated down-glacier reflectance curves of TM bands 4 and 5 along the 
Kokbreen-Rugaasfonna transect ( cf. Figure 6.10) . 

line' (actually the slush limit; cf. Section 6.3.2) in the 1993 spring imagery (cf. Figure 4.18b). 
Thus, on Kokbreen the greater areal extent of the slush zone, as described above, might be the 
cause of this marked deviation; however, it might also have resulted from further ablation after 
5 September. 

The accumulation area of Rugaasfonna shows broad variations in reflectance because of 
the wide range of aspects of the tributary cirque glaciers that vary, in a clockwise direction, 
from north-west to south-east. Some of the DN values associated with the wet-snow facies are 
actually lower than those of the superimposed ice. One particular example of this occurs in the 
uppermost part of the TM 4 profile data (cf. Figure 6.11), where the sharp decline in 
reflectance is a function of the concave surface morphology: on moving up-glacier through the 
wet-snow facies the profile crosses from the far side, where the slopes face towards the sun 
giving high reflectance, to the near side, where the slopes facing away from the sun return low 
reflectance values. Again, the TM 5. profile mimics the TM 4 data but the magnitude of changes 
is significantly reduced ( cf. Figure 6.11 ). 

Both the TM 4 and TM 5 frequency histograms of Kokbreen-Rugaasfonna (Figure 
6.12a and b) show a bimodal distribution, and both have a greater range of DN values, 
extending upwards, than found for Ayerbreen and Fridtjovbreen: the peak representing the 
accumulation area is at DN 74 and DN 94 in the Fridtjovbreen and Kokbreen TM 4 histograms, 
respectively (cf. Figures 6.9a and 6.12a). This situation probably reflects differences in the 
modal orientation of the glaciers' accumulation areas, rather than any marked physical variation 
in, for example, snow wetness or grain size. The peak corresponding to the ablation area in the 
Kokbreen TM 4 histogram has only a slightly lower frequency than the accumulation area peak, 
while the cleft is indistinct; both these features contrast with the equivalent Fridtjovbreen 
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Figure 6.11. Annotated down-glacier reflectance curves of TM bands 4 and 5 along the 
Kokbreen-Rugaasfonna transect (cf. Figure 6.10). 

line' (actually the slush limit; cf. Section 6.3.2) in the 1993 spring imagery (cf. Figure 4.18b). 
Thus, on Kokbreen the greater areal extent of the slush zone, as described above, might be the 

cause of this marked deviation; however, it might also have resulted from further ablation after 

5 September. 

The accumulation area of Rugaasfonna shows broad variations in reflectance because of 

the wide range of aspects of the tributary cirque glaciers that vary, in a clockwise direction, 
from north-west to south-east. Some of the DN values associated with the wet-snow fades are 
actually lower than those of the superimposed ice. One particular example of this occurs in the 
uppermost part of the TM 4 profile data (cf. Figure 6.11), where the sharp decline in 

reflectance is a function of the concave surface morphology: on moving up-glacier through the 

wet-snow fades the profile crosses from the far side, where the slopes face towards the sun 
giving high reflectance, to the near side, where the slopes facing away from the sun return low 

reflectance values. Again, the TM 5 profile mimics the TM 4 data but the magnitude of changes 
is significantly reduced (cf. Figure 6.11). 

Both the TM 4 and TM 5 frequency histograms of Kokbreen-Rugaasfonna (Figure 
6.12a and b) show a bimodal distribution, and both have a greater range of DN values, 

extending upwards, than found for Ayerbreen and Fridtjovbreen: the peak representing the 

accumulation area is at DN 74 and DN 94 in the Fridtjovbreen and Kokbreen TM 4 histograms, 
respectively (cf. Figures 6.9a and 6.12a). This situation probably reflects differences in the 
modal orientation of the glaciers' accumulation areas, rather than any marked physical variation 

in, for example, snow wetness or grain size. The peak corresponding to the ablation area in the 
Kokbreen TM 4 histogram has only a slightly lower frequency than the accumulation area peak, 
while the cleft is indistinct; both these features contrast with the equivalent Fridtjovbreen 
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Figure 6.12. Frequency histograms of DN values within the Kokbreen-Rugaasfonna 
mask. (a) TM4; (b) TM5. 

histogram, suggesting that Kokbreen had a more negative net mass balance than Fridtjovbreen 
in 1991/92. Note that the magnitude of the two peaks is reversed in the TM 5 histogram (cf. 

Figure 6.12a and b) and, therefore, data of this frequency cannot be similarly employed for 
first order mass balance estimation. 
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6.4 DERIVATION OF REGIONAL GLACIER MASS BALANCE 
INFORMATION ACROSS NORDENSKIOLD LAND 

6.4.1 Introduction and methods 
Section 6.4 compares the relative abilities of SAR and TM data to provide regional mass 

balance information, by discriminating surface facies on a large number of glaciers. The heavily 
dissected terrain of Nordenskiold Land represents a 'difficult' scenario with layover and 
shadow much in evidence in the SAR and TM images, respectively. Results from both sensors 
are synthesised to provide the most comprehensive ELA data yet obtained for the region. 
Where possible, AAR ( accumulation area ratio) data are also calculated, in order to provide a 
first-order estimate of variation in the 1991/92 glacier net mass balance across Nordenskiold 
Land. 

The dataset for this work comprises the 132 'significant' Nordenskiold Land glaciers, 
that is, those having an area~ 1 km2 according to Hagen et al. (1993). Note that these authors 
describe the glaciers of Svalbard by drainage basin, whereas the eastern extent of Nordenskiold 
Land is defined by river valleys ( cf. Section 1.2.1). Thus, using the divisions of Hagen et al. 
(1993), the glaciers included in this study are all those in secondary drainage basins 136 
(Reindalen), 137 (Nordenskiold Land SW), 141 (Nordenskiold Land NW), all but one in basin 
142 (Adventdalen), and a small number in basins 135 (Kjellstrpmdalen) and 143 
(Sassendalen). 

Due to the difficulties in determining the snow line in the 5 September 1992 SAR 
imagery ( 1 August is too early in the ablation season for annual mass balance data to be 
obtained) without the benefit of in situ observations (cf. Section 4.4.2 and 4.4.3), winter (non
ablation season) data were utilised for the analysis. Although the separability of the ablation and 
accumulation areas is highest in the 8 May 1993 SAR data of Ayerbreen (cf. Section 4.4.2), 
this image does not encompass all the glaciers of Nordenskiold Land ( cf. Section 4.1.1 ), and, 
therefore, the 12 June 1993 data were used. The snow line and slush limit were taken as being 
coincident. In addition, the transient superimposed ice line was also derived from the TM data. 

The imagery from the two sensors was examined independently. Each glacier was 
given a mean visibility index from 1.to 5, based on the proportion of its surface area affected by 
layover or shadow; for example, a glacier with 0-20% of its area so affected has a visibility 
index of 1, with 20-40% a visibility index of 2, and so on. The visibility index was determined 
by marking non-visible areas on the NP 1:100 OOO maps. For the 31 glaciers where both the 
transient snow line (TM) and snow line (SAR) could be distinguished, the mean change in 
elevation was 3.2 m, with a range of 0-20 m. This may represent either a further retreat of the 
glacier facies margins after 28 August 1992 (J.D. 241) (cf. Figure 4.8), or the altitudinal range 
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I 
11 

I 
I 

of the slush zone (the effect of assuming the snow line and slush limit coincide in the SAR I i 

data); as 24 of these glaciers (77%) exhibited no elevation increase between the transient snow 
line and snow line, it appears more likely to be the latter. For two glaciers the snow line (SAR) I / 
and transient superimposed ice line (TM) could be recognised, but not the transient snow line 
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(TM); in these instances the height of the transient superimposed ice line was assumed to 

remain constant for the remainder of the ablation season, similar to the principal trend in the 

transient snow line described previously. There were no cases where the snow line in the SAR 

data was apparently lower than its transient equivalent in the TM data. 

The various facies margins were sketched onto the appropriate NP 1: 100 OOO map; 

Nordenskiold Land is covered by map sheets BlO (Van Mijenfjorden), C9 (Adventdalen), 

ClO (Braganzavagen), and D9 (Agardhfjellet). The glacier margins and contour elevations on 

these maps are derived from oblique aerial photography flown in 1936, when many glaciers 

were close to their maximum extent following the Little Ice Age (LIA) ( cf. Section 1.2.4 ), and 

have not been updated since. Consequently, the altitudes of the facies margins, estimated to the 

nearest 10 m from the map contours (50 m interval), will be overestimates following the 

succeeding period of generally negative mass balance. For example, using the data in 

Lefauconnier and Hagen (1990), Austre Bnllggerbreen, in north-west Spitsbergen, lost 

approximately 22 m water equivalent between 1936 and 1988. The only similar data available 

in Nordenskiold Land are for Fridtjovbreen. A map in Glazovsky et al. (1991) reveals that the 

typical 1936-88 volume change of this glacier, in the area of the 1991/92 ELA, was between 

- 20 and - 25 m. In addition, the coincident downwasting in the Ayerbreen ablation area is 

estimated as -15 m (cf. Section 1.2.6). Absolute elevation changes are likely to vary with the 

aspect and altitudinal range of a glacier, and would have to be determined photogrammetrically 

from the 1990 NP aerial photography. As such an undertaking is beyond the scope of this 

work, the surface of a glacier in 1992 was assumed to be 20 m below that in 1936. Although 

the high proportion of possible surge-type glaciers in the region (Hamilton, 1992) might be 

expected to distort the general pattern of recession, only Arebreen is known to have surged 

since 1936 (cf. Table 1.4). 

6. 4. 2 Comparison of SAR and TM data for discriminating glacier surface 
facies across Nordenskiold Land 

The frequency distributions of the glacier visibility index derived from the SAR and TM 

data are shown in Figure 6.13a and b, respectively. Note that 15 glaciers, namely those east of 

Marthabreen in the mountains between Reindalen and Kjellstnllmdalen (cf. Figure 1.2), and 

those in the very north-east of Nordenskiold Land, were cloud covered in the TM image and 

could not be included in the analysis. No glaciers have a visibility index of 1 in the SAR image 

because distortion caused by layover or shadowing affects :2:: 20% of the surface area of every 

single glacier. However, there are very few glaciers (3%) with a visibility index of 5. Both 

types of imagery have a modal visibility index of 3, although the percentages in this bin vary 

markedly, 48% for the SAR data and 29% for the TM data. The mean glacier visibility index is 

significantly higher in the SAR image, 3.2 compared to 2.6 in the TM image, and indicates 

that, for Nordenskiold Land, the effect of shadow in the TM data is less problematical for 

regional glaciological studies than topographic distortions in the SAR data. However, note that, 

in the case of ERS-1, a combination of ascending and descending pass data will minimise the 
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Figure 6.13. Frequency distributions of glacier visibility index (the lower the better) for 
Nordenskiold Land. (a) winter ERS-1 SAR; (b) summer Landsat TM data. 

extent of these distortions (cf. Section 2.4.1), and might be expected to lower the glacier 
visibility index so that it approaches unity. 

The individual glacier visibility indexes were analysed to ascertain whether any 
correlation existed between the two datasets (Table 6.3). Using the Spearman's rank method 
for ordinal data (e.g. Shaw and Wheeler, 1985), the value of r, the correlation coefficient, 
corrected for ties, is 0.33. To test the significance for a large sample (n > 100), the r value is 
converted to a t value; in this example t = 2.34. Appropriate tables reveal a positive relation 
between the two datasets, which is significant up to a 99% confidence level; it appears that the 
bearings of the look direction in the SAR image (131.6°) and sun azimuth in the TM image 
(170.3 °) are sufficiently similar to produce this very strong correlation. However, different 
parts of a glacier are often visible in the two images; layover and foreshortening are the 
principal topographic distortions in ERS-1 SAR imagery where the incidence angle is small ( cf. 

SAR\TM 1 2 3 4 5 Cloud 

1 

2 9 7 2 1 4 

3 13 17 15 5 7 6 

4 6 6 17 7 3 3 

5 1 1 2 

Table 6.3. Distribution of glacier visibility index obtained from ERS-1 SAR data, 
compared to that derived from Landsat TM data. 
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Section 2.4.1), and affect the far side (from the radar) of the glacier, whereas areas of shadow 

in the TM imagery are located on the near side (to the sun). 

The percentage of glaciers in each visibility index, for which one or more facies 

margins may be discriminated, are illustrated in Figure 6.14. These indicate that, as expected, 

the proportion of glaciers where a facies margin is apparent generally decreases with the 

visibility index. The better (lower) mean glacier visibility index of the TM data is evident when 

comparing the proportion of glaciers on which one or more surface facies can be discriminated. 

In the SAR image the snow line can be discerned on only 48 of the 132 glaciers in the analysis 

(36% ), whereas in the TM image the transient superimposed ice line may be observed on 72 of 
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Figure 6.14. The effect of visibility index on the ability to discrimjnate the 1991/92 
glacier surface facies margins in Nordenskiold Land. (a) snow line in SAR 
imagery; (b) transient superimposed ice line in TM imagery; (c) transient 
now line in TM imagery; (d) transient superimposed ice line and snow line 
in TM imagery. Note that the SAR data were acquired on 12 June 1993 
(prior to the start of the next ablation season) and the TM data on 
28 August 1992. 
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the 117 glaciers (62%) that are not cloud covered, the transient snow line on 81 glaciers (69%), 

and both these facies margins on 65 glaciers (56%). There are 17 instances when the snow line 

of a glacier can be discriminated in the SAR image but the transient snow line is not visible in 

the TM image; however, seven of these glaciers are cloud covered in the latter image. 

Combining data derived from both sensors provides the transient snow line or snow line 

altitude for 98 glaciers, that is, 74% of the 'significant' glaciers in Nordenskiold Land. 

6. 4. 3 Derivation of the 1991/92 ELA areal distribution across Nordenskiold 
Land and comparison with previous studies 

There are 67 glaciers in the analysis that, because both margins of the superimposed ice 

zone may be discriminated, can be used to study the variation in the altitudinal extent of this 

zone at the end of the 1992 ablation season. The frequency distribution of the results, displayed 

in 10 m bins (Figure 6.15), reveals a strongly modal bin, containing 35% of the sample, in 

which the superimposed ice zone had an altitudinal range of 25-35 m. As the range of values 

cannot fall below O m, those glaciers where the altitudinal range is much larger, with a 

maximum of 120 m, generate a long 'tail' towards the high end of the distribution, hence 

giving it a marked positive skewness. This is also indicated by the mean value of 42.3 m being 

outside and above the modal bin. 

The ELA of a sub-polar glacier lies within the superimposed ice zone (cf. Section 

2.7.3); as the altitudinal range ofthis zone was as high as 120 m in Nordenskiold land in 1992, 

it is necessary to assume a further relationship between the ELA and the margins of the 

superimposed ice zone in order to achieve a useful estimation of the former. Using SPOT data, 

Parrot et al. (1993) determined the superimposed ice zone on Austre Brjijggerbreen at the end of 

the 1986 ablation season as lying between 340-460 m a.s.l. (all future references regarding 
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Figure 6. 15. Frequency distribution of the altitudinal range of the superimposed ice zone 
at the end of the 1992 ablation season in Nordenskiold Land. 
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ELAs and the elevations of other facies margins are implicitly assumed to relate to mean sea 

level), which agreed with field observations. The 1985/86 ELA of this glacier was reported as 

380 m (Hagen et al., 1993). Hence, the ratio of the vertical distance between the superimposed 

ice line and ELA, and between the ELA and snow line, was 1 :2. Although systematic 

registration of the altitudinal difference between the superimposed ice line and the ELA has not 

been made for Spitsbergen glaciers (Hagen, pers. comm., 1995), Hagen and Liest01 (1990) 

stated that the difference in elevation between the ELA and snow line varies with the amount of 

superimposed ice; thus, the 1 :2 ratio was assumed to be constant for estimating the ELA to the 

nearest 5 m. 

The mean 1991/92 ELA across Nordenskiold Land was determined as 478 m, with a 

standard deviation of 72 m and a range from 275-595 m. When placed in 25 m bins (Figure 

6.16), the modal bin (22%) is 487.5-512.5 m, indicating a slightly negatively skewed 

distribution (the mean is lower). There are 33 glaciers in Nordenskiold Land for which Hagen 

et al. (1993) estimated a modern ELAo (for the present volume and area) from the highest point 

of the lateral moraines in 1977 aerial photography, to an accuracy of 25-50 m; their mean ELAo 

is 467 m. Of these, 22 glaciers are contained within the sample of 67 glaciers used in the 

present study, and typically had a 10 m higher ELA in 1991/92 than the ELA0 reported by 

Hagen et al. (1993). These authors also give the mean ELAo, normalised to account for the 

areal extent of the individual glaciers, of each drainage basin area, based on those few glaciers 

for which ELA0 has been estimated. The normalised ELA0 values of the four basins that lie 

wholly within Nordenskiold Land ( or almost in the case of Adventdalen) are: Reindalen, 

518 m; Nordenskiold Land SW, 289 m; Nordenskiold Land NW, 272 m; Adventdalen, 515 m. 

Equivalent 1991/92 figures derived from the remotely sensed data, with the deviation from the 

Hagen et al. (1993) ELA0 values in parentheses, are: Reindalen, 489 m (-29 m); Nordenskiold 
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Figure 6.16. Frequency distribution of the 1991/92 ELA in N ordenskiold Land, as 
derived from remotely-sensed data. 
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Land S\V, 325 m (+36 m); Nordenskiold Land NW, 387 m (+115 m); Adventdalen, 518 m 

(+3 m). 

There are several possible reasons for the deviation from the ELAo figures in the present 
study. First, the average magnitude of the disparity for the 22 glaciers in both studies (10 m) 

lies within the error limits given for the Hagen et al. (1993) data. Second, as equilibrium 
conditions do not exist, ELA0 will not coincide exactly with the top of the lateral moraines, 
which may have originally formed in response to LIA conditions. Third, some of the difference 

may be due to the assumption that glacier elevation has declined uniformly (20 m) across the 
region since 1936. Finally, there may be genuine changes in ELA, as suggested by the 

variation in sign and magnitude of the deviations across the four drainage basins. Norwegian 

mass balance data for Austre Br!Ziggerbreen and Midre Lovenbreen (cf. Figure 2.15) indicate 
that these two glaciers had 1991/92 net mass balances of -0.10 and -0.14 m water equivalent, 

respectively, compared to mean values for the 1966/67-1992/93 period of -0.43 and 
-0.32 m a- 1 water equivalent. In the case of Austre Br!Ziggerbreen, the 1991/92 figure is further 

than one standard deviation from the mean, indicating a more positive (but still slightly 
negative) balance year than is typical. Thus, assuming similar climatic conditions in 
Nordenskiold Land, the 1991/92 ELA can be expected to be marginally higher than the Hagen 

et al. ( 1993) ELA0 values, and this is accurately reflected by the average + 10 m change for 

those glaciers in both studies. 

However, it is necessary to ascertain whether the two samples, in this study and Hagen 
et al. (1993), are drawn from statistically separable populations before forming any firm 
conclusions regarding the apparent deviation of the 1991/92 ELA from ELA0 (hereinafter 

termed ~ELA) in Nordenskiold Land, particularly because of the different sample sizes. 
Normalising the data produces a very large standard deviation because of the considerable 
variation in glacier extent (cf. Figure 1.8); therefore, non-normalised data are used for this test. 

Confidence intervals are calculated at a 95% level and corrected for sampling fraction as the 
finite population size, the number of 'significant' glaciers ( of surface area ~ 1 km2) in each 

drainage basin, is known; the results are given in Table 6.4. The t-test for difference between 

means (e.g. Shaw and Wheeler, 1985) is then used to determine whether the null hypothesis, 
that there is no difference between the sample means, can be rejected. 

Two drainage-basins show a ~ELA that is significant: Reindalen and Nordenskiold 

Land NW, which have negative and positive values, respectively. ~ELA is very small ( 4.1 m) 
for Adventdalen (cf. Table 6.4), and, although equal to 39.0 ~ for the Nordenskiold Land SW 
basin, the large confidence interval of the Hagen et al. ( 1993) data, a consequence of the small 
sample size, results in the two samples being statistically inseparable at a 95% confidence level. 

Thus, the analysis does indeed reveal marked differences in ~LA across Nordenskiold Land. 
For the 22 glaciers included in this and the Hagen et al. (1993) study, the extent to which 
~ELA is dependent on mean glacier altitude and longitude was examined; simple regression 
analysis gives correlation coefficients of -0.64 and -0.63, respectively (cf. Figure 6.17a and 
b ), that is, each parameter separately explains half the variation in the magnitude of ~ELA 
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No. of This study Hagen et al. (1993) ls the mean 

Drainage 'significant' - - ELA Glaciers X ELA* Glaciers X ELA* 
basin glaciers in 

in sample (m a.s.l.) in sample (m a.s.l.) 
statistically 

basin different?* 

Reindalen 40 30 487.5 ± 12.4 11 532.7 ± 35.4 Yes 

N'skiold Land SW 11 7 365.7. ± 30.8 3 326.7 ± 82.0 No 

N'skiold Land NW 30 9 425.0 ± 27.9 5 276.0 ± 48.6 Yes 

Adventdalen 29 17 524.1 ± 09.7 9 520.0 ± 21.7 No 

Table 6.4. Comparison of the mean 1991/92 ELA, determined by this study, and ELA0, 

estimated by Hagen et al. (1993) from the altitude of lateral moraines, for the 
four main drainage basins within N ordenskiold Land. * Results calculated at 
the 95% confidence level. 

(r2 -0.5). However, multiple regression analysis only marginally improves the correlation 
coefficient to - 0.66 because of the high correlation between glacier altitude and longitude 

(r = 0.86). Glaciers showing a strongly negative LIBLA are limited to the western half of the 
mountain range between Reindalen and Kjellstromdalen, while those with the greatest positive 
LIBLA are found in the west of the region, where glacier elevations are generally lowest. 

The spatial distribution of the 1991/92 ELA across Nordenskiold Land is shown in 
Figure 6.18. Isograms, based on the 67 glaciers for which the ELA was estimated, are drawn 
at 50 m intervals. The figures are placed in central positions on the glaciers, similar to the 
glacier identification numbers displayed in the maps of Hagen et al. (1993). Estimated positions 

of isograms derived indirectly from snow line data are indicated by dotted lines. For example, 

the closely spaced 250, 300, and 350 m isograms in the north-west are based on information 
regarding the ELA of Voringbreen (cf. Figure 1.2); although this parameter could not be 
estimated, because the transient superimposed ice line was not visible in the TM image, the 

snow line was estimated at 240 m in both the SAR and TM images, and thus the 1991/92 ELA 
was almost certainly below 250 m (cf. Section 6.4.3). The estimated isograms in the south-east 
of the region are based on a single snow line altitude ( 410 m on Tinkarpbreen) derived from 
SAR data. The general pattern is for an increase in 1991/92 ELA from west to east, until the 

eastern margin of Nordenskiold Land, where it begins to decline again; hence it corresponds 

closely to the scenario described by Koryakin and Troitskiy (1969) (cf. Figure 1.5). 

The ELA map of Svalbard prepared by Liest~l and Rpland (hereinafter referred to as 
LR) (cf. Steffensen, 1982), and illustrated partially in Figure 6.19, is valid assuming the 
glaciers are in balance with the present climate. It is based on aerial photographs and direct 
measurements, and has a 100 m isogram interval. A visual comparison reveals that the two 
maps show a broadly similar pattern of ELA. Nevertheless, considerable local variation is 
revealed in the 1991/92 ELA distribution; this may be a consequence of short-term mass 

balance changes specific to 1991/92, or simply due to the improved spatial resolution provided 
by the greater number of data points and smaller isogram interval. 
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Figure 6.17. Scatterplots showing the relationship between ~ELA (the deviation 
between the 1991/92 ELA, derived from remotely-sensed data, and ELA0, 

reported in Hagen et al. (1993)), and (a) median glacier altitude; (b) mean 
glacier longitude. 

The general difference in magnitude between the 1991/92 ELA isograms and those of 
the LR map decreases eastwards, from approximately +50 m west of Gr!Z)nfjord and 
Fridtjovbreen, to -0 m in the extreme east of the region (cf. Figures 6.18 and 6.19). This 
positive deviation confirms the statement by Hagen et al. (1993), who suggested that typical 
ELAs may be up to 100 m higher than given in the older map. Moreover, the fact that the 
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Figure 6.19. Distribution pattern of ELA0 across Nordenskiold Land assuming the 
glaciers are in balance with the present climate, as estimated from aerial 
photographs and direct measurements (after LiestS)l and Roland). 

magnitude of the deviations is considerably less than this figure, again suggests that glacier net 
mass balance was significantly less negative in 1991/92 than the recent average. 

Both maps show a local ELA maximum around Gustavfjellet in the south-east of the 
region. This area is defined by a 600 m isogram in the LR map but, because of the negative 
L1ELA for the glaciers within it, is confined by a 550 m isogram for 1991/92, and is also 
reduced in extent. The smaller isogram interval of Figure 6.18 reveals another maximum (also 
> 550 m) in the north-east of Nordenskiold Land, encompassing a much larger area. Within 
this zone, the unnamed glacier located on the western slope of Gilsonryggen (cf. Figure 1.2) 
had an estimated 1991/92 ELA of 595 m. As Gibsonbreen, 3 km south-west of this glacier but 
facing east, had an ELA of only 500 m, the influence that glacier aspect can have on ELA is 
clearly demonstrated; <;;onsequently both 500 m and 550 m isograms pass over Bolterskardet 
( cf. Figure 6.18). Another local maximum (> 450 m) encompasses Marstranderbreen ( cf. 
Figure 1.2) which, because the L1ELA of this glacier is high ( +55 m), may only be a feature 
applicable to 1991/92. 

The 1991/92 ELA minimum(< 450 m) centered on Slakbreen (cf. Figure 1.2), and 
including three small glaciers to the north, is also missing from Figure 6.19; this is 
undoubtedly because of the strongly negative (-80 m) L1ELA of Slakbreen, and the lack of 
previous information concerning the other glaciers. All the glaciers within this ELA minimum 
and the Gustavfjellet ELA maximum immediately to the south-west have west to north-westerly 
aspects, although they are at a higher altitude around Gustavfjellet. Therefore, the tongue of 
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higher precipitation in eastern Nordenskiold Land (cf. Figure 1.6), which encompasses the 
ELA minimum but not the maximum, is likely to be the principal cause of the marked local 
variation in ELA. The three small glaciers and much of Slakbreen are oriented perpendicular to 
Reindalen, along which the prevailing winds are channelled, and are thus ideally situated to 
intercept the greater precipitation, more so than those glaciers further to the east, such as 
Marthabreen (cf. Figure 1.2), which, with a more northerly aspect, intercept less precipitation 
and have a higher ELA as a consequence. 

6. 4. 4 Derivation of AARs for estimating the 1991/92 net mass balance of 
Nordenskiold Land glaciers 
An investigation regarding the AARs of the Nordenskiold Land glaciers in 1991/92 was 

undertaken, to ascertain the extent to which the regional variation in ELA was reflected by a 
similar trend in the net mass balance bn- Glacier extent was taken from Hagen et al. (1993) as 
the NP 1: 100 OOO maps are outdated following the general glacial retreat since the LIA ( cf. 
Section 6.4.1). However, the size of the accumulation area, that part of the glacier above the 
ELA, was measured from the maps, and it was assumed that, unlike the terminus region, no 
significant changes in glacial extent had occurred in the upper regions of the glaciers since 
1936. The area was obtained using standard digitising equipment; measurements for five 
glaciers were repeated ten times and results were found to be consistent to within ±1 %. 

The only published information pertaining to the relationship between AAR and bn for 
glaciers within Nordenskiold Land are the Russian data for Bogerbreen, Longyearbreen, and 
Voringbreen (cf. Figure 1.2). Sketch maps of the net accumulation of these glaciers 
accompanied the mass balance data reported in the journal Materialy Glyatsiologicheskikh 
Issledovaniy. The maps are available for the following years: Bogerbreen, 1974/75 to 1984/85; 
Longyearbreen, 1976/77 to 1981/82; Voringbreen, 1973/74 to 1987/88. However, there were 
some years when there was no net accumulation on one or more of the glaciers, so a 
relationship between ELA, and hence AAR, and bn cannot be defined in these instances. 
Therefore, the final dataset comprises only ten observations for Bogerbreen, five for 
Longyearbreen, and nine for Voringbreen. A scatterplot of AAR against bn using these data is 
displayed as Figure 6.20. 

The magnitude of bn is only satisfactorily explained by the AAR in the Bogerbreen 
example (r = 0.85), with a much weaker correlation between these parameters shown by the 
two other glaciers (r ~ 0.60). This is also indicated by the values derived for AARo (cf. Section 
2.7.2); for Bogerbreen, AAR0 = 0.61 ± 0.05 at a 95% confidence level, which compares very 
favourably with values of AARo derived for Austre Br0ggerbreen (0.61 ± 0.01) and Midre 
Lovenbreen (0.62 ± 0.01), using the data contained in Hagen et al. (1993). However, the 
equivalent values of AAR0 for Longyearbreen and Voringbreen are 0.83 ± 0.42 and 
0.95 ± 0.33, respectively. Although the determined mean values are unrealistically high, and 
indeed meaningless, the confidence intervals are so great, because of the small number of 
samples and the considerable scatter shown (cf. Figure 6.21), that AAR0 values similar to the 
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Figure 6.20. Estimation of the net mass balance of three glaciers in Nordenskiold Land 
using AARs derived from Soviet data in Materialy Glyatsiologicheskikh 
/ssledovaniy. The regression lines are as follows (a) full line - Bogerbreen; 
(b) long dashes - Longyearbyen; (c) short dashes - Voringbreen. 

other three Spitsbergen glaciers might be valid. Therefore, an AARo of 0.61 was assumed for 
the glaciers of N ordenskiold Land. 

The 1991/92 AARs of the three glacierised areas studied in detail are: Ayerbreen, 0.61; 
Fridtjovbreen, 0.60; Kokbreen-Rugaasfonna, 0.59. Thus, given the accuracy of the estimated 

regional AARo, all three glaciers had a net mass balance between slightly negative and slightly 

positive. The superimposed ice line and snow line were at 500 m and 530 m on Ayerbreen, and 

490 m and 530 m on Kokbreen; thus, assuming the 1:2 altitudinal ratio (cf. Section 6.4.3), the 
1991/92 ELAs of Ayerbreen and Kokbreen are 510 and 505 m, respectively. The estimated 
1991/92 ELA of Fridtjovbreen is 275 m and, using a value for the effective balance gradient 
derived from the information described in Section 4.4.3.1 , the net mass balance in this year 
was -0.05 m a-1 water equivalent (WE). 

The mean estimated 1991/92 AAR for the sample of 67 glaciers across Nordenskiold 
Land is 0.59. Normalising the data to take account of glacier area modifies this value to 0.57; 

thus, this figure is probably indicative of an overall slightly negative net mass balance from the 
region. However, an equal number of glaciers (32) have an AAR above and below the assumed 
AAR0 of 0.61. This is because the frequency distribution of AARs (Figure 6.21) is negatively 
skewed, with a range from 0.23 to 0.78. Although the lower values appear surprisingly small, 
an AAR of 0.29 was reported for Fridtjovbreen in 1987/88 (Troitskiy, 1989). The spatial 
distribution of the 1991/92 AAR values reveals that the low values ( < 0.50) are generally 
limited to an area bounded by 78° N to the north and 15.5° E to the east, where they comprise 
58% of the sampled glaciers, and additionally those glaciers on the southern side of the 
mountains between Reindalen and Van Mijenfjorden (cf. Figure 1.2). 
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Figure 6.21. Frequency distribution of the 1991/92 AARs for 67 glaciers m 
Nordenskiold Land. 

Results from Norwegian mass balance investigations in north-west Spitsbergen have 
revealed that glaciers having higher accumulation areas are closer to steady state than those at 
lower elevations (Hagen et al., 1993). For example, from 1986/87 to 1992/93 the mean b11 of 
Kongsvegen, with a median altitude of 500 m, was +0.06 m a- 1 WE, whereas, for Austre 
Br!Zlggerbreen, with a median altitude of 260 m, the corresponding b11 was -0.34 m a-1 WE. To 
ascertain whether this scenario might also apply to Nordenskiold Land, the 1991/92 AAR was 
plotted against median glacier altitude (Figure 6.22) for the 22 glaciers for which both 
parameters are available. The correlation (r = 0.77) is statistically significant (it did not arise by 
chance), and therefore the altitude of glaciers in Nordenskiold Land appears to have been the 
main factor controlling their net mass balance in 1991/92. 

Note that the glacier with the greatest deviation from the regression line is Fridtjovbreen 
(marked 'F' in Figure 6.22). This tidewater glacier may react differently to the other, wholly 
terrestrial, glaciers because its retreat is influenced by additional factors; for example, the 
present bed geometry reveals overdeepened rock basins below sea level (Glazovsky et al. 
1991) and suggests that the water depth at the terminus, known to affect the calving rate 
(Hughes, 1992), would have varied considerably as Fridtjovbreen retreated from its maximum 
position. Without this glacier in the analysis the correlation coefficient increases to 0.84, so that 
glacier elevation explains 71 % of the variation in the 1991/92 net mass balance. 

Rearranging the regression equation (for the 21 terrestrial glaciers) indicates that a 
median altitude of 604 ± 10 m is equivalent to an AAR of 0.61 at a 95% confidence level; that 
is, given the climatic conditions of the 1991/92 season, those glaciers in Nordenskiold Land 
having a median elevation higher than 604 ± 10 m probably had a positive net mass balance, 
and conversely. The average median glacier altitudes of the four main drainage basins in the 
region are : Reindalen, 589 m; Nordenskiold Land SW, 374 m; Nordenskiold Land NW, 
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Figure 6.22. Scatterplot showing the relationship between the 1991/92 AAR and median 
glacier altitude in Nordenskiold Land. Dashed line shows the regression 
equation for the data excluding Fridtjovbreen ('F'). 

334 m; Adventdalen, 585 m (Hagen et al., 1993). These values are based on relatively few 
glaciers, and hence somewhat unreliable; nonetheless, as they are all below 604 m, they do 
suggest further evidence for an overall negative balance from the glaciers of Nordenskiold Land 
in 1991/92, and, corroborating the data in Table 6.4, that glaciers in the higher continental east 
of the region are far more likely to be near steady-state conditions than those in the lower 
maritime west. 

6.5 CONCLUSIONS AND DISCUSSION 

6 . 5 .1 Summary of the relative capabilities of SAR and VIS/NIR imagery for 
providing glaciological information 
The analyses of three glacierised areas, and the derivation of regional mass balance 

estimates across Nordenskiold Land, indicate that a single TM image, acquired towards the end 
of the ablation season, will provide both more comprehensive and comprehensible information 
regarding sub-polar glacier facies than a single SAR image. ·For example, while the transient 
superimposed ice line is usually distinct in summer SAR images, the transient slush limit and 
snow line are often imperceptible. In winter images only the snow line is visible. Both margins 
of the superimposed ice zone can usually be distinguished in summer TM imagery of glaciers, 
unless masked by an early snowfall or contamination. Furthermore, at a regional scale, data 
interpretability is more adversely affected by layover in spaceborne SAR imagery than by 
shadow in TM imagery. 
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Nevertheless, if a pair of SAR images are acquired at the end of the ablation season, 

and a further pair in winter, with each pair comprising spatially and temporally near-coincident 

ascending and descending images, then SAR might actually prove to be the better sensor for 

deriving mass balance information for sub-polar glaciers. Summer and winter SAR imagery 

can provide the position of the superimposed ice line and snow line, respectively ( cf. Section 

4.5), which subsequently enables the ELA to be estimated (cf. Section 6.4.3). Thus, if 

ascending and descending SAR images are combined, allowing analysis over 95-98% of a 

highly dissected region (Haefner et al., 1994; Rott and Nagler, 1994), SAR actually has a 

better spatial coverage than TM, hence allowing mass balance information from a higher 

proportion of glaciers to be determined. Moreover, the SAR data are guaranteed whereas the 

availability of the TM data is very much dependent on cloud cover; the TM image of 

Nordenskiold Land used in the comparative analysis was the best acquired during the 1992 

ablation season, yet was still affected by cloud cover in the east of the region. The negating 

effect of cloud cover on the effectiveness of VIS/NIR instruments is critical in determining the 

choice of sensor for a particular scenario, and, as such, is examined separately in Chapter 7. 

There are, however, several reasons why SAR and VIS/NIR data should be seen as 

complementary, rather than being regarded solely as 'alternatives'; indeed, Rott et al. (1988) 

considered both SAR and optical instruments as the primary sensors for monitoring mountain 

glaciers. The distinct interaction mechanisms of microwave and optical radiation with snow and 

ice mean that the two types of sensor are responsive to different glaciological features. 

Generally, glacier margins are clearer in VIS/NIR imagery because of marked changes in 

surface reflectance, although, if the lower part of a glacier is debris covered, marginal moraines 

are more pronounced in SAR imagery. Small-scale features such as crevasses or flowlines are 

also easier to discern in VIS/NIR imagery in the absence of speckle. However, glacier surface 

morphology is better defined in SAR imagery, because of the instrument's acute sensitivity to 

local incidence angle. One potential complementary use in facies discrimination might be to 

ascertain whether the 0°C isotherm, detectable at MIR wavelengths according to Williams et al. 

(1991), coincides with an up-glacier backscatter increase, representing refrozen wet snow, in 

coincident SAR imagery. 

6.5.2 Overview of SAR and VIS/NIR data synergism 

If SAR and VIS/NIR data are complimentary, a synergy of both datasets provides the 

best possible resource for glaciological research using rem~tely-sensed satellite imagery. 

However, the very different image geometry of the two datasets means that such a process, 

while relatively simple for the gentle relief of an ice sheet (e.g. Vornberger and Bindschadler, 

1992), is extremely problematical in highly dissected terrain such as Nordenskiold Land. 

The markedly different illumination characteristics of SAR and VIS/NIR data, together 

with the topographic distortions in the former (cf. Section 2.4.1), require them to be geocoded 

separately onto a reference map coordinate system (Rott et al., 1988). Radiometric correction of 

SAR data is achieved using a digital elevation model (DEM), either through the production of a 
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simulated SAR image (Rott and Strobl, 1992), or by removing topographically induced 

backscatter variation by reconstructing the original illumination geometry (Haefner et al., 

1994). Both techniques are significantly improved by combining SAR data acquired from near

coincident ascending and descending satellite passes. Additionally, for classification purposes, 

backscattering functions for specific surface types may be incorporated (Rott and Strobl, 

1992). Particular problems arise in the extraction of ground control points (GCPs) from SAR 

imagery for the geocoding process. Generally, the only visible features on glaciers (apart from 

facies margins) are meltwater streams that are temporally mobile and, therefore, unsuitable as 

GCPs. Consequently, GCPs are limited to non-glacierised areas and may have a poor 

(concentrated) distribution across the SAR image. More fundamental problems arise because 

glacierised regions tend to be poorly mapped: the maps are often outdated and only produced at 

very small scales. Even if recent aerial photography is available, the vertical accuracy of a 

derived DEM is often poor across bright featureless regions such as glacier accumulation areas, 

where high frequency detail is missing; however, if the photographs are digitised, 'shape from 

shading' techniques (cf. Section 2.7.4) may be utilised (Cooper, 1994). Thus, the usefulness 

of current synergistic data sets is often determined by the accuracy of the best DEM obtainable. 

Fortunately, highly accurate DEMs of glacierised regions should become available in 

the near future, with the proposed ESA TANDEM mission between ERS-1/2 ( cf. Section 

2.5.4) and the NASA TOPSAT global topography mission. The latter, using interferometric 

SAR techniques (cf. Section 2.7.4), is designed to obtain a global digital elevation data set in 

less than six months at a spatial resolution of 30 m and vertical accuracy of 5 m (Farr et al., 

1994). Other advances may be made through the derivation of topographically independent 

backscatter parameters from polarimetric SAR (cf. Section 2.7.1) (Rott, 1994). 
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CHAPTER 7 

THE EFFECT OF CLOUD COVER AND REVISIT 
CAPABILITY ON THE TEMPORAL RESOLUTIONS 
OF ERS-1 SAR AND THE LANDSAT SENSORS IN 

POLAR REGIONS 

7.1 INTRODUCTION 

This chapter, which continues the analysis of the relative merits of spacebome SAR and 

VIS/NIR sensors for glaciological research, is concerned with the relative temporal resolution 
of the ERS-1 SAR and Landsat sensors. Temporal resolution is defined as the average interval 

of time between successive acquisition of useful data (i.e. it takes into consideration the effect 
of cloud cover on VIS/NIR imagery). After describing other factors that influence the temporal 
resolution of satellite data, the work focuses on the combined effects of cloud cover and revisit 

interval on this parameter. An initial analysis, limited to Spitsbergen, is subsequently expanded 
to cover the entire European Arctic sector. Much of the work described in this chapter has been 

published in Marshall et al. (1993, 1994). 

7.2 OTHER LIMITATIONS TO SATELLITE SENSORS IN POLAR REGIONS 

7.2.1 Orbit considerations 
The sun-synchronous orbits of both ERS-1 and Landsat restrict the latitude from which 

data are obtainable to within about 80° of the equator; ERS-1 has theoretical coverage to 
approximately± 81.5° (cf. Section 2.5.2) while the nominal limit of Landsat 4/5 coverage is 

± 8 l.8°. Nevertheless, the favourable location of the University of Alaska receiving station 

means it is possible to acquire Landsat MSS data there to a latitude of 82.6° N (Jeffries et al., 

1992). The Landsat.<:>rbit covers almost the entire land mass of the northern hemisphere but 
leaves 22% of the Antarctic continent unimaged. 

The coverage from the French SPOT satellite series extends slightly further to ± 84-85°. 

Note that the HRV (High Resolution Visible) sensors on this satellite may be pointed up to 
± 27° either side of the ground track such that, at high polar latitudes, there is the potential for 
an image of a particular location to be acquired almost every day from a single satellite. 

However, the high financial cost of such a campaign is likely to prohibit its use by the 
glaciological research community. Furthermore, the actual revisit capability of SPOT HRV 
varies temporally according to the data requests of others users, so that it is meaningless to 
ascribe to it a constant revisit interval, and it is not discussed further in this chapter. 
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7.2.2 Sun elevation 

During the polar night, the period of time when the sun remains very low or below the 
horizon, the negligible radiance reflected from the Earth at VIS/NIR wavelengths means that 
sensors using these wavelengths are unable to operate effectively. One exception is the use of · 
moonlight as an illumination source for highly reflective surfaces imaged using the DMSP 
(Defense Meteorological Satellite Program) satellite series (Foster and Hall, 1991), The period 
over which interpretable Landsat data are obtained is further reduced because imagery with a 
solar elevation less than 10° is not normally acquired (USGS, 1979). A calculation for Landsat 
4/5 indicates that approximately 130 days and 180 days each year cannot be imaged for this 
reason, at latitudes of 70° and 80°, respectively. Moreover, during summer months, a high sun . 
elevation may lead to detector saturation in certain VIS/NIR bands ( cf. Section 6.2.2). I 

7 .2.3 Data Rate 

Both the Landsat sensors and ERS-1 SAR have certain characteristics that reduce their 
ability to provide the theoretical maximum amount of data possible. Current problems restrict 
Landsat 4 transmission to such an extent that it is rarely used. Landsat 5 is limited to 150 TM 
scenes per day to international receiving stations and a further 100 to US stations (Massom, 
1991). MSS data production from Landsat 5 was discontinued by ESA on 1 January 1995 
(NRSC Ltd., pers. comm., 1995), although EROS (Earth Resources Observing Service) was 
still acquiring MSS data at this time. Many of the Landsat 5 subsystems are utilising back-up 
hardware because the primary systems have failed, so any new failure may terminate the 
satellite's operation (Langham, 1994). In addition, the ability of Landsat satellites to provide 
data in the future remains uncertain due to the loss of Landsat 6 prior to reaching orbit 
(Wuethrich, 1993), while Landsat 7 is not scheduled for launch until 1997 at the earliest. 

The principal disadvantage of the ERS-1 AMI is the output data rate of 105 Mbps when 
operating in Image Mode, which is too high to make onboard storage practical. Therefore, by 
implication, the SAR can only be used when ERS-1 is within the acquisition mask of a ground 
station equipped to receive such data. This is not a problem in the Arctic, where almost all 
regions lie within the 2° minimum antenna elevation acquisition masks of either the Kiruna, 
Gatineau, or Fairbanks receiving stations (Bruzzi, 1991). However, until early 1995, when the 
McMurdo receiving station became operational, some areas of the Antarctic, including the Ross 
Ice Shelf, were unable to be imaged by ERS-1 SAR because they lay outside the acquisition 
masks of O'Higgins and Syowa, the two original ground s~ations located there. Moreover, 
power restrictions may prevent the full-time operation of ground stations in such inaccessible 
regions; O'Higgins and Syowa were only operational for a total of 119 and 77 days in 1992, 
respectively (ESRIN, pers. comm., 1993). In addition, ERS-1 SAR data are only acquired on 
request; power considerations limit the instrument switch-on time to a maximum of 
approximately 10 minutes per orbit (Francis et al., 1991), equivalent to a duty cycle of about 
10%, although 12% has been achieved. 
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7.3 COMPARISON OF THE TEMPORAL RESOLUTIONS OF ERS-1 SAR 
AND THE LANDSAT SENSORS IN SPITSBERGEN 

7.3.1 Introduction 

In this section two separate datasets, the seasonal distribution of cloud cover and 
satellite revisit capability, are combined to ascertain which, of ERS-1 SAR and the Landsat 5 

sensors, provides the higher temporal resolution in Spitsbergen. The analysis is limited to the 
six month period of April to September, on account of the limitations discussed in Section 
7 .2.2, and because this period encompasses the ablation season, when the TM data would be 

required in order to obtain ELA data from the glacier facies margins. Furthermore, experience 
at SPRI has indicated that Landsat images with cloud cover of a third or more are unlikely to 
prove useful for glaciological studies. Cloud cover is actually recorded to the nearest octa 
( eighth) at meteorological stations. Therefore, because cloudiness values of a third approximate 
to 2.5 octas, and values slightly less than this will be rounded down to 2 octas when recorded, 

in fact, only Landsat data acquired coincident with a ground-based cloud cover :::;; 2 octas are 
considered 'high quality' in this study. Such high quality data are subdivided into that having 

cloud cover levels of, with the equivalent meteorological station cloudiness in parentheses: (a) 
less than 0.5 octas or clear skies (0 octas), (b) less than 1.5 octas (=::;; 1 octa), and (c) less than 

2.5 octas (~ 2 octas). 

Polar regions experience widespread cloud cover and the inability of Landsat sensors to 
penetrate cloud can severely impair their capability to obtain multitemporal datasets. In addition, 

cloud, snow, and ice all reflect highly at VIS/NIR wavelengths, and are therefore often difficult 
to distinguish from one another over large ice masses. Indeed, Williams and Ferrigno ( 1988) 
reported that the EROS Data Center cloud cover assessment of archived MSS scenes from 

Antarctica is frequently unreliable, with snow often being mistaken for clouds. As a 
consequence, the ability to formulate automatic cloud masking algorithms remains an important 
area ofstudy (e.g. Welch et al., 1990). However, cloud and snow may be separated using the 
MIR TM bands (5 and 7); for example, Orheim and Lucchitta (1987) were able to discriminate 
between snow, high cirrus clouds composed of ice crystals, and low dense altocumulus clouds 
containing water droplets, because these three media have increasingly high reflectances at MIR 
wavelengths (Dozier, 1985). For Spitsbergen, and many glacierised regions, the existence of 

nunataks and other snow- and ice-free areas allows feature recognition so that cloud 
discrimination is generally much simpler. 

7. 3. 2 Comparison of cloud cover determined from meteorological stations and 
Landsat imagery 

Cloud cover data acquired during the ten year period from 1980 to 1989 are used to 
calculate typical monthly cloudiness values at the three Norwegian meteorological stations 
situated in Spitsbergen (hereinafter simply referred to collectively as the Spitsbergen 

meteorological stations; no Russian data were available), namely Ny-Alesund in the north-west 
and Svalbard Lufthavn and Sveagruva in Nordenskiold Land (cf. Figure 7.1). In order to 
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Figure 7 .1. The location of the three Norwegian meteorological stations in Spitsbergen. 

ascertain whether these data accurately reflect those of the entire Landsat scenes in which the 
meteorological station occurs, each covering an area of approximately 34 250 km2

, a 
comparison between cloudiness recorded at the meteorological stations and that estimated from 
near-coincident Landsat imagery of Spitsbergen was undertaken. The latter type of cloud cover 
data can be obtained from the Eurimage LEDA ( onLine Earthnet Data Availability) catalogue. 

The meteorological cloud cover data are recorded every six hours, with the initial daily 
observation made at 01:00 hrs (07:00 hrs at Sveagruva); hence, as the time of Landsat 5 image 
acquisition of Nordenskiold Land is -11 :21 hrs (cf. Section 6.2.3), the · temporally closest 
ground measurement to the time of this satellite overpass is at 13 :00 hrs. The 40' higher latitude 
of NY:-Alesund, as compared to the Nordenskiold Land stations, means that the local crossing 
time of the Landsat sun-synchronous orbit will be later, by approximately 20 minutes. 
Calculations using the appropriate orbit parameters and equator crossing-times reveal that the 
local crossing time of the earlier Landsat satellites, operational from 1980 to 1989, are very 
similar (Landsat 2), equal to (Landsat 4), or later (Landsat 3) than Landsat 5. Thus, the 13:00 
hrs cloud cover data are used throughout the comparison. 

The LEDA catalogue provides the estimated cloudiness to the nearest 10% for each of 
the four quadrants of a Landsat image; a 10% increase of c~oud in one quadrant is therefore 
equivalent to an increase of 2.5% over the whole image. For this analysis, these figures are 
rounded to the nearest octa to make them compatible with the ground based observations. 
During the 1980-89 period the number of Landsat images in the catalogue encompassing Ny
Alesund and Svalbard Lufthavn/Sveagruva are 152 and 239, respectively. Frequency 
histograms of the differences between the satellite and meteorological cloud cover data are 
illustrated in Figure 7.2. Correlation coefficients are 0.77 for Ny-Alesund and 0.78 for 
Svalbard Lufthavn and Sveagruva. At a 95% confidence level the deviation of the satellite data 
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Figure 7 .2. Frequency histograms of the difference between cloud cover, as estimated 
from Landsat imagery encompassing a Spit~bergen meteorological station, 
and observed from the station itself. (a) Ny-Alesund; (b) Svalbard Lufthavn; 
(c) Sveagruva. Data from 1980-89 are used. 
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from the meteorological data is 0.03 ± 0.21 octas at Ny-Alesund, -0.54 ± 0.15 octas at 

Svalbard Lufthavn and - 0.52 ± 0.16 octas at Sveagruva. Therefore, it appears that there is no 

significant difference between satellite and ground-based cloudiness observations at Ny

Alesund; however, for the Nordenskiold Land meteorological stations, a mean systematic 

deviation of 0.5 octas exits, with the satellite data providing the lower estimate. 

Smaller values of cloudiness estimates from satellite data have also been noted by other 

workers (Tanczer, 1968; Malberg, 1973; McGuffie et al., 1988), and the magnitude of the 

difference between ground-based observations in Nordenskiold Land (0.53 octas ""' 6.6%) is 

similar to the 6% reported by Malberg. The principal reason cited for this deviation is that of the 

'observer ( on the ground) seeing sides of clouds' because of his/her limited perspective. This is 

a function of the height of the cloud base and the Earth's curvature; that is, the lower and 

further away the clouds the more difficult it is to determine openings between them. Moreover, 

McGuffie et al. (1988) stated that, in the Arctic, the multiple reflection of shortwave radiation 

from clouds, and in the spring from haze, makes it even harder for a ground observer to 

identify cloud breaks. The hypothesis that the variations in the Spitsbergen data are caused by 

difficulties in viewing cloud breaks is borne out by the high proportion of deviations that occur 

when the cloudiness estimated by the ground observation and satellite data are 8 octas and 7 

octas, respectively. In Spitsbergen an additional problem results from the steep sided 

mountains that further restrict the observer's field of view. However, Ny-A.lesund is probably 

affected to a greater extent than Svalbard Lufthavn, which faces across Isfjorden to the north 

and west ( cf. Figure 7 .1 ). One possible explanation for the better correlation between the two 

estimates at Ny-Alesund is that a smaller number of Landsat scenes (as well as images) are 

used in the analysis. Thus, as the area covered by all the scenes that encompass the 

meteorological station is smaller, the cloud cover data obtained there may be more 

representative. There are two additional possible reasons for the deviations. First, the 

cloudiness may change between the Landsat data being acquired and the meteorological data 

being recorded. However, although such changes might be systematic, for example, because of 

convectional cloud forming as the land surface warms, a sample autocorrelation analysis of the 

meteorological data reveals no significant variation in cloudiness during the short time interval 

between overpass and surface observation (Rees, pers. comm., 1992). Second, errors may be 

present in the LEDA catalogue cloudiness estimates because of the method used to derive them; 

this problem is discussed in detail in Section 7.4.2. 

As a consequence of this analysis, the probability of ~ satellite image that encompasses 

Svalbard Lufthavn or Sveagruva having$; N octas of cloud (where N ~ 1) is calculated as the 

mean of the frequency of cloud cover of $; N and $; N+ 1 octas, as recorded at the particular 

meteorological station. For determining the probability of a satellite image with zero octas an 

appropriately weighted average of the cloud cover frequency of zero and one octa, determined 

from the ground station, is employed. At Ny-Alesund the probability of a satellite image 

containing $; N octas of cloud cover is directly equal to its frequency measured at the 

meteorological station. 
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7. 3. 3 Monthly cloud cover variation at the Spitsbergen meteorological · stations 
for April-September, 1980-89 

During the year there is a dichotomous distribution in the frequency of cloud cover at 
the Spitsbergen meteorological stations: November to May is markedly less cloudy than June to 
October. This is confirmed by the frequency of the studied cloud cover levels, displayed in 
Figure 7.3. Hanssen-Bauer et al. (1990) stated that there are an average of 25% clear days (less 

than two octas) in the form~r period, whereas at least 50% of the days in the latter period are 

overcast (greater than six octas). The period of greatest cloudiness is associated with the 
summer meridional circulation, characterised by northerly-moving cyclones and a northward 
extension of warmer and moister air masses (cf. Section 1.2.3), which tends to continue 

through fall (Wishman, 1966). The decrease in cloudiness in the winter and spring period, 

including April and May, corresponds to a reduced frequency of meridional air masses and a 1 

southerly displacement of the zone of high cyclone frequency (Wishman, 1966). Thus, cold · 
and dry anticyclonic air masses from the polar basin often reach Svalbard during this time ( cf. 

Section 1.2.3). 

At Ny-Alesund clear skies are least likely to occur in June, whereas the other levels of 

cloudiness studied are less prevalent in August. This contrasts with the Nordenskiold Land 
stations, which are most cloudy in September (with the exception of clear skies at Svalbard 
Lufthavn, for which June and September have an equal frequency of zero). Thus, in this region 
the month of maximum cloudiness coincides with the ideal period for acquiring reconnaissance 
mass balance information. The average frequencies of the studied cloud cover levels for the six 
month April-September period are given in Table 7 .1. 

Cloudiness ( octas) Ny-A.lesund Svalbard Lufthavn Sveagruva 

< I 7.4% 3.1% 7.7% 
< 2 15.6% 13.1% 13.1% 
<3 21.3% 16.2% 17.8% 

Table 7 .1. Mean frequency of low cloudiness levels at the Spitsbergen meteorological 
stations for April-September, 1980-89. 

7.3.4 Comparison _of ERS-1 and Landsat 5 revisit capability in Spitsbergen 
Although ERS-1 and Landsat 5 have nominal orbital repeat cycles of 35 days (for the 

multidisciplinary phase) and 16 days, respectively, the actual revisit capability of both satellites 

is much shorter. The high latitudes of Spitsbergen mean that there is significant overlap 
between adjacent orbits, which increases towards the poles. Moreover, the combination of 
ascending and descending ERS-1 orbits further reduces the revisit interval of this satellite. 

The potential orbital coverage of ERS-1 SAR was calculated using the DESC software 
package. Results were obtained for a nominal 35 day repeat cycle beginning on 1 January 1993 
(Table 7.2). ERS-1 SAR has the potential to image Ny-Alesund 16 times (eight ascending and 

eight descending passes) per repeat cycle. The highest number of consecutive days with 
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Figure 7.3. Percentage frequencies of monthly cloudiness at the Spitsbergen 
meteorological stations during April-September, 1980-1989. (a) Cloud 
cover< 0.5 octas; (b) < 1.5 octas; (c) < 2.5 octas. 
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Met. station I orbit Day of ERS-1 35 day repeat cycle - day one is 1 January 1993 

1 2 3 4 5 6 7 8 9 10 11 12 13 14 15 16 17 18 19 20 21 22 23 24 25 26 27 28 29 30 31 32 33 34 35 

Ny-Alesund 

Ascending ,I ,I ,I ,I ,I ,I ,I ,I 
Descending ,I ,I ,I ,I ,I ,I ,I ,I 

Svalbard Lufthavn 

Ascending ,I ,I ,I ,I ,I ,I ,I 
Descending ,I ,I ,I ,I ,I ,I ,I 

Sveagruva 

Ascending ,I ,I ,I ,I ,I ,I ,I 
Descending ,I ,I ,I ,I ,I ,I ,I 

Table 7 .2. Potential coverage of the Spitsbergen meteorological stations by ERS-1 SAR during the 35-day repeat cycle of the 'multidisciplinary 
phase'. 



coverage and no coverage are two and five, respectively. Although ERS-1 SAR can image 
Svalbard Lufthavn and Sveagruva 14 times per repeat cycle, ascending and descending orbits 
sometimes occur on the same day. Of course this may be advantageous if data from both orbits 
are required, to minimise data loss through topographic distortion for example, but it also 
reduces the daily coverage. Svalbard Lufthavn has three days with both ascending and 
descending passes, providing only 11 days coverage. There are no consecutive days of 
coverage, while the maximum number of unbroken days without coverage is three. For 
Sveagruva, there are six days when ascending and descending orbits coincide, giving eight 
days coverage. Again, there are no days with consecutive coverage but the number of 
successive days without coverage is nine. Thus, both latitude and longitude influence the revisit 
capability of ERS-1 SAR. 

Initially, the Landsat 5 orbits were calculated using EROS Data Center and NRSC 
(National Remote Sensing Centre) data searches. However, it was found by examining the 
WRS-2 (worldwide reference system for Landsat 4/5) map of the Arctic that these data searches 
are by no means comprehensive. Therefore, this map was enlarged, and a template used to 
calculate the scenes that covered a particular meteorological station. Note that the nominal centre 
of a Landsat scene can vary up to 40 km, so that a meteorological station may not be covered 
by all the examples of a particular scene; for example, Svalbard Lufthavn and scene 218/003. 
Such unreliable scenes are not included in any subsequent analysis. The proposed orbit 
coverage for the three Norwegian Spitsbergen meteorological stations is as follows: 
Ny-Alesund: 215-216/004, 217-222/003; Svalbard Lufthavn: 211-216/004, 217/003; 
Sveagruva: 209-210/005, 211-215/004. Hence, the number of Landsat 4/5 scenes that always 
encompass Ny-Alesund, and Svalbard Lufthavn and Sveagruva, are eight and seven, 
respectively. Within the 16 day repeat cycle the overpasses generally occur·on alternate days; 
the exceptions are a period of two consecutive days with coverage at Ny-Alesund, and two 
successive days without coverage at all three Spitsbergen stations. The greater number of orbits 
covering Ny-Alesund is simply a function of its higher latitude. 

The orbital coverage of the three Spitsbergen meteorological stations by the two studied 
sensors is summarised in Table 7.3. The results reveal that the ratio of maximum potential 
revisit capability between ERS-1 SAR and the Landsat 5 sensors approximates to 1: 1 at Ny
Alesund, 1: 1.5 at Svalbard Lufthavn, and 1 :2 at Sveagruva. 

7. 3. S Calculation of the temporal resolution of ER~-1 SAR and the Landsat S 
sensors 

If the relationship between cloudiness estimated from the ground and in Landsat 
imagery is known (cf. Section 7.3 .2), together with appropriate cloud cover statistics (cf. 
Section 7.3.3), and the local revisit capability of Landsat 5 (cf. Section 7.3 .4), then the 
temporal resolution of Landsat imagery containing a particular amount of cloud may be 
calculated for a given month. The number of images acquired per day is the product of the 
mean monthly frequency of cloud cover (after any bias due to surface observation has been 
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Orbital Coverage Per Repeat Cycle 

Sensor Ny-Alesund Svalbard Lufthavn Sveagruva 

78° 55' N, II° 56' E 78° 15' N, 15° 28' E 77° 54' N, 16° 48' E 

Days I (%) Days I (%) Days I (%) 

ERS-1 - 35 day repeat cycle 

SAR 16 I 46 11* I 31 8 * 
I 23 

Landsat 5 - 16 day repeat cycle 

TM/MSS 8 I 50 7 I 44 7 I 44 

* ERS-1 coverage of these met. stations is 14 passes per repeat cycle, but ascending and 

descending overpasses on the same day reduce the daily coverage per repeat cycle. 

Table 7 .3. Comparison of ERS-1 SAR and Landsat 5 daily coverage of the Spitsbergen 
meteorological stations. 

removed) and revisit capability per day ( equivalent to the number of days of coverage per repeat 
cycle; e.g. for Svalbard Lufthavn it equals 7/16). Thus, the temporal resolution is the reciprocal 
of this figure. Alternatively, this information may be described in terms of the number of 
images likely to be acquired in a given month per year; this is simply the number of days in the 
month divided by the temporal resolution. Data for the Spitsbergen meteorological stations are 
displayed in this format in Figure 7.4. 

The results indicate that, for the six month period studied, annual clear sky imagery of 
the three stations is only probable in April and May (cf. Figure 7.4a). For the other four 
months such imagery is only likely to be acquired between every two to six years. The 
temporal resolution of TM imagery of the Nordenskiold Land stations is particularly poor in 
September; four years for Sveagruva and six years for Svalbard Lufthavn. However, monthly 
Landsat images of the stations containing < 1.5 octas cloud cover are likely to be available 
every year, except in September for Svalbard Lufthavn and Sveagruva (cf. Figure 7.4b). Note 
that the results, which reveal that one August image encompassing the two Nordenskiold Land 
stations and having < J .5 octas cloud cover will probably be acquired per year, were correct in 
1992; the one available image was that used in this research (cf. Section 6.2.3). The data 
pertaining to TM imagery with cloudiness levels of< 2.5 octas ( cf. Figure 7.4c) suggest that at 
least one image per month per year is likely to be obtained of the three stations, although this is 
marginal for imagery of Sveagruva in September. 

Thus, the cloud cover at the Spitsbergen meteorological stations, especially those in 
Nordenskiold Land, severely restricts the ability of the Landsat sensors to obtain clear sky 
imagery at the end of the ablation season. Nevertheless, imagery suitable for obtaining regional 
mass balance information (cf. Section 6.4), that is, containing 2.5 octas or less cloud cover, 
will probably be acquired every year. Therefore, in Spitsbergen, Landsat TM (the poorer 
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spatial resolution of MSS may be restrictive) provides a suitable reconnaissance method for 
deriving annual synoptic mass balance data, but is unable to furnish annual data for individual 
glaciers with any certainty. 

The monthly temporal resolutions of ERS-1 SAR and high quality Landsat imagery of 1 ,I 

the Spitsbergen stations are compared in Figure 7.5a. The constant temporal resolution of 
ERS-1 SAR imagery of Ny-Alesund, Svalbard Lufthavn, and Sveagruva is 2.2, 3.2, and 
4.4 days, respectively; corresponding mean values over the six month period for Landsat 
imagery are 11.5, 14.8, and 14.4 days. The ratio of the monthly temporal resolution of ERS-1 
SAR to that of the Landsat sensors (Figure 7.5b) varies from below three, for all the 
meteorological stations in April and May, to a maximum of almost eight for imagery of Ny-
Alesund acquired in July. For September, when mass balance data are required, the ratio lies 
between five and seven. Thus, ERS-1 SAR always has a higher temporal resolution than the 
Landsat sensors in Spitsbergen, even in April and May, and particularly during the ablation 
season. 

7.4 THE EFFECT OF CLOUD COVER ON THE TEMPORAL RESOLUTION 
OF LANDSAT IMAGERY IN THE EUROPEAN HIGH ARCTIC 

7.4.1 Introduction 

A similar analysis to Section 7.3 was undertaken for the entire European Arctic sector, 
in order to ascertain whether the range of synoptic climatologies found across this region 
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imagery of the Spitsbergen meteorological stations. (a) temporal resolution 
for April-September; (b) ratio of the temporal resolution of ERS-1 (higher) 
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significantly alter: first, the absolute temporal resolution of the Landsat sensors, and second, 
their relative temporal resolution compared with ERS-1 SAR. 

7.4.2 Data sources and methods 

As meteorological cloud cover data are sparse in the Arctic, cloud cover statistics were 
derived directly from Landsat 4/5 imagery acquired between 1983 and 1992. Fifteen scenes 
from different regions of the European Arctic sector were examined, each scene is defined by 

its WRS-2 number; those used are listed in Table 7.4 by path and row, together with a 
geographical location. These particular scenes were chosen because they cover glaciologically 

significant areas such as ice caps or major outlet glaciers. The European Arctic sector 
encompasses the entire Western Eurasian Arctic (Severnaya Zemlya, Zemlya Frantsa Iosifa, 
Novaya Zemlya, Svalbard, and western coast of Norway), the east coast of Greenland, and 

Iceland. This region and the location of the Landsat scenes used in the analysis are illustrated in 
Figure 7.6. All the images were archived at the Kiruna receiving station. 

Once again, the study is limited to the months April to September because of the 
ineffectiveness of Landsat sensors at high latitudes during the polar night (cf. Section 7.2.2). 
By considering only this six month period the total data set of 1613 images available for all 

months is reduced to 1358. Of these, both MSS and TM data were acquired for 1124 images, 
only MSS data for 225 images, and only TM data for 9 images. The greater number of MSS 

images acquired is because of the early failure of the TM instrument on board Landsat 4 (cf. 

Path I Row 
Approximate scene centre 

Geographical Location 
coordinates 

011 / 002 80.0° N 19.8°W Dijmphna Sund, East Greenland 

161 / 003 79.1 ° N 102.0° E Ostrov Bolshevik, Severnaya Zemlya 

170 / 002 80.0° N 94.5°E Ostrov Oktyabr'skoy Revolyutsii, Severnaya Zemlya 

174 / 001 80.8° N 95.8° E Ostrov Komsomolets, Severnaya Zemlya 

178 / 007 74.TN 58.7° E Novaya Zemlya 

197 / 001 80.8° N 60.4° E Eastern islands, Zemlya Frantsa Iosifa 

199 / 013 66.9° N 13.7° E Svartisen, Norway 

200 I 017 61SN 7.5°E Jotunheimen, Norway 

203 I 001 80.8° N 51.2° E Western islands, Zemlya Frantsa Iosifa 

216 / 002 80.0° N 23.6° E Nordaustlandet, Svalbard 

217 /015 64.2° N 16.6° w Vatnajokull, Iceland 

218 / 003 79.1° N 14.1 ° E North-west Spitsbergen, Svalbard 

227 / 010 70.9° N 24.3°W Scoresby Sund, East Greenland 

230 I 007 74.TN 21.5°W A.P. Olsens Land, East Greenland 

230 I 012 68.3° N 32.6°W Kangerdlugssuaq, East Greenland 

Table 7.4. WRS-2 identification and geographical locations of the Landsat scenes 
examined in the analysis (cf. Figure 7.6). 
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Section 6.2.1). This problem also restricted the transmission of MSS scenes to 40 per day 
(Massom, 1991) and, as a consequence, only 7% of the images in the analysis were acquired 
by Landsat 4. 

The raw data for the analysis are obtained from the Eurimage LEDA catalogue (cf. 
Section 7.3.2). An image having less than a third cloud cover (approximated to 35%) is defined 
as being high quality (cf. Section 7.3.1). The better cloudiness resolution of the LEDA 
catalogue (2.5%), as compared with the meteorological data (one octa = 12.5%), enabled such 
imagery to be subdivided into four cloud cover levels: (a) less than 5% (clear sky imagery), (b) 
less than 15%, (c) less than 25%, and (d) less than 35%. 

Unfortunately, there are certain problems with the absolute accuracy of such cloud 
cover data because of the way they are obtained for the LEDA catalogue. Prior to 1989, either 
MSS (band) 2 (VIS, 0.6-0.7 µm) or 4 (NIR, 0.8-1.1 µm) were used for the cloud cover 
estimate of Landsat imagery, the choice of band being decided by the individual operator. Since 
May 1988, TM 3 (VIS, 0.63-0.69 µm), chosen because it best meets all the different 
requirements for performing cloud cover estimation (Eurimage, pers. comm., 1993), has been 
employed. After 1988 MSS quick looks were discontinued and replaced solely by the TM 
quick look. Thus, as mentioned previously, bands in these wavelengths may be unable to 
discriminate cloud over snow- and ice-covered surfaces and, in addition, Orheim and Lucchitta 
(1987) showed that cirrus clouds may be invisible in TM 3. 

To check the consistency of the LEDA catalogue data a statistical analysis was 
undertaken of the 144 study scenes acquired at Kiruna from May to December 1988, when 
cloud cover estimates for MSS and TM imagery were completed independently (Eurimage, 
pers. comm., 1993). The frequency distribution of the differences in the percentage values of 
the two cloud cover estimates, in 5.0% bins, is shown in Figure 7.7a. As the mean of the 
deviations is very close to zero, and the standard error is 1.5%, it can be concluded that no 
systematic difference exists between cloud cover estimates from the two types of imagery. 
Such a conclusion is supported by the leptokurtic distribution (Shaw and Wheeler, 1985); that 
is, the population of the modal bin is very high compared to the fitted Gaussian curve. 
However, note that the extreme values are skewed towards the negative side; for these scenes 
the estimates in cloud cover are very low for the MSS imagery and very high for the TM 
imagery. One possible explanation for this is the relatively small-scale nature of cloud texture; 
Welch et al. ( 1990) reported that the cloud tops of polar stratocumulus are characterised by 10-
30 m turrets. Cloud texture, caused by the shadows of such fea_tures, may be apparent in the 
TM imagery, which has a spatial resolution of 30 m, making discrimination between cloud and 
underlying snow and ice possible. However, such a distinction would not be feasible with the 
nominal 80 m resolution of MSS imagery. Therefore, in the subsequent analysis cloud cover 
estimates from TM imagery are used for the period of independent cloud cover estimation, as 
they appear likely to be more accurate. 

The cloud cover estimate is made by an operator visually inspecting the image at the 
time of acquisition, so errors may also be caused by images necessarily being examined in 

239 

I I 



rapid succession. The estimated cloud cover in a scene will also vary with the individual 
operator, and this is indicated by the cloud cover estimates of 20 images (Scene 200/017 of 
Jotunheimen, Norway) archived at both Kiruna and Fucino. The frequency distribution of the 
differences in percentage values of cloud cover estimates from the two receiving stations, in 
5.0% bins, is shown in Figure 7.7b. The mean of the deviations is -4.0% and the standard 
error 2.9%. Again, the modal bin is centered around zero and is significantly higher than the 
magnitude of the fitted Gaussian curve at the mean. Thus, although a small systematic variation 
between cloud cover estimates from the two stations exists, it is not significant. For 
consistency, the data from Kiruna are used as all the imagery in this analysis were received 
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Figure 7. 7. Frequency distribution of the percentage deviation of cloud cover obtained 
from independent processing of: (a) Landsat MSS and TM imagery at 
Kiruna, May to December 1988; (b) Landsat imagery acquired at Kiruna and 
Fucino. n = number in sample, µ = mean, and a= standard deviation. 
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there. Moreover, the operators at Kiruna are likely to have greater experience at discriminating 
cloud from snow- and ice-covered surfaces: the station acquisition mask covers the entire 
European Arctic sector, whereas the Arctic coverage of Fucino is limited to southern 
Scandinavia. 

7.4.3 Results 

The results of the cloud cover analysis are shown in Figure 7.8. The scenes may be 
divided into three groups, identified in Table 7 .5, on the basis of the frequency of high quality 
( < 35% cloud cover) Landsat imagery occurring over the six month period. Six scenes form 
Group 1 (Figure 7.8a), which includes Iceland in addition to the high latitude regions of 
Severnaya Zemlya and Zemlya Frantsa Iosifa in the Russian high Arctic (cf. Figure 7.6). These 
scenes are characterised by having very few high quality images, with a relative frequency from 
7-15%. Group 2 (Figure 7.8b) consists of five scenes encompassing Novaya Zemlya, 
Svalbard, and Norway (cf. Figure 7.6). Images of these scenes are only slightly more likely, 
15-27%, to be of high quality than Group 1. 

Although there is a continuum between the two groups, in terms of the relative 
frequency of Landsat imagery with less than 35% cloud cover, the actual number of potentially 

Path I Row Geographical Location 

GROUPl 

161 / 003 Ostrov Bolshevik, Severnaya Zemlya 

170 / 002 Ostrov Oktyabr'skoy Revolyutsii, Severnaya Zemlya 

174 / 001 Ostrov Komsomolets, Severnaya Zemlya 

197 / 001 Eastern islands, Zemlya Frantsa Iosifa 

203 I 001 Western islands, Zemlya Frantsa Iosifa 

217 / 015 Vatnajokull, Iceland 

GROUP2 

178 / 007 Novaya Zemlya 

199 / 013 Svartisen, Norway 

200 I 017 Jotunheimen, Norway 

216 / 002 Nordaustlandet, Svalbard 

218 / 003 North-west Spitsbergen, Svalbard 

GROUP 3 

011/ 002 Dijmphna Sund, East Greenland 

227 / 010 Scoresby Sund, East Greenland 

230 I 007 A.P. Olsens Land, East Greenland 

230 I 012 Kangerdlugssuaq, East Greenland 

Table 7.5 . Subdivision of analysed scenes on the basis of high quality imagery (defined 
as having< 35% cloud cover) available for April-September, 1983-92. The 
frequency of such imagery increases from Group 1 to Group 3. 
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Figure 7.8. Results of the cloud cover analysis. (a) the six scenes classified as Group 1; 
(b) the five scenes classified as Group 2 (cf. Table 7.5). 
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Figure 7 .8. Results of the cloud cover analysis. ( c) The four scenes classified as 
Group 3 (cf. Table 7.5). 

useful images available over the ten year period is significantly higher for Group 2 because of 
the greater number of images acquired, an average of 105 for Group 2 scenes compared with 
69 for those in Group 1. This is at least partially due to the high latitudes of the Group 1 scenes 
that, with the exception of 217/015 (Vatnajokull, Iceland), are at about 80° N. Fewer images 
are acquired here than at lower latitudes because of the longer time span of the polar night. 
Furthermore, the assumed unimportance of remote regions like the Russian High Arctic may 
mean that data over such areas are not acquired routinely. Clear sky images are sporadic: only 
1 % and 2% for Group 1 and 2, respectively. 

The four East Greenland scenes (cf. Figure 7.6) constitute Group 3 (Figure 7.8c), for 
which the chance of acquiring high quality imagery is significantly greater, 38-54%, making it 
distinct from Group 2. The number of images acquired between 1983 and 1992 is also high, 
similar to Group 2 with an average of 104 per scene; 12% of the Group 3 images in the 
analysis have clear skies. The entire six month cloud cover data is summarised in Figure 7.9, 
which illustrates the spatial distribution of the cloud cover classes studied over the European 
Arctic sector. 

There is also a wide variation in the seasonality of the cloud cover across the European 
Arctic sector from April to September; for May, July, and September this is illustrated in 
Figures 7.10, 7.11 , and 7.12, respectively. The seasonal statistics for the three groups of 
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Figure 7 .12. Spatial distribution of the relative frequency of cloud cover classes in Landsat imagery across the European Arctic sector: September, 1983-1992. 



100 

80 

~ 
';: 60 
(.) 
C 
Q) 

5- 40 
Q) 

u: 
20 

Cloud Cover < 5% 
a) .. . Group I 

--- Group II 
-Group Ill 

0 --1--~~~-,-=c.=.-,.~C=j 

~ 

100 

A M J J A S 

Month 

Cloud Cover < 25% 
c) ... .. Group I 

- -- Group II 
80 - - Group Ill 

.._, 60 
6" 
C 
Q) 

5- 40 -
~ u.. 

20 

0 --1-~-~ --~~-----1 

A M J J A S 
Month 

100 

80 

~ 
';: 60 
(.) 
C 
Q) 

5- 40 
Q) 

u: 

Cloud Cover < 15% 
b) . --. - Group I 

- - - Group II 
- Group Ill 

20 ' 

. · .. _ -0 -1-~-~-~~ - -

100 

80 

~ 
.._, 60 
6" 
C 
Q) 

5- 40 
~ u.. 

20 

A M J J A S 
Month 

Cloud Cover < 35% 
d) .. -. - Group I 

- - - Group II 
-Group Il l 

0 +--~-~-~~--t 

A M J J A S 
Month 

Figure 7 .13. Seasonality of studied cloud cover levels occurring in Lands at imagery for 
the three groups. (a) Cloud cover < 5%; (b) < 15%; (c) < 25%; (d) < 35%. 

Lands at scenes are shown in Figure 7 .13, for each of the four classes of cloud cover analysed. 
In addition, Figure 7 .14 displays the entire cloud cover statistics derived from the LEDA 

catalogue for a representative scene from each group. 

In general, the small numbers of high quality images of Group 1 scenes reveal a marked 
decline in frequency from April, when compared to the other five months studied (cf. Figure 
7.13); for example, the likelihood of an image with< 35% cloud cover occurring declines from 

35% in April to less th_an 11 % for May to September (cf. Figure 7.13d). The fractional 
cloudiness of Scene 197/001 (Eastern islands, Zemlya Frantsa Iosifa) increases from a mean of 

0.5 in April.to> 0.8 in July through September (Figure 7.14a). However, Scene 217/015 
(Vatnajokull, Iceland) actually has more high quality images available at the end of the six 

month period; this contrast is not surprising given its much lower latitude and remoteness from 
the other Group 1 scenes. With the exception of this scene, the Group 1 dataset has 
significantly fewer images acquired in April (75% fewer) or September (50% fewer) than the 
other months analysed, again a function of the longer polar night at higher latitudes. Hence any 
conclusions regarding the seasonal cloudiness of these regions are proportionately less certain. 

A trend of decreasing availability for high quality imagery from April through to 
September is shown by Group 2 (cf. Figure 7.13): the frequency of < 35% cloud cover 
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Figure 7.14. The vanat10n of cloudiness for April-September in Landsat imagery 
acquired between 1983 and 1992, and contained within the LEDA 
catalogue. (a) Group 1 - Scene 197/001 (Eastern islands, Zemlya Frantsa 
Iosifa; (b) Group 2 - Scene 216/002 (Nordaustlandet, Svalbard); 
(c) Group 3 - Scene 227/010 (Scoresby Sund, East Greenland). 
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imagery declines from a maximum in April (33%) to a minimum in September (6%). This 
tendency is best demonstrated by the pronounced seasonality of the monthly cloud cover 
distribution of the two Svalbard scenes, 216/002 (Nordaustlandet) and 218/003 (North-west 
Spitsbergen). The seasonal variation in cloudiness for the entire dataset of the former of these 

two scenes is displayed in Figure 7 .14b; it reveals that the mean cloud cover fraction is below 
0.3 in April, but climbs to 0.8 by July, and further increases to 0.85 in September. The trend in 
high quality imagery is less clear, but similar, for the other Group 2 scenes, with August or 
September being cloudiest in all cases. The very small number of clear sky images do not show 

a seasonal pattern (cf. Figure 7.13a). 

No seasonal cloud cover pattern common to the four East Greenland scenes in Group 3 

is apparent, either when considering just those values applicable to high quality Landsat 
imagery (cf. Figure 7.13) or, as the example of Scene 227/010 (Scoresby Sund, East 
Greenland) shows, for all cloud cover values; Figure 7. l 4c indicates that the mean fractional 
cloudiness of this scene changes little during the April-September period, lying between 0.36 
and 0.52. The number of high quality images acquired over the ten year period for Scene 

227/010 varies only slightly, between eight and ten per month (42% and 53% of total images). 
The occurrence of clear sky imagery is also broadly non-seasonal ( cf. Figure 7 .13a ), although 

three of the Group 3 scenes have no clear sky images in August (cf. Figure 7.8c). 

7.4.4 Comparison with previous Arctic cloud cover studies 
Although cloudiness is considered a potential problem for the acquisition of Landsat 

imagery in the context of this study, there are good reasons to study the nature and extent of 
cloud cover in the Arctic. Cloud-cryosphere interaction has an influential role in determining 

global climate, for example, by affecting the radiative fluxes of the ice-albedo feedback 

mechanism (Barry et al., 1984, 1993). Indeed, using a thermodynamic sea ice-lead model, 

Shine and Crane ( 1984) predicted that ice thickness in regions of variable summer sea ice, and 
hence the magnitude of the seasonal cryosphere, is likely to be strongly dependent on cloud 
cover. Despite this demonstrated importance there have been few comprehensive cloud cover 
studies of the Arctic. The disparate findings of previous studies and significant interannual 
cloud cover variability in some high latitude regions are indicative of how little is known about 
Arctic cloud cover (Shine and Crane, 1984). Two of the most comprehensive Arctic cloud 
analyses are by Vowinckel (1962) and Huschke (1969), and results from these studies are now 

briefly compared with those from this analysis to see if the findings are consistent and, 

therefore, whether the Landsat scenes used in this study are representative of their regions of 
the European Arctic sector. 

Huschke (1969) utilised data from 1955-60, obtained from a small number of ground 
stations throughout the Arctic, which he separated into four geographical regions. The two 
corresponding to the data in this analysis are: (a) the Western Eurasian Arctic , which 
encompasses Severnaya Zemlya, Novaya Zemlya, Zemlya Frantsa Iosifa, and Svalbard, and 
(b) the Canadian Arctic, which includes East Greenland. Note that Norway and Iceland are too 
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far south to be included in the older study. As Huschke described principally the spatial and 
temporal distribution of various vertical cloud distributions, the only means of a direct 
quantitative comparison is to compare the frequencies of 'clear' skies, which Huschke defines 
as having< 20% cloud cover. The mean frequency of imagery with< 15% and< 25% cloud 
cover, averaged for all the scenes lying within one of Huschke's regions, is used for a 

comparative figure. 

Huschke (1969) incorporated data from five stations in the Western Eurasian Arctic, 
while eight Landsat scenes from the present analysis lie within the same region. The results of 

the comparison are illustrated in Figure 7.15, which shows good agreement between the two 
studies throughout the April-September period. Huschke utilised data from only one station in 
Greenland in his Canadian Arctic region; the five others were situated in Canada. The two 

studies show significant differences, and it is not reasonable to compare them because of their 
quite different spatial coverage. The other direct analysis that can be undertaken is to compare 
the spatial variation in the frequency of 'clear' skies in July ( cf. Figure 7 .11 ), which is also 

illustrated in the older report. Huschke found that the frequency of 'clear' skies in July for the 
Western Eurasian Arctic was always less than 10%. However, while Figure 7.11 reveals this 

value to be similar to most of the Landsat scenes, Scene 178/007 (Novaya Zemlya) has a 

significantly higher frequency of approximately 25%; hence it forms part of Group 2 rather 
than Group 1. The frequency of 'clear' skies in north-east Greenland is also higher in the 

present study. 

Both Huschke (1969) and Vowinckel (1962) produced maps of cloud amount. 

Vowinckel's maps are more useful for a qualitative comparison with this work because they 
extend southwards to 60° N. The raw data that Vowinckel used were derived from a denser 

network of stations than the Huschke study, but the time periods vary considerably. If one 
assumes that the relative frequency of high quality images acquired in a region is inversely 

proportional to the mean cloud cover amount, then the cloud cover maps for the April-
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Figure 7 .15. Comparison of the frequency of occurrence of less than 20% cloud cover 
for the Western Eurasian Arctic (as defined by Huschke), as predicted 
from this study and that of Huschke ( 1969) . 
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September period corroborate many of the findings in this study and, therefore, the Landsat 
scenes used may be considered representative of the regions in which they lie. 

More recently, the availability of meteorological satellite data has meant an increased 

number of cloud cover studies in the Arctic. Automatic satellite-derived cloud products are now 
available, and are being validated against surface and aircraft observations, and each other ( e.g. 
McGuffie et al., 1988). Schweiger and Key (1992) compared two such cloud products with 
surface observations in the Arctic, and found that satellite cloud cover values were generally 

5-35% lower. In July the greatest deviations between the two types of observation ( 40%) 

occurred in the central Arctic, where the satellite products estimated the cloud amount to be only 
45-50%; this zone includes Zemlya Frantsa Iosifa, purported to have a lower cloud amount 
than East Greenland. Such discrepancies occur in the Arctic because the algorithms used to 
derive cloud products have difficulty dealing with low-level temperature inversions and the 
spectral similarity of ice and cloud surfaces (Schweiger and Key, 1992). Other satellite studies 

of Arctic cloud cover have examined regions outside the European Arctic sector, as defined in 
this study (e.g. Serreze and Rehder, 1990). 

7. 4. 5 The relative temporal resolutions of ERS-1 SAR and the Landsat sensors 
It is immediately apparent that, as ERS-1 SAR provides a better spatial resolution than 

the Landsat sensors at Ny-Alesund, which lies within the Group 2 scene 216/002 (North-west 
Spitsbergen, Svalbard) (cf. Section 7.3.5), the reduced and similar availability of high quality 
Landsat imagery from the Group 1 and 2 regions, respectively, determines that ERS-1 SAR 

will be the more effective sensor in terms of data frequency in these areas; the exact relative 
temporal resolution of the two sensors is also a function of both latitude and longitude ( cf. 

Section 7.3.4). However, the lower cloudiness of the Group 3 East Greenland scenes means 
that such a statement is not necessarily resolved for this region. The temporal resolutions of the 
two sensors were compared for Milne Land (71 ° N, 24.5° E), in the centre of the Scoresby 
Sund complex, using the cloud cover data for Scene 227/010, in which it is centrally situated. 
The ratio of days with ERS-1 SAR and Landsat overpasses is approximately 1: 1 (3/16 :::; 0.19 

to 7/35 = 0.2). Thus, even the relatively high frequency of cloud cover of less than 35% (cf. 
Figure 7. l 3d) means that, once again, ERS-1 SAR has the better temporal resolution. 

However, between two and three high quality Landsat images are likely to be obtained each 
month; therefore, unless a very high temporal resolution ( < 10 days) is required, the variation 

of this parameter between the two sensors is insignificant. 

7.5 CONCLUSIONS 

In terms of the frequency of high quality Landsat imagery ( < 35% cloud cover) 
available during April-September, the European Arctic region may be divided into three groups. 
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Group 1 - Russian High Arctic (Severnaya Zemlya and Zemlya Frantsa Iosifa) and Iceland; 
characterised by a very low frequency of useful imagery (7-15%). The Russian High Arctic has 
significantly less cloud cover in April than the other months studied, whereas Iceland has a 
reduction in cloudiness from April to September. 

Group 2 - Svalbard, Norway and Novaya Zemlya; characterised by a low frequency of useful 
imagery (15-27%). These regions are also seasonal with a steadily increasing cloud cover from 
April to September. 

Group 3 - East Greenland; characterised by a high frequency of useful imagery (38-54%) and a 
non-seasonal cloud cover for April-September. 

It has been demonstrated that the spatial and temporal distribution of cloud cover in the 
European Arctic can strongly influence the ability of sensors operating at VIS/NIR wavelengths 
to provide useful datasets for studying certain glaciological parameters; their effectiveness is 
very much dependent on the particular synoptic climatology of an area. The derived cloud cover 
statistics are such that the temporal resolution of ERS-1 SAR is significantly higher than 
Landsat MSS or TM in the Group 1 and 2 regions (the latter includes Nordenskiold Land) and, 
therefore, is better for obtaining data required at a particular time of year, for mass balance 
estimation, for example, or for monitoring relatively short-term events, such as glacier surges. 
However, in East Greenland (Group 3), there is no significant difference between the temporal 
resolution of ERS-1 SAR and the Landsat sensors, so other factors, such as data information 
content, data interpretability, and cost-effectiveness (for a large-scale project) are of primary 
importance in determining the choice of data to be utilised. 
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CHAPTERS 

CONCLUSIONS 

8.1 INTRODUCTION 

This work has explored the effectiveness of SAR for investigating seasonally variable 

geophysical parameters for use in glaciological research. The main conclusions are summarised 
in four sections relating to: (i) the use of SAR for discriminating glacier surface facies, (ii) the 

validity of existing radar backscatter models; (iii) the comparative capabilities of ERS-1 SAR 

and the Landsat sensors for monitoring glaciers, and (iv) the synoptic mass balance of 

Nordenskiold Land in 1991/92. The applicability of these research findings to other regions is 

discussed where appropriate, as are recommendations for future work. 

8.2 THE USE OF A SPACEBORNE SAR SYSTEM FOR DISCRIMINATING 
GLACIER SURFACE FACIES IN SPITSBERGEN 

A series of eight multitemporal ERS-1 SAR images of Nordenskiold Land, central 

Spitsbergen, have been analysed to determine the suitability of such a dataset for glaciological 

investigations of sub-polar glaciers. The research has concentrated on the discrimination of 

glacier surface facies in order to derive synoptic mass balance data for use as an_ indicator of 

climate change. Three glaciers were examined in detail: Ayerbreen, at which comprehensive in 

situ observations were recorded coincident with ERS-1 SAR acquisition during August 1992 

and May 1993; Fridtjovbreen, for which recent results of Soviet/Russian research were 

available; Kokbreen-Rugaasfonna, of which some near-coincident terrestrial photography was 

acquired. 

A general model for the annual backscatter cycle from a sub-polar glacier has been 

derived from SAR observa~ions of these three glacierised areas. Two seasonal reversals in the 

relative magnitude of backscatter between the ice facies and wet-snow facies are displayed. The 

'spring warming reversal' occurs with the onset of melt at the start of the ablation season and 

the 'fall cooling reversal' takes place when the overlying snowpack refreezes following the 

cessation of ablation. These reversals are due principally to physical changes in the wet-snow 

facies. In winter this facies has a high backscatter because of enhanced volume scattering from 

ice lenses and pipes within the frozen (radar transparent) snowpack, whereas in summer the 

high dielectric losses associated with wet snow mean that the radar energy cannot penetrate to 

the depth of any inhomogeneities, so backscatter from the wet-snow facies is limited to a 

surface component that is small as the surface is relatively smooth. The seasonal change in 

backscatter from the wet-snow facies is of the order of 10 dB. The equivalent value for the ice 
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facies is much smaller (-5 dB); a decrease in surface roughness at the end of the ablation 
season leads to lower values of backscatter during winter. During reversal periods the 
boundary between the two glacier facies (the snow line) is often indistinct. 

In situ mapping of the transient superimposed ice line, snow line, and slush limit on 
Ayerbreen has demonstrated that only the first of these margins, between glacier ice down
glacier and superimposed ice above, is clearly distinguishable in C-band SAR imagery of sub
polar glaciers acquired during the ablation season; unlike glacier ice, superimposed ice is 
generally relatively smooth at a micro-scale, and scattering is limited to a small surface 
component. A detailed comparison of in situ observations and profile data from Ayerbreen 
does, nevertheless, reveal a unique high frequency backscatter variation associated with the 
superimposed ice zone and the slush zone, from which the position of the transient snow line 
and slush limit may be derived. However, without the benefit of in situ validation, it is not 
always possible to identify these specific backscatter modulations in the presence of noise, 
resulting from either image speckle or variation in local incidence angle. 

Landsat NIR imagery of Ayerbreen, acquired during the fall cooling reversal, has 
revealed that the sharp up-glacier increase in backscatter present in winter SAR imagery 
corresponds to the slush limit rather than the snow line; nonetheless, the small altitudinal range 
of the slush zone on the studied glaciers ( of the order of metres) means that the backscatter 
modification may be approximated to the snow line position. Thus, a combination of late 
summer and winter SAR imagery can provide the position of the lower (superimposed ice line) 
and upper ( snow line) limits of the superimposed ice zone, respectively, hence cons training the 
ELA. Moreover, if the relationship of the ELA relative to these two margins is known from 
field measurements, then the ELA of sub-polar glaciers may be successfully determined using 
SAR. On temperate glaciers, where the snow line approximates to the ELA, only winter SAR 
imagery is required. 

Future work should ascertain whether the annual backscatter cycle model derived for 
Spitsbergen glaciers is valid for other polar and sub-polar mountain glaciers, and particularly 
the Greenland Ice Sheet. Meier (1993) states that 'A determination of [its] surface mass balance 
cannot be made with confidence until the amount of meltwater refreezing within the snow or 
firn is measured ... Related to this is a need for detection and mapping of the runoff limit 
(superimposed ice line).' Previous workers have assumed that superimposed ice is 
indistinguishable from glacier ice in SAR imagery of Greenland. However, if in situ 
measurements showed the model to be applicable, then spaceb_orne SAR will constitute an 
important tool in predicting the mass balance of the Greenland Ice Sheet and any resultant 
global sea level rise. 

This study has shown that topographic distortion in heavily dissected regions, such as 
Nordenskiold Land, is the major limiting factor in the effective utilisation of SAR for the 
synoptic derivation of ELA through reconnaissance methods. The snow line was only apparent 
in 36% of glaciers in the region studied and, typically, 44% of a glacier's surface area was 
affected by either layover or shadowing. Other workers have shown that a combination of 
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geocoded ascending and descending pass data, combined with an accurate DEM, can reduce the 
area of data loss to under 5%. However, as sufficiently accurate height data to produce 
appropriate DEMs are currently lacking in most mountainous polar regions, it might, at present, 
be more pertinent to assess the reduction in data loss by combining results obtained from 
separate analyses of ascending and descending SAR imagery in standard format. 

8.3 THE VALIDITY OF THEORETICAL MODELS OF BACKSCATTER 
FROM SNOW AND ICE 

Field measurements of surface and subsurface snowpack and ice parameters, observed 
during the two field campaigns, have been used as input data into existing models of 
microwave backscatter from snow and ice. The models have then been validated against the 
coincident SAR imagery, although the failure to obtain micro-scale roughness data has 
prevented the absolute accuracy of some models being tested. Despite the overall failure of the 
close range photogrammetry, those photographs that were developed suggest that the technique 
is suitable for obtaining areal micro-scale roughness statistics from ice and, with modifications, 
from snow too. 

Backscatter from dry-snow overlying glacier ice can be accurately explained using a 
combination of the semi-empirical cloud model under the Rayleigh approximation, and the 
scalar approximation of the Kirchhoff formulation, for the snow volume and ice surface 
scattering components, respectively. By accounting for changes of temperature, density, and 
grain size with depth, the latter being especially important if depth hoar is present, the 
backscatter was estimated to an accuracy of the order of 0.1 dB. Volume scattering from the 
depth hoar layer on Ayerbreen was determined to become significant for incidence angles 
greater than 45°, which lies within the range of incidence angles of the Radarsat SAR 
instrument. 

The modelling studies have cast doubt on the applicability of the stationary-phase 
approximation of the Kirchhoff formulation as a suitable model for glacier ice. At incidence 
angles less than 25° the model shows an inverse relationship between roughness and 
backscatter, because of greater specular return from a smoother surface. As backscatter from 
the Ayerbreen ice facies decreased up-glacier during the ablation season, the model suggests 
that glacier ice exposed longest is smoothest; this hypothesis contradicts reported 
measurements, but might be explained by considering the rel~tive importance of radiational and 
convective-thermal melting. Another unknown is the effect of surface conditions on Ayerbreen, 
which included much fine debris and running water. 

A combined scalar approximation of the Kirchhoff formulation, for surface scatter, and 
the wave equation for a random medium under the Born approximation, for volume scatter, 
satisfactorily (in the absence of in situ surface roughness statistics) modelled the nature of 
backscatter change from the wet-snow facies through the ablation season. It has been shown 
that the surface scattering component dominates at incidence angles associated with the ERS-1 
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SAR, and that surface roughness is more important than the liquid water content of snow in 
determining the magnitude of radar backscatter. 

The first analysis of the macro-scale (0.25-2.00 m sampling interval) surface of glacier 

ice has indicated that, between these scales, it may be considered fractal. During a twelve day 

period of ablation the mean fractal dimension, a proxy indicator of roughness, increased from 
1.53 to 1.89. A tangent facet model revealed that coherent specular scatter from macro-scale 
facets may be more significant than diffuse incoherent scatter from micro-scale roughness at 

near nadir angles. 

The primary role of future glacier backscatter validation programmes should be to 
obtain further in situ measurements of micro-scale surface roughness: very few have been 
acquired thus far, and are limited to the Alps. Such observations need to be obtained 

throughout the ablation season: melt erosion is known to cause significant changes in the 
surface statistics of wet snow, while information regarding the temporal variation of the micro

scale surface roughness of glacier ice is almost non-existent. The latter data are necessary to test 
whether the stationary-phase approximation is a valid model for glacier ice. Quantitative 
measurements of surface debris and water are also needed because their dielectric properties 
differ markedly from glacier ice. This work has demonstrated, for the first time, the importance 

of macro-scale specular scattering from glacier ice at near-nadir angles. Physical considerations 
necessitate the incidence angle of spaceborne SAR systems to be small, to reduce the antenna 

size and avoid range ambiguities for example; therefore, future validation campaigns should 
obtain macro-scale roughness statistics from both the ice- and wet-snow facies, in addition to 

those at a micro-scale. 

8.4 THE RELATIVE CAPABILITIES OF ERS-1 SAR AND THE LANDSAT 
SENSORS FOR MONITORING GLACIERS 

A Landsat Thematic Mapper (TM) image, acquired at the end of the ablation season 
near-coincidentally with a SAR image, was used to determine the relative advantages of 
VIS/NIR and SAR data for glacier surface facies discrimination on sub-polar glaciers. The 
transient superimposed ice line, snow line, and slush limit can all be distinguished in the TM 
imagery, because of the low reflectances associated with very wet snow. The slush zone is 
clearly defined in TM imagery as a narrow across-glacier band of low DN values; its lower and 

upper boundaries represent the transient snow line and slush limit? respectively. However, the 
transient superimposed ice line is apparent as a very narrow and slight decline in DN values, 
associated with a zone of 'superimposed slush,' and, therefore, is best observed in long-profile 
data. However, the DN values of glacier ice and superimposed ice were also found to be 
statistically separable at a high confidence level on the Spitsbergen glaciers, which had a 
relatively constant gradient across the ice facies. Thus, if a TM image can be acquired at the end 
of the ablation season, prior to a fresh snowfall giving the glacier a uniform high reflectance, 
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then it is more useful than a single SAR image obtained at a similar time from which, in 
general, only the superimposed ice line may be derived. 

A further advantage of Landsat TM is the possibility to obtain first-order estimates of 
glacier mass balance from the TM band 4 (NIR) frequency histogram. This often shows a 
bimodal distribution, with the two peaks corresponding to the ablation and accumulation areas 
(low and high reflectance); hence the relative magnitude of the two peaks provides an estimate 

of net mass balance similar to the accumulation area ratio (AAR). Another indicator of mass 

balance is provided by the cleft between the peaks. These values represent the intermediate 
reflectance of superimposed ice; as the amount of superimposed ice formed is generally 
proportional to the magnitude of ablation, the shallower the cleft the more negative the mass 

balance. 

Landsat TM imagery is also less affected by data loss through topographic distortion 
(shadow) than a single SAR image, and is therefore better suited for mapping purposes 

including terminus fluctuations. In Nordenskiold Land, an average of 12% more surface area 
of a glacier was found to be visible in TM imagery (68%) than SAR imagery (56%). Both 

margins of the superimposed ice zone could be determined for 56% of the glaciers, thus 

allowing the derivation of the synoptic pattern of ELA from the TM image. Four ERS-1 SAR 
images (ascending/descending in summer/winter) would be required to obtain a similarly high 
proportion, making Landsat TM the more cost-effective sensor. 

However, none of the above observations are applicable if cloud cover prevents the 
acquisition of useful VIS/NIR imagery. In Spitsbergen the cloud cover is such that a single 

Landsat image containing less than 1.5 octas cloud cover is unlikely to be obtained annually in 

September, the ideal month for obtaining the position of the ELA by reconnaissance methods. 

Such cloud cover may constrain the ability of TM data to provide synoptic mass balance 
estimates, and means that annual data relating to specific glaciers cannot be guaranteed: imagery 
of Spitsbergen with less than 0.5 octas cloud cover will only be acquired approximately every 
three to six years. Furthermore, as the temporal resolution of the Landsat sensors is 
significantly longer than ERS-1 SAR, the latter is also better for monitoring rapid or short-term 
events. These conclusions have been shown to apply to all other regions of the European Arctic 

sector with the exception of East Greenland. Here, the smaller non-seasonal levels of 

cloudiness mean that two·or three Landsat images will probably be acquired per month per 
year. The problems associated with the different viewing geometries of SAR and VIS/NIR 
sensors in mountainous terrain mean that a synergy of the two datas~ts remains impractical until 
the advent of very accurate DEMs. 

8.5 INFORMATION REGARDING THE SYNOPTIC MASS BALANCE OF 
NORDENSKIOLD LAND IN 1991/92 

ERS-1 SAR and Landsat TM data have been integrated to obtain a comprehensive 
dataset regarding the 1991/92 ELA across Nordenskiold Land, from which an estimate of the 
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synoptic mass balance was derived. Certain of the 1991/92 ELA values, with a mean of 478 m, 
were found to be significantly different from those for ELAo, published by Hagen et al. (1993): 
in the north-west of the region the mean ELA was 115 m higher, whereas in the south-east it 
was 29 m lower. A map illustrating the variation in ELA across Nordenskiold Land was 
derived; this has more data points and a better resolution (50 m) than any previous map. 

The mean accumulation area ratio (AAR) for Nordenskiold Land glaciers in 1991/92 
was 0.59 (0.57 normalised for glacier area); as AAR0 is assumed to be 0.61, this figure is 
indicative of a slightly negative balance year for the region. Fridtjovbreen, the largest glacier in 
the study, was estimated to have a net mass balance of -0.05 m a-1 water equivalent. 
Norwegian measurements obtained from glaciers at low elevations in north-west Spitsbergen 
also displayed a small negative balance, although actually much higher than the mean net mass 
balance over the last 30 years. Glacier aspect was shown to influence the net mass balance in 
Nordenskiold Land, both in terms of the magnitude of ablation and the ability to intercept 
precipitation. However, regression analysis reveals that glacier altitude was the principal factor 
governing the 1991/92 net mass balance: glaciers having strongly negative net balance are 
located in the lower elevations in the west of the region, while those situated at higher altitudes 
in the east were approximately in balance. This corroborates Norwegian findings that 
Spitsbergen glaciers having higher accumulation areas are closer to steady state than those at 
lower elevations. 

This research has demonstrated that the ERS-1 C-band SAR instrument represents the 
best single currently operational sensor for glaciological research in Spitsbergen. Despite SAR 
imagery being less easy to interpret, and generally containing less information than equivalent 
VIS/NIR imagery, most geophysical parameters of interest can still be derived and, of 
fundamental importance, the nature of cloud cover in Spitsbergen is such that only a 
spacebome SAR system can guarantee the annual mass balance data necessary to effectively 
display local climatic change. C-band (together with X-band) appears an ideal frequency for 
glaciological research, being able to discriminate glacier ice and wet snow during winter and, 
unlike co-polarised L-band, in summer too. A future system designed solely for glaciological 
research in mountainous regions like Nordenskiold Land will, however, still require a VIS/NIR 
component for planimetric mapping. Nevertheless, SAR should form the principal sensor, 
especially as its capability for obtaining key glaciological parameters will be significantly 
enhanced once interferometric techniques have advanced to an,operational stage. 
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APPENDIX 1 

SURVEYING TECHNIQUES 

Al.1 Accuracy of surveying measurements 

All the surveying equipment employed in the field was manufactured by the Wild 
company. Angles were observed with a T-2A theodolite, and distances measured using a 
DI-3000 electromagnetic distance measuring instrument (EDM) in conjunction with the 

theodolite. Both were serviced prior to the field campaigns and no subsequent problems were 

encountered. 

The accuracy of the two instruments quoted in their respective manuals are: 

T-2A - standard deviation of a mean direction measured in face left/right= 0.8", and 

DI-3000 - standard deviation in non-tracking mode= 5 mm± 1 ppm. 

An observation on both faces of a theodolite (the face refers to the position of the vertical circle 

relative to the telescope) has the advantage of removing errors caused by the horizontal axis not 
being truly horizontal, and by non-collimation, that is, the line of sight not being normal to the 
horizontal and/or vertical axes. However, for reasons of speed, single face observations (face 

left) were commonly used. To predict the accuracy of such measurements, the mean and 
standard deviation of the difference between face left readings an? the mean of both faces when 

observed together (n = 35) were calculated, the result being -0.3" ± 1.0". From this figure, 
and that given in the manual for a two face observation, the maximum angular error from a 

single face reading was estimated as 3.1 ". 

All distance measurements tended to be less than 500 m, except those in the traverse 
which can be subsequently adjusted ( cf. Section Al.2), and the 1 ppm part of the error stated in 

the EDM manual may thus be neglected. The corrections for atmospheric conditions and height 
above sea level were e~tered into the EDM twice daily, at the commencement of work, and 
changes in this correction value during surveying are considered negligible. Therefore, the 
maximum distance error is approximately 5 mm. 

Thus, given the maximum angular and distance errors, the maximum positional error E 

of an object surveyed using radiation, a method that involves a single observation of both angle 
and distance (cf. Section A l.5), can be estimated as 

(Al.I) 

where p 11 is the positional error parallel to the look direction (:::; 5 mm), due to the error in 
distance measurement, and p 1- is the positional error perpendicular to the look direction, caused 
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by the error in angular observation. The term p 1. increases with distance so its maximum value 

occurs when p 11 is an over-estimation; hence, the terms may be related by 

P1.cmax) = (OD+ Pu)tan(a) , (Al.2) 

where OD is the object distance and a is the maximum angular error (3.1"). Thus, if OD is 

taken as 475 m, P1.cmax) = 6.9 mm, and, from (ALl), the maximum value of Eis 8.5 mm. 

However, the plotting scale of 1: 1000 necessitated a positional accuracy of only 100 mm; 

consequently, the high specifications of the instrumentation used mean that the obtained 

accuracy far exceeded that required. 

Al.2 Traverse 

The initial sites for monitoring glacier facies were established using a traverse, 

undertaken on 14 July 1992. Traverse is a method of control survey comprising a series of 

stations, each being intervisible with the two adjacent stations. Lines joining adjacent stations 

are called traverse lines; measurements are made of the angles between successive traverse lines 

and the length of each line. Given the coordinates of the first station and the bearing of the first 

line the coordinates of all successive points can be calculated. Nine stations were used in the 

traverse which, because it started and finished at the same point of known coordinates El, may 

be described as a closed loop traverse (Bannister and Raymond, 1984). Angular measurements 

were necessarily made at every station, but the speed of observations was improved by limiting 

distance measurements to alternate stations where possible (Figure Al. l). 

Grid 
North 

Figure Al. 1. Sketch of the traverse indicating the relative positions of the survey 
stations and the angular and distance measurements (represented by an 
arrow) acquired. 
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Prior to determining the coordinates of the traverse stations, any errors that occur in the 

measurements must be distributed between the observations, providing that the errors lie within 

acceptable limits. This process is called adjustment, and is illustrated in Table Al .1. First, the 
angular error of the traverse is obtained; the sum of the external angles of a closed loop traverse 

must equal (2n + 4) x 90°, where n is the number of stations; Table A 1.1 indicates the angular 

misclosure of the Ayerbreen traverse to be - 14". All measured angles have the same error 

liability so the misclosure is divided equally among them; four angles are given a correction of 
+1" and five +2". These corrected angles are used to determine the bearings of the traverse 

lines, and subsequently the easting and northing differences, .1.E and AN, are calculated for 

each traverse line using 

.1.E = l sin (Brg.) and ,1N = l cos (Brg.), (Al.3) 

where l is the measured horizontal distance along the traverse line, and Brg. is its whole circle 

bearing. As the traverse is a closed loop, IM and I,,1.N should equal zero; the actual totals are 
the positional misclosures in eastings and northings, 8E and 8N, which are - 0.017 m and 

+0.007 m, respectively. The overall positional misclosure 80 is thus calculated as 

(Al.4) 

and, in this case, is equal to 0.018 m, equivalent to a fractional linear error of approximately 

1 in 250 OOO. 

Before the coordinates of the traverse stations can be obtained, the positional 

misclosure has to be eliminated using, for example, Bowditch's method. This assumes that any 

inaccuracy in the bearing of a traverse line, arising from errors in angular measurement, gives a 

relative displacement of one end of the line to the other that is equal and perpendicular to that 

displacement, because of errors in measuring the length of the line l (Bannister and Raymond, 

1984). If the error in l is taken as proportional to -JI then, using the method of least squares, 

which determines that the sum of the weighted errors squared be a minimum, the following 

corrections are used for a traverse line AB: 

(Al.5) 

where I.l is the total length of the traverse. These corrections are then applied to the easting and 

northing differences in order to calculate the final coordinates of the traverse survey stations 

( cf. Table A 1.1 ). Figures in Bannister and Raymond (1984) indicate that the angular and 
positional misclosures of the traverse are within the values required for second and first order 

survey, respectively, and are, therefore, more than adequate for the fourth order requirements 

of the Ayerbreen survey work. 
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Obs. angle Back brg. Horizontal Sin Brg. LIB ,1N 
Station Correction Corr. angle distance Cos Brg. Correction Correction Corr.,1£ Corr. ,1N Station Corr. angle For'd angle (/) Corr.,1£ Corr. ,1N Final E Final N 

( a) + - + -
233°59'02" 10000.000 10000.000 El E2 +02" ooo·oo·oo" 1047.277 -0.808 857 -847.097 -615.804 -847 .093 -615.806 233°59 '04" 233°59 '04" -0.588005 +0.004 -0.002 9152.907 9384.194 S3 271 °57'20" 233°59'04" -847.093 -615 .806 

S3 +01" 053°59'04" 200 .161 -0.560057 -112.102 +165 .824 -112.101 +1 65.824 271°57'21" 271 °57'21" +0.828454 +0.001 0.000 9040.806 955 0.018 S2 
178°17'16" 325°56'25" -112.101 +165.824 

S2 +02" 145 °56'25'' 319 .296 -0.584553 -1 86 .645 +259 .063 -18 6.644 +259.062 178°17'18" 178°17'18" +0.811356 +0.001 -0.001 8854.162 9809.080 SI 
206°37'26" 324°13'43" -1 86.644 +259.062 

Sl +01" 144°13'43" 934 .546 -0. 158972 - 148. 567 +922.662 -148.564 +922.661 206°37'27" 206°37'27" +0.987283 +0.003 -0 .001 8705 .598 I 0731.741 NI 287°56'00" 350°51'10" -148.564 +922.661 
NI +02" 170°51'10" 419 .622 +0.988264 +414.697 -64. 100 +414.699 -64.101 287°56 '02" 287°56'02 " -0.152756 +0.002 -0 .001 9120.297 10667.640 N2 

165°59 '30" 098° 47'12" +414.699 -64 .101 
N2 +01 " 278°47'12" 306 .236 +0 .995850 +304.965 +27.869 +304.966 +27 .869 165°59'31" 165°59'3 1" +0.091004 +0.001 0.000 9425.263 10695 .509 N3 

171 °45'37" 084°46'43" +304.966 +27 .869 
N3 +02" 264°46 '43" 422 .986 +0.972530 +411.367 +98.461 +411.3 69 +98.460 171°45'39" 171°45'39" +0.23277 6 +0.002 -0.001 9836.632 10793 .969 E3 

251°23'37" 076°32'22" +411.369 +98.460 
E3 +01" 256°32'22" 307 .710 +0.5 30906 +163.365 -260.763 +163.3 66 - 260.763 251°23'38" 251°23'38" -0.847431 +0.001 0.000 9999 .998 10533 .206 E2 

212°03 '5 8" 147°56'00" +163.366 -260.763 
E2 +02" 327°56'00" 533.205 0.000000 0.000 -533.205 +0.002 -533 .206 212°04'00" 212°04'00 " -1.000000 +0.002 -0.001 10000.000 10000.000 El 

180°00'00" +0.002 -533 .206 
1979°59'46" Sum 4491.039 Totals +1294.394 -1294.411 +1473 .879 -1473.872 
1980°00'00" Required ="'il +1294.393 +1473 .879 Positional misclosure -1 4" Misclosure = = =0.018 m 

Angular correction Actual LIB -0.017 ,1N +0.007 Fractional linear error 4@+01 " Required LIB 0.000 ,1N 0 .000 =11249502 5@ +02" Misclosure BE -0.017 8N +0.007 

> Table Al .1. Adjustment of the traverse using Bowditch's method. See text for a description of the angular and positional adjustments made. ,_. 
~ 



Al.3 Bearing and distance 
The method of bearing and distance was used for setting out those points required at a 

certain position relative to existing stations; for example, the 18 surface sites. However, this 
method may also be utilised when a new point is required at a location that is only visible from 
one existing control point; it was so employed in determining the positions of Pits 3 and 4, and 
station NO. The latter case is used as an example in the following discussion of the method, and 
illustrated in Figure Al.2. 

The two required measurements are: (i) the angle subtended at the survey station of 
known coordinates (Nl) between a second known station (N2) and the new station (NO) (/3 in 

Figure Al.2), and (ii) the distance from the known station to the new point (lNINo)- In the 

example 

/3 = 157°34'10" and [NINO= 494.454 m. 

The coordinates of NO can then be calculated from 

where 

aNINO = aNIN2 + /3' 

and 

(
E -E J a =tan-I N2 NI • 

NIN2 N -N 
N2 NI 

:. (from Table Al.1) 

NO 

Grid 
North 

(Al.6) 

(Al.7) 

(Al.8) 

N2 

Figure Al.2. The measurements needed to determine the location of station NO by the 
method of bearing and distance. 
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a = tan-i( 9120.297 -8705.598 ) = 98 0 47' 12,, 
NIN

2 10667.640 - 10731.741 

~ aNINO = 98°47'12"+157°34'10"= 256°21'12" 

~ ENo = 8705.598 + sin(256°21'22") · 499.454 = 8220.238 

~ NN0 = 10731. 741 + cos(256°21'22") · 499.454 = 10613. 927 

The coordinates of NO are 8220.238 E, 10613.927 N. 

Al.4 Resection 

Resection is a method of accurately obtaining the position of a new station by observing 
angles from it to at least three points of known coordinates. No distance measurements are 
required. This method was used to locate Pits 1 and 2 during the 1992 field season, and the 
new survey station N4, required to link the local grid to the UTM system, was established 
using this approach in 1993. The resection of Pit 1 is used as an example; Figure Al.3 
illustrates this case, together with the notation used in the Tienstra formula that is employed in 
the following calculation. 

The measurement of angles a and y at Pit 1 define this point as lying on the 
Sl-Pit 1-N2 and N2-Pit 1-Nl circles, respectively, with Pit 1 uniquely defined at the second 
intersection of these two circles, the first being N2 (cf. Figure Al.3). The Tienstra formula 
uses the following notation: the three known stations are identified as A, B, and C in a 
clockwise order (in this example Nl is A, N2 is B, and S 1 is C), and the unknown point is D; 
the corresponding internal angles of the triangle between the tru:ee known stations are a, b, and 
c, respectively; the clockwise angle subtended at D between B and C is a, that between C and 
A is /3, and that between A and B is y. Then, if 

K 1 = [cot(a)-cot(a)r1, 

K2 = [ cot(b )- cot(/3) r , and 

K 3 = [cot(c) - cot(r )r , 

then the following are valid: 

[(K1 ·NA)+(K2 ·NB)+(K3 ·Ne)] N -~~~~~~~~~~~~ 
D - (Ki + K2 + K3 ) 

(Al.9) 

(Al.10) 

(Al. 11) 

(Al.12) 

(Al.13) 
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Figure Al.3. The principles of resection and the notation used in the Tienstra formula 
discussed in the text. · 

First, the internal angles a, b, and c are obtained using 

a=a -a =tan-1[(Es1 -EN1 )-(EN2-EN1 )]· NISI NIN2 N -N N -N SI NI N2 Nl 

:. (from Table Al.1) 

-1[( 8854.162-8705.598) ( 9120.297-8705.598 )] a=tan -
9809.080-10731. 741 10667.640-10731. 741 

:::::> a= (170°51'10"-98°47'12") = 72°03'58" 

Similarly, 

b - -[(180° ) -1( Es1 - EN2 )] - aN2N l - aN2Sl = +aN JN2 - tan _ · 
NSJ NN2 
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:. (from Table Al.1 and previous calculation) 

b = [(1800+98047' 12")- tan-i( 8854.162- 9120.297 )] 
9809.080-10667.640 

=> b = (278°47'12"-197°13'20") = 81 °33'52" 

C = [180°-(a + b )] 

=> C = [180°-(72°03'58"+81 °33'52")] = 26°22'10" 

From measurements in the field, 

a= 97°33'22" and r= 36°33'10" 

/3 = [360°-( a+ r)] 

=> /3 = [360°-(97°33'22"+36°33'10")] = 225°53'28" 

Next, the three constants are calculated: 

K 1 = [cot(72°03'58")-cot(97°33'22")r1 = 2.191572 

K 2 = [cot(81 °33'52")-cot(225°53'28")r1 = -1.217927 

K 3 = [ cot(26°22'10")- cot(36°33'10")r1 = 1.496188 

The coordinates of the new point may now be determined: 

[ (2.191572 · 8705.598)- (1.217927 · 9120.297) + (1.496188 · 8854.162)] 
EPitl = (2.191572-1.217927 + 1.496188) 

=> £Pit] = 8591. 099 

[ (2.191572 · 10731. 741)- (1.217927 · 10667.640) + (1.496188 · 9809.080)] 
NPitl = (2.191572-1.217927 + 1.496188) 

=> NPitl = 10204.416 

The coordinates of Pit 1 are 8591.099 E, 10 204.416 N. 
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Al.5 Radiation 

Radiation is often an ideal method for collecting detail points, and was used to survey 

the facies boundaries on Ayerbreen. From a station of known coordinates, a horizontal circle 

reading is taken to a second station called the reference point; this reading will correspond to a 

known bearing, a in Figure Al.4. Then, by measuring the angles subtended at the known 

station between the reference point and detail point, · together with the horizontal distance to the 

latter, each detail point may be located using bearing and distance (Section Al.3), or plotted 

using a protractor and ruler. 

5 

Grid 
North 

Reference 
Point 

Figure Al.4. Sketch illustrating the technique of radiation survey for collecting detail. 
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APPENDIX2 

COORDINATES OF SURVEY POINTS AND 
SURFACE SITES 

Point 
Local grid coordinates UTM 33 coordinates 

Established Description 
Eastings Northings Eastings Northings 

El 10000.000 10000.000 523829 8669158 14/07/92 s 
E2 9999.998 10533.206 523492 8669572 " " 
E3 9836.632 10793.969 523201 8669671 " II 

NO 8220.238 10613.927 522061 8668511 31/07/92 II 

Nl 8705.598 10731.741 522363 8668908 14/07/92 " 
N2 9120.297 10667.640 522725 8669120 " " 
N3 9425.263 10695.509 522944 8669335 " II 

N4 8857.898 10771.210 522456 8669035 02/05/93 " 
Sl 8854.162 9809.080 523061 8668287 14/07/92 " 
S2 9040.806 9550.018 523369 8668203 II " 
S3 9152.907 9384.194 523560 8668146 II " 

Site 11 8721 10055 522456 8669035 15/07/92 SI 
Site 12 8721 10205 522802 8668393 II SI, R, P 
Site 13 8721 10355 522707 8668510 II SI 
Site 21 8920 10055 522612 8668626 II II 

Site 22 8920 10205 522956 8668519 II SI, R, P 
Site 23 8920 10355 522862 8668635 II SI 
Site 31 9119 10055 522767 8668752 II II 

Site 32 9119 10205 523111 8668645 " SI, R, P 
Site 33 9120 10355 523016 8668761 II SI 
Site 41 9319 10055 522922 8668878 II " 
Site 42 9319 10205 523265 8668771 II SI, R, P 
Site 43 9319 10355 523171 8668887 II SI 
Site 51 9517 10055 523076 8669003 II " 
Site 52 9517 10205 523420 8668896 " SI, R, P 
Site 53 9517 10355 523325 8669012 II SI 
Site 61 9717 10055 523230 8669129 II " 
Site 62 9717 10205 523575 8669022 " SI, R, P 
Site 63 9718 10355 523480 8669139 II SI 

Pitl 8591 10204 522607 8668427 19/07/92 p 

Pit2 8464 10204 522509 8668347 " " 
Pit3 8188 10233 522276 8668195 31/07/92 " 
Pit4 7843 10172 522047 8667929 II " 

Site 931 9630 10467 523247 8669286 20/05/93 R, p 
Site 932 9001 10360 522827 8668806 " " 
Site 933 8515 10270 522507 8668430 " " 

Table A2. l. The coordinates of survey points and surface sites at Ayerbreen. Surface 
sites are given to the nearest metre as are the transformed UTM coordinates 
(accurate to± 6.7 m). Description codes: S, survey point; Sl, surface slope 
site; R, surface roughness site; P, snow pit site. 
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APPENDIX 3 

DETERMINATION OF THE HEAT 
CAPACITY OF A DEWAR 

The determination of the liquid-water content of snow by the equilibrium method (cf. 

Section 3 .2.1.1) requires that the heat capacity of the thermos flask used in the measurements 
be known a priori. A polystyrene stopper is used to prevent the immediate transfer of heat 
through the top of the flask during the field measurements; therefore, the requisite heat capacity 
is that of the thermos flask and stopper together. In the following discussion the term Dewar 
implies both thermos flask and stopper, and HD denotes the combined heat capacity of the two 
elements. 

HD was calculated in the laboratory by adding heated water to the thermos flask and 
equating the heat lost by the water to that gained by the flask. In order that the initial 
temperature of the Dewar be uniform, water at room temperature was added to the thermos 
flask and swirled around inside it prior to measuring their collective temperature; hence, the 
heat lost by the heated water was therefore equal to that gained by both the Dewar and the water 
already inside it. Thus, the following equation is valid: 

where 

HD = heat capacity of Dewar (J/°C), 

SHw = specific heat of water (4186 J/kg°C), 

mw 1 = mass of water at room temperature (kg), 

mw2 = mass of heated water (kg), 

T1 = initial temperature of Dewar and water at room temperature (°C), 

T2 = initial temperature of heated water (°C), and 

T3 = equilibrium temperature (°C). 

(A3.l) 

Five parameters were measured in the laboratory: mw1, mwi, T1, Ti, and T3• The mass 
of the empty Dewar was obtained and then subsequently reweighed twice: first, when the water 
at room temperature was added, the increase being mw1, and second, when the heated water 
was added, the additional increase being mw2 • All readings were made to the nearest 0.01 g, 
which was the quoted accuracy of the scales used. Before temperatures were measured, using a 
platinum resistance probe thermometer placed through the polystyrene stopper, the Dewar was 
shaken to ensure a uniform temperature. The thermometer resolution and accuracy were both 
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stated as 0.1 °C. The equilibrium temperature was taken when the internal temperature had 
stabilised for one minute; after several minutes the temperature started to slowly cool again, as 
heat began escaping through the stopper. This experiment was completed five times to check 
the repeatability of the results; the measurements made are given in Table A3. l. 

The mean of the experimentally derived values of Hn was 134.3 J/°C, with a standard 
deviation of 1.2 J/°C. Therefore the heat capacity of the Dewar may be specified as 
134.3 ± 1.4 J/°C to a 99% confidence level, giving a relative error in the measured heat 
capacity of approximately 1 %. 

Experiment mw1 mw2 T1 T2 T3 T3 - T1 T2 - T3 Hn 
(kg X 10-3) (kg X 10-3) (°C) (°C) (°C) (°C) (°C) (J/°C) 

1 50.23 50.19 22.8 83.1 45.6 22.8 37.5 135.3 
2 48 .87 50.27 22.6 79.6 44.4 21.8 35.2 135.2 
3 51.32 49.76 22.5 80.9 44.4 21.9 36.5 132.3 
4 50.16 50.91 26.2 86.0 49.1 22.9 36.9 133.4 
5 46.42 33.79 26.8 83.4 43.8 17.0 39.6 135.2 

Mean 134.3 

Table A3.1. Summary of the experimental observations recorded for determining the 
heat capacity of a Dewar. Note the excellent repeatability of the results. 
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APPENDIX4 

DERIVATION OF THE TANGENT-FACET MODEL 
FOR GRIDDED DATA 

In this appendix the tangent-facet model applied, to the macro-scale data in Section 
5.6.1, is derived from first principles using a vector approach. This model differs from those in 
the literature because it uses height data sampled in a Cartesian grid format, rather than simple 
transects, and thus more accurately reflects the nature of the surface. Each square facet (the area 
between four grid points) is divided into two triangular facets of short side equal to l, the 
sampling interval, so that the surface slope may be unambiguously defined as a plane (Figure 
A4.l) . If we let the look angle of the incident radiation be 80 , the azimuth angle measured 
anticlockwise from the x-axis be </J0 (cf. Figure A4.1; note that 80 = 22.622° and </Jo= 170.743°, 
for the 1 August SAR geometry), and the unit vector describing the direction from the grid 
(target) to ERS-1 (radiation source) is 

(A4.l) 

then 

(A4.2) 

Next, we obtain the unit vector describing the surface normal to each facet N . If r is a point on 
the facet then the scalar product of the vector from the origin to r and N is a constant; i.e. 

' Z1 ' ' ' ' ' ' ' ' ' 

' ' ' 
' ' ' 

' 

' 

Incident 
Radiation 

X 

Figure A4.1. Schematic diagram of the tangent-facet model for surface scattering. 
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r · N = constant. 

Thus, if the three corner coordinates of the triangular facet are given by 

z = ax +by +c, 

then it follows that 

xNx + yNY + (ax + by +c)N2 = constant, 

and, therefore, 

N2 = constant. 

(A4.3) 

(A4.4) 

(A4.5) 

(A4.6) 

The magnitude of a unit vector is by definition equal to unity; hence from the Pythagorean 

theorem 

N; +N~ +N; = 1. (A4.7) 

Substituting (A4.6) into (A4.7) we obtain 

-a N = . 
X -J Q2 + b2 + 1 ' 

-b N = . 
Y -J a2 + b2 + 1 ' 

N = 1 
z -J a2 + b2 + 1 . 

(A4.8) 

If the heights of the facet corners are z,-z4 ( cf. Figure A4.1) then for the upper-left facet 

and (A4.9) 

Similarly, for the lower-right facet 

and (A4.10) 

The angle between- two vectors may be derived from the mathematical expression for 

their scalar product 

(A4.ll) 

Therefore, 

(A4.12) 

where e is the angle between R and N. The unit vector ~ defining the direction of the 

specularly scattered radiation lies in the plane containing R and N , thus we may write 

A4.2 



(A4.13) 

Moreover, by definition, the angles between the surface normal to the facet and the incident and 
specularly scattered radiation are equal; hence, 

(A4.14) 

Equations (A4.13) and (A4.14) uniquely define~- The following may be derived by solving a 
and /3 using the knowledge that ~ · ~ = 1 

(A4.15) 

To obtain the unit vector S' that describes the direction of the specular radiation relative to the 
incident radiation (~ to R) two rotations are required: first, a rotation through </>0, the azimuth 
angle, to the x-axis in the x-y plane, and second, a rotation through 80, the look angle, to the z

axis in the x-z plane. If these are M1 and M2, respectively, then (cf. Figure A4. l) 

( 

cos<f-b sin<f-b OJ 
M1 = -sin<f-b cos<f-b O ; 

0 0 1 

Thus, the complete rotation MT, where MT = M2Mi, is 

(

cos 80cos<f-b 

MT = -sin<f-b 

sin80cos<f-b 

Hence, it follows that: 

cos 80sin<f-b 

cos<f-b 

sin80sin<f-b 

-sin80J 
0 . 

coseo 

-sin80J 
0 . 

coseo 

(A4.16) 

(A4.17) 

(A4.18) 

As the facets are not infinite, the reradiated field, reflected due to Fresnel reflection, has a 
similar pattern to an antenna with the same dimension as the facet (Elachi, 1987). The 
normalised power scattered from a triangular facet back into the direction R (i.e. received at the 
antenna) can be estimated from 

P -[rk212 
e] [ . 2(kzs:cose0 )] [ . 2(klS~ )] - --cos · smc · smc --

r 21C 2 2 ' 
(A4.19) 
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where r is the power reflection coefficient, k = 2rr!A (k is the wavenumber), and e is the 

incidence angle. 

The first of these three terms describes the power received assuming each facet acts as 
an isotropic antenna. It can be derived by considering a radar transmitting power P,, with gain 
G, effective area Ae at a distance R towards a square facet of side l at angle e to the facet 
normal. The power received by the facet, P1 , is (Rees, 1990) 

P = P,GL2cose 
J 4rrR2 (A4.20) 

The solid angle .q, subtended at an aperture of similar size to the facet, is 

(A4.21) 

Thus, taking into account the reflectivity, the scattered power per unit solid angle P,, is 

P _ P,Gl4rcose 
s - 41rR2 A 2 • (A4.22) 

The solid angle subtended by the antenna Da, is 

(A4.23) 

Therefore, the power received at the antenna P,, may be written as 

p = P,Gl
4
rAecose 

' 4rrR4-A.-1 
(A4.24) 

where (Rees, 1990) 

Gl 2 

Ae = --, 
4m7 

(A4.25) 

and 77 is the antenna efficiency. Substituting (A4.25) into (A4.24) and equating it to (2.1) gives 

from which the backscattering coefficient is 

o k2z2rcose 
(J =---

,r 

(A4.26) 

(A4.27) 

A4.4 



Thus, for a triangular facet, having half the area of the square facet, 

k2Z2rcose 
O"o=----

27! 
(A4.28) 

The second and third terms in (A4. l 9) are necessary because an isotropic antenna 
cannot exist (Ulaby et al., 1981). Thus, they are the modifications required to represent the 
radiation pattern from a rectangular aperture with both sides of length l. For a single antenna 
uniformly illuminated with radiation of wavenumber k, the power in direction e, in the two-
dimensional case, is proportional to 

[
sin(fklsin8)]

2 

fklsine ' 

which may be written as 

sinc2 (x), where X = fk[sin8. 

In the three-dimensional model the sine term is replaced by the components of the unit vector 
S' in the x- and y-axes, which correspond to the two sides of the 'antenna'. Finally, the effect 
of the 'antenna' not being normal to the incident radiation relative to the z-axis is taken into 
account by the cos80 in the second term; note that this is a simplification because this factor is 
applicable to both dimensions of the antenna, and should be distributed between the second and 
third term. However, this would necessitate a significantly more_ complex algorithm and the 
single term provides a suitable estimation (Rees, pers. comm., 1994). The average a0 from the 
facets is obtained by calculating the mean value of ?, . 
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