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Abstract

Towards monitoring volcanoes in Iceland and Hawai’i with seis-
mic velocity variations

Clare Georgina Donaldson

Seismic noise interferometry is an exciting technique for studying volcanoes because
it provides a continuous measurement of relative seismic velocity (dv/v), which is
sensitive to magmatic processes that affect the physical properties of the surrounding
crust. However, understanding the causal mechanisms controlling dv/v can be difficult
and seasonal environmental stresses can obscure volcanic signals.

I use volcanic tremor (∼ 0.3 to 1.0 Hz) at Kı̄lauea summit, Hawai’i, as a passive
source for interferometry. Noise cross-correlation functions (CCFs), calculated between
230 station pairs, have coherent and temporally consistent coda wave signals, from
which small changes in arrival times of the highly scattered energy are measured. The
resulting time series of relative seismic velocity shows a remarkable correlation with
the radial tilt record measured at the summit, consistently correlating on a time scale
of days to weeks for almost the entire study period (June 2011 to November 2015). As
the summit continually deforms in deflation-inflation events, the velocity decreases and
increases, respectively. Modelling of strain at Kı̄lauea suggests that, during inflation
of the shallow magma reservoir (1 to 2 km below the surface), most of the edifice is
dominated by compression - hence closing cracks and producing higher velocities - and
vice versa.

In central Iceland, I measure dv/v from ambient seismic noise recorded at 51
stations from 2008 to 2018, across a range of frequency bands between 0.1 and 16
Hz. A clear annual cycle in dv/v is modelled as resulting from elastic and poro-elastic
responses to changing snow depth, groundwater level and atmospheric pressure. This
seasonal pattern ultimately needs to be accounted for if dv/v is to be used as a
monitoring tool in Iceland. Furthermore, I observe a linear correlation between changes
in dv/v and volumetric strain at stations in regions of both compression and dilatation



vi

associated with the 2014 Bárðarbunga-Holuhraun dyke intrusion. The intense seismicity
associated with the subsequent rifting event alters the CCFs, making measurements
of dv/v unreliable during the 6-month eruption. However, volcanic tremor can be
located by measuring the arrival times of the main peak in the CCFs of pairs across the
network. I locate tremor under Vatnajökull glacier, associated with small sub-glacial
eruptions, and at the main vents in the Holuhraun lava field.

I comprehensively explain variations in dv/v arising from diverse crustal stresses,
including those from magmatic pressurisation and intrusions, environmental loads and
varying pore-pressure. dv/v can therefore complement other geophysical measurements,
including those of surface deformation and microseismicity, in order to understand the
dynamics of a volcanic system.
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Chapter 1

Introduction

1.1 Motivation and Overview
Traditionally, earthquakes have been the main tool of a volcano seismologist. For
monitoring purposes, perhaps the most important example of this is the tracking of
magma movement within the crust. The discovery that there is a wealth of useful
information in the part of the seismogram that was previously ignored – the noise –
opened up an entirely new field within geophysics. Seismic waves that make up this
ambient noise continually propagate through the crust and so constitute a repetitive,
passive source. Cross-correlation of a pair of seismic records allows coherent energy and
an interpretable signal to be extracted from the noise. In this thesis, I study how these
noise cross-correlation functions (CCFs) vary through time, in particular, by measuring
small changes in the arrival times of coda-wave phases. This provides a continuous
measurement of relative seismic velocity beneath the pair of stations where the seismic
data were recorded. The seismic velocity of rock, v, is sensitive to stress changes,
pore-pressure, fluid content, and the extent to which the rock is fractured. Monitoring
changes in seismic velocity, dv, is therefore an exciting tool for volcanic environments,
where processes such as magma pressurisation, dyke intrusions, structural collapses,
long-term deformation and hydrothermal and other fluid-related changes occur.

In this thesis, I investigate seismic velocity variations at Kı̄lauea volcano, Hawai’i,
and across central Iceland, the first work of its kind in both locations. I observe and
explain changes in seismic velocity resulting from a variety of volcanic and environmental
processes, which highlights some of the possibilities, and current limitations, of the
technique. The structure of the results in this dissertation is as follows:



2 Introduction

• I describe the method of ambient noise interferometry in the following section
and in Chapter 2, with the aim of explaining the apparent magic behind cross-
correlation.

• In Chapter 3, I show that relative seismic velocity variations (dv/v) at Kı̄lauea
summit (2011-2015) are correlated with surface deformation, over periods of days
to weeks. Given that the surface deformation is well understood to reflect the
pressurisation of the shallow magma reservoir underneath the summit, this result
shows a clear link between dv/v and volcano pressurisation. This work is then
further tested and developed with results from the period immediately prior to
the 2018 Kı̄lauea eruption.

• In Chapter 4, I investigate changes across central Iceland, particularly in the
Northern Volcanic Zone, from 2008-2018. The environment in Iceland is much
more variable than in Hawai’i and there is a conspicuous annual cycle in dv/v,
which I model as resulting from changes in snow load, atmospheric pressure and
groundwater level. Seasonal changes like this ultimately need to be accounted
for if dv/v is to be used as a volcano monitoring tool.

• Also in Chapter 4, I observe both positive and negative changes in dv/v after a
dyke intrusion in Iceland. There is a linear correlation between these dv/v changes
and volumetric strain at stations in regions of both compression and dilatation
around the dyke. This demonstrates that dv/v is sensitive to the crustal response
to magma movements and highlights the importance of deformation modelling
when interpreting dv/v.

• Finally, in Chapter 5, I use noise-cross correlation functions for a different purpose:
locating volcanic tremor. The intense seismicity during the 2014-15 Bárðarbunga-
Holuhraun rifting event alters the cross-correlation functions, which is a problem
for measuring temporal changes in dv/v. However, this provides a surprisingly
simple means of locating tremor, which I find to be associated with sub-glacial
eruptions and at the main eruption event in the Holuhraun lava field. This
is explored in relation to nearby long-period events; both forms of long-period
seismicity represent magma pathways above the laterally propagating dyke.
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1.2 Ambient noise interferometry

1.2.1 What is ambient noise?

Ambient noise refers to the permanent, background vibrations of the Earth, which
are generated from a variety of sources, both natural and human-made. Sources can
be roughly divided into three groups based on frequency content. At frequencies
below 0.05 Hz, the ‘hum’ occurs, associated with the fundamental resonant spheroidal
oscillations of the Earth (Rhie and Romanowicz, 2004). At frequencies higher than ∼1
Hz sources include wind (Hillers and Ben-Zion, 2011), volcanic events (Figure 1.1) and
those of anthropogenic origin, such as traffic or machinery (McNamara and Boaz, 2019).
The most energetic seismic noise sources are the two oceanic microseisms, which have
broad peaks at mid-frequencies (0.04-0.2 Hz, Figure 1.1). The microseisms arise from
interactions between the oceans and the solid Earth; winds in the atmosphere generate
the ocean swell which, in turn, generates waves in the solid crust beneath (McNamara
and Boaz, 2019). The primary microseisms (14 s, 0.07 Hz) correspond to periods of the
ocean swell. They are generated by the non-linear interaction between ocean pressure
fluctuations and the sea-floor in shallow water (Hasselmann, 1963). The higher-power
secondary microseism (7 s, 0.14 Hz) is caused by the interaction between incident swell
and coastal reflections (Longuet-Higgins, 1950). Microseism energy therefore tends to
be highest at coastal stations, but can be observed deep within the continents.

1.2.2 How does noise interferometry work?

The idea that correlation of seismic noise can be used to extract coherent waves travelling
between a pair of stations has been known for decades (Aki, 1957). Despite being
termed ‘noise’, ambient noise is fundamentally still a wave field travelling between two
points xA and xB at an apparent velocity v that is controlled by the elastic properties
of the Earth. A wave packet will take time ∆t = |xB − xA|/v to travel between the
two points. Recordings of the wave packet made by stations at the two points will be
correlated and so calculating the correlation between pairs of stations,

C(xA, xB, t) =
∫

u(xA, τ) u(xB, t + τ) dτ (1.2.1)

will reveal the coherence of the ambient wave field.
In order to understand this, let us first consider the simple case of one wave packet

passing through the station A and then, some time ∆t later, station B (see Figure
1.2i). Cross-correlation of the two recordings, A and B, can be thought of as sliding
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Fig. 1.1 Spectrogram of noise in Iceland (seismometer LIND). Amplitude spectrograms
are calculated in 10-minute windows after resampling to 50 samples per second and low-
pass filtering at 20 Hz, then averaged each day. The secondary microseism (∼0.2 Hz)
is more energetic in winter. The high-frequency energy in 2014-2015 is the seismicity
associated with the Bárðarbunga-Holuhraun rifting event (see Section 1.3.2).

the recordings past one another and continually measuring the correlation coefficient.
The correlation coefficient is at a maximum when the two arrivals are in-phase, which
occurs at time ∆t. Therefore, the peak occurs at ∆t in the cross-correlation function
(CCF) and so corresponds to the direct arrival as if the source had been at A and
measured at B.

Ambient noise consists of waves continuously passing between A and B in both
directions. Cross-correlation still picks out the coherency between the two recordings
(Figure 1.2ii, iii). In fact, when averaged over a long enough period, the correlation
between two stations will approximate the wavefield that would be recorded by the
station at point xA if a source had been excited at point xB, and vice-versa. The
correlation is therefore an approximation of the Green’s Function (Shapiro and Campillo,
2004). Snieder (2004) showed that the noise sources which are at positions sub-parallel
with the inter-station line contribute most to the CCF.

In Figure 1.2i, the medium between the two stations is perfectly homogeneous. In
reality of course, the Earth’s crust is more complex and seismic waves scatter at cracks
and heterogeneities. This means that, as well as the main peak in the cross-correlation
function that corresponds to waves taking a direct path between the station-pair (the
direct or ‘ballistic’ arrival), there is also a following wave-train, or ‘coda’, corresponding
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seismic traces (middle). The main peak in the resulting cross-correlation function
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a cracked, heterogeneous crust. As well as the direct path between the station pair
(from A to B and B to A), waves take a longer, scattered path, which makes up the
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in the CCF are later.
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to scattered waves that have taken a longer path between the two stations (an example
path is shown in Figure 1.2ii and iii).

Both parts of the CCF can be utilised. Given that most noise sources are located
at the Earth’s surface, surface waves tend to dominate the CCFs (particularly at
frequencies corresponding to the oceanic microseisms). The ballistic arrival, corre-
sponding to a fundamental-mode surface wave, can be used for tomography to image
the shallow Earth (to hundreds of kilometres depth, Sabra et al. 2005; Shapiro et al.
2005), just like surface waves from large earthquakes. Rayleigh waves are thought
to dominate vertical-component ambient noise CCFs (Shapiro and Campillo, 2004).
Since the particle motion of Rayleigh waves is confined to the vertical plane in the
direction of propagation, the vertical and radial components between a pair of stations
are theoretically likely to have the greatest ambient noise signal. Love and body waves
(particularly at shorter inter-station distances) are also observed as ballistic arrivals in
CCFs (Lin et al., 2008; Roux et al., 2005).

The coda results from scattered waves which have densely sampled the medium
between the station-pair and are therefore extremely sensitive to it. This is the part of
the CCFs used, therefore, when monitoring temporal changes in seismic velocity of the
medium. Again, this idea is a sister of one already known from seismology; Poupinet
et al. (1984) showed that temporal velocity changes could be measured from varying
arrival times in the coda of repeating, highly-similar earthquakes. For a homogeneous
velocity change in space from v to v + δv, the travel time of waves between two stations,
separated by a distance d, will change from t to t + δt. Initially:

t = d

v
(1.2.2)

and then after the velocity change:

t + δt = d

v + δv
(1.2.3)

Substituting equation 1.2.2 into equation 1.2.3, and assuming δtδv to be very small,
results in:

δt

t
= −δv

v
(1.2.4)

Given that a perfectly homogeneous velocity change in space is unlikely, strictly dv/v

should be referred to as an apparent velocity change and represents the average change
felt by the waves over the path between the two stations. Equation 1.2.4 shows that
the relative change in travel time is constant for all lapse times. In absolute terms, the
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delay time increases with time in a cross-correlation function. This means that, for a
constant uncertainty in the measurement of delay time, the measurement of dv/v will
be more accurate in the coda than from the ballistic arrival.

There are two main methods for measuring δt/t between two cross-correlation
functions (e.g. between the black and red CCFs in Figure 1.2). The first is the stretching
method, introduced by Sens-Schönfelder and Wegler (2006). A homogeneous velocity
change can be recreated by stretching or compressing a waveform. By searching for
the amount of stretching that results in the greatest correlation between the waveform
and a reference waveform, the apparent relative velocity change can be estimated. The
second method is referred to as the moving-window cross-spectral (MWCS) method
(Poupinet et al., 1984; Ratdomopurbo and Poupinet, 1995). Delay times (dt) are
calculated in short time windows at different lag times (t) in the frequency domain,
and a linear function, dt/t, fitted to the measurements. Further discussion of these
two methods is given in Chapter 2. An additional method, Dynamic Time Warping
(Mikesell et al., 2015), estimates the warping function - a vector of local time shifts
that globally minimizes the misfit between two seismic traces, but is not discussed
further here.

The imaging and monitoring techniques described in this section are all derived from
traditional seismology. Ambient noise provides the means to make these measurements
continuously across large regions with passive sources, which are much cheaper than
active sources. The development of this field ultimately came about because of the
practice of recording and storing long digital seismic recordings and the reduction of
instrument noise (relative to ambient noise).

1.2.3 What is the coda?

In heterogeneous media, the scattered waves that make up the CCF coda are highly
sensitive to small velocity perturbations. The coda cannot simply be interpreted
as consisting of the same wave types as the ballistic arrivals in the CCFs, because
scattering converts seismic energy back and forth between surface and body waves
(Sens-Schönfelder and Brenguier, 2019). Obermann et al. (2013a) run 2-D numerical
wavefield simulations with small-scale random heterogeneities and with a thin-layer
velocity-perturbation at depth. The authors show that the relative contribution of
surface waves and body waves can be expressed as a partition ratio. This ratio essentially
depends on the amount of scattering that has occurred, i.e. on the heterogeneity of
the medium and the lag time in the CCF. The more scattering that has occurred, the
greater the contribution of body waves relative to surface waves. This 2-D analysis was
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extended to 3-D by Obermann et al. (2016): again, there was a universal behaviour of
the partition ratio of body and surface waves with normalised lag time. Understanding
exactly which seismic waves make up the coda, and therefore the spatial sensitivity
kernels, is an active area of research and crucial to the development of the field - we
need to locate dv/v changes to be able to interpret them. Whilst major steps have
been made, it is still a non-trivial task to straightforwardly characterise the sensitivity
of the CCF coda. As well as the frequency and lag time, the sensitivity depends on
the wavefield characteristics and medium properties (Sens-Schönfelder and Brenguier,
2019). As an example, Got and Coutant (1997) show that earthquake coda waves at
Kı̄lauea are dominated by scattering at the surface because of the greater heterogeneity
there. In this thesis, I use Rayleigh wave sensitivity kernels as a helpful starting point
to demonstrate the approximate depth sensitivity of my measurements of dv/v. This
is most appropriate for component-pairs containing a vertical component; for a pair of
horizontal components Love waves will likely dominate (Taira and Brenguier, 2016). It
is important to remember that, for any pair of components, there is uncertainty over
the exact depth sensitivity.

1.2.4 What if the noise source changes?

Because the ambient noise field is not perfectly diffuse, the resulting cross-correlation
functions are not true Green’s functions and are often asymmetrical. This is not
a problem for measuring temporal changes in seismic velocity, provided the noise
wavefield repeatedly samples the medium in the same way. Of course, noise sources
can change in location, but Hadziioannou et al. (2009) used laboratory studies to show
that the spatial instability of the source distribution is not a limitation as long as at
least part of the noise spatial distribution is stable. Colombi et al. (2014) confirmed
this with numerical experiments. The authors also explain that it is advantageous
to study the coda because this represents highly scattered energy and can be viewed
as a random-walk process. The bias produced by an anisotropic source distribution
only affects the path between the receiver (acting as the virtual source) and the first
scatterer. The path of a wave encountering scatterers is independent of the source
location after it encounters the first scatterer, assuming the scatterers do not move.
This can then be statistically generalized, given that there are numerous scatterers
resulting in superimposed phases in the correlation function coda, each with different
changes in travel time due to the moving sources. Therefore high-precision noise-based
monitoring is possible from the coda of correlation functions even if there are variations
in the azimuth of the noise sources.
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Zhan et al. (2013) show that it is possible to spuriously measure apparent dv/v
variations because of a change in frequency content of the noise source, using the
stretching technique. The MWCS method, in contrast, is theoretically relatively
unaffected by this problem because the amplitude spectrum and phase spectrum are
separated before making the measurements. The numerical experiments of Zhan et al.
(2013) show that, again, the bias decays with travel time.

The dominant sources of seismic noise may themselves change, particularly at active
volcanoes where persistent tremor can occur. Ballmer et al. (2013) show that tremor
at Kı̄lauea volcano contaminates the attempt to reconstruct an inter-station Green’s
Function, even at stations over 50 km from the source of tremor. Careful attention
should therefore be paid to the stability of the noise cross-correlation functions through
time.

1.2.5 Why does seismic velocity change?

Many laboratory studies have shown that the elastic properties of rocks (e.g. velocity,
attenuation, anisotropy) are stress-dependent (e.g. Birch 1960; Scholz 1968). In
particular, the main dependence is on effective normal stress, σe, which is the difference
between normal stress, σN, and pore-pressure, ϕ: σe = σN − ϕ (Zimmerman et al.,
1986). Velocity changes are much larger than expected from the properties of the
minerals making up the rock, indicating that it is the overall structure, including
pore-space and microcracks, that controls the sensitivity. With increasing effective
normal stress, cracks in the rock close up, causing increases in seismic velocity (Nur,
1971). With further increases in stress, the rock may reach a critical point of failure,
generating new cracks and a corresponding decrease in seismic velocity (Lockner et al.,
1977). As well as the increased stress-sensitivity, the micro-heterogeneity of rocks
also leads to non-linear effects, such as a hysteresis in the stress-strain relationship
and a time response across a range of scales (e.g. Johnson and Rasolofosaon, 1996).
Understanding the physics of these effects has so far been limited to studies from the
laboratory and active-source experiments, but interferometry with ambient noise has
opened up further possibilities of in situ measurements of material properties through
time.

1.2.6 Variations in seismic velocity at volcanoes

The ability to measure pressure build-up of a magmatic system and magma movements
on time-scales from hours to years is crucial for volcano monitoring and hazard
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mitigation. Such processes can occur essentially aseismically even in the brittle crust:
if pressurisation is sufficiently slow and deformation is accommodated in the ductile
region around the magma chamber, any brittle earthquakes would be too small to
detect. This limits the usefulness of detection of micro-earthquakes. Geodetic methods,
such as measurements from Interferometric Synthetic Aperture Radar (InSAR), Global
Positioning System (GPS) and tilt, are only sensitive to changes of the surface of a
volcanic edifice. Properties of seismic waves that travel through the volcano, such
as seismic velocity and Vp/Vs ratios, can indicate the stress state and fluid content.
However, detecting these changes from earthquakes is still ultimately limited both
spatially and temporally and 4D-tomography has poor time resolution (months at
best) and limited precision (of order 1 %; Brenguier et al., 2016; Koulakov et al.,
2013; Patanè et al., 2006), because of the need for a high number of observations
of earthquakes. Measuring continuous temporal variations in velocity using noise
interferometry, therefore, can complement these existing techniques and potentially be
used to detect processes that may previously have been unobserved.

Brenguier et al. (2008b) were the first to observe changes in seismic velocity due
to volcanic activity. The authors observe decreases in seismic velocity over ∼20 day
periods before eruptions at Piton de la Fournaise volcano (PdF), Réunion Island,
on the order of 0.1 %. Various studies since then have confirmed the systematic
precursory velocity drops (Clarke et al., 2013; Obermann et al., 2013b; Rivet et al.,
2014; Sens-Schönfelder et al., 2014) at Piton de la Fournaise and similar observations
have been made at Mt Ruapehu in New Zealand (Mordret et al., 2010) and Volcán
de Colima, Mexico (Lamb et al., 2017). Studies have also detected changes in seismic
velocity due to magmatic intrusions at Piton de la Fournaise (Sens-Schönfelder et al.,
2014) and in the eastern Izu peninsula in Japan (Ueno et al., 2012).

In general in the existing literature, the periods immediately before eruptions are
associated with inflation of the volcano and decreases in dv/v, e.g. at PdF, by comparing
to GPS data (Sens-Schönfelder et al., 2014). Further, an extensometer showed that
there was precursory opening before one of the eruptions studied by Brenguier et al.
(2008b), but not before the other four eruptions. GPS-inferred inflation of Okmok
volcano, Alaska, was also associated with a velocity decrease (Bennington et al., 2015).
Sens-Schönfelder et al. (2014) showed that post-eruptive periods at PdF are associated
with a period of deflation and increase in dv/v. On the other hand, both increases
and decreases in velocity are observed over the two weeks before the 2010 eruption
of Merapi volcano, Indonesia, depending on the station pair used (Budi-Santoso and
Lesage, 2016); the authors suggest this is because of a complex stress field caused by
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magma propagation. Sometimes dv/v appears to detect events at depth that geodetic
techniques are not sensitive to, which is exciting in terms of using dv/v as a monitoring
tool. For example, two periods of seismic velocity decrease, with no measurable effect
on surface displacement, were detected at PdF (Sens-Schönfelder et al., 2014) before
seismic crises associated with non-eruptive dyke intrusions. Studying the long-term
behaviour at PdF, Rivet et al. (2014) showed that a period of inflation as seen with
GPS between 2004 and 2007 was accompanied by an unchanging dv/v, again, as if
there are differing effects depending on depth. At Ruapehu, of the two eruptions
studied, one showed a precursory velocity decrease, but not the other, and neither
were observed with GPS (Mordret et al., 2010). The exact relationship between the
sensitivity of dv/v and surface deformation is therefore not well understood.

These results show that dv/v and pressurisation of a volcano edifice are related,
but exactly why dv/v changes is debated. One explanation is that periods of inflation
open pre-existing cracks in the volcanic edifice (Brenguier et al., 2008b; Mordret et al.,
2010). Some authors propose that intense pressurisation could result in a change to
non-elastic rock rheology, weakening of the edifice and rock failure, generating new
cracks (Carrier et al., 2015; Lamb et al., 2017). Alternatively, the influence of magmatic
and hydrothermal fluids on seismic velocity before eruptions may dominate (Caudron
et al., 2015).

1.2.7 Variations in seismic velocity at other settings

Studying earthquakes is arguably the other major success of measuring dv/v with
noise interferometry. Co-seismic velocity drops and post-seismic recovery are observed
following large tectonic earthquakes (e.g. Brenguier et al., 2008a). These are usually
interpreted as being caused by damage to the near-surface during the earthquake
followed by post-seismic healing; changes in volumetric strain alone are not sufficient
to explain the measured changes in seismic velocity (Hobiger et al., 2016). However,
co-seismic changes are also observed at several kilometres depth (Froment et al., 2013;
Hobiger et al., 2012), which must be caused by deformation, although these are often
masked by the stronger shallower effects. Brenguier et al. (2014) studied a co-seismic
velocity drop across Honshu Island, Japan, including areas far from the fault zone,
during the 2011 Tohoku earthquake. Because of this, the authors suggest that the
dynamic stress of the passing waves, which was orders of magnitude larger than the
static stress changes, was the cause of the velocity drop. Interestingly, the largest co-
seismic decreases in velocity occur in volcanic regions; the presence of highly-pressurised
fluids in active volcanic systems is thought to be the cause of the higher velocity-stress
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sensitivity. Measuring dv/v is being incorporated in studies of a wide variety of
environmental phenomena and settings, including landslides (Mainsant et al., 2012),
geothermal reservoirs (Hillers et al., 2015b), variations in groundwater level (Clements
and Denolle, 2018) and glacial loading (Mordret et al., 2016), underground mines
(Olivier et al., 2015a), earthen dams (Olivier et al., 2017; Planès et al., 2015) and even
on the moon (Sens-Schönfelder and Larose, 2008).

1.3 Geological Settings

1.3.1 Hawai’i

The Hawaiian Ridge-Emperor Seamount chain marks the path of the Pacific plate over
a mantle plume, where mantle potential temperatures are elevated by approximately
200°C (Putirka, 2005). Hawai’i Island (or the Big Island), at the south-east and
youngest end of the chain, is made up of five volcanoes: Mauna Loa, Kı̄lauea, Mauna
Kea, Hualalai and Kohala (Figure 1.3). The peaks of Mauna Loa and Mauna Kea
stand over 4000 m above sea level and 9000 m above the ocean floor; the entire island
is under 1 million years old.

Kı̄lauea

Kı̄lauea is one of the world’s most active volcanoes. The Hawaiian Volcano Observatory
was founded in 1912 and the continuous monitoring of Kı̄lauea since then means that
it is also one of the best studied volcanoes, with a relatively well understood magma
plumbing system (Eaton and Murata (1960); Poland et al. (2014); Tilling and Dvorak
(1993), Figure 1.4). Magma ascends from the mantle and is stored in reservoirs beneath
the summit between one and a few kilometres depth. There are two distinct reservoirs:
the Halema’uma’u reservoir at 1-2 km depth and the South Caldera reservoir, at 3-5
km depth. Magma may erupt at the summit or travel laterally as intrusions or leading
to eruptions in the East or Southwest Rift Zones. Until 2018, there were two ongoing
eruptions at Kı̄lauea: a lava lake in Halema’uma’u caldera, active since 2008; and at
Pu‘u ‘Ō‘ō cone and other nearby vents along the East Rift Zone (ERZ), 20 km from
the summit, since 1983 (Orr et al., 2015). Lying on the shoulder of the much larger
volcano, Mauna Loa, the gravitational instability of Kı̄lauea results in seaward motion
of its southeastern flank, although Dvorak et al. (1994) argued that the magma system
must push the flanks seawards as well. Motion occurs along shallow normal faults and
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a sub- horizontal décollement fault between the volcanic pile and original ocean floor
(Thurber and Gripp, 1988), periodically causing slow-slip events (Cervelli et al., 2002).

Fig. 1.4 Kı̄lauea plumbing system. The summit reservoirs (Halema’uma’u reservoir =
H; South Caldera reservoir = SC) are connected to the rift zones. The size of magma
pathways and storage are exaggerated. This figure is from Poland et al. (2014), credit:
U. S. Geological Survey.

In 2018, Kı̄lauea Volcano experienced its largest lower East Rift Zone (LERZ)
eruption and caldera collapse in over 200 years (Neal et al., 2019). The Pu‘u ‘Ō‘ō
cone collapsed on April 30th, a dyke propagated eastwards to the LERZ and the
subsequent eruption, until 4th August 2018, produced 0.8 km3 of lava. The landscape
at the summit changed dramatically, with the caldera floor deepening by over 500 m
in places (Neal et al., 2019). On 4th May, a Mw 6.9 earthquake occurred beneath the
southeastern flank, probably on the basal décollement fault (Neal et al., 2019).

1.3.2 Iceland

Iceland lies on a divergent boundary between the Eurasian and North American plates,
but unlike the rest of the Mid-Atlantic Ridge, lies above sea-level due to the presence
of a mantle plume (e.g. Wolfe et al. 1997). Spreading of ∼2 cm/year at 104° (DeMets
et al., 2010) is accommodated in rift (or volcanic) zones, shown in orange in Figure
1.5. Because of the presence of the plume under Vatnajökull ice cap (location shown
in Figure 1.5), volcanism in central Iceland, in the Northern Volcanic Zone (NVZ)
and Eastern Volcanic Zone (EVZ), is offset from the rest of the Mid-Atlantic Ridge
(Sæmundsson, 1974). Transform zones separate the NVZ and EVZ from the Western
Volcanic Zone and the Reykjanes Ridge in the south and the Kolbeinsey ridge in the
north (Figure 1.5). The rift zones are made up of 30 volcanic systems, which consist of
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a central volcano, a fissure swarm (where there is a high density of faults and fractures)
or both (Thordarson and Larsen, 2007). Rifting of the brittle crust is episodic and
is controlled both by magma supply and extensional stresses (Wright et al., 2012).
Eruptions usually occur at the central volcanoes, but magma can also travel great
distances laterally in the crust and intrude as a dyke and/or result in an eruption in
the fissure swarm.

2014-15 Bárðarbunga-Holuhraun rifting event

In August 2014 magma intruded ∼50 km northwards from Bárðarbunga volcano over
a period of two weeks, before erupting in the Holuhraun lava field from August 2014
to February 2015 (Sigmundsson et al., 2015). The dyke intrusion was delineated by
over 30,000 microearthquakes (Figure 1.6, Ágústsdóttir et al. 2016; Woods et al. 2019)
and accompanied by up to 4.5 m of opening and formation of a surface graben where
the dyke extended north from the Vatnajökull ice cap (Ruch et al., 2016). Over the
course of the eruption 1.44 km3 of lava was erupted (Pedersen et al., 2017), producing
volcanic tremor (Woods et al., 2018) and the ice-covered Bárðarbunga caldera subsided
by more than 60 m (Gudmundsson et al., 2016). It became the largest eruption in
Iceland in 230 years.
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Chapter 2

Methods

2.1 Data

2.1.1 Kı̄lauea

The seismometers used in this dissertation are maintained by the Hawaiian Volcano
Observatory, United States Geological Survey. 27 instruments around Kı̄lauea summit
are used: 16 broadband (corner frequencies of 120 and 30 s) and 11 short-period
instruments (1 s corners). Full details are given in Appendix A.

2.1.2 Iceland

The University of Cambridge volcano seismology group has operated a seismic network
in Iceland since 2007. This data is complemented by that from instruments of the
Iceland Meteorological Survey, British Geological Survey and University College Dublin.
The instruments are all three-component and a mixture of Güralp 3TDs, ESPCDs and
6TDs (corner frequencies of 120, 60 and 30 s, respectively); full details are given in
Appendix A. As described later, I always high-pass filter above 0.1 Hz, in the flat part
of the response for all the instruments that I have used. Data is recorded at 50 or 100
Hz with a GPS time-stamp and stored in day-long miniSEED files. Data availability
for the stations used in Chapter 4 is shown in Figure 2.1; the continuous measurement
of data over many years at individual stations is crucial for characterising the seasonal
trends in dv/v in this region. The network was largest in summer 2014, comprising
72 seismometers. This was extremely timely for the Bárðarbunga-Holuhraun rifting
event and, even more fortunately, the dyke intruded into a dense part of the network,
resulting in the recording of a major dyke intrusion event in unprecedented detail.
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2.2 Ambient noise interferometry
I use the software MSNoise (Lecocq et al., 2014) for all steps of noise interferometry and
measuring dv/v (see method work-flow in Figure 2.2). MSNoise is a fully open-source
Python package that is freely available to researchers. The manual is detailed and it is
very easy to ‘hack’ parts of the code to use for one’s own specialised purpose. MSNoise
has been updated several times since I started using it in 2014; the package can now
be installed with Anaconda and the jobs at each stage can be run in parallel.

Preprocessing: merge then split traces into 30-minute segments, 
demean, initial low-pass then high-pass filter, downsample

Normalisation and spectral whitening in chosen frequency band

Cross-correlation and initial stack over 1 day 

Further stacking

Measurement of dv/v

Stretching method 
Moving-Window Cross-

Spectral method 

Fig. 2.2 Workflow. Steps to measure variations in relative seismic velocity (dv/v).

2.2.1 Preparing the traces for cross-correlation

The traces are split into 30 minute segments which are demeaned and tapered. 30
minutes is sufficient time to ensure that there is enough noise to correlate and also
means that stacks of cross-correlation functions (CCFs) from a 24-hour period (see
Section 2.2.3) are not seriously affected by a one-off irregular event (that affects one
30-minute CCF). I did not explore varying this time period in detail. Small data gaps
(<10.0 s) are linearly interpolated; 30-minute traces containing gaps larger than 10.0 s
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are discarded. An initial low-pass filter then high-pass filter is applied, then the data
is resampled, both to decrease computation time and so that stations have the same
sampling rate.

The next step is to enhance the signal of interest – ambient noise – and reduce the
effects of earthquakes and other irregular events that can ‘leak’ into the cross-correlation
function. Temporal normalisation is a technique for suppressing discrete signals like
these; there are two possible methods in MSNoise (Figure 2.3); additional possibilities
are described in Bensen et al. (2007). The first - and most aggressive - is one-bit
normalisation, where all amplitude information of the trace is removed and positive
values are simply replaced with 1 and negative values with -1. The second method is
to clip all values that are greater than three times (or some other threshold value) the
root-mean-square value of the trace.
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Fig. 2.3 Temporal normalisation. A) Raw trace from station LIND on 5 May 2014. (B)
One-bit normalised. (C) Clipped at 3 times the RMS of the 30 minute segment that
this trace is taken from.

Ambient noise is peaked in the frequency domain around the primary and secondary
microseisms (Figure 2.4). Spectral whitening is a way to flatten the spectrum (as shown
in Figure 2.4), thereby equalising the band of the noise signal. This is an important
step because it reduces the risk that changes in dv/v are spuriously measured due to
changes in the frequency content of the noise source (changing the depth sensitivity of
the CCFs). The whitening in MSNoise is an amplitude-to-one in the frequency domain
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within the pass-gate of the frequency band of interest (i.e. essentially also a bandpass
filter).

The choice of frequency band depends on two main considerations. Firstly, the
depth of interest for the study; for example, Rivet et al. (2011) study a slow-slip
event in the mid-crust (0.06-0.14 Hz; ∼5-20 km depth); Brenguier et al. (2008b) study
pre-eruptive decreases in dv/v at Piton de la Fournaise volcano (0.1-0.9 Hz, < 2 km)
and Clements and Denolle (2018) study groundwater level changes in the shallowest
crust (0.5-2.0 Hz, < 500 m). Secondly, the choice of frequency band depends on the
strength of the noise source. Mordret et al. (2016) choose the frequency band by
maximising the signal-to-noise ratio of the CCFs, where the signal is the direct arrival
in the CCF and the noise is measured in the coda. Of course, we are actually interested
in the coda, so an alternative approach, used informally in this dissertation, is to ensure
that the correlation coefficient of the coda of CCFs remains high through time.

Fig. 2.4 Spectral whitening. (A) Power spectrum of the ambient noise wavefield between
0.005 and 3 Hz, measured at station LIND on 5 May 2014. The primary and secondary
microseism peaks are at ∼0.07 and ∼0.14 Hz, respectively. (B) The spectrally whitened
power spectrum, between 0.01 and 1 Hz.

For ambient noise tomography studies, at this stage the instrument response (phase
and amplitude) would be removed - now possible with MSNoise. This is unnecessary
for measuring dv/v if the instruments do not change (Lecocq et al., 2017), because the
measurements are only made relative to the reference function of the same station pair.
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2.2.2 Cross-correlation

Cross-correlation is conducted in the frequency domain (Lecocq et al., 2014). Let
x(t) and y(t) be two time series and X(f) and Y (f) their Fourier transforms. The
correlation operation is then defined as:

C(f) = X∗(f) × Y (f) (2.2.1)

where X∗(f) is the complex conjugate of X(f). The cross-correlation function c(t) is
the inverse Fourier transform of C(f). The reader is referred to section 1.2.2 for a
conceptual description of the cross-correlation process.

Any two traces can be cross-correlated, including all three components of the
seismometer. Most commonly, the vertical (Z) components are cross-correlated between
a pair of stations, as I do in Chapter 3. Since coda waves are recorded on all three
components of a seismometer (see Section 1.2.3 for further Discussion), all 9 components-
pairs between a two stations can be used to infer velocity changes (Sens-Schönfelder
and Wegler, 2011). Averaging results from the 9 component pairs can improve the
accuracy of dv/v measurements and, to some extent, reduce the need for stacking over
longer periods of time.

Two traces measured at an individual station can also be cross-correlated; ‘cross-
component’ correlation refers to correlation between different components (EN, EZ,
NZ). The coda of these cross-correlation functions still represents scattered and reflected
energy (Wegler and Sens-Schönfelder, 2007). To understand this, consider that the
CCF picks out energy that is coherent on the two components; the later in the CCF
the greater the time difference between the coherent arrivals. One way this could
occur is if energy travels past the station and then takes a scattered path back to the
station, but this probably only represents a small fraction of the energy in the CCF.
Another way this could occur is illustrated in Figure 2.5 (reproduced from Yang and
Forsyth 2006): a plane surface wave travels from left to right and energy arrives at
the station at different times because of the change in path due to the scatterer. The
further the distance between the scatterer and the station, the greater the time delay
will be, and hence the later the ‘arrival’ will appear in the CCF. This simple case
can be expanded to one with many scatterers, and the multiple interactions between
these and the station, to understand the coda-train that occurs in single-station CCFs.
dv/v measured from single-station, cross-component CCFs at Piton de la Fournaise
volcano is consistent with dv/v measured from CCFs calculated from pairs of stations
(De Plaen et al., 2016). The authors also calculate autocorrelations, i.e. between a
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component with itself (EE, NN, ZZ). In this case, spectral whitening is not applied
since only the phase of the signal would remain and the autocorrelation of such a signal
would no longer contain information about the medium. Processing without spectral
whitening may explain why the dv/v results using autocorrelations are described by the
authors as being less stable than the cross-component results, although still consistent.
One advantage of using single station cross-components is that the signal-to-noise
ratio of the coda of CCFs may be greater, particularly at rapidly-attenuating high
frequencies, because the energy does not need to travel between a pair of stations as
well as undergo additional scattering. It is therefore possible to make measurements at
higher frequencies even using a network with widely-spaced stations. In Chapter 4 I
use single-station cross-components in central Iceland.

scatterer

receiver

Fig. 2.5 Cartoon of a single scattering for a plane surface wave propagating from left to
right, reproduced from Yang and Forsyth (2006). The energy that takes the scattered
path arrives at the station after a delay compared to that taking the direct path.

2.2.3 Stacking

The cross-correlation functions determined from the 30-minute traces are then linearly
stacked over 1-day periods and saved to disk (only 120 s on each side is saved). The
1-day stacks are then further stacked for two purposes: to construct reference and
moving-window cross-correlation functions.

Reference CCFs

A reference CCF is constructed by stacking over a stable time period, i.e. periods free
from major changes to the cross-correlation functions. The aim is to get a reference
trace with a high signal-to-noise ratio. Any change to the structural medium that
cannot be reflected by a simple stretching of the CCF will affect the correlation of the
CCFs before and after the change, such as a displacement of the scatterers (Snieder,
2006). Volcanic eruptions can cause such changes by dyke emplacement or caldera
collapse. Spatially heterogeneous velocity changes and permanent changes of the noise
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source distribution will also reduce the correlation. Without prior information, it is
simplest to stack CCFs over the entire time period. At Kı̄lauea, I stack the entire
time period and find that the correlation coefficients between reference and moving
CCFs remain high (above 0.85). Whereas in Iceland, after calculating the 1-day stacks,
it is immediately obvious that there is a significant change during the Bárðarbunga-
Holuhraun rifting event and so I choose to stack the time period before the event,
which still provides several years of data for a clean reference CCF.

However, stacking over long-time periods could deteriorate the reference function
if velocity changes occur that are large compared to the dominant period (ω) of the
signal. The individual CCFs will not stack constructively if t dv/v > π/2ω. In Iceland,
where I study dv/v in several frequency bands, this becomes an issue in the higher
frequency bands (> 1 Hz). To deal with this, I use moving reference functions: dv/v is
measured daily between two adjacent 5-day stacks (one day apart) and dv/v is then
summed cumulatively through time, following the methodology of James et al. (2017).
Another approach would be to iteratively construct the reference function, as suggested
by Sens-Schönfelder and Larose (2008) and Richter et al. (2014): measure rough dv/v
changes from a stack of the entire time period; correct the CCFs by stretching according
to this preliminary velocity change, then stack the corrected CCFs to make a final
reference trace.

Brenguier et al. (2014) and Gómez-García et al. (2018) separately proposed com-
puting velocity changes for all of the possible daily cross-correlation functions for each
station pair. Then a linear least-squares inversion is used to calculate an overall time
series of dv/v for each station pair. This avoids the choice of an arbitrary reference
function. The measurements of dv/v are weighted in the inversion according to the
correlation coefficient between the velocity change for that day-pair. The disadvantage
of this method is that it is much more computationally expensive - there are n(n − 1)/2
measurements for a set of n CCFs - but it would be valuable to use in future work.

Moving-window CCFs

The cross-correlation functions are stacked with a moving-window; these stacks are
compared to the reference function to measure dv/v through time. The choice of
length of the moving-window is a trade-off between a higher signal-to-noise ratio of
the stacked cross-correlation function, and so more accurate measurement of dv/v,
and the temporal resolution. Examples of 10-day stacks for a pair in central Iceland,
east of Askja volcano, are shown in Figure 2.6. MSNoise is written with monitoring
in mind, therefore, the stacked cross-correlation function for any given day is a stack



2.2 Ambient noise interferometry 27

of that day and the previous days (e.g. a 10-day stack for 10 April is a stack of the
cross-correlation functions for 1-10 April).
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Fig. 2.6 Noise cross-correlation functions (CCFs) through time. This example is a
10-day stack of the CCFs for a pair of stations in central Iceland (HRUR-VADA), ZZ
components, frequency band 0.25-1.0 Hz, for 50 days in the summer of 2014.

2.2.4 Measuring dv/v

As explained in Section 1.2.2, there are two methods to measure the delay of arrival
times between a current (particular day) cross-correlation function and the reference
function: the moving-window cross-spectral (MWCS) method and the stretching



28 Methods

method. An example comparison between two such cross-correlation functions is shown
in Figure 2.7.
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Fig. 2.7 Example reference and current noise cross-correlation functions (CCFs) for
the N-Z cross-components at a station in central Iceland (FLAT), 0.4-1.0 Hz. The
reference function is a stack of all available CCFs before the Bárðarbunga-Holuhraun
rifting event starts (in this case, 9 July 2010 to 15 August 2014). The current CCF is
a 10-day stack for 4 March 2012. The highest values are not shown in order to give a
clearer view of the coda arrivals.

Moving-Window Cross-Spectral method

This method was introduced by Poupinet et al. (1984) and further details are given
in Lecocq et al. (2014). The reference and current functions are sliced into several
windows. The width and overlap of the windows depends on the frequency band,
a reasonable rule of thumb is that the width of the windows should be twice the
longest period in the frequency band and the overlap a quarter of the width. Then
the delay between the reference and current functions is measured in each window in
the frequency domain with a cross-correlation method. The cross spectrum, X(ν), is
calculated between the two Fourier-transformed waveforms:

X(ν) = F ref(ν) × F *
cur(ν) (2.2.2)

where ν is frequency and F *(ν) is the complex conjugate. The phase ϕ(ν) of the
cross-spectrum is obtained directly from X(ν) and is linearly proportional to frequency.
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The delay time, δt, is calculated from a weighted linear regression of the phase of the
cross-spectrum, ϕ(ν) = 2πδtν. MSNoise outputs, at each time lag t, the delay time dt,
the cross-coherence between the two waveforms and the error in the linear regression.
Only measurements that meet chosen thresholds of error and coherence are used in the
following step.
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Fig. 2.8 dt/t with the Moving-Window Cross-Spectral method. These measurements
correspond to the reference and current noise cross-correlation functions (CCFs) shown
in Figure 2.7. In this frequency band (0.25-1.0 Hz), the chosen MWCS parameters are
a window length of 8 s with an overlap of 2 s. The delay time and error is measured in
these windows, as well as the coherence between current and reference CCFs. dt/t is
then calculated using a linear regression of the points within the grey windows. In this
case, a dv/v of 0.16 % was calculated.

Finally, dt/t and an associated error are calculated using a linear regression on
the measurements of delay time, dt, against time lag, t (Figure 2.8). As explained in
Section 1.2.2, points are only selected in the coda of the cross-correlation functions,
i.e. at greater time lags than the high-amplitude first arrivals. This is because the
coda represents scattered energy that densely samples the medium and so is more
sensitive to velocity changes and less sensitive to any changes in the noise source.
There are two ways in MSNoise to define the windows in the cross-correlation functions
within which to make the measurements of dt/t. The first is a simple ‘static’ window,
whereby a minimum time lag is defined for all station pairs. In this dissertation, I
use static windows in the single-station cross-component correlations (Chapter 4).
The second option is a ‘dynamic’ window, which varies depending on the interstation
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distance of the pair. The minimum time lag is the interstation distance divided by
a chosen velocity, which should be slower than the direct arrival, thereby ensuring
the measurements are always made in the coda. Figure 2.9 shows the moveout of the
direct arrivals in the cross-correlation functions with increasing interstation distance. I
use dynamic windows for all measurements of dv/v from cross-correlation functions
calculated between pairs of stations. The other choice is the width of window, which
depends on the frequency band. Ideally the window should be at least three or four
times the length of the MWCS windows, but the measurements may degrade later in the
coda. After measuring dt/t, it is trivial to determine dv/v, assuming a homogeneous
velocity change (see Section 1.2.2 and equation 1.2.4).
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Fig. 2.9 Record section of cross-correlation functions with station MOFO to a maximum
interstation distance of 40 km. These are stacks of all available CCFs before 16 August
2014. The frequency band is 0.25-1.0 Hz. Measurements of dv/v can be made in a
dynamic time lag window, where the minimum lag time corresponds to the interstation
distance divided by a relatively slow velocity (e.g. 1.0 km/s) in order to avoid the
direct arrivals.
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Stretching method

The relative change in travel time is constant at all lag times in the CCFs, assuming a
homogeneous velocity change (again, strictly we are measuring an apparent velocity
change). This means that the time axis is stretched or compressed during such a
velocity change. First introduced by Sens-Schönfelder and Wegler (2006), the stretching
method measures dt/t by determining how much the current waveform needs to be
stretched or compressed along the time axis to match the reference waveform. The
relative travel time change ϵ is estimated by measuring the correlation coefficient C(ϵ)
between the reference waveform uref and modified versions of the current waveform
ucur. The current waveforms are modified by interpolating with a slightly modified
sampling rate dt(1 + ϵ):

Cref,cur(ϵ) =
tmax∑

t=tmin

uref(t)ucur(t(1 + ϵ))√
u2

ref(t)u2
cur(t(1 + ϵ))

(2.2.3)

The value ϵmax, which maximises Cref,cur(ϵ), corresponds to the apparent velocity change
(Figure 2.10).

The theoretical advantage of the stretching method is that it does not require the
two waveforms to be coherent in the windows of comparison, so dt can be larger, and
large in comparison with the dominant wavelength (Sens-Schönfelder and Wegler, 2006).
Further, it has been shown that results using the stretching method are more stable
when the signal-to-noise ratio is low (Hadziioannou et al., 2009). A stretching code
is available with MSNoise, although not (currently) described in the online manual.
As before (Section 2.2.4), a window in the cross-correlation functions within which to
make the measurements needs to be chosen. Further, the number of stretches needs to
be chosen, which is a trade-off between precision and computation time (I use 4001).
The limits of stretching (i.e. maximum value of dv/v) also needs to be chosen, which
is particularly important at higher frequencies, when cycle-skipping may become a
problem. Ideally, only one peak should be present in the stretching function (as in
Figure 2.10) and more complex steps may need to be taken if dv/v is very large (James
et al., 2017; Sens-Schönfelder et al., 2014).
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Fig. 2.10 dv/v with the stretching method. These measurements correspond to the
reference and current noise cross-correlation functions (CCFs) shown in Figure 2.7.
The current CCF is compressed and stretched between values corresponding to dv/v
of -2 and 2 % and the correlation coefficient with the reference CCF measured. The
amount of stretching at the maximum correlation coefficient (shown with a red circle)
gives the calculated value of dv/v, in this case, 0.15 %.



Chapter 3

Seismic velocity variations at
Kı̄lauea summit, Hawai’i

3.1 Inter-eruptive period: 2011-2015
The work in this section was published in Donaldson et al. (2017), before the 2018
eruption of Kı̄lauea.

3.1.1 Introduction

Kı̄lauea volcano

An eruptive vent, or lava lake, has existed at Kı̄lauea summit in the southeast corner of
Halema’uma’u caldera since it opened in March 2008 (Figure 3.1, Wilson et al. (2008)).
The summit plumbing system is thought to consist of a shallow magma reservoir
located on the east side of Halema’uma’u caldera at 1-2 km depth below the surface
(the Halema’uma’u reservoir, HMMR) and a larger, deeper reservoir at 3-5 km depth
below the southern side of Kı̄lauea caldera (see Figure 3.1 and illustrated in Figure
1.4, Poland et al. 2014). This magmatic system is linked to the East Rift Zone - in
which Pu‘u ‘Ō‘ō vent, 20 km from the summit, has been erupting since 1983 - and the
Southwest Rift Zone.

Deformation at Kı̄lauea is the result of both long and short term processes. Longer
term deformation includes contributions from volcanic and tectonic sources, such as
pressurisation of the summit magma system and seaward motion of Kı̄lauea’s south
flank. Deformation at Kı̄lauea’s summit on the time-scale of hours to days is dominated
by transient deflation-inflation (DI) events (Anderson et al., 2015). They are measured
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Fig. 3.1 Map of Kı̄lauea volcano. Seismic stations shown as red triangles and strain-
meters as black diamonds. Tilt data in this study is from a tiltmeter located at UWE
(zoomed-in map). Seismic stations enclosed in the red circle, centred on the eruptive
vent, are used to average dv/v. Seismic instrumentation details are given in Section
3.1.2. The lava lake in the eruptive vent is located within Halema’uma’u caldera which
is itself located within the larger Kı̄lauea caldera.
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to varying degrees by InSAR, tiltmeters, GPS and strainmeters and are strongly
correlated with changes in surface height of the summit lava lake (Anderson et al., 2015;
Patrick et al., 2015, 2016b). Inverse modelling of DI events shows that the deformation
is generated by pressure transients in the Halema’uma’u reservoir (HMMR), located
beneath the eastern margin of Halema’uma’u caldera (Anderson et al., 2015).

Seismic noise interferometry and volcanic tremor

Cross-correlation of the diffuse noise wavefield measured at a pair of stations extracts
coherent seismic energy arriving at both stations. Small perturbations to the arrival
times of the phases between consecutive Noise Cross-Correlation Functions (CCFs) can
then be measured to construct a temporal variation of the seismic velocity relative to a
reference function (dv/v, Sens-Schönfelder and Wegler 2006). dv/v is usually measured
in the coda of the CCFs as these signals have undergone significant scattering and so
have sampled longer, denser paths within the medium of interest.

Most commonly, the noise sources used for ambient noise interferometry are the
highly energetic oceanic microseisms at periods of ∼7 s (0.14 Hz) and 15 s (0.07 Hz).
In those cases, the CCF for a given pair represents the seismic signal observed at one
station as if there had been an impulsive source excitation at the other and vice versa.
a CCF with a clear surface wave is not a necessary requirement for passive monitoring
of relative velocity changes (Colombi et al., 2014; Hadziioannou et al., 2009). Rather,
only a stable background noise structure, which repeatedly samples the medium in the
same way, is required, giving stable CCFs with time. dv/v is then measured from the
very small changes between them.

In contrast, in this study I make use of a highly energetic volcanic tremor source
(filtered between 0.33-1.0 Hz). I show that the volcanic tremor source is stable through
time and CCFs with consistent coda arrivals can be constructed. A previous study
identified this tremor source at Kı̄lauea and showed how the tremor contaminates the
attempt to reconstruct an interstation Green’s Function (Ballmer et al., 2013). This
work reveals that the scattered CCF from the tremor source can instead be used to
great effect to measure dv/v. Instead of a CCF representing energy travelling from
one station to the other in a pair, I regard the CCF signal as representing consistent
differential arrival times for phases travelling from the tremor source to each station of
a pair (see Figure 3.3 and Section 3.1.2).

The volcanic tremor source used in this study can be seen above ∼0.3 Hz in the
amplitude spectrogram for station UWE shown in Figure 3.2C. This tremor, brightest
at ∼0.5 Hz, is associated with degassing and spattering of the lava lake surface (Fee
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Fig. 3.2 Volcanic tremor due to spatter. The lava lake fluctuates between spattering
(white) and non-spattering regimes (grey). (A) Visible spatter source at lake surface.
(B) No spattering visible. (C) UWE amplitude spectrogram, low-pass filtered at 10
Hz. The tremor associated with spatter has greatest amplitude just above 0.5 Hz.
(D) Real-time Seismic Amplitude Measurement (RSAM) at station UWE calculated
by bandpass filtering between 0.33 - 5.0 Hz and then averaging seismic amplitude in
1-minute intervals. (E) UWE seismic trace, bandpass filtered between 0.33 - 5.0 Hz. (F)
Lava lake elevation, generally observed to be a few metres higher during non-spattering
compared to spattering regimes. (A), (B) and (F) reproduced with permission from
Patrick et al. (2011).
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Fig. 3.3 Schematic of differential interstation distance between a pair of stations and
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et al., 2010; Nadeau et al., 2015; Patrick et al., 2011, 2016a,b). The lava lake is described
as undergoing normal behaviour during periods of spattering (Figure 3.2A), associated
with higher tremor amplitudes (Figure 3.2C-E) and gas emissions (Patrick et al.,
2016a,b). During a non-spattering regime (Figure 3.2B), tremor and gas emissions
greatly decrease and the level of the lake rises (Figure 3.2F). Non-spattering phases
typically last ∼2 hours during the period of this study (Patrick et al., 2016a). This
episodic behaviour is associated with the rise and fall of the lava lake surface ("gas
pistoning") resulting from gas bubbles accumulating near the top of the lake followed
by periods of more efficient decoupling of gas from the lake (Patrick et al., 2016a). The
tremor over the entire period of study can be seen in the amplitude spectrogram shown
in Figure 3.4A.

3.1.2 Methods

Seismic Noise Interferometry to measure dv/v

The seismic data is stored in day-long, 100 Hz MiniSeed files; only vertical components
are used (some stations are single-component). The data from each station is pre-
processed individually; an initial bandpass is applied (0.01-8.0 Hz), the waveforms
are demeaned, tapered and downsampled to 20 samples per second. The waveforms
are then temporally normalised (by clipping at 1.5 times the RMS) and spectrally
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Fig. 3.4 Stability of the noise source. (A) Amplitude spectrogram for seismometer
UWE (see (Fig. 3.1 for location), calculated in 10-minute windows after decimating
and low-pass filtering at 4 Hz. The median value is used for each day (to reduce
the effect of outliers). The frequency band used in this study is bounded by black
lines. White bands are data gaps. (B) Noise Correlation Functions stacked over 3
day-moving windows for station pair PAUD-RIMD (Fig. 3.1 for locations). The white
band is a data gap. The decrease in correlation coefficient in February 2012 is roughly
synchronous with a weakening of amplitude of the source.
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whitened in 30-minute windows (Bensen et al., 2007) in the frequency band 0.33-1.0
Hz.

Noise correlation functions (CCFs) are calculated for every pair in the network in
30-minute windows for time lags of +/- 120 s. The CCFs are stacked for each day
and then the daily CCFs are stacked over 3-day moving windows. A reference CCF is
also calculated for each pair by stacking the daily CCFs over the whole period. The
Moving-Window Cross-Spectral (MWCS) method is used to measure the dephasing
between the CCF and the reference CCF through time (Poupinet et al., 1984). Only
points with an uncertainity of less than 0.1 s, a coherence of more than 0.65 and a
dt of less than 0.1 s are accepted. A weighted linear regression is calculated within
a 30 s window in the CCF to calculate dt/t. Since the source of seismic energy is
not external and isotropic to the network, the first high-amplitude arrivals are not
expected at times in the CCFs corresponding to the inter-station distance. Instead,
the differential inter-station distance is more appropriate; for a pair A-B, this refers to
the distance from the source to station A minus the distance from source to station B.
The minimum time lag of the window for dt/t measurement is chosen by dividing the
differential inter-station distance from the tremor source by a velocity of 0.8 km/s. This
is slower than the ballistic arrivals in the CCF, allowing measurement of the coda of
the waves (see Figure 3.5: the blue highlighted region occurs after the high-amplitude
first arrivals). Then the relative velocity change is calculated using:

δv

v
= −δt

t
(3.1.1)

assuming a homogeneous relative velocity change. I average dv/v for the closest 22
stations from the source (231 pairs). I reject a pair’s results for a day if the uncertainty
from the linear regression of dt against t is greater than 0.01 %.

Tremor Source Location Method

The CCFs are asymmetrical because the noise wavefield is not isotropic but mainly
originates in one location. We exploit this fact to locate the noise source, following
the method of Ballmer et al. (2013). I construct a 0.005° (c. 500 m) geographical grid
and consider each point as a potential source location. Arrival times are estimated in
the CCFs for each pair of stations for each grid point, assuming a lateral propagation
velocity of 1.0 km/s. The total absolute amplitudes in 4 s windows around the expected
arrival times in the CCFs (using the differential interstation distance) for each pair
are added together. This then represents the likelihood of the source being located at
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that grid point. The estimate of source location in Figure 3.6 is calculated from the
reference CCFs for all the pairs. By testing lateral propagation velocities of 0.5 – 3.3
km/s, I find that the estimate of source location is relatively insensitive to the assumed
velocity. This can be understood by considering Figure 3.5: packets of arrivals are
visible in the CCFs at times corresponding to this range of velocities (the later of which
are scattered rather than direct waves). This figure is plotted with the differential
interstation distance calculated for the estimated source location. For a different source
location, the CCFs would be re-ordered in this figure and the total amplitudes of the
CCFs in windows centred on a given moveout-line would be lower than at the correct
location, even for a wide range of velocities (and hence moveout-lines).
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Fig. 3.5 Cross-correlation functions with increasing differential interstation distance
from the source. Most cross-correlation functions (0.33-1.0 Hz) from the summit
region are plotted; a random selection have been removed for clarity. The differential
interstation distance from the tremor source for a station pair A-B is the distance from
the source to station A minus the distance from the source to station B. Measurements
of dv/v are made in 30 s windows with the minimum time lag corresponding to the
velocity of 0.8 km/s (blue shading).
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3.1.3 Results

Stability of tremor source

Volcanic tremor can be seen above ∼0.3 Hz in Figure 3.4A, as well as the seasonally-
varying oceanic secondary microseism at ∼0.1-0.3 Hz. In this section, I show that it is
appropriate to use volcanic tremor as a source for interferometry and measurement of
dv/v.

I use the differential arrival time of the direct ballistic wave (first arrival in the
CCF) to estimate the location of the tremor source in two-dimensional space, and to
investigate how stable this location is through time (Ballmer et al., 2013). Figure 3.6
shows that the most likely location of the noise source is in Halema’uma’u caldera, at
the closest grid point to the lava lake (small red square). I performed a jack-knife test
to investigate the effects of the network configuration on this location and to give an
estimate of the error. The best source location was calculated 1000 times from the
reference functions for randomly-chosen network configurations, using half the number
of stations each time. Over 90 % of results locate in the larger red square in Figure
3.6 (approximately 1 km across). This robust estimate of the source location at or
below Halema’uma’u caldera agrees with the suggestion that the source of tremor is
spattering in the lava lake. The location is also calculated from overlapping 10-day
moving window stacks through the whole time period (June 2011 - Nov 2015) and is
always found within the region of uncertainty (large red square) in Figure 3.6. This
shows that the tremor source location is stable, and validates the continuous use of
this noise source. For further discussion of the potential of source changes affecting
the measurement of dv/v see Section 3.1.4.

Figure 3.4B demonstrates the ability to extract consistent CCFs with coherent
coda arrivals in the frequency band 0.33-1.0 Hz for almost the entire period of study.
Coherent energy is seen in the coda of the CCF at negative lag times up to 120 s.
Figure 3.7 shows the log of the envelope of amplitude in a CCF against lag time. The
log of the envelope of the amplitude of coda arrivals in the CCFs decays linearly before
reaching a plateau. As with earthquake codas that decay exponentially, this is what we
expect if the coda arrivals in the CCFs are related to the scattering of seismic waves
between two stations, as I suggest in this study.

Correlation between dv/v and radial tilt on the time-scale of years

A network-averaged relative velocity variation is found by taking the median dv/v
measured on all possible pairings of the 22 stations closest to the eruptive vent (circled
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Fig. 3.6 Tremor source location. See text for methodology. The most likely source
location is shown by the small red square, also the closest grid point to the lava lake.
The larger red square shows the results of a jack-knife test: of 1000 best-locations,
calculated with a randomly chosen subset of half the stations in the network, 90 % fall
in this box.
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Fig. 3.7 Decay of coherent coda-wave arrivals in the CCFs. (A) 3-day stacks of noise
cross-correlation functions (CCFs) for pair PAUD-RIMD, as shown in Figure 3.4A, but
to greater time lags of +/- 300 s. (B) Green line shows the envelope of amplitude of
the 3-day stack CCF for 2014-06-01. Black line shows the envelope smoothed with a
Hanning window.
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in Figure 3.1, 231 pairs) and by stacking over 3-day moving-windows. The results
are plotted in Figure 3.8; note that here I plot a 3-day stack on the central day of
the stack. Radial ground tilt as recorded at site UWE is also plotted in Figure 3.8.
Radial tilt and the level of the lava lake both change in response to pressurisation of
the Halema’uma’u reservoir (Anderson et al., 2015; Patrick et al., 2015, 2016b). An
increase in UWE radial tilt corresponds to an inflation of Kı̄lauea summit and a rise in
the level of the lava lake. Radial tilt is used here as tiltmeters offer better sensitivity
and temporal resolution during DI events in comparison to other instrumentation (e.g.
GPS) at Kı̄lauea (Anderson et al., 2015).

Radial tilt increases steadily in the long-term from 2011-2015, suggesting overall
inflation of the summit, whereas dv/v decreases. Vertical displacement measured by
GPS at the summit also measures a long-term inflation (Poland and Carbone, 2016).
These raw time series of radial tilt and dv/v are anti-correlated over the 4-year period,
with a cross-correlation coefficient between them of -0.73 at zero lag.
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Fig. 3.8 Results of dv/v and its relationship with radial tilt. (A) Raw relative velocity
variations, dv/v in blue. Light blue shading indicates the uncertainty in the measure-
ment, calculated from the linear regression of dt against t. Raw radial tilt measured at
UWE in grey. The radial component of tilt is calculated with respect to the eruptive
vent in Halema’uma’u caldera. Time periods highlighted in yellow correspond to (from
left to right): a breakout eruption at Pu‘u ‘Ō‘ō (Episode 60); a large deflation event; an
‘anomalous’ deflation event (see text); and overflow of the lava lake onto Halem’uma’u
caldera floor. (B) Correlation coefficient between current 3-day moving window CCF
and reference CCF.
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Correlation between dv/v and radial tilt on the time-scale of days to weeks

A high-pass filter, with a maximum period of 45 days, is applied to the raw dv/v time
series in Figure 3.8 (blue curve) to isolate the short-term velocity variations shown in
Figure 3.9. The short-term variations in radial tilt have been estimated in the same
way.

The time series of radial tilt and dv/v are positively correlated in the short-term.
The grey-green bar in Figure 3.9 shows the correlation coefficient between radial tilt
and dv/v in 30-day long moving windows, overlapping by 6 days. The coefficients are
dominated by positive (green) values. The cross-correlation between the two high-pass
filtered time series is shown in Figure 3.10; the correlation coefficient between radial
tilt and dv/v at zero days lag is 0.39, which is significantly higher than the noise of the
remainder of the correlation function. An increase in radial tilt (inflation) generally
occurs simultaneously with an increase in dv/v (higher velocity) and vice versa. The
year 2014 has a particularly clear positive correlation, when many large V-shaped DI
events can be seen in the radial tilt record that are closely tracked by dv/v. This
correlation appears to degrade after the lava lake overflows in 2015 (Figure 3.9 bottom
panel, highlighted in yellow).

Four periods of interest are highlighted in Figures 3.8 and 3.9. Firstly, a breakout
eruption at Pu‘u ‘Ō‘ō (Episode 60) began on August 3rd 2011 and Pu‘u ‘Ō‘ō drained
and then refilled. A dramatic reduction and recovery of radial tilt at Kı̄lauea summit
is also seen in dv/v. Next an example of a large deflation-inflation event in 2012 is
highlighted, seen in the radial tilt and tracked by dv/v. dv/v also simultaneously drops
during an ‘anomalous deflation event’ in early May 2014, as described by the Hawaiian
Volcano Observatory (Kauahikaua et al., 2016). At this time, deflation was measured
by tiltmeters at greater distances than for normal DI events and seismicity was elevated
in the summit region. In April 2015, the lava lake overflowed onto Halema’uma’u
caldera floor. dv/v increased as Kı̄lauea inflated before the event, but rapidly dropped
when the lava lake overflowed and then never recovered to previous values.

CCFs sensitive to changes in the medium

CCFs are sensitive to changes in the structure of the medium, as well as to changes in
dv/v. The correlation coefficient between the CCFs and the reference CCFs (Figure
3.8) can indicate whether the waveform has fundamentally changed, for example due
to a structural change in the medium (Obermann et al., 2013b). The correlation
coefficient with the reference remains above 0.9 for almost the entire study period, but
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Fig. 3.9 Continuous time series of short-term changes in dv/v (blue) and radial tilt
(grey). Short-term variations are calculated by high-pass filtering the raw time series
shown in Figure 3.8 with a maximum period of 45 days. The study period is divided
into four panels to aid visual comparison. The grey-green bar shows the correlation
coefficient between dv/v and radial tilt in 30-day moving windows with an overlap of
6 days. Times highlighted in yellow correspond to (from top to bottom): a breakout
eruption at Pu‘u ‘Ō‘ō (Episode 60); a large deflation and an ‘anomalous’ deflation
event (see text); and overflow of the lava lake onto Halema’uma’u caldera floor.
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Fig. 3.10 Correlation between the time series of short-term variations in dv/v and
radial tilt. The correlation coefficient at zero lag is 0.39.

drops temporarily during the breakout eruption at Pu‘u ‘Ō‘ō in August 2011. During
the overflow of the lava lake in April/May 2015 the correlation coefficient drops and
does not recover to the same preceding value. This suggests that the complex CCFs
containing many scattered phases have changed subtly because of a permanent change
to the scatterers and reflectors in the edifice structure, presumably related to the
addition of a layer of lava at the free surface. Therefore, dv/v and radial tilt may no
longer correlate at this time because the reference CCF being used is not representative
of the medium. The uncertainty in dv/v also permanently increases after the overflow.

3.1.4 Discussion

I have shown a correlation between time series of surface deformation and of dv/v
obtained using noise interferometry at a volcano. On the time-scale of days to weeks,
radial tilt and dv/v are positively correlated. I believe this is the first time a consistent
correlation between dv/v and deformation has been found at this time-scale over a
period of several years. In contrast, on a longer timescale (months to years) radial tilt
and dv/v are anti-correlated (discussed below under "Long-term changes").

Radial tilt at UWE is strongly correlated with the level of the lava lake (Patrick
et al., 2015), demonstrating a clear link between the magmatic system at Kı̄lauea
and the summit deformation. During deflation-inflation (DI) events, the level of the
lava lake falls and rises, and UWE radial tilt decreases and increases, resulting from
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pressure changes in the Halema’uma’u reservoir (HMMR) (Anderson et al., 2015).
I propose that the changes in magma pressurisation responsible for the continual
deflations and inflations of the summit also cause the changes in dv/v. When the
magma pressurisation increases, compression of the surrounding rock closes up cracks
in the surrounding rock and the elastic modulus and seismic velocity of the medium
increase (O’Connell and Budiansky, 1974).

Existing literature

Several existing studies have also attributed seismic velocity changes to magma pressuri-
sation but have consistently found the opposite trend, i.e. seismic velocity decreasing
as a volcano inflates (Bennington et al., 2015; Brenguier et al., 2008b; Obermann et al.,
2013b). Precursory seismic velocity drops were measured before several eruptions at
Piton de la Fournaise volcano (Brenguier et al., 2008b; Obermann et al., 2013b). The
authors attributed this to an increase in magma pressurisation causing dilatation and
an opening of fractures at the edifice surface (Brenguier et al., 2008b). Pressurisation
processes related to heating and vaporizion of hydrothermal water have also been used
to explain such short-term signals (Caudron et al., 2015; Lénat et al., 2012b). At Merapi
volcano in Indonesia, both increases and decreases in seismic velocity were measured
during the same deformation events (Budi-Santoso and Lesage, 2016). The authors
suggest that both tensional and compressional stresses occur at different locations on
the edifice due to the topography of Merapi volcano. Similarly, for a deflation event
at Miyakejima volcano both velocity increases and decreases were detected (Anggono
et al., 2012). Velocity increases were attributed to deflation of two pressure sources and
velocity decreases to dilatation because of caldera collapse. Increases in seismic velocity
during inflation of a volcano, as seen in this study, were measured at Merapi volcano
before eruptions in 1992 (Ratdomopurbo and Poupinet, 1995) and 1998 (Wegler et al.,
2006). It has been suggested, however, that these could be partly or entirely due to
seasonal changes in groundwater level (Budi-Santoso and Lesage, 2016).

Strain model

I suggest a model based on strain to reconcile some of these observations (Figure
3.11), assuming that an increase in velocity occurs when volumetric strain is negative
(compression) and vice versa (Anggono et al., 2012; Hotovec-Ellis et al., 2014, 2015).

The pattern of deformation at a volcano due to a deforming source greatly depends
on the depth of that source; a deeper source results in a greater region in the shallow
subsurface undergoing extension. For a point pressure source at depth d, the sign of
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Fig. 3.11 Model of volumetric strain due to inflation of point sources at 1 km depth
(Kı̄lauea, left) and 2.6 km depth (Piton de la Fournaise, right). (A) Map view of
volumetric strain model at Kı̄lauea for a deformation point source at 1 km depth below
the surface. Seismic stations are black triangles, strainmeters are yellow diamonds.
Positive strain is extensional; negative strain is compressional. Note that black and
white values lie below and above the limits of the colour scale, respectively. (B) Map
view of volumetric strain model at Piton de la Fournaise for a deformation point source
at 2.6 km depth below the surface. Seismic stations (black triangles) were those used
in Brenguier et al. (2008b). (C) Cross-section of strain model for the dashed line shown
in A. Surface topography is marked on, but the model was calculated for an elastic
half-space. (D) Rayleigh wave depth sensitivity kernels at Kı̄lauea for frequencies
between 0.33-1.0 Hz (periods: 1-3 s every 0.25 s). (E) Same as in C but corresponding
to Piton de la Fournaise and B. (F) Same as in D but for Piton de la Fournaise. Strain
modelling used routines from the freely available package Coulomb3.3 (Lin and Stein,
2004; Toda et al., 2005). Depth sensitivity kernels were calculated with the program
surf96 (Herrmann, 2013).
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the volumetric strain field changes at a distance r = d
√

2 at the surface of the elastic
half-space (Lisowski, 2007). I am neglecting topography because this is a first-order
attempt at interpreting the results and because the topography at Kı̄lauea summit is
relatively flat (see Figure 3.14C). When a pressure source is inflating, an area directly
above the source undergoes dilatational strain, whilst the surrounding area undergoes
compressional strain. The deeper the source, the larger the area of dilatation. At depth,
volumetric strain is dilatational above and below the source and compressional at the
sides (Figure 3.11C,E). I suggest that many studies that detect a decrease in dv/v as a
volcano inflates are dominated by the dilatational strain and the associated opening
of pores and cracks. However, the pressure source at Kı̄lauea, assumed to be the
HMMR (Anderson et al., 2015), is relatively shallow. Estimates of the depth include
∼1 km (Johnson et al., 2010), 1.6 km (Zhai and Shirzaei, 2016) and 1-2 km (Poland
et al., 2014). There are two borehole strainmeters at Kı̄lauea: MLS, 11 km northwest
of the summit vent; and KWL (now offline), 1.5 km south of the vent (Figure 3.1).
According to Anderson et al., MLS detects larger DI deflations as extensional strain
(note that this is horizontal, not volumetric, strain), and inflations as contractional
strain (Anderson et al., 2015). Unfortunately KWL did not accurately record strain
amplitude, although the sign was probably correct (Anderson et al., 2015). KWL also
recorded contraction during inflation and vice versa. The sign of strain from both
these instruments agrees with the measured sign of dv/v, i.e. when the strainmeters
measure contraction, dv/v increases.

I use a depth for the HMMR of 1 km below the surface, which is at the shallow limit
of the estimated depths (in Section 3.2, I use 1.5 km depth). Using this simple strain
model, the radius of the region of dilatational strain at the surface is just ∼1.4 km, so
a large part of Kı̄lauea summit undergoes compression (Figure 3.11A, 3.11C). Depth
sensitivity kernels for Rayleigh waves are calculated for the frequency band using 1D
velocity models (Figures 3.11D, 3.11F, Brenguier et al. (2007); Klein (1981). Since
the surface waves at Kı̄lauea are likely to be most sensitive at ∼0.5-1.5 km below the
surface, even in the region of dilatation at the surface, the CCFs are still likely to be
sensitive to compression at depth (see Fig. 3.11C, 3.11D). It is this field of compression
during inflations (and vice versa) that I suggest dominates the measurement of dv/v.

This theory can also be compared to an existing study at Piton de la Fournaise
volcano. Obermann et al. (2013b) used a least-squares inversion to map dv/v in space
for an inflation before an eruption. As well as a central area of velocity decrease
(during inflation before an eruption) the authors also measure a velocity increase at
a greater distance from the summit. For a deformation source at ∼2.6 km depth
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below the surface (Lénat et al., 2012a), I would expect the inner region of extension
and hence velocity decrease to be ∼7.4 km in diameter. This is slightly smaller than
the radius at which the velocity changes from a decrease to an increase (Obermann
et al., 2013b), but is in reasonable agreement considering that this estimate assumes a
deforming point source and neglects topography. These results suggest that my simple
strain model could be a good starting point for understanding velocity changes at
volcanoes. This gains support from the demonstration that deformation caused by
magma pressurisation controls dv/v, with such an excellent correlation between the
two geophysical observables.

The correlation between dv/v and radial tilt is consistent when measured at different
time lags in the CCFs, when using a window length of at least 20 s on both sides of the
CCFs and when averaged over many pairs. Given that some stations lie in the inner
region of strain suggested in our model, one might expect to measure a dv/v time series
that negatively correlates with radial tilt using these stations. Further, the magnitude
of strain change is greater within the inner region than in the outer, so I suggest testing
this theory at other volcanoes with a shallow deformation source. However, I do not
find this negative correlation at Kı̄lauea and I suggest the following two reasons for this.
Firstly, the coda of the CCFs is likely sensitive to a wide area extending outside the
inner region of strain due to scattering of the seismic waves. Limiting measurements to
the early ballistic arrivals means that a short window-length for the frequency of study
must be used, and I then measure a noisy time series. Secondly, due to the conical
shape of the positive strain lobe, the area of extension at the surface is also undergoing
compression at depth (for an inflation, Figure 3.11). Therefore, even phases - probably
surface waves, as suggested above - travelling in the region of near-surface extension
are sensitive to the compression at depth. This idea is further developed in Section 3.2.

Source effects on the measurement of dv/v

In this section I justify the assumption that changes in the measurements of dv/v truly
reflect changes of the velocity of the medium, rather than from source effects. Coda
waves result from multiple scattering of seismic waves in a heterogeneous medium.
Since coda waves propagate much further than direct waves, they are more sensitive to
changes in the medium and less sensitive to changes in the noise source (Obermann
et al., 2013b). Nevertheless, it is worth investigating further the idea that changes
in the elevation of the tremor source may affect the measurement of dv/v, since the
surface of the lava lake - where the spatter occurs - is inherently linked to the inflation
and radial tilt of the summit.
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I suggest that dv/v is a real measurement of velocity in this study, and is not
controlled by vertical motion of the tremor source, for the following further reasons.
Firstly, the CCFs are likely dominated by surface waves because the greatest amplitudes
in the CCFs are measured at time lags corresponding to arrivals travelling at 1.0 km/s
from the tremor location. Many existing studies assume that the wavefield originating
from the oceanic microseisms is dominated by surface waves (Brenguier et al., 2008b).
However, a wavefield resulting from tremor associated with a spattering lava lake is
less well understood. Nevertheless, the phases will be of very long wavelength (∼1-9
km) at these frequencies. Since depth changes of the lava lake are at most 50 m for
the largest DI events (Anderson et al., 2015), this vertical movement is unlikely to
affect the CCFs. Secondly, if vertical movement of the tremor source did affect dv/v
by changing the relative path lengths between the source and stations, which would be
relevant if body waves make up a significant part of the CCF (Obermann et al., 2013a),
the opposite trend in dv/v would be measured. Let us consider a pair of stations on
the surface, and limiting cases of the tremor source at the surface and at infinite depth.
The differential interstation distance is at a maximum when the tremor source is at
the surface, and tends to zero for a source getting infinitely deep. These correspond
to measurements of the slowest seismic velocity and an infinitely fast seismic velocity
respectively. This is opposite to the measured trend of faster velocity for a higher
elevation of the lava lake and therefore tremor source. We thus conclude that these
measurements of dv/v reflect real changes in seismic velocity and are not spuriously
produced by vertical movement of the tremor source in the conduit.

Long-term changes

Since the long-term trends of radial tilt and dv/v are oppositely correlated to those
in the short-term, the same mechanism cannot be at play. The source of long-term
inflation could be deeper than the HMMR and so a greater area of extensional strain
would exist at the surface. If the summit reservoir at 3-5 km depth inflates, extension
could be seen over an area with a radius as large as 7 km. Another suggestion is that
inflation of the summit could be accompanied by an increase in the presence of magma
and/or hydrothermal fluids within the pore spaces of the summit (Nakajima and
Hasegawa, 2003). It is possible that the seaward motion of Kı̄lauea’s south flank results
in crust relaxation and opening of pore space. Flank movement has been suggested to
account for a velocity drop measured at Piton de la Fournaise prior to an eruption in
April 2007 (Clarke et al., 2013).
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3.2 The 2018 Eruption of Kı̄lauea Volcano
The work in this section is published in Olivier et al. (2019), in which I conducted the
strain modelling and assisted with the interpretation of the results and the preparation
of the manuscript. I have acknowledged work that is not my own in the text.

On 17 April 2018, the Hawaiian Volcano Observatory (HVO) issued a Volcano Activity
Notice (VAN) that the magma system was pressurizing under Pu‘u ‘Ō‘ō, in Kı̄lauea’s
East Rift Zone (ERZ). On 24 April, HVO reported that the lava lake level was high,
and on 26 April that there was a large overflow onto the floor of Halema’uma’u caldera
floor. Then on April 30th, Pu‘u ‘Ō‘ō cone collapsed and a dyke, recorded by InSAR
and microseismicity, started to intrude downrift from the vent, into the lower East
Rift Zone (LERZ). The next day, the tilt at the summit started to decrease and HVO
issued a notice of the likelihood of an eruption in the LERZ. On the morning of 3
May, a magnitude-5 earthquake caused additional collapse at Pu‘u ‘Ō‘ō cone and then,
in the late afternoon, an eruption started in the Leilani Estates Subdivision. The
eruption continued until August, producing 0.8 cubic kilometres of lava (Figure 3.12)
and destroying over 700 homes. Over the course of the eruption, the summit caldera
collapsed – in places by over 500 m – because of the continued withdrawal of the
magma which fed the eruption at the LERZ (∼40 km away).

This analysis - the data processing and measurement of dv/v - was carried out by
Gerrit Olivier. Continuous seismic data for 19 seismic stations around Halema’uma’u
caldera from the 1st of March until the 1st of June was divided in 30-min segments, one-
bit normalized and spectrally whitened between 0.08 and 2 Hz. These segments were
then cross-correlated between station pairs and stacked to create daily cross-correlation
functions for each station pair. Cross-correlation functions were created between
all station components, but components that produced correlations functions with
poor signal-to-noise ratios were removed (see Appendix C for details). Single-station
cross-component correlations were also included in the analysis. This resulted in 820
correlation pairs.

Daily velocity variations were computed with the moving window cross-spectral
technique for all station pairs and averaged. Velocity changes were measured in the
frequency band 0.08 to 1.2 Hz and in 30-s windows in the causal and acausal section
of the coda of the surface wave arrivals. The distance between stations divided by 700
m/s is used as the beginning of the window in the coda, i.e. even later in the coda
than earlier in this chapter (Figure 3.5). Rayleigh wave sensitivity kernels (Figure 3.15)
suggest that the measurements are mostly sensitive down to 4 km depth, although
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Fig. 3.12 Map of 2018 Kı̄lauea eruption. Seismic stations shown as black triangles and
GPS instruments as white diamonds. Tilt data in this study is from a tiltmeter located
at UWD. Earthquakes from the HVO catalogue from 1 March to 1 June 2018 shown
as circles, coloured by time and sized by magnitude. Rift zones coloured in orange and
selected historical lava flows and the 2018 Lower East Rift Zone lava flow shown in
grey and red, respectively. Figure by Gerrit Olivier.
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with greatest sensitivity in the top 2 km. This band was chosen to include the effects
of the South Caldera (deep) and the Halema’uma’u (shallow) magma reservoirs on the
seismic velocity measurements (Poland et al., 2014).

The velocity variations were compared to the geodetic line-length changes between
GPS stations around the summit, radial tilt, and seismic activity (see Figure 3.13). From
the 1st of March to the 21st of April 2018 there is a clear positive correlation between
the seismic velocity changes, GPS line-length, and radial tilt (Pearson correlation
coefficient of 0.86 and 0.9, respectively). This is consistent with the short-term results
in the previous section (3.1.3), whereby the increase in dv/v is due to the increase in
pressure of the medium between the magma chamber and the surface. The gradual
increase in distance between the GPS stations and radial tilt results from inflation of
the summit in response to increased pressure of the magma chamber(s) (Neal et al.,
2019).

From the 21st of April to the 1st of May, there is a rapid decrease in velocity
despite the summit remaining inflated. Remarkably there are little other geophysical
indications of instability at the summit during this time period, as described above.
This observation indicates that a secondary process is driving velocity changes during
this time that is not discernible by measurements of surface deformation or other
monitored parameters. Due to the increase in seismic and volcanic activity at the
summit after the 3rd of May, the correlation functions become incoherent and as a
result the relative velocity variations are not interpreted after the onset of the eruption.

3.2.1 Interpretative models

Pressurisation of the South Caldera Reservoir

The analysis in this section was carried out by myself. The first potential mechanism
investigated builds on the existing model of inter-eruptive periods (Section 3.1.4),
where seismic velocity changes are linearly proportional to strain changes (linear elastic
regime). In Section 3.1.4, I showed that the long-term (months to years) trend in
seismic velocity observed at Kı̄lauea was anticorrelated with tilt measured at the
surface. These changes could be driven by pressure increase in the South Caldera
reservoir, at 3-5 km depth (Poland et al., 2014), which would cause overall dilation of
the volcanic edifice and consequent velocity decrease. Bearing this in mind, the rapid
velocity decrease starting on 21 April, roughly 10 days prior to the eruption (even
while the summit is experiencing inflation) in the blue shaded area marked as (b) in
Figure 3.13 could be indicative of a rapid increase in magma pressure in the deeper
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Fig. 3.13 Seismic velocity variations and surface deformation before the 2018 eruption.
Average relative daily velocity changes (blue) compared to relative change in baseline
distance averaged for all GPS stations crossing the caldera (red) and radial tilt measured
at station UWD (green). The blue shaded area indicates the uncertainty in the relative
velocity change measurements. The velocity changes are well correlated with relative
distance and radial tilt change up to the 20th of April (a), after which there is a
rapid decrease in velocity even though the summit remains inflated (b). The grey
area indicates the period when the cross-correlation functions become too unstable
for reliable measurements. In the middle panel, all recorded seismic events are shown.
There is a swarm of seismic events in the summit region in the days leading up to the
eruption. The bottom panel shows the cumulative rupture length and the modelled
velocity decrease due to the damage accumulation from earthquakes. All analysis in
this figure by Gerrit Olivier.
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(South Caldera) reservoir. Further possible evidence of this phenomenon can be seen
in the middle panel of Figure 3.13. Here three periods of increased seismic activity can
be seen at a depth of between 5 and 10 km below surface (7 March, 11 April, and 17
April). This increase in seismicity below the South Caldera reservoir could indicate
infiltration of magma, which would in turn cause pressurisation of the South Caldera
reservoir.

To test whether pressurisation of the South Caldera reservoir could produce the
velocity decrease observed prior to the eruption, I revisit the elastic strain model from
Section 3.1.4. First, I develop the inter-eruptive case, when the shallow Halema’uma’u
reservoir is likely responsible for the observed measurements of relative velocity varia-
tions. Later, I will consider the South Caldera reservoir. Cross-sections of both strain
models are shown in Figure 3.14. As in the previous section studying the inter-eruptive
period (2011-2015), I model the Halema’uma’u reservoir as a pressurising point source
(see Figure 3.14). I use a depth of 1.5 km depth below surface, consistent with recent
estimates (Zhai and Shirzaei, 2016), and a volume change of 3 × 105 m3, corresponding
to the volume change in the Halema’uma’u reservoir during large DI events (Anderson
et al., 2015). I can then estimate the strain change induced by the DI events.

McTigue (1987) show that a point source model - rather than a finite source - is
reasonable if the source radius is less than half the source depth. If the chamber has
a volume of 1 km3 (Anderson et al., 2015) then the radius is approximately 0.6 km,
which satisfies this condition for a depth of 1.5 km. Of course there is some uncertainty
in the source parameters and Anderson et al. (2015) suggest that care should be taken
at radial distances of less than approximately 2 km, where their modelled results of
tilt using a point source model vary by more than 20 % compared to the finite source
results. Given that only 4 seismic stations are closer than this in this study and the
result still stands when these stations are not included, using a point-source model
seems reasonable.

To determine a reasonable estimate of the velocity-strain sensitivity, I calculate
the effective strain by performing a weighted average of the strain as a function of
depth, with the depth sensitivity kernels for Rayleigh waves in the frequency bands
of interest providing the weighting factor at each depth. I use strain as a function of
depth calculated at 3 km radial distance from the point source, as this corresponds to
the average station distance from the summit lava lake. I am therefore assuming that
the sensitivity of the cross-correlation functions is mainly beneath the seismic stations
(e.g. Obermann et al., 2013b). The highly scattered energy of the coda will sample the
edifice widely but determining full 3D spatial sensitivity kernels is beyond the scope



3.2 The 2018 Eruption of Kı̄lauea Volcano 57

Fig. 3.14 Strain models for the summit magma reservoirs. A) Volumetric strain for
a pressurising point source at 1.5 km depth and a volume change of 3 × 105 m3 (see
text for discussion). Grey represents the estimated volume of the magma reservoirs;
strain is masked here, since a point model predicts infinite strain at the point, which is
unrealistic. Green triangles represent the seismic stations used in this study, plotted at
the radial distance from the lava lake. B) Volumetric strain for a pressurising point
source at 4.0 km depth and a volume change of 8 × 106 m3 (see text for discussion).

of this study. Nevertheless, for the Halema’uma’u reservoir, the modelled, weighted
volumetric strain is negative (compressive) at distances greater than 0.8 km from the
deforming source (see Table 3.1). There is only one station closer than this – NPT
at 700 m from the source. Figure 3.15 shows the calculated sensitivity kernels and
the profiles of strain with depth at a radial distance of 3 km from the reservoirs. The
weighted strain is calculated by multiplying these profiles together and summing. The
resulting volumetric strain for a large inflation event is -0.4 microstrain (compression).
This in turn corresponds to a velocity-strain sensitivity of 0.25% per microstrain and
a velocity-stress sensitivity of 7.6 × 10-8 /Pa, within the range of values collated by
Yamamura et al. (2003).

I then consider the 10-day pre-eruptive period, when dv/v decreases (Figure 3.13
marked as b). In order for the South Caldera reservoir to pressurise without further
pressurisation of the Halema’uma’u reservoir, there would have to be some kind of
blockage between the two. Although this constraint is speculative, it provides the only
conceivable mechanism for the decrease in velocity before the eruption for an elastic
model. I can then model this as a deeper point source at 4 km depth. The pre-eruptive
decrease in dv/v observed is 0.4 %. Using the velocity-strain sensitivity found during
inter-eruptive periods, the strain change produced by the South Caldera reservoir
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Fig. 3.15 Depth sensitivity kernels and volumetric strain models for the Halema’uma’u
and South Caldera magma reservoirs at Kı̄lauea summit. A) Depth sensitivity kernel
for the frequency band used in this study (0.08-1.2 Hz), calculated by averaging the
kernels determined at 12 frequencies in the band. Velocity model from Klein (1981).
B) Volumetric strain at a horizontal distance of 3 km from a pressurising point source
at 1.5 km depth (shown by dashed line). The volume change is 3 × 105 m3 (see text
for discussion). Negative strain values represent compression. C) Volumetric strain
at a horizontal distance of 3.0 km from a pressurising point source at 4.0 km depth
(shown by dashed line). The volume change is 8 × 106 m3 (see text for discussion).
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Table 3.1 Volumetric strain weighted by an average depth sensitivity kernel for Rayleigh
waves between 0.08-1.2 Hz (Figure 3.15). *The point source model predicts infinite
strain at the point source, which is unrealistic. As shown in Figure 3.14, I have masked
the strain values over the estimated volume of the respective reservoirs (radii of 0.6 km
and 1.0 km, Anderson et al. 2015; Poland et al. 2014). However, this is still somewhat
arbitrary, so I suggest caution when interpreting the strain results in the near-field.

Radial
distance from
source (km)

Volumetric strain (× 10-6), weighted by depth
sensitivity kernel

Halema’uma’u reservoir
(1.5 km depth)

South Caldera reservoir
(4 km depth)

0* 33.14* 47.87*
0.8 -0.18 30.58
1 -1.01 17.10
2 -0.82 6.29
3 -0.37 1.58
4 -0.18 -0.07
5 -0.10 -0.52
6 -0.06 -0.57
7 -0.04 -0.51
8 -0.03 -0.42
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would need to be more than +1.4 microstrain at a radial distance of 3 km. This in turn
would require a volume change of 8 × 106 m3 in the South Caldera reservoir, which is
roughly 1% of the estimated total erupted volume of the 2018 eruption (Neal et al.,
2019). Such a rapid volume change at the South Caldera reservoir in a 10-day period of
time is unlikely, as it would require the magma supply to the South Caldera reservoir to
be more than three times higher than the long-term rate (Neal et al., 2019), even when
assuming no magma loss to the Halema’uma’u reservoir or the East Rift Zone. Further,
the rapid volume change of 8 × 106 m3 in the South Caldera reservoir would cause
significant uplift at the locations of the GPS stations (more than 10 cm). However,
the vertical displacements measured by the GPS stations only show uplift between
1 and 2 cm and no clear acceleration during the period when we observe a velocity
decrease. The lack of uplift could be explained if the pressure of the Halema’uma’u
reservoir is simultaneously decreasing, counteracting the majority of inflation, but this
is unlikely given that the lava lake level did not drop during this period. Furthermore,
the assumption of a constant strain-sensitivity with depth is also unrealistic, since
cracks close up with increasing confining pressure (Silver et al., 2007), which means
that the necessary volume change would likely need to be even greater. Therefore, the
pre-eruptive velocity decrease we observe is not likely to be driven by an increase in
pressure in the South Caldera reservoir.

Damage accumulation

The analysis in this section was carried out by Gerrit Olivier. I have shown that the
precursory decrease in relative seismic velocity is unlikely to be explained by a linear
relationship between velocity and strain. Instead, there must be some other mechanism
at play, which signifies a fundamental shift in behaviour of dv/v at Kı̄lauea summit.
Various authors have suggested that the non-linear regime, when changes in strain
affect the rock elastic modulus (Carrier et al., 2015; Heap et al., 2010; Lamb et al.,
2017; Rivet et al., 2014), may be important to explain observed velocity changes at
volcanoes. Carrier et al. (2015) develop a model where a volcanic edifice is weakened by
progressive damage due to the occurrence of ruptures, evidenced by earthquakes. The
authors assume that, during pre-eruptive periods, the rupture process is faster than
the healing process, so that progressive weakening occurs. By calculating the rupture
length from the earthquake magnitudes, it is possible to estimate the proportion of the
edifice, D, that is damaged. Then the effective shear modulus, G’, is given by:

G′ = (1 − D)G (3.2.1)
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where G is is the initial shear modulus. The change in S-wave velocity due to the
change in elastic modulus is then:

dv/v =
√

G′ − G

G
=

√
(1 − D) − 1 (3.2.2)

Modelled dv/v, using the damage calculated from the earthquakes detected by HVO
in the summit region, is shown in Figure 3.13. The rapid decrease in velocity observed
from the 20 April until the 3 May is well reconstructed by the damage model (although
slightly overestimated). The overestimation may be because of the simple scaling law
used to calculate earthquake magnitudes, or because small-magnitude earthquakes do
not affect the shear modulus (Johnson and Jia, 2005). Prior to 20 April, the fit between
the modelled and measured dv/v is poor, which is likely because the model does not
account for either the healing between successive earthquakes or the pressurisation
of the edifice. The fact that there is a sudden change in gradient on 20th April of
the modelled dv/v is good evidence for this model; presumably pressurisation of the
summit reaches a critical threshold when the edifice starts to crack and weaken before
eruption. Further evidence of this model is shown in Figure 3.16 Olivier et al. (2019),
in that the spatial locations of the changes in dv/v are correlated with the locations of
the seismic swarms. Details of the method used to locate the dv/v changes in given in
Appendix C.

Tidal loading

I have so far ignored tidal loading. Peak-to-peak tidal strain is approximately 4 × 10-8

at Kı̄lauea (Rydelek et al., 1988), which with the calculated velocity-strain sensitivity
of 0.25 % per microstrain would equate to a dv/v of 0.01 %. This is less than the
measurement uncertainty shown in Figure 3.13 and significantly smaller than other
volcanic processes at the time. Furthermore, you would expect to see a tidal effect on
the tiltmeters if it were significant (Davis et al., 1987).

3.3 Conclusions
For the first time, to my knowledge, I have shown a consistent correlation between
a daily time series of relative velocity changes, dv/v, and daily surface deformation
measurements. Obtaining a reliable record of dv/v at this time-scale is an important
step forward in terms of volcano monitoring with noise interferometry. This result also
provides an opportunity to understand better the dominant mechanism controlling the
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Fig. 3.16 Spatial distribution of velocity changes for three time periods before the
eruption along with earthquakes recorded during the same time period (top) inside the
study area marked in Figure 3.12. The spatial distribution of the precursory velocity
changes (B and C) are correlated with earthquakes roughly 4 km south-east of the
caldera toward the East Rift Zone. The velocity changes estimated for each station
location along with the average for the entire network (bottom).
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seismic velocities at volcanoes, which has been difficult in previous work, particularly
during inter-eruptive periods. The clear link with deformation associated with deflation-
inflation events suggests that pressurisation of the shallow reservoir at Kı̄lauea summit
is also affecting seismic velocity across the summit region. To some extent, therefore,
seismic velocity responds to strain changes because of the opening and closing of cracks
in the rock. However, there was a fundamental shift in behaviour for ten days before
the major 2018 eruption, most likely driven by the accumulating damage to the volcanic
edifice. This reduction in strength may have facilitated the transport of magma from
the summit reservoir to the East Rift Zone and, ultimately, the eruption.





Chapter 4

Seismic velocity variations in
central Iceland

4.1 Introduction
The study in this chapter is the first to measure dv/v at any of the 32 active volcanoes
in Iceland. I use a network of seismometers across central Iceland, where the active
volcanoes Grímsvötn, Bárðarbunga, Askja and Krafla are located (Figure 4.1), with
particularly dense coverage in the Northern Volcanic Zone. The 2014 Bárðarbunga-
Holuhraun dyke intrusion provides an excellent opportunity to test the sensitivity of
dv/v to a major magmatic event. As described in Section 1.3.2, the ∼50 km dyke
intrusion was delineated by over 30,000 microearthquakes (Woods et al., 2019) and
accompanied by up to 4.5 m of opening and formation of a surface graben where the
dyke extended north from the Vatnajökull ice cap (Ruch et al., 2016). By modelling
the strain caused by the dyke intrusion I show a linear relationship between volumetric
strain and dv/v at individual stations, across both compressive and dilatational regions
of the highly heterogeneous induced strain field. This highlights the importance
of modelling when interpreting dv/v, particularly in volcanic environments where
deformation associated with magma movements can produce complex strain fields.

Superimposed on the dyke-induced signal, there is also a clear seasonal cycle in
dv/v observed across a wide range of frequency bands (0.1-16 Hz). For dv/v to be
implemented successfully as a volcano monitoring tool in Iceland, this significant
seasonal signal needs to be understood and accounted for. Moreover, it represents a
second co-located natural forcing (and combination of stress changes) to which I can
analyse the response of dv/v, with the prospect of improving our understanding of the
factors controlling dv/v changes in the Icelandic crust. Several studies elsewhere in
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the world report seasonal variations in dv/v linked to changes in groundwater level
(Clements and Denolle, 2018), rainfall (Wang et al., 2017), temperature (Richter et al.,
2014), snow thickness (Cannata et al., 2017; Hotovec-Ellis et al., 2014; Wang et al.,
2017), frost (James et al., 2017) and atmospheric pressure (Silver et al., 2007). As
changes in these interlinked factors often occur at the same time, it can be difficult to
extract the exact mechanism causing changes in dv/v. For example, positive correlations
between snow thickness and dv/v have been observed in Japan in a 0.1-0.9 Hz band
(Wang et al., 2017), at Mt St Helens for 1-5 Hz and 5-10 Hz bands (Hotovec-Ellis
et al., 2014), and at Mt Etna for a 0.1-0.3 Hz band (Cannata et al., 2017). These
correlations could be caused entirely by increased snow load at the surface stressing
the underlying crust and causing microcracks to close. However, snow cover could also
impede water infiltration into the ground, causing groundwater level (GWL) to drop
and consequently a decrease in pore-pressure, which would also be expected to lead to
a seismic velocity increase.

Elastic loading (from snow thickness and atmospheric pressure variations) is in-
terpreted to be the primary cause of seasonal vertical displacements of the Icelandic
crust measured by continuous GPS stations in the study area (Drouin et al., 2016).
Seismicity rates have also been observed to vary seasonally in a geothermal area in
this region (Greenfield et al., 2018), with more earthquakes occurring in the summer.
However, as with dv/v changes, this correlation may be influenced both by elastic
loading (increasing the confining stress in winter when the snow is thickest, thus sup-
pressing seismicity) and by increased pore-pressure decreasing the effective confining
stress in the summer. Analysing dv/v measurements across a range of frequency bands
that have different depth sensitivities enables us to separate out the effects of these
potential causal mechanisms and to construct a model, combining elastic loading and
pore-pressure variations, that successfully explains the observed seasonal variation in
dv/v. Thereby, I improve our understanding of the response of dv/v to a wide range
of forcings, and can also compare this to the magnitude of the signal from the dyke
intrusion, measured in the same region and with the same network of stations.

4.2 Methods
Data were used from 51 broadband, three-component seismometers deployed across
the Northern Volcanic Zone: 35 stations from the University of Cambridge’s network;
18 stations from the national network of the Icelandic Meteorological Office, 2 from
University College Dublin and 1 from the British Geological Survey. The average
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Fig. 4.1 Station map. Seismic stations used in this study: University of Cambridge
stations are shown as red triangles; University College Dublin stations as yellow stars;
Icelandic Meteorological Office stations as inverted blue triangles and the British
Geological Survey station as a green circle. Borehole B5704 is shown by the yellow
circle. Central volcanoes are delineated and their calderas shown by ticked lines;
earthquakes associated with the Bárðarbunga-Holuhraun dyke intrusion are shown as
black dots; the erupted lava in dark grey. Stations discussed in the text, the Northern
Volcanic Zone (NVZ) and the Eastern Volcanic Zone (EVZ) are labelled. In the inset
figure, rifting segments are shown in orange. In the inset figure, rift segments are
shown in orange.
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Table 4.1 MSNoise parameters

Parameter Value
Clipping RMS amplitude for temporal

normalisation
3

Down-sampled rate 10 Hz
Down-sampled rate (4-16 Hz only) 50 Hz

Preprocess high-pass filter 0.01 Hz
Preprocess low-pass filter 4 Hz

Preprocess low-pass filter (4-16 Hz only) 24 Hz
Minimum coherence 0.6

Maximum dt 10 s
Maximum dt error 0.1

Sides used in dt/t measurement Causal and acausal
Number of stretches 4001

station elevation is 700 m above sea level (a.s.l). The data were stored in day-long
miniSEED files at 50 or 100 samples per second (sps).

The program MSNoise was used to measure dv/v in five frequency bands: 0.1-0.4
Hz, 0.4-1.0 Hz, 1-2 Hz, 2-4 Hz and 4-16 Hz. Before filtering, the data were pre-processed
by resampling to 10 sps for the four lower frequency bands and 50 sps for the higher
frequency band (See Table 4.1). In this chapter, noise cross-correlation functions (CCFs)
are calculated between the different components at the same station (‘single-station
cross-components’, EN, EZ, NZ, see Section 2.2.2). There are two main advantages to
measuring dv/v from Noise Cross-Correlation Functions (CCFs) from single-stations
rather than pairs of stations. First, it is easier to interpret any spatial variations in
dv/v as occurring in the vicinity of the station, within a volume related to the seismic
wavelength (see also Bennington et al. 2018), rather than scattered over a larger area
around and between a pair of stations. Second, the signal-to-noise ratio of the coda of
CCFs may be greater at rapidly-attenuating high frequencies (providing information
about dv/v changes at shallow depths), because the energy does not need to travel
between a pair of stations as well as undergo additional scattering. I also calculated
CCFs between all nine component-pairs of two stations in the lowest four frequency
bands. Before cross-correlation, the waveforms were temporally normalised by clipping
values higher than three times the root-mean-square amplitude and were spectrally
whitened in 30-minute windows.

For the frequency bands 0.1-0.4 Hz and 0.4-1.0 Hz I stacked CCFs over the stable
time period up to 15th August 2014, the day before the Bárðarbunga-Holuhraun rifting
event started. The intense seismicity during the rifting event alters the CCFs (Figure
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4.2) so I chose not to measure dv/v during this time, as the results are probably
unreliable. For the frequency bands 1-2 Hz, 2-4 Hz and 4-16 Hz, initial measurements
showed that the magnitude of changes to the arrival times in the CCFs over a year were
comparable to the dominant period of the CCFs. I therefore followed the methodology
of James et al. (2017) and used moving reference functions. dv/v was measured
daily between two adjacent 5-day stacks (one day apart) and dv/v was then summed
cumulatively through time. Further details are given in Appendix C.

Fig. 4.2 Example of noise cross-correlation functions (CCFs) through time. (A) CCFs
stacked over 10-day windows between the horizontal components at station UTYR
in the frequency band 0.4-1.0 Hz. The reference function, a stack of all CCFs up
to 15th August 2014, is shown to the right. (B) Correlation coefficient of the CCFs
shown in (A) with the reference function. The decreases in correlation coefficient in
April 2010, May 2011 and August 2014-February 2015 correspond to the eruptions of
Eyjafjallajökull, Grímsvötn and Bárðarbunga volcanoes, respectively. The duration
of the eruptions are greyed out, indicating that dv/v results are excluded during this
time.

Both the stretching (Lobkis and Weaver, 2001; Sens-Schönfelder and Wegler, 2006)
and moving-window cross-spectral (MWCS, Poupinet et al. (1984) methods were used
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Table 4.2 MWCS and stretching parameters

Frequency
band
(Hz)

MWCS
window
width

(s)

MWCS
window
overlap

(s)

dt/t window
width

(MWCS and
stretching, s)

dt/t
minimum

lag for single-
stations

(MWCS and
stretching, s)

Stretching
range
(%)

Stack
length
(days)

Reference
Style

0.1 - 0.4 20 5 50 24 -1 to 1 30 Static
0.4 - 1.0 8 2 30 20 -2 to 2 30 Static

1 - 2 4 1 15 8 -5 to 5 5 Moving
2 - 4 2 0.5 8 4 -5 to 5 5 Moving
4 - 16 0.5 0.125 2 1 -5 to 5 5 Moving

to calculate changes in the arrival times of phases in the coda of the CCFs relative to
the reference functions. I measured changes in phase in different time windows in the
CCFs depending on the frequency band, but always in the coda, defined as the section
of the CCF that is linear when the log of the envelope of amplitude is plotted against
time (see Table 4.2 and Figure 4.3). Measurements of dv/v were excluded when the
correlation coefficient between the stretched CCF and the reference CCF was below
0.4.

4.3 Results

4.3.1 Change in dv/v due to dyke intrusion

In Figure 4.4A, dv/v measured with cross-component CCFs in the 0.4-1.0 Hz frequency
band at a selection of stations are shown. A stack of all CCFs before the 2014-15
Bárðarbunga-Holuhraun eruption is used as a reference function for each single-station
cross-component pair. Measurements at these frequencies have a high signal-to-noise
ratio, are likely sensitive to the opening at the top of the dyke (Figure 4.6) and have
lateral sensitivity limited to a radius of ∼ 5 km around each station, based on the
wavelength.

As well as high-amplitude annual variations, there are noticeable dv/v changes after
the 2014-15 Bárðarbunga-Holuhraun rifting event (the time period from the start of
intrusion to the end of eruption is shaded in grey). For example, dv/v at station FLUR
is ∼0.8 % higher after the rifting event, whereas at TOHR it is ∼0.5 % lower. To
estimate the change in dv/v at each station associated with the rifting event, the dv/v
time-series were fitted with an Ordinary Least Squares (OLS) regression according to
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Fig. 4.3 Time lags of coda measurements (A) Reference Noise Cross-correlation Func-
tions (CCFs) for station LIND, N-Z component pair, for all frequency bands. (B)
Envelope of the CCFs in (A), plotted with a logarithmic y-scale. The coda is defined as
the approximately-linear section of the envelope, after the ballistic arrival, but before
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individual stations. (A) dv/v in 0.4-1.0 Hz band for a selection of stations, 30-day
stacks. The zero-line is solid grey for each station; each horizontal dashed line is 0.25
%. Fit of the time series according to equation 4.3.1 shown in black. (B) Model of the
volumetric strain field caused by the 2014 dyke intrusion (details in text). Negative
strain (blue) is compression; positive strain (red) is dilatation. (C) Coefficient of the
step in dv/v from before to after the rifting event (from A) against the modelled
volumetric strain (from B) at each station: color codes the same as in panel A. Tom
Winder made the volumetric strain model in (B).
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the following equation:

dv/v = a sin(2πt) + b cos(2πt) + cSt + D (4.3.1)

where S is a step function midway through the eruption, and the sine and cosine terms
account for the annual cycle (discussed further below).

I compare these step changes in dv/v with the volumetric strain changes caused
by the dyke intrusion in August 2014. To calculate the dyke-induced strain field I use
a model for the final dyke opening obtained by inverting the surface displacements
measured by GPS stations surrounding the dyke, with the lateral extent of the dyke
constrained by the seismicity that tracked its propagation (as in Green et al. 2015;
the strain model was made by Tom Winder). The same elastic half-space model and
rheological parameters used to invert for the dyke opening are used here to calculate
the volumetric strain field; a slice at 1 km depth is shown in Figure 4.4B. There are
lobes of compressive (blue) strain on either side of the dyke and a region of dilatation
(red) to the north. In this simple dislocation model, all but the final 15 km of the dyke
are modelled to open to a minimum depth of 2 km below the surface, while the last
segment (where the graben and eruptive fissures formed) opened to shallower depths.
In reality, the dyke opening probably tapered at its boundaries (Woods et al., 2019),
removing some of the sharp changes seen in the modelled strain close to the dyke.
However, these apparent sharp changes occur closer to the dyke than the stations used
in this study, so do not affect my conclusions.

In Figure 4.4C I combine these two independent observations and plot the coefficient
of the step function in dv/v against the modelled volumetric strain change at each
station. For the stations with an absolute modelled strain change of more than a
few microstrain, i.e. those close to and strongly affected by the dyke, there is a clear
negative correlation. Station DYN is an outlier, showing a step decrease in dv/v, despite
lying in a region where a positive volumetric strain change is modelled. This could be
because of its proximity to Bárðarbunga caldera (∼20 km away) which subsided >60
m during the eruption (Gudmundsson et al., 2016) and is not accounted for in this
model of the strain changes caused by the dyke intrusion.

There are small step decreases measured at many stations far from the dyke, such
as at KOLL and FLAT, where the modelled volumetric strain change is approximately
zero. This results in a spread of the step coefficients in Figure 4.4C between ∼0 to -0.3
% at approximately zero strain. This is likely to be because this simple model of a
sinusoidal trend and step change is not always appropriate, for example where there
are additional long-term changes in dv/v. Long-term deformation in the Northern
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Volcanic Zone is controlled by the complex interplay of plate spreading, volcanic and
geothermal deformation at Askja and Krafla volcanoes, and glacial isostatic adjustment
(Drouin et al., 2017). Comparing dv/v with continuous GPS measurements would be
an interesting future study.

The time series of dv/v are noisier after the 2014-15 Bárðarbunga eruption (Figure
4.4A), particularly for stations close to the eruption site. The correlation coefficients
with the reference functions are also lower after the eruption (Figure 4.5A), which is
unsurprising, given the strain changes caused by this major deformation event likely
alter the scattering paths of the noise wavefield.

4.3.2 Yearly seasonal cycle in dv/v

To investigate the seasonal cycle in dv/v, I analyse results from five frequency bands
between 0.1 and 16 Hz. Figure 4.5 shows network-averaged relative seismic velocity
variations (dv/v) observed during the period 2008-18 in all five frequency bands between
0.1 and 16 Hz. There is a clear seasonal signal in dv/v across all frequencies. Annually,
dv/v is high in the spring and low in the summer and fall, with peak-to-peak changes
of ∼0.05-1.5 %. The amplitude of the annual signal increases at higher frequencies,
except for the 4-16 Hz band, where a slight reduction is observed. These results are
averages of the single-station cross-component results across the network, measured
using the stretching method. There is excellent agreement if instead dv/v is calculated
using the Moving-Window Cross-Spectral (MWCS) method (Figure 4.8), and with
network-averaged measurements from CCFs calculated between pairs of stations (Figure
4.7), indicating the robustness of these results.

In order to understand where the velocity changes are occurring in the crust, I
construct Rayleigh wave sensitivity kernels using Computer Programs in Seismology
(this is discussed further in Sections 1.2.3 and 4.4.2). The velocity model is given in
Appendix B2. I used the velocity model from Greenfield et al. (2018) for depths greater
than 500 m below the surface. Since the sensitivity kernels of surface waves can be
significantly affected by the shallowest structure (Yang et al., 2019) and earthquake
tomography is relatively insensitive to these depths, I used a generic velocity model
for the shallow velocity structure at volcanoes (Lesage et al., 2018) for the top 500 m.
The coarseness of this velocity model at very shallow depths limits the resolution of
the kernels that we calculate in the highest frequency bands. Rayleigh wave sensitivity
kernels (Figure 4.6) show that higher frequencies are sensitive to velocity changes
concentrated at progressively shallower depths: the five bands I use, 0.1-0.4 Hz, 0.4-1.0
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Hz, 1-2 Hz, 2-4 Hz and 4-16 Hz are sensitive over approximate depth ranges of 1-8 km,
0-3 km, 0-1.5 km, 0-400 m and 0-100 m, respectively.

To compare the shape of the annual dv/v curve in each frequency band I calculate
yearly average time series over the entire time period (Figure 4.5B). The timing of
the peaks varies slightly each year, but in the 0.4-1 Hz, 1-2 Hz, 2-4 Hz and 4-16 Hz
bands dv/v generally reaches a maximum in ∼April then decreases over ∼2.5 months
to its minimum value. In the 0.4-1.0 Hz band, dv/v remains low between July and
October, before increasing through the winter. For the 1-2 Hz, 2-4 Hz and 4-16 Hz
bands, dv/v instead generally starts to increase in July, often decreasing slightly in the
fall before increasing again through the rest of the winter. In contrast, dv/v calculated
in the 0.1-0.4 Hz frequency band reaches a maximum in ∼June (around 6 weeks later
than for the high frequencies), decreases over ∼6 weeks, then stays low before starting
to increase in November. These patterns are generally consistent across the entire
Northern Volcanic Zone, though in the south of the region - around Vatnajökull ice
cap, and close to the coast - trends are more varied (Figure 4.9).

To estimate the uncertainty in the measurements of dv/v in each frequency band,
I use the error measured during the linear regression of dt against t in the MWCS
method. For the frequency bands 0.1-0.4 Hz, 0.4-1.0 Hz, 1-2 Hz, 2-4 Hz and 4-16
Hz, the mean errors are 0.06 %, 0.04 %, 0.02 %, 0.01 % and 0.01 %, for the single-
station cross-component results over the network. The errors are smaller for the higher
frequency bands in large part because the reference functions - being from the preceding
day’s stack - are more similar to the current cross-correlation function. The signal in
the lowest frequency band is only just above the noise level (see Figure 4.5); the signals
in the four highest frequency bands are comfortably higher than the noise.

To investigate the seasonal pattern in dv/v, I compare to weather data from the
Icelandic Meteorological Office’s (IMO’s) re-analysis with the NWP model HARMONIE-
AROME for the period August 2008 to June 2017 (Nawri et al., 2017). This is down-
scaled from the ERA-Interim re-analysis, a global dataset of atmospheric parameters
updated in real-time. I average this model weather data across the Northern Volcanic
Zone (in the region between stations KODA, FLUR, KRE and HELI) where no weather
stations are present.

Average annual time series of snow thickness and atmospheric pressure - both of
which subject the crust to an elastic load - are displayed in Figure 4.5C. The peak-to-
peak annual amplitude change of atmospheric pressure is roughly half that of snow.
First, I consider the average yearly trend in dv/v in the lowest frequency band (0.1-0.4
Hz). The shape of dv/v is similar to that of snow thickness, and the yearly peak
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Fig. 4.5 Continuous network-averaged dv/v measurements across five frequency bands.
(A) Relative seismic velocity variations (dv/v) measured from single-station cross-
component noise cross-correlation functions (CCFs) with the stretching technique and
averaged over the network. dv/v is measured by comparing 30-day stacks to a single
reference function for the lowest two frequency bands, and between pairs of 5-day
stacks offset by one day - with the earlier stack acting as a moving reference function -
for the three higher frequency bands. The correlation coefficient is measured between
windows of the stretched current CCF and the reference CCF; the time windows
depend on the frequency band, but are always within the CCF coda. Note that the
y-scales vary between the top five panels but are consistent in the lowest panels (B
and C). The grey bands correspond to the periods of the eruptions of Eyjafjallajökull,
Grímsvötn and Bárðarbunga volcanoes. (B) dv/v for each year is shown in grey and
the average is overlain in color. (C) Snow thickness (grey), atmospheric pressure (dark
blue), groundwater level (light blue) and air temperature (orange) are averaged yearly
over the same time period as the dv/v measurements. Elastic loading from snow and
atmospheric pressure shown as water-equivalent. Groundwater level shown as depth
below surface, i.e. a higher water level is plotted downwards. Snow, atmospheric
pressure and temperature are from the Icelandic Meteorological Office’s meteorological
model and GWL is modelled; see text for details.
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Fig. 4.7 Comparison of dv/v results from station pairs and single-station cross-
components. dv/v measured using the MWCS method. All 9 component-pairs for
pairs with an inter-station distance of less than 40 km (lower two frequency bands) or
15 km (higher two frequency bands) are averaged. Stacking and reference functions as
in Fig S3. The windows used in the CCFs depend on the inter-station distance; the
start of the window is the inter-station distance divided by 1 km/s, the width is the
same as for the main results (see Table 4.2).
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Fig. 4.8 Comparison of MWCS and stretching dv/v results. (A) dv/v measured using
stretching (colored) and MWCS (grey) for the different frequency bands. The standard
deviation in dv/v (stretching) measured at all stations across the network is shaded
grey. dv/v is measured by comparing 30-day stacks to a single reference function for
the lowest two frequency bands, and between pairs of 5-day stacks offset by one day
- with the earlier stack acting as a moving reference function - for the three higher
frequency bands. (B) Yearly averages of the same results. Note that the y-axis scales
vary in (A) but are the same in (B).
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Fig. 4.9 Spatial variations in dv/v. The stations are divided into those north and
south of 64.4°N. dv/v measured from 30-days stacks in 0.4-1.0 Hz frequency band at
individual stations (average of EZ, NZ, EN components). Averages shown, coloured by
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in late June roughly corresponds to the peak in atmospheric pressure (the peak in
snow thickness occurs at the beginning of May). This implies that dv/v in this lowest
frequency band is primarily controlled by elastic loading of the crust. Further, the
timing and shape is also similar to the vertical GPS displacements observed in this
region of Iceland (Drouin et al., 2016), which have also been explained by the response
to seasonal elastic loading of the crust.

To explain the earlier dv/v maximum in the higher frequency bands, I consider the
annual variation in groundwater level (GWL), which results in significant variations in
pore-pressure at shallow depths. GWL is calculated by modelling the shallow crust as
an aquifer with an exponential outflow (Sens-Schönfelder and Wegler, 2006):

GWL(ti) = GWL0 −
i∑

n=0

p(tn)
ϕ

e(-a(ti - tn)) (4.3.2)

where ϕ is the porosity, a is the decay constant, GWL0 is the asymptotic water level
and p(tn) is the water input at the surface. I consider snow melt (assumed as any
decrease in snow-depth) and rainfall (precipitation is assumed to be rain when there is
no snow on the ground) as inputs of water at the surface. I derived values for a (0.06)
and ϕ (0.24) by calibrating the model against GWL measured at borehole B5704, in
the northwest of the study region (see Figure 4.12, and Figure 4.1 for map).

The modelled GWL is also plotted in Figure 4.5C, with a higher water level plotted
downwards. The GWL curve exhibits a much more spiky variation through the year,
sharply increasing during the snow-melt in ∼May, and peaking in June before quickly
recovering most of the way to its minimum level through July and August. Upon initial
inspection, the dv/v time series in the lower frequency bands (e.g. 0.4-1.0 Hz) appear
to remain similar in shape to the snow-thickness curve, while at higher frequencies (e.g.
4-16 Hz) the sharper drop and partial recovery between April and August show more
resemblance to the GWL curve. However, dv/v doesn’t precisely follow either snow
thickness or GWL throughout the year in any of these highest four frequency bands.
Instead, I suggest that a combination of the two factors; loading (snow and atmospheric
pressure) and changing GWL, is necessary to explain the observed seasonal variations
in dv/v.
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4.4 Discussion

4.4.1 Sensitivity of dv/v to dyke intrusion

The excellent agreement between the modelled volumetric strain and dv/v provides a
clear example of the sensitivity of dv/v to elastic strain changes in the crust caused
by magma movements. Seismometers at some distance from the dyke (e.g. FLUR
is 7 km away) can easily detect the changes, six months after the intrusion. The
fact that interpretable signals can be measured in dv/v from just one station is
exciting from a volcano monitoring perspective. However, both positive and negative
changes in dv/v are observed as a consequence of the dyke intrusion, due to the
heterogeneous deformation field it produced. This highlights that modelling is crucial
when interpreting dv/v variations in future work, particularly if only a few stations
are available and in areas of laterally heterogeneous deformation, such as at volcanoes.
Care needs to be taken when averaging over a network of stations, because some are
likely to be in regions of compressive strain changes and others in dilatational regions,
making the combined signal difficult to interpret.

A study in the eastern Izu peninsula of Japan observed changes in dv/v related to
intrusions, but only decreases in dv/v were seen (there were no stations in the modelled
compressional region of the strain field). There are several other examples of decreases
in dv/v during volcanic events, such as directly preceding volcanic eruptions (Brenguier
et al., 2008b). However, a damage model, whereby brittle failure and the formation
of new cracks causes a velocity decrease, was proposed to explain these observations
(Carrier et al., 2015). A similar non-linear process is also needed to explain the drop in
dv/v before the 2018 Kı̄lauea eruption; elastic deformation around an inflating magma
reservoir is not sufficient to explain the observed drop in dv/v (Olivier et al., 2019).
In contrast, the increases in dv/v observed in this study, associated with compression
from an intruding dyke, show that the crust can behave elastically, to first order.

The volumetric strain induced by the dyke opening is, however, unlikely to be the
only factor determining the behaviour of dv/v over the course of the rifting episode.
As described in the Results section, the step change in dv/v observed at station DYN
is significantly lower than predicted by the model. Over the course of the intrusion and
eruption, Bárðarbunga caldera collapsed as magma flowed out into the dyke and erupted
at Holuhraun, resulting in up to 65 m subsidence of the ice surface (Gudmundsson
et al., 2016). This deformation is not accounted for in the strain model, and Parks et al.
(2017) find that it led to significant stress (and therefore strain) changes extending
tens of kilometres from the caldera rim, potentially accounting for the discrepancy
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at DYN. This may also affect the net volumetric strain change modelled at station
VONK. Furthermore, there is likely a damage zone around the dyke, which might be
expected to cause a decrease in dv/v, as described above. However, high-resolution
relative-relocations of micro-earthquakes associated with the intrusion suggest that
this zone is narrower than ∼300 m across (Woods et al., 2019). Given a maximum
lateral sensitivity of ∼ 5 km in this frequency band (based on the wavelength), only
station TOHR is likely to be sensitive to this damage zone. However, TOHR is also
less than 1 km from the erupted lava, an additional elastic load which I have also not
considered (1.44 km3 of lava over an area of 84 km2; Pedersen et al. 2017). This extra
load would be expected to cause an increase in dv/v (in the same way as with increases
in snow thickness and atmospheric pressure), which would act in the opposite sense to
the potential decrease in dv/v caused by damage in the vicinity of the dyke.

These additional processes can be further investigated by studying changes in dv/v
after the rifting event in different frequency bands, with varying lateral sensitivities.
Unlike the method presented in Figure 4.4, where I fit a step function to the continuous
dv/v time series, direct measurements of dv/v are made between stacks of CCFs before
and after the rifting event. I stack all available data for January before the rifting
event (to make one CCF) and after (to make a second CCF) for each cross-component
pair at each station. If the correlation coefficient between the two CCFs is higher than
0.4, dv/v is measured between them (using the stretching technique). I do this for
each month except May (when there is generally a large drop in dv/v, meaning the
stacking may be incoherent) and then calculate the average and standard deviation of
the 11 measurements. The results are plotted in Figure 4.10, using this method for all
four frequency bands shown.

For the 0.4-1.0 Hz frequency band, the results shown in Figure 4.10D show excellent
agreement with those in Figure 4.4C, demonstrating the robustness of this observation.
At 0.1-0.4 Hz and 1-2 Hz I again observe a negative correlation between dv/v and
strain. However, in the 0.1-0.4 Hz band a lower amplitude dv/v change is measured
for the same strain change, while in the 1-2 Hz band a significantly higher dv/v is
observed. In the 2-4 Hz band, the uncertainties in the dv/v measurements at each
station are too large to interpret a trend. The correlation coefficients between the
CCFs before and after the rifting event are very low, which suggests significant changes
occurred to the scattering paths sensed by these shorter wavelengths over the course of
the intrusion and eruption. The change in strain sensitivity with frequency band, and
hence depth, probably reflects the degree to which the crust is cracked and so how it
responds to stress changes. A very similar pattern is observed in the amplitude of the
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Fig. 4.10 Analysis of changes in dv/v after the dyke intrusion across different frequency
bands. (A) dv/v measurements from a selection of individual stations in 0.1-0.4 Hz
band (average of EZ, NZ, EN components, 30-day stacks). (B) As in Figure 4.4, dv/v
measurements from a selection of individual stations in 0.4-1.0 Hz band (average of EZ,
NZ, EN components, 30-day stacks). (C-F) For the frequency bands: (C) 0.1-0.4 Hz,
(D) 0.4-1.0 Hz, (E) 1-2 Hz and (F) 2-4 Hz, measurements of dv/v are made for each
month (excluding May, when there is a steep drop in dv/v) by stacking all available
data for that month before and after the Bárðarbunga-Holuhraun rifting event, for each
component-pair (EZ, NZ, EN). If the correlation coefficient between the CCF before
and the CCF after is less than 0.4 the result is rejected. The average and standard
deviation of the dv/v measurements is calculated at each station and plotted against
volumetric strain, as in Figure 4.4.
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dv/v response to seasonal elastic loading with frequency (and depth), supporting this
interpretation.

Figure 4.10A also shows that the dv/v change measured at DYN in the 0.1-0.4
Hz band (which has a large lateral sensitivity; the wavelengths are ∼ 5-30 km) also
decreases after the rifting event, which again may reflect strain changes caused by the
subsidence of Bárðarbunga caldera. However, in contrast to the 0.4-1.0 Hz band result,
dv/v at TOHR increases slightly at 0.1-0.4 Hz, perhaps due to the elastic loading from
the erupted lava, as described above.

The velocity-stress sensitivity - the ratio of relative velocity change (dv/v) to applied
stress perturbation - is a useful material property to measure because it can indicate
the compliance of the rock volume sampled (Brenguier et al., 2016). Taking a linear
relationship (R-squared = 0.80) between dv/v and the volumetric strain caused by
the dyke intrusion (Figure 4.4) I estimate a strain sensitivity of ∼ 0.016 ± 0.001 %
per microstrain for the 0.4-1.0 Hz frequency band. Taking a value of 45 GPa for the
Young’s Modulus (Green et al., 2015), this corresponds to a stress sensitivity of ∼4 ×
10-9/Pa. This is slightly below the range of values (5 × 10-9/Pa to 2 × 10-6/Pa) collated
by Yamamura et al. (2003). However, this is likely to be a minimum estimate, because
I have only measured dv/v after the eruption ends. By this time, ∼6 months after the
dyke propagation, the crust may have relaxed to some extent, through visco-elastic
or poro-elastic processes. A significant recovery of ground deformation, modulated by
poro-elastic rebound, was observed after two large earthquakes in south Iceland over
just a couple of months (Jonsson et al., 2003). Another factor that may contribute
to under-estimation of the stress-sensitivity is that in modelling the dyke-induced
strain change at each station I have used a point estimate of strain. In reality, dv/v is
sensitive to a wider volume (maximum lateral sensitivity of approximately 5 km, see
Supplementary Materials), encompassing a strongly laterally-varying strain field and
also sampling both the very shallow, weak crust - which may not be able to sustain the
strain changes - and deeper below the station, where the dv/v response is expected to
be lower (as discussed previously).

4.4.2 Modelling seasonal variation in dv/v

To examine the seasonal pattern of dv/v in more detail, first consider dv/v in the
lowest frequency band; 0.1-0.4 Hz. Unlike the higher frequency bands, the maximum
dv/v occurs in ∼June, at approximately the same time as the maximum in atmospheric
pressure (Figure 4.5C), hinting that dv/v may be responding solely to a change in
confining pressure due to a varying overlying load. The seasonal variations in load
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are modelled by combining snow thickness, atmospheric pressure and groundwater
level (GWL); the full time series of these variables are shown in Figure 4.11. An
important consideration is the time at which I define the snow load as having left
the system. From the borehole data (Figure 4.12), it is clear that the water input
during the snow-melt dominates the seasonal GWL changes, indicating that much of
the melt water percolates into the crust, rather than escaping the system as surface
run-off. Based on this observation, I make the simplifying assumption that all the
water from both snow-melt and rainfall enters the crust. This means that the snow
load will - initially - remain within the system, but in the form of water within the
pore spaces of the shallow crust, instead of snow on top of it. This part of the elastic
load is represented by the groundwater level; equivalent to the thickness of snow that
has melted, but corrected for the porosity of the crust:

load (Pa) = tsnow(SWE) · g · ρw + P atm + GWL · g · ρw

ϕ
(4.4.1)

The porosity is estimated by fitting the GWL model to the measurements at
borehole B5704 (Figure 4.1), giving a value of 24 %, which is reasonable for unaltered
Icelandic lavas (Snæbjörnsdóttir et al., 2014). There is a trade-off between the decay
term (a) and porosity ( ϕ) in equation 4.3.2, so my estimate of porosity is not well
constrained. However, for the purpose of this analysis, the value of these parameters
is not of great importance. This model relies mainly on the shape of the GWL time
series, which I am able to closely re-create (Figure 4.12), allowing us to calculate GWL
for comparison with the network-averaged results. Another consideration is that the
borehole may not be representative of the whole study region (although I would argue
that it is better than the alternative, which is no data at all). Figure 4.1 shows that
the borehole is at the edge of the rift-zone and that there are more rivers in the areas
either side of the rift zone.

In Figure 4.4.3C, network-averaged dv/v in the 0.1-0.4 Hz band is compared with
the total load; there is a remarkable positive correlation each year (Pearson’s correlation
coefficient of 0.64). I can therefore model dv/v as being proportional to load:

dv

v
= A · load (4.4.2)

resulting in a coefficient, A, of 0.07 %/m.
However, as was explained in the Results section, a combination of loading and

changing GWL (a proxy for pore-pressure) appears necessary to explain the observed
seasonal variations in dv/v in the higher frequency bands (particularly 2-4 Hz and



4.4 Discussion 87

880

900

920

940

At
m

os
. P

 (h
Pa

)

2009 2010 2011 2012 2013 2014 2015 2016 2017
0

20

40

60

SW
E 

(c
m

)

A
Snow
Rain

2009 2010 2011 2012 2013 2014 2015 2016 2017

4.0

4.5

G
W

 D
ep

th
 (m

) B

2009 2010 2011 2012 2013 2014 2015 2016 2017
Year

0

1

M
od

el
ed

 d
v/

v 
(%

)

2-4 Hz
2009 2010 2011 2012 2013 2014 2015 2016 2017

−0.05

0.00

0.05

dv
/v

 (%
)

C
0.1-0.4 Hz

−0.4

−0.2

0.0

0.2

0.4

Lo
ad

 (m
)

0

1

dv
/v

 (%
)

D

−0.25

0.00

0.25

Lo
ad

 (m
)

Fig. 4.11 Model of seasonal variations in dv/v controlled by elastic loading and pore-
pressure changes. (A) Weather from IMO’s meteorological model averaged across the
Northern Volcanic Zone (between stations KODA, FLUR, KRE and HELI). Snow
thickness as snow-water equivalent (SWE) shown in grey. Rainfall, at the same scale, in
black. Atmospheric pressure in green (1 hPa = 100 Pa). A 5-day rolling mean is applied
to weather data for comparison with the stacked dv/v. (B) Modelled groundwater
depth (see text for details) shown in light blue. Modelled total load (combining snow,
atmospheric pressure and GWL, see text for details) shown in dark blue, at the same
scale. (C) Comparison of total load with dv/v measured in 0.1-0.4 Hz band. A
30-day rolling mean is applied to the load, because dv/v is stacked over 30 days in
this frequency band. Grey bars show volcanic eruptions, as in Figure 4.2 and Figure
4.5. (D) Network-average of dv/v measured in 2-4 Hz band (5-day stack, average
of components NE, NZ and EZ) shown in red. Modelled dv/v in black (see text for
details).



88 Seismic velocity variations in central Iceland

Fig. 4.12 Comparison of measured and modelled groundwater-level (GWL). Snow depth
and rain data from IMO’s meteorological model at the nearest point to borehole B5704,
where GWL is measured. GWL modelled according to equation 4.3.2 with values of
0.24 for porosity, ϕ, and 0.06 for the decay constant, a.

4-16 Hz). I focus on dv/v measured in the 2-4 Hz frequency band (Figure 4.12D)
because it is sensitive at shallow depths where pore-pressure variations are closely tied
to GWL (which is well constrained by the borehole data) and hence most appropriate
for comparison to the calibrated GWL model. The time series of dv/v in the 4-16 Hz
band is very similar to that in the 2-4 Hz band, so I suggest that the observations
are also appropriate here. Later, I consider the dv/v variations in the intermediate
frequency bands, corresponding to greater depths where pore-pressure variations are
less well constrained.

As was first seen in Figure 4.5 (2-4 Hz and 4-16 Hz results), by studying Figures
4.11A, 4.11B and 4.11D, dv/v can again to be seen to sharply decreases at the same
time as the snow melts and GWL rises (∼May-June), but it follows neither the GWL
nor the snow thickness through the rest of the year. Generally, however, dv/v is
positively correlated with the snow thickness and negatively correlated with the GWL,
so I consider the effects of adding an elastic load (increasing the confining pressure)
and a drop in GWL (a decrease in pore-pressure) as the two main mechanisms causing
dv/v to increase (Hotovec-Ellis et al., 2014; Wang et al., 2017). I therefore construct
a linear model of the effect of GWL (as a proxy for pore-pressure variations in the
shallow crust) and loading on dv/v according to the following equation:
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dv

v
= A · load + B · GWL (4.4.3)

where the instantaneous effect on pore-pressure can be estimated by multiplying
the GWL by the water density, ρw, and the acceleration due to gravity, g. dv/v is
fitted using equation 4.4.3 with an Ordinary Least Squares (OLS) regression; the
modelled dv/v is shown in Figure 4.11D. The resulting coefficients A and B are 1.1
%/m and -1.3 %/m, respectively, suggesting that the stress sensitivities of dv/v for
the two mechanisms are of the same order (10-6/Pa) and of opposite sign. This is
reasonable, given the linear relationship between effective stress σe, normal stress, σN,
and pore-pressure, ϕ:

σe = σN − ϕ (4.4.4)

It is important to realize, however, that this does not imply that the elastic loading
and pore-pressure effects of, say, a 10 mm rise in GWL will cancel each other out
(Einarsson and Brandsdóttir, 2000). For a porosity of 24 %, a 10 mm rise in GWL
corresponds to just 2.4 mm of water above the surface (or water load), so the effect
of the pore-pressure increase on dv/v will be ∼four times greater than the opposing
effect from the increased elastic load. This is in agreement with several studies that
consistently show a negative correlation between dv/v and rainfall (Obermann et al.,
2014; Rivet et al., 2015; Wang et al., 2017) or GWL (Clements and Denolle, 2018;
Sens-Schönfelder and Wegler, 2006) suggesting that increasing pore-pressure generally
has a bigger effect than the increasing elastic load.

Chen and Talwani (2001) and Talwani et al. (2007) provide a detailed explanation
of how pore-pressure varies for an input of water at the surface in rock containing
narrow, fluid-filled fractures; the pore-pressure response is twofold. Firstly, due to
the elastic load of the water input, the porous rock is compressed and - since fluids
remain confined within it - the pore-pressure instantaneously increases. The second
pore-pressure response is due to fluid diffusion (i.e. time delayed). Rivet et al. (2015)
and Wang et al. (2017) use this second effect to model changes in dv/v at Piton de la
Fournaise volcano and in Japan, respectively. Figure 4.13 shows pore-pressure variations
through time averaged over 0-3 km depth, calculated following their methodology, but
using this model of water input at the surface (including both snow-melt and rain). I
tested values of 4.0 m2/s and 1.0 m2/s for the hydraulic diffusivity, c, following Rivet
et al. (2015) and Wang et al. (2017) respectively. Figure 4.13 shows that the time
series of pore-pressure calculated using these two values are both very similar to the
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GWL time series. The advantage of using pore-pressure diffusion is that, in theory,
varying behaviour with depth can be studied. However, I have not attempted this due
to (a) uncertainty about the value of hydraulic diffusivity, c, in this region, (b) because
the permeability structure in central Iceland is likely to be layered (Vilhjálmsson and
Flóvenz, 2017), meaning a single value of c is likely to be inappropriate, and (c) because
further work is needed to fully understand the depth sensitivity of the coda of CCFs.
These results show that, when pore-pressure changes at shallow depths are included,
the diffusive pore-pressure time series is very similar to that of GWL. This seasonal
model using GWL is therefore a reasonable first attempt at understanding how fluids
affect dv/v in central Iceland.

Fig. 4.13 Comparison of pore-pressure and groundwater level models. (A) Pore-pressure
with depth using a value for hydraulic diffusivity, c, of 4.0 m2/s. Water input at the
surface is as in Figure 4.11 rainfall and snow-meltwater from IMO’s meteorological
model, averaged between stations KODA, FLUR, KRE and HELI. (B) Average pore-
pressure in the top 3 km for c = 4.0 m2/s (green) and c = 1.0 m2/s (black). (C) The
model of groundwater level shown in Figure 4.11.

Teasing apart the mechanisms causing the seasonal change in dv/v in the higher
frequency bands was initially difficult, given that several potential seasonal forcings
occur simultaneously. However, this simple model, combining observations of environ-
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mental loads and groundwater level, successfully explains the observed annual changes
in dv/v. Including both GWL and load improves the R-squared value from models
that only include one or the other (from 0.17 or 0.10 to 0.48), as well as improving
the Akaike information criterion (AIC), which accounts for the trade-off between the
goodness-of-fit and the simplicity (number of parameters) of the model. This reinforces
the point that a combination of elastic loading and pore-pressure changes is necessary
to explain the seasonal changes in dv/v observed at high frequencies in this study.
Groundwater behaviour as measured at the borehole may not be representative of the
region as a whole. However, in Figure 4.14, I show that this seasonal model (based on
equation 4.4.3) can also reasonably fit dv/v measured at station SVA, which is 0.6 km
from the borehole.
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Fig. 4.14 Model of seasonal variations in dv/v at station SVA. (A) Weather from IMO’s
meteorological model at the nearest point to borehole B5704 (600 m south of station
SVA, see Figure 4.1). Snow thickness as snow-water equivalent shown in grey. Rainfall,
at the same scale, in black. Atmospheric pressure in green. A 10-day rolling mean is
applied to all weather data, to aid comparison with dv/v. (B) Groundwater depth
below surface measured at borehole B5704 shown in light blue. Modelled total load
(combining snow, atmospheric pressure and GWL, see text for details) shown in dark
blue, at the same scale. (C) dv/v measured in 2-4 Hz band at station SVA (10-day
stack, average of components NE, NZ and EZ) shown in red. Static references are
used (a stack of data before 15 August 2014); moving references were tested and dv/v
changes were of the same amplitude, but issues with drift (see text) mean that - in this
case - static references are more helpful for comparison with weather data. Modelled
dv/v in black, calculated by fitting dv/v using equation 4.4.3 with an OLS regression,
as in Figure 4.11
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Mechanisms of seasonal variation in dv/v at high frequencies

Using this model, the year can be characterised in three stages to explain the mechanism
of dv/v variations:

1. April - July: dv/v decreases sharply because the pore-pressure increases rapidly
when the snow meltwater enters the crust. The load on the underlying crust
is unchanged as water moves from being snow above the surface to shallow
groundwater. However, some water starts to drain from the system (sideways,
or deeper into the crust, below the region being sampled) and the consequent
reduction in the elastic load also contributes to dv/v decreasing. The decrease in
load from atmospheric pressure (starting in ∼late June) also means that the rate
of the decrease in load is slower than that of the decrease in snow thickness.

2. July - October: after all the snow has melted, there is no further meltwater
input, so the GWL drops as water continues to drain away. This causes the
pore-pressure to decrease (increasing the velocity), but the load also continues to
decrease (decreasing the velocity). This explains why dv/v increases, but at a
slower rate than the decrease in GWL. Once all the water has drained away, the
pore-pressure returns to base-levels, but the load, and therefore dv/v, is not yet
back to its maximum.

3. October - April: as snow accumulates over the course of the winter the load
increases back to its maximum, while the GWL (and pore-pressure) remains
roughly constant, so dv/v increases back to its maximum value.

Finally, I consider the seasonal variation of dv/v in the intermediate frequency
bands, 0.4-1.0 Hz and 1-2 Hz. As shown in Figures 4.5A-B, dv/v in the 0.4-1 Hz
band (∼0-3 km depth) drops at the same time as in the higher frequency bands,
but generally stays low throughout the summer, only starting to increase again in
∼November, rather than exhibiting the partial recovery in July-August seen at higher
frequencies. The dv/v trend in the 1-2 Hz band (∼0-1.5 km depth) generally falls
between those at 0.4-1.0 Hz and 2-4 Hz. The timing of the dv/v drop (while elastic
load remains unchanged, Figure 4.5) clearly demonstrates that the effect of elevated
pore-pressure is still important at these intermediate depths (∼0-3 km). However,
to explain the different shape of the yearly dv/v trend, I suggest that unlike in the
shallowest crust (where pore-pressure is most closely tied to GWL), pore-pressure over
this depth range remains elevated for some time after the yearly snow melt in ∼May.
This may be because it takes significant time for water to percolate deeper into the
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crust than the region being sampled (i.e. behaviour that is not captured in the simple
exponential-outflow model for GWL) or because it is effectively stored here through
the summer as it gradually flows laterally towards the sea. Due to the uncertainty
in the permeability structure and groundwater flow paths across the region, I do not
attempt to model this effect further.

Depth sensitivity of the CCF coda

It is possible to comment on the potential contribution of body waves relative to surface
waves in the coda. As was discussed in Section 1.2.3, Obermann et al. (2013a) show
that body waves start to dominate the CCF coda at about τ/t∗ = 6, where τ is the
lag time and t∗ is the scattering mean free time, which can be estimated from the
scattering attenuation, Qs:

t∗ = Qs

2πf
(4.4.5)

There is uncertainty over the value of Qs in the region. Del Pezzo et al. (2001)
determined Qs=105 for Mount Etna at 1.0 Hz; Mayeda et al. (1992) found Qs=53 at
1.5 Hz in Hawaii; Aki and Ferrazzini (2000) report Q of 40-60 at 3 Hz at Piton de la
Fournaise; Hansen et al. (2004) show values down to about 50 in the shallowest crust in
their attenuation tomography model of Kı̄lauea; Menke et al. (1995) determine Qs=100
in the uppermost 4 km of crust in south-west Iceland. Despite this uncertainty, it is
at least possible to estimate lower-bound estimates for t∗, and therefore lower-bound
estimates for the time in the coda when the surface waves and body waves are equally
partitioned. At lower frequencies (lower f), Qs is larger and so t∗ is at relatively late
times in the coda. Using Qs=100 and f=1 Hz, t∗ is approximately 16 s, so τ=6t∗

at 96 s. t∗ will be even later at lower frequencies. Given the lag times where dv/v
is measured in this study (see Table 4.2), this suggests surface waves dominate for
the lower frequency bands. At 2-4 Hz, using Qs=50 and f=3 Hz, t∗ is approximately
2.7 s, so τ=6t∗ at 16 s (dv/v is measured at 4-12 s in this band). The value of Qs is
sufficiently unconstrained at 4-16 Hz that I won’t speculate on the value of t∗. Hillers
et al. (2015a) similarly state that dv/v results at 1-4 Hz are ‘also likely dominated by
surface waves in the considered lapse time range [up to 48 s]’, at the San Jacinto fault
zone in southern California.

I have assumed that the depth sensitivity of the coda of the CCFs can be approx-
imated using the sensitivity kernels of Rayleigh waves, to simplify my analysis (e.g.
Taira and Brenguier 2016). I use phase velocity in particular (e.g. Clements and
Denolle 2018; Froment et al. 2013; Lecocq et al. 2017; Lesage et al. 2014; Wang et al.
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2017) because the MWCS method measures delay times in small windows in the CCF
in the frequency domain (i.e. tiny changes in phase of the arrival). I however ac-
knowledge that Love waves likely also contribute, particularly on the pair of horizontal
components. The depth sensitivity of Love waves is generally shallower than Rayleigh
(Lin et al., 2008), but for the purposes of my study, the assumption that dv/v changes
at higher frequencies represent changes in the shallower structure is the key aspect for
my interpretation.

Estimating stress-sensitivity from seasonal variations

Elastic loading can explain the seasonal variations in dv/v for the 0.1-0.4 Hz frequency
band, whereas a combination of effects from loading and changing GWL are necessary
to explain variation in dv/v in the 2-4 Hz band. Using the coefficients of load from
equations 4.4.2 and 4.4.3, the stress-sensitivity of dv/v can be estimated. For 0.1-0.4
Hz, I find the coefficient of load to be 0.07 %/m, corresponding to a velocity-stress
sensitivity of ∼7×10-8 /Pa; for 2-4 Hz the coefficient of 1.1 %/m corresponds to 10-6 /Pa.
Both are within the range of values collated by Yamamura et al. (2003). These stress
sensitivities are several orders of magnitude larger than the stress-sensitivity found
from the dyke response in the 0.4-1.0 Hz band (∼4 ×10-9 /Pa), however, as discussed
above, this is likely to be an underestimate. The large discrepancy between these two
estimates for stress-sensitivity, based on observations of dv/v changes responding to
stresses affecting the same medium, reinforces this conclusion.

As was observed with the changes in dv/v after the dyke intrusion, the lower
stress-sensitivity at greater depths suggests that the crust at greater depths is less
cracked with a lower porosity and so is less compliant. It is interesting to note that
the velocity profile in Figure 4.6 also illustrates this; the velocity gradient decreases
with increasing depth as the crust becomes less porous and cracked, causing the effect
of incrementally increasing confining pressure on velocity to decrease. My observations
are in agreement with the findings of Takano et al. (2017), who seek to explain this
phenomenon with numerical simulations of velocity-stress sensitivity using a granular
model of the crust. I am fortunate in this study that it is possible to investigate the
relationship between velocity-stress sensitivity and depth using measurements of the
response of the same volume of crust, over the same time period and using the same
network, to two very different stress fields. This provides more robust evidence for this
phenomenon than from the compilation of stress sensitivities from a range of seismic
experiments (Takano et al., 2017). I explore this further with a forward model for dv/v
changes under an increase in confining pressure equivalent to the seasonal elastic load in
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Section 4.4.2 and find encouraging agreement. This raises the exciting question whether
it may be possible to use this relationship in future to make first-order estimates of
the stress-change responsible for dv/v changes measured at a given frequency/depth.

Forward model of changes in dv/v from Rayleigh wave phase velocities

Tsai (2011) calculates an analytic model to predict the changes in seismic velocity
due to loading. Tsai points out the significant uncertainty in the solution because of
the poorly-constrained elastic parameters. In order to investigate this further, I have
constructed a simple forward model of surface-wave velocity. My intention is to take
a more empirical approach (based on the velocity model) to predict values of dv/v,
based on the assumption that - at least in the upper crust - the gradient of the velocity
profile is determined by the closing-of-cracks due to the overlying load. In my simple
model, I represent adding a load by shifting the velocity profile, as if everything were
buried deeper than before (see Figure 4.15), with the depth shift corresponding to the
additional weight. In other words, when a load is added, the velocity is slightly faster
at all depths below the seismometer. I calculate the phase-velocities of Rayleigh waves
at different periods for the velocity profile shown in Figure 4.6, using the SWAMI codes
(Rix and Lai, 2005). I then shift the velocity profile by 17 cm, which is the approximate
thickness of basalt equivalent to the weight of 50 cm of water, and recalculate the
phase velocities (and estimate dv/v from the phase velocity before and after).

Predicted values of dv/v are: 0.001 % at 0.1 Hz, 0.01 % at 0.4 Hz; 0.05 % at
1 Hz; 0.13 % at 2 Hz at 0.14 % at 4 Hz. The coefficients of load determined from
the seasonal dv/v model are equivalent to 0.55 % and 0.04 % increases in dv/v for a
surface load of 50 cm water-equivalent at 2-4 Hz and 0.1-0.4 Hz, respectively. These
measured values are of the same order as those predicted for frequencies of at least 0.4
Hz, and the increasing sensitivity at higher frequencies agrees with my observations.
This is encouraging, suggesting that an elastic load can explain a large part of the
change in dv/v. However, predicted values are consistently smaller than observed,
which may be because non-linear effects are also at play, as has been suggested in
other studies (Rivet et al., 2011). As discussed in Section 4.3.2, I use a combination of
the regional 1D velocity model from (Greenfield et al., 2018) and a generic model for
the shallow velocity structure at volcanoes (Lesage et al., 2018), which is significantly
slower. Interestingly, if these slower velocities are not included in the top 500 m, the
predicted values of dv/v are two orders-of-magnitude smaller. This indicates that the
effects of elastic loading on relative seismic velocity are likely to be far more significant
where slow, compressible material is present, such as in volcanic environments. This
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Increase in 
velocity

Seasonal load 
(not to scale) Seismometer

Fig. 4.15 Cartoon to explain how I shift the velocity profile in my forward model (not
to scale). I imagine adding a load to be akin to shifting the velocity profile upwards,
as if everything is buried deeper than when no load is present. The intention of the
simple forward model is to get an order-of-magnitude estimate of the effects on dv/v
caused by adding a layer of the snow at the surface.
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also shows that my conclusion (that elastic loading could explain a large part of the
change in dv/v) is still uncertain given the large uncertainty in the shallow velocity
structure, to which surface waves are highly sensitive (Yang et al., 2019).

Other possible mechanisms to explain the seasonal variation

I have shown that changes in GWL result in changes in dv/v and have suggested
that pore-pressure variations are the cause of this relationship. However, varying fluid
saturation may also play a role. Generally, P-wave velocity increases with saturation
and S-wave velocity decreases (Japsen et al., 2004). It is possible that the CCF coda
(potentially composed of Rayleigh, Love and body waves) is dominated by S-waves,
meaning higher GWL (and greater fluid saturation) would result in a decrease in dv/v
(the same relationship as with pore-pressure). However, P-waves likely also play a
significant role, so this is clearly a complex relationship; I chose to use GWL in my
model because it is a measurable metric that incorporates both effects.

Varying fluid saturation may also modulate the velocity-stress sensitivity of the
crust through the year. Silver et al. (2007) find that dv/v at two sites, one near a
water well and one further away, respond oppositely to atmospheric pressure loading
and attribute this to differences in fluid saturation between the two locations. My
model therefore could be developed by allowing the coefficients of elastic load and
pore-pressure (A and B, equation 4.4.3) to vary through the year; I chose not to do
this because it would introduce further unknowns without sufficient constraint.

Frost has also been found to cause dv/v to increase during the winter (James et al.,
2017); freezing water in pore spaces within a rock will greatly increase its rigidity
(Kneisel et al., 2008) leading to increased seismic velocities. Figure 4.16 shows that
there is an anti-correlation between dv/v and air temperature, which is as expected,
given that dv/v is high when snow thickness is also high. I also show measurements of
temperature made by the seismometers’ internal thermistors. The differences between
the independent measurements of temperature are likely to occur because of ground
insulation, because the instrument generates some heat and because the seismometer
thermistors may not be accurately calibrated to absolute temperature. Temperatures
measured by the instruments themselves are useful because they are a more direct
measurement of ground temperature than IMO’s model of air temperature. There is
a steady ground temperature through the winter, then a rapid warming beginning
in ∼May or June. The frost may thaw later than the start of snow-melting because
the snow itself insulates the ground to some extent. Crucially, the ground warming
occurs later than the annual decreases in dv/v, which suggests that frost is unlikely
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to be the dominant mechanism. Furthermore, the ground only freezes to ∼0.5 m
depth (approximately the same as the maximum burial depth of our instruments) each
year at these altitudes (Petersen and Berber, 2018). If freezing were an important
mechanism, I would expect the amplitude of dv/v changes to be much greater at
the highest frequencies, which are far more sensitive to these very shallow depths
(Figure 4.6), but this is not observed (Figure 4.5C). Another important consideration
is that there is likely to be very little water persistently present in the shallowest 0.5
m of the extremely permeable cracked fresh lavas of the Northern Volcanic Zone, in
contrast to the peaty soil above permafrost found in Alaska (James et al., 2017). This
supposition is supported by very high resistivities measured at the shallowest depths
in a magnetotelluric survey within the study region (Vilhjálmsson and Flóvenz, 2017).
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Fig. 4.16 Comparison of dv/v and temperature data. Temperature and dv/v at stations
MIDF (A), LIND (B) and HELI (C). Light grey line is air temperature from IMO’s
meteorological model at the nearest point to the station. Dark grey circles show the
temperature measured by the seismometers’ internal thermistors. Orange circles are
an average of dv/v measured from the three component pairs at the individual station,
at 2-4 Hz.

Changes in the persistent noise source, such as its spatial distribution and frequency
content, could potentially contaminate the measurement of dv/v (Zhan et al., 2013),
particularly considering that the oceanic microseism also changes seasonally in the
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North Atlantic (Sergeant et al., 2013). However, dv/v reported here is likely to be a
robust measurement of true velocity changes in the crust for several reasons. Firstly,
changes in the coda of the CCFs are measured, which sample the medium densely and
have low sensitivity to noise source changes (Colombi et al. (2014), see Section 1.2.4). I
find that the same dv/v variations are also measured even later in the coda (Figure 4.17)
and consistent results are determined using both the MWCS and stretching methods.
Furthermore, I compare dv/v with a spectrogram of the seasonally varying secondary
oceanic microseism (Figure 4.18) and can see that the changes are out-of-phase. Finally,
I measure a similar signal across a wide range of frequency bands and for many pairs of
stations separated by different azimuths (Figure 4.7). That the seasonal dv/v signal in
the 0.1-0.4 Hz band (encompassing the secondary oceanic microseism) is out-of-phase
with the measurements at higher frequencies could be an indication of the influence of
a changing noise source, although this too is out of phase with the changes visible in
the spectrogram in Figure 4.18.
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Fig. 4.17 dv/v at later time lags in the CCFs. Network-averaged dv/v (as in Figure
4.5): black line corresponds to measurements made in the time lags highlighted by the
yellow bars in Figure 4.3; red line to the later time lags shown by dashed red lines in
Figure 4.3.

Finally, it’s theoretically possible that seasonal effects on the instruments them-
selves may bias my measurements of dv/v, for example, if an instrument’s tilt varies
throughout the year. However, it’s extremely difficult to see how this bias could be
consistent across the network, tilting presumably happening in random directions, and
I measure consistent changes at many instruments and between pairs of instruments.
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Fig. 4.18 Comparison of dv/v results with the frequency content and amplitude of
the noise source. (A) Spectrogram of continuous seismic data recorded at station
KOLL. Data is resampled to 20 Hz, split into 10-minute windows, the fast-fourier
transform calculated in each window and an average spectrum determined each day,
then normalized each day. (B) Amplitude between 0.1-1.0 Hz, as summed from the
spectrogram in (A). (C) Network-averaged dv/v results in 0.1-0.4 Hz and 0.4-1.0 Hz
frequency bands.
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Furthermore, in Figure 4.19, I show that dv/v is also consistent as measured by
the vertical components at pairs of stations, as well as combinations including the
horizontals.
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Fig. 4.19 dv/v measured by different component pairs. dv/v measured with MWCS
between station pairs and averaged over the network (as in Figures 4.7 and 4.8).

4.5 Conclusions
I observe a change in dv/v after the Bárðarbunga-Holuhraun dyke intrusion in 2014.
By measuring dv/v between pairs of components at individual stations surrounding
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the dyke, a linear relationship with volumetric strain across both positive and negative
strain changes is shown. The fact that there can be opposite changes in dv/v during
the same event is an important consideration when using dv/v to study deformation
associated with the often-complex stress fields at volcanoes, particularly if measurements
are averaged over a network of stations.

Seasonal variations in snow thickness, atmospheric pressure and groundwater level
in the Northern Volcanic Zone have a pronounced effect on dv/v. By careful analysis
of ten years of dv/v time series across a range of frequencies, I propose a simple model
to explain the observed seasonal signal. In the shallow crust, two factors contribute to
dv/v changes: cracks opening and closing due to elastic loading from snow, atmospheric
pressure and groundwater, and changes in pore-pressure caused by snow melt and
rainwater percolating into (and later draining from) the crust. At greater depths,
elastic loading alone is sufficient to explain the seasonal variation in dv/v.

My model could be further refined if the effects of frost, the layered permeability
structure of the crust, lateral groundwater flow, glacial meltwater, ocean tides and
thermoelastic strain (Meier et al., 2010) were incorporated. This could be achieved if
denser measurements of weather and geodetic data were available in the study area,
and if uncertainties in the shallow seismic velocity structure and fluid flow paths could
be reduced.

This study builds on previous work showing that dv/v of the upper crust is
sensitive to a wide variety of stress changes, including those from magmatic intrusions,
environmental loads and varying pore-pressure. The sensitivity of dv/v to very small
stress changes (a velocity-stress sensitivity of ∼10-6/Pa at 2-4 Hz is obtained) shows
its potential as a technique for monitoring a wide range of phenomena affecting the
crust. Cross-correlation of ambient seismic noise means that dv/v can be measured
continuously, even with only one seismic station, and complements other geophysical
measurements, including those of surface deformation and microseismicity, in order to
understand the dynamics of the shallow crust. dv/v could therefore be a useful tool
for monitoring volcanoes both in Iceland and elsewhere, providing that the seasonal
variations described here are accounted for.



Chapter 5

Long-period seismicity during the
2014-15 Bárðarbunga-Holuhraun
rifting event

The work in this section is published in Woods et al. (2018); Jenny Woods and I
contributed equally to this paper. I have acknowledged Jenny’s work in the text.

5.1 Introduction
Long-period seismicity at volcanoes often involves fluid-related processes associated
with magma movement (Chouet and Matoza, 2013). Therefore, it is a crucial tool for
elucidating the processes occurring in a volcano plumbing system and for eruption
forecasting and monitoring (e.g. Chouet 1996; McNutt 2005). Long-period seismicity
includes both short-lived events (long-period events or LPs) and longer-duration
seismicity, known as tremor, with peak frequencies in the band 0.5-5.0 Hz (Chouet,
1996).

The 2014-15 Bárðarbunga-Holuhraun dyke intrusion and eruption was a major rifting
event in central Iceland (Sigmundsson et al., 2015). A 48 km-long dyke propagated
at ∼6 km depth below sea level (b.s.l.) over two weeks from Bárðarbunga, a sub-
glacial volcano, to the sub-aerial eruption site in the Holuhraun lava field (Figure 1.6,
Ágústsdóttir et al. (2016)). Depressions, known as ice cauldrons, were observed on the
surface of Dyngjujökull glacier above the propagating dyke pathway (Sigmundsson
et al., 2015). These ice cauldrons have been shown to be caused by relatively small,
sub-glacial eruptions and are linked to periods of seismic tremor observed by the
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Icelandic Meteorological Office (Reynolds et al., 2017). There has so far been little
convincing seismic evidence showing magma moving from the dyke to the surface,
despite knowledge of this occurring at many places along the dyke path (beneath
the ice cauldrons, and at the sub-aerial fissure eruption sites). In this chapter, I
use long-period seismicity as a means to investigate magmatic processes during the
intrusive period and first ∼week of the eruption.

As was described in Chapter 4, the noise cross-correlation functions calculated
between pairs of stations significantly change during the rifting event (Figure 5.1).
This means that attempts to measure true seismic velocity variations (dv/v) of the
medium may fail, only reflecting changes in the noise source. However, the new phases
in the cross-correlation functions (CCFs) appear at systematic time lags depending
on the location of the source of seismicity and the locations of the two stations. The
CCFs, therefore, still contain useful information and provide a relatively simple means
of locating the sources of seismicity, particularly tremor. This is useful when measuring
dv/v as it helps in understanding any changes in the noise source and, as we shall see
in this chapter, this is interesting in itself as an observation of long-period seismicity
during an intrusion and eruption. Other methods for tremor location include semblance
(Neidell and Taner, 1971) and using seismic amplitudes (Battaglia and Aki, 2003).

I first search for and locate tremor during the dyke propagation phase and the first
few days of the eruption. Then, I describe how Jenny Woods and I systematically search
for and locate long-period events over the same time period, using waveform cross-
correlation as a detection method and as a way to identify similar families of events.
We investigate how this long-period seismicity is linked to (a) the dyke propagation
and associated >30,000 volcano-tectonic (VT) earthquakes (Ágústsdóttir et al., 2016)
and (b) sub-glacial eruptions beneath the ice cauldrons formed on Dyngjujökull glacier.
The excellent seismic network coverage available during this event provides a unique
opportunity to investigate in detail whether the LPs and tremor are mechanistically
related.

5.1.1 2014-15 Bárðarbunga-Holuhraun rifting event

Bárðarbunga is a central volcano on the margin of Iceland’s Eastern and Northern
Volcanic Zones, underneath Vatnajökull ice cap (Figure 5.2A). On 16 August 2014,
volcano-tectonic earthquakes started occurring under the ice-filled Bárðarbunga caldera.
Over the next 13 days, over 30,000 VT earthquakes occurred at approximately 6 km
depth b.s.l., tracking a dyke for 48 km as it propagated laterally north-eastwards. On
29 August, a small, 4-hour eruption occurred in the Holuhraun lava field, reoccupying
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Fig. 5.1 Cross-correlation functions before and during the Bárðarbunga rifting event.
1-day stacks for station pair FLUR-LIND (see Figure 5.2), 0.5-2.0 Hz, for 10 August to
10 September 2014. The intrusion started on 16 August and the main eruption on 31
August.



106 Long-period seismicity during the 2014-15 Bárðarbunga-Holuhraun rifting event

craters from a 19th century eruption (Hartley and Thordarson, 2013). On 31 August
a larger, sustained fissure eruption began, which continued until 27 February 2015,
erupting an estimated bulk volume of 1.44 km3 of lava over an area of 84 km2 (Pedersen
et al., 2017). The eruption on 31 August started with a continuous curtain of fire
fountaining along the 1.6 km-long fissure. On 1 September the activity on the fissure
began to localize along specific vents; the main one (shown in Figure 5.2) known as
Baugur (Pedersen et al., 2017). VT earthquakes continued to occur along sections of the
dyke pathway during the eruption. Tremor was detected by the Icelandic Meteorological
Office on 23 August at 1120 UTC (during the dyke propagation phase) and for most of
the day on 3 September (during the eruption phase) (Icelandic Meteorological Office,
2014). Ice cauldrons were observed on the surface of the glacier during flyovers on 27
August (cauldron DK-02) and 5 September (cauldrons DK-01 and DK-03) (Reynolds
et al., 2017).

5.2 Volcanic tremor

5.2.1 Initial tremor search

I first describe some techniques for searching for volcanic tremor. As was described in
the previous section, the sheer number of earthquakes during the 2014 Bárðarbunga
dyke intrusion, as well as the range of seismicity (dyke VT earthquakes, possible LP
events and high-magnitude earthquakes in the caldera), means that this is a non-trivial
task. Like many volcano observatories (including the IMO), studying an average
amplitude of seismicity in different frequency bands (RSAM) can be a helpful starting
point (Figure 5.3 – note that this is just one station). The dyke began to propagate
on 16 August and the seismic amplitude in all three frequency bands, 0.5-1.0 Hz, 1-4
Hz and 4-8 Hz, started to increase (Figure 5.3). During the dyke propagation phase
(16 August - 31 August), the highest frequency band (4-8 Hz) usually has the greatest
amplitude. Amplitudes are variable, with particularly large spikes at 4-8 Hz and 1-4 Hz
on 20, 23, and 24-27 August. When the main eruption starts on 31 August, the 1-4 Hz
frequency band is generally greatest amplitude. Amplitudes increase on 3 September,
particularly in the lower two frequency bands.

Based on RSAM alone, there is ambiguity about the type of seismicity occurring,
so it is useful to look at the raw (or filtered) traces. Day-plots in particular (Figures
5.4 and 5.5) are a helpful way to visualise the activity. From plots like these, as well
as earthquake catalogues (see Figure 5.2), it is clear that the RSAM during the dyke
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locations from Gudmundsson et al., 2016), eruption fissures shown as orange diamonds;
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Fig. 5.3 Seismic amplitude during the 2014 Bárðarbunga dyke intrusion and first 8 days
of the eruption. Amplitude is calculated in 5 minute windows and then averaged over
15 minute windows in three frequency bands, 0.5-1.0 Hz, 1-4 Hz and 4-8 Hz, at station
FLUR. Yellow lines show the start of the dyke propagation (16 August) and main
eruption (31 August). Yellow rectangle highlights the duration of the small eruption
on 29 August.
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propagation is dominated by the VT earthquakes. Spikes in amplitude are because
the dyke propagated in a jerky fashion. During the eruption, VT earthquakes were
less frequent and tremor began, so the 1-4 Hz frequency band dominates. Since I am
particularly searching for long-period tremor, the traces in Figures 5.4 and 5.5 are
filtered between 0.5 and 2.0 Hz. High-amplitude, continuous tremor can be clearly
seen on 3 September (Figure 5.4) between 03:00 and 21:00. In Figure 5.5, tremor can
be seen between 10:00-13:00, which is not obvious in the RSAM plot, partly because
this is concurrent with a major dyke propagation phase and associated VT seismicity.
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Fig. 5.4 Seismic trace on 3 September 2014 measured at station FLUR and bandpass
filtered between 0.5 – 2.0 Hz.

After identifying periods of tremor, spectrograms can help further describe the
seismic activity. For the rest of the chapter, I focus on three main periods of tremor:
23 August, 3 September, and 4 September (representing the main eruption tremor).
On 23 August, the tremor has low-frequency content (∼0.5 - 2.0 Hz) but the spectrum
(Figure 5.6A) at this time is dominated by the VT earthquakes associated with a
propagation phase of the dyke (see Figure 5.2). There is particularly high-amplitude,
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Fig. 5.5 Seismic trace on 23 August 2014 measured at station FLUR and bandpass
filtered between 0.5 – 2.0 Hz.
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low-frequency tremor at 11:00-12:00. During the eruption (Figure 5.6C), the peak
frequency is ∼1.0 Hz with a band of higher frequency at ∼3.0 Hz at station FLUR.
On 3 September (Figure 5.6B), the vent tremor is masked for 18 hours by a stronger
tremor signal and, again, the peak frequency is ∼1.0 Hz but now with several bands of
higher frequency visible.

Fig. 5.6 Spectrograms for (A) 23 August, (B) 3 September and (C) 4 September 2014,
measured at station FLUR and calculated in 5 minute windows.

5.2.2 Tremor location

The freely available program MSNoise (Lecocq et al., 2014) was used to compute cross-
correlation functions (CCFs) between pairs of seismic stations. Up to 20 stations were
used (see Appendix A for details). The data were stored in day-long, 100-Hz miniSEED
files. Only vertical components were used, and were preprocessed individually for each
station. An initial bandpass filter was applied (0.01 to 8.0 Hz), and the waveforms
were demeaned, tapered and downsampled to 20 Hz. The waveforms were then
temporally normalised using 1-bit normalisation and spectrally whitened in 30-min
windows between 0.5 and 2.0 Hz (other frequencies to zero-amplitude). CCFs were
then calculated for every pair in the network in 30-min windows for time lags of ± 120
s. These CCFs were stacked using phase weighting (rather than linearly) (Schimmel
and Paulssen, 1997) over the relevant time periods (method from MSNoise, 2018).

Following the method of Ballmer et al. (2013) and Donaldson et al. (2017), illustrated
in Figure 5.7, a 41 by 41 two-dimensional grid was constructed over the geographical
area (approx. 48 by 56 km) and each grid point was considered to be a potential
source location. Hypothetical arrival times were calculated in the CCFs for each pair
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of stations for each grid point, assuming a lateral apparent propagation velocity of 1.2
km/s (discussed shortly). The total absolute amplitudes in 2 s windows around the
expected arrival times in the CCFs (using the differential inter-station distance) for
each pair were added together. This then represents the likelihood of the source being
located at that grid point. Summing in this way means that it is theoretically possible
to locate more than one seismic source at the same time. A range of velocities between
0.5 and 3.0 km/s were tested (see Figure 5.8). Approximately 1.2 km/s generally
produces the highest amplitudes in the CCFs summed across all pairs. This value is
also consistent with other studies of Icelandic volcanoes at similar frequencies (Li et al.,
2017, & references therein). However, the influence of the VT seismicity is clear on 23
Aug (Figure 5.8) when body-waves, with higher velocities, result in early arrivals in the
cross-correlation functions. Presumably, the large number of VT events means that the
1-bit normalisation has failed to suppress this signal. By using a two-dimensional grid,
I am ignoring source depth: this is justified because the ∼1.2 km/s apparent velocity
likely corresponds to surface waves. Furthermore, I tested three-dimensional grids and
found that the lateral location was insensitive to source depth.
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Fig. 5.7 Cartoon of tremor location methodology. This is a map view. Each grid point
is considered as a potential tremor source location (represented by yellow star). a and
b are distances; v is the apparent propagation velocity. The hypothetical differential
travel time is calculated for each station pair (represented by red triangles) and the
amplitude measured at that point in the pair’s CCF. For a pair named A-B, if (a-b)/v
is negative (as here), then the ‘arrival time’ is on the acausal side of the CCF; if (a-b)/v
is positive, then the measurement is made on the causal side.

Figure 5.9 shows the estimated locations during the periods of tremor on 23 August,
3 September and 4 September. On 23 August, tremor occurred in the vicinity of the ice
cauldrons, with the most likely location closest to the central cauldron (DK-02). During
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Fig. 5.8 Apparent propagation velocity search for tremor location method. A range
of velocities are tested for the tremor location for the periods 1100-1200 23 August,
0300-2100 3 September and 4 September. For each velocity, the most likely location
is found (as described in the text). The velocity is plotted against the normalised
amplitude, summed across all pairs. Therefore, the most likely location may be at
different points for each velocity.
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the eruption, tremor was located at the eruption vents (represented by 4 September
in Figure 5.9). On 3 September, the high-amplitude stronger tremor signal locates
in the vicinity of the northernmost cauldron (DK-03). The tremor source is likely to
be shallow (less than ∼1-2 km below surface), because the largest amplitude arrivals
in the cross-correlation functions correspond to velocities of ∼1.2 km/s (Figure 5.8),
consistent with surface waves dominating the tremor.
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Fig. 5.9 Tremor located during the dyke propagation and first week of eruption. Tremor
locations shown for A) 1100-1200 23 August, B) 0300-2100 3 September and C) 4
September. Location likelihood represented by colour, with maximum likelihood shown
by black star and the 75% contour of the normalised distribution shown by yellow line,
representing the uncertainty (see text); dyke VT earthquakes shown in grey; glacier
outlined in blue; graben in dark blue; ice cauldrons indicated by white diamonds,
eruption fissures by red diamonds; seismic stations by white triangles.

Uncertainty in location is estimated from the 0.75 contour of the normalised
interpolation of location likelihood. This uncertainty was tested over 1 September -
9 September (excluding 3 September), when the tremor is assumed to be located at
the main eruptive vent (see Figure 5.2). Figure 5.10 shows the values of the location
likelihood at the vent for 2-hour periods; 82 out of the 98 estimates (84 %) have a
likelihood at the vent of greater than 0.75. Furthermore, jack-knife tests were performed
to test the network bias in the location estimates shown in Figure 5.9 (Wech and
Creager, 2008). The most likely source location was calculated 1000 times for randomly
chosen network configurations using 13 stations (17 stations were available on 23
August, 19 on 3 September and 18 on 4 September), for each time period. The results
of the jack-knife tests are shown in Figure 5.11; this additional estimate of uncertainty
is consistent with the 0.75 contours.

.
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Fig. 5.10 Error in tremor location at the main eruptive vent. The tremor location is
estimated every two hours for 1-9 September (excluding 3 September). The location
likelihoods at the main eruptive vent are extracted and plotted as a histogram. The
red line is plotted at a likelihood of 0.75, representing the uncertainty in the location
estimate. 82 out of the 98 2-hour periods (84 %) have a location likelihood of greater
than 0.75 at the vent.

Fig. 5.11 Jack-knife tests of tremor location for A) 1100-1200 23 August, B) 0300-2100
3 September and C) 4 September, as in Figure 5.9. The most likely source location is
calculated 1000 times with only 13 stations, randomly selected each time. The number
of estimates at each grid point are plotted as colour. The estimated locations shown in
Figure 5.9 are plotted as green stars and their associated uncertainty (0.75 contour)
shown as a blue line.
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5.3 Long-period events

5.3.1 Methods

Earthquake frequency content analysis using Frequency Index (FI)

This procedure - Section 5.3.1 - was carried out by Jenny Woods; a detailed method is
given in Woods et al. (2018) and only summarised here. An automatic procedure was
used to analyse the frequency content of the earthquakes from Ágústsdóttir et al. (2016).
A Frequency Index (FI) was calculated for each event using the method from Buurman
and West (2010). The FI is a ratio of an earthquake’s high- and low- frequency content.
A logarithm is taken such that earthquakes with equal amounts of energy in the high-
and low- frequency bands are assigned an FI of 0, then negative FI values represent
earthquakes dominated by energy in the lower-frequency band, and positive FI values
the higher-frequency band.

FI = log10(Aupper/Alower) (5.3.1)

where A is the average amplitude for the frequency band. A correction was applied to
compensate for attenuation, which is both distance and frequency dependent. This was
approximated by a simple static correction, estimated from FI values vs hypocentral
distance (method from Buurman and West (2010), Figure 5.12). FI values were
calculated from the vertical component of six high-quality local stations, over a window
from 2 s before the P-wave pick time to 23 s afterwards. The low- and high- frequency
bands were visually selected (2-4 Hz and 5-16 Hz respectively) to enable differentiation
between manually-identified, representative earthquakes. FI values from station FLUR
are presented here (Figure 5.2).

The frequency content of earthquakes along the dyke path (during intrusion and
the onset of eruption) is shown in Figure 5.2. A locus of lower frequency events is
clearly visible under the glacier, shallower than the majority of the dyke seismicity.
These low frequency events occurred over ∼ 10 days from 25 August, after propagation
phases of the dyke tip (i.e. during stalled phases) at a step between dyke segments,
approximately 1.5 km north of the northernmost ice cauldron (DK-03) that formed
during the rifting event. A smaller number of low frequency events were also observed
further south, occurring in short bursts on the 19 and 20 August.

The full workflow is shown in Figure 5.13.
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Fig. 5.12 Frequency Index (FI) vs hypocentral distance. FI values were calculated
across 11 high-quality, local stations and a correction was estimated to compensate
for distance dependence (method from Buurman and West, 2010). Using 11 stations
at differing distances from the seismicity provides a good coverage of hypocentral
distances, in order to obtain a more reliable trend. Yellow dots indicate average FI
value in each (1 -km wide) distance bin. A static correction of -0.008 per km was
estimated from the linear regression. Figure by Jenny Woods.
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Shallow, lower frequency earthquakes identified by frequency 
analysis (FI) of the CMM dyke earthquake catalogue

LP detection with template waveform cross-
correlation (cc coefficient of 0.33) 450 events detected

440 events detected

Clusters of highly-similar 
events identified by waveform 

cross-correlation
(cc coefficient of 0.7)

8 largest clusters analysed
(200 out of 450 events)

LP phase arrivals picked, 
located with NLLoc, and 
relatively relocated with 

hypoDD 

100 events located
(70 from 8 largest 

clusters)

DETECTION

CLUSTERING LOCATION

Cluster centroid locations determined from 
average location of manually-picked events

Moment tensor solutions 
obtained with MTfit

50 well-constrained solutions for 
events from 8 largest clusters

SOURCE MECHANISM ANALYSIS

Fig. 5.13 Method workflow. Figure by Jenny Woods.
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Long-period event detection with template waveform cross-correlation

I define long-period events (LPs) as short-lived seismic events with peak frequencies
between 0.5 and 5 Hz (Chouet and Matoza, 2013). In the previous section, we studied
the frequency content of the catalogue of events from Ágústsdóttir et al., 2016, which
were picked with a code optimised to find VTs. To obtain a complete catalogue of
LPs, we now start from scratch and use a template waveform cross-correlation method
based on Shapiro et al. (2017). A summary of the method is shown in Figure 5.14.

Events were searched for on the vertical component during the period from 16
August to 7 September (inclusive). The envelope of the trace was calculated then
smoothed over a 1 s window. Initial triggers were found in the smoothed trace when the
short-term average (STA) in a 1 s window was greater than three times the long-term
average (LTA) in the preceding 50 s window. The maximum point in the trace was
found between 15 s before and 21 s after this trigger, because the events correlate better
when aligned based on their maximum amplitude in the next cross-correlation step.
Then the event was cut at 15 s before and 21 s after the maximum. To exclude VTs,
the FI was calculated for the event. A cut-off FI of -0.75 was used for station FLUR,
visually selected so as to encompass the cloud of lower frequency (low FI) earthquakes
shown in Figure 5.2 (with station FLUR marked).

Next, master (or template) events were identified by constructing a cross-correlation
matrix of all event waveforms. For every waveform, the sum of its correlation coefficients
(CCs) with all of the other events (each row of the CC matrix) was computed. The
signal with the largest sum of its CCs (CCsum) as the master event was then selected
and grouped into a family with all of the other waveforms that had a CC of above 0.33
with the master. A relatively low CC value was used here in order to find as many
LPs as possible. Shapiro et al. (2017) also use a relatively low CC of 0.44 at this stage.
This procedure was repeated iteratively for the remaining events in the matrix, to
identify all families. The master events from the families with more than ten members
were used as template events in the next step.

Finally, to produce the catalogue of LPs, the template waveforms were slid along
the trace for the entire period and events detected when the correlation coefficient
exceeded 0.33. It was found during testing that the GISMO toolkit - used in the next
step to find highly-similar clusters of LPs (CC >0.7) - performed better when a more
accurate onset time was determined. An STA over 0.8 s and an LTA over 8 s was used,
picking a time when the STA/LTA exceeded 5. If this failed, I searched over a window
starting 10 s earlier, picking when the STA/LTA exceeded 3. If this too failed the
events were discarded. Note that this final step was not necessary to find the catalogue
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Compute envelope of 
trace and smooth

Find triggers with > 1 s short-term 
average to 50 s long-term average 

Align events based on 
maximum amplitude

Check FI < -0.75

Calculate cross-correlation matrix and 
iteratively identify families of waveforms, 

where correlation coefficient > 0.33

Slide master event of each family along 
trace of entire period to identify more 

events

Further attempt to 
carefully pick onset

Initial search for
events

Determine master (or 
template) events; use 

these to find more events

Prepare events for 
GISMO toolkit 

Check FI < -0.75

Fig. 5.14 LP detection workflow.

of LPs, but rather to make the next step more successful. One may think that we
could just use a longer window in the GISMO toolkit (to ensure that the onset time
was included), but then there are very few events in each cluster. For a final time, the
FI of the waveform was measured and only long-period events (FI of < -0.75) were
accepted.

This procedure was carried out for six local stations independently, although the
resultant LP catalogue comprised events primarily identified on the closest and clearest
station, FLUR. This method may not be suitable for studies where very emergent
LPs are present because of the use of an onset picker in the initial detection stages;
cross-correlation with template events will only find emergent LPs if the template
events are themselves emergent. An initial detection method based on peaks in the
frequency spectrogram may be more appropriate if this is the case.

Further analysis of LPs

The methods described in this section were used by Jenny Woods; detailed descriptions
are given in Woods et al. (2018) and only summarised here. Clusters – or ‘families’ –
of highly similar, repetitive LPs were identified by waveform cross-correlation, using
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the GISMO toolkit (Reyes and West, 2011). Traces were band-pass filtered between 2
and 16 Hz and cross-correlated over a window 0.5 s before to 6 s after the P wave pick
time. Clusters were then defined by a correlation coefficient of 0.7 or greater.

Additionally, a subset of > 100 randomly-selected LPs were relocated by manually
picking phase arrivals. The non-linear location software NonLinLoc (Lomax et al., 2000)
was used, with a 1-D velocity model from Ágústsdóttir et al. (2016). The earthquake
locations were further refined by relative relocation with HypoDD (Waldhauser and
Ellsworth, 2000). Absolute uncertainties are typically 1.1 km in latitude and longitude,
and 2.8 km in depth (see Figure 5.16).

Moment tensor solutions were obtained using MTfit (Pugh et al., 2016), a Bayesian
source inversion method. Phase arrival polarities were manually determined at each
station across the network and the pick confidence translated into a polarity probability
density function (PDF). A double-couple (DC) solution could be imposed, or the fitting
could be left unconstrained (non-DC).

5.3.2 Results

Clusters of LP events

Over 450 long-period events were detected, 200 of which make up eight main clusters.
Therefore, during the dyke intrusion phase, ∼ 1% of the earthquakes were long-period.
The eight largest clusters are presented here, with cluster 1 containing the largest
number of events, cluster 2 the second largest, and so on.

Cluster 1, comprising 63 events, occurred over ∼10 days from 25 August, coincident
with a number of smaller neighbouring clusters. The clusters were offset by 1 km to
the west and were (∼2 km) shallower than the majority of the dyke seismicity, 1.5 km
north of the northernmost cauldron (DK-03), at the southern end of the main graben
(Figure 5.15). The earthquake waveforms have a high frequency, brittle onset, an often
emergent S arrival, and a low frequency, long duration (> 20 s) coda (Figures 5.17 and
5.18). The dominant frequency is ∼1 Hz (Figure 5.19), so they will be referred to as
LPs, although note that they are often called hybrid events (Neuberg et al., 2006). Two
of the clusters identified (clusters 4 and 6) – those which occurred in short bursts on
19 and 20 August respectively – were located further south along the dyke path, where
the network coverage is sparser. These LPs have similar waveform characteristics,
although they have a higher dominant frequency of 3 - 4 Hz. As with the northern
clusters, both were slightly laterally offset from the dyke seismicity. In this case, the
LPs appear to have been at similar depths to the dyke seismicity (between 4 and 8 km
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Fig. 5.15 Location of LP earthquakes. A) and B) map view; C) depth cross section and
D) latitude through time. Automatic dyke earthquake catalogue from Ágústsdóttir
et al. (2016) in grey; subset of manually-located LPs in dark grey or coloured by cluster,
with cluster centroid location given by coloured square (determined from average
location of manually-refined events in each cluster). Tremor contours for 23 Aug and
3 Sept (from Figure 5.9) shown by brown lines, dashed and solid respectively, with
maximum values given by brown stars. Glacier in light blue; graben in dark blue and
surface fractures in navy; ice cauldrons indicated by dark purple diamonds, eruption
fissures by orange diamonds; eruption periods shown in orange. Fissure and cauldron
locations (not timings) indicated by dashed lines in D).



5.3 Long-period events 123

Fig. 5.16 Location of long-period events with uncertainties. Figure as in Figure 5.15.
68 % confidence error bars with probability-density function (PDF) scatter in red
shown for the manually-located events (coloured). Location of example VT earthquake
mentioned in text shown in B and C. Figure by Jenny Woods.
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Fig. 5.17 Cluster 1 most representative event. Waveforms shown for all 3 components
on stations FLUR (left) and DYN (right) with P and S arrivals marked in red and blue
respectively and followed by a low frequency, long duration energy packet. Typical
dyke VT earthquake example given for comparison, with location marked in Figure
5.16. Figure by Jenny Woods.
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depth b.s.l.). However, synthetic testing suggests that they in fact occurred shallower
than this (see Figure 5.20).

LP event failure mechanisms

Focal mechanisms were generated for the manually-picked LPs and are shown in Figure
5.21. Double-couple (DC) constrained inversion found that all the earthquakes in all
the clusters of LPs could be fitted by reverse faulting, with a strike approximately
perpendicular to the dyke. For cluster 1 (and neighbouring northern clusters with
well-constrained mechanisms - 2, 3, 5, 8) the fault plane is assumed to be that which
dips toward the northern cauldron, DK-03 (i.e. striking between 180 and 360, coloured
in Figure 5.21). Unconstrained moment tensor inversion suggests a closing crack, with
an implosive volumetric component; an example unconstrained solution is shown in
Figure 5.22. In a volcanic environment, a closing crack is not unreasonable (e.g. Mildon
et al. 2016). Given the uncertainty in the solution, we leave it open whether the events
are WNW-ESE striking reverse faulting or a closing crack. Regardless, the mechanism
is distinctly different to that of the dyke VTs, which arise exclusively from strike-slip
failure sub-parallel to the dyke (Ágústsdóttir et al., 2016).

5.4 Discussion
At least 450 long-period events, classified by Frequency Index (see Section 5.3.1),
occurred during the Bárðarbunga-Holuhraun intrusion and the first seven days of
eruption. Approximately 200 of these events make up eight main clusters of highly
similar, repetitive events. For most clusters, peak frequencies were ∼1 Hz and source
mechanisms were WNW-ESE striking reverse faulting. The clusters occurred beneath
Dyngjujökull glacier – where three ice cauldrons (DK-01, DK-02, DK-03) formed – and
were located 1-2 km shallower than the volcano-tectonic (VT) earthquakes associated
with the dyke propagation.

I have also detected and located long-period seismic tremor during three time-
periods: 1 hour on 23 August near the central ice cauldron (DK-02); 18 hours on
3 September near the northernmost cauldron (DK-03); and continuously during the
main eruption (31 Aug onwards) near the main vent. Further discussion of the tremor
locations is made in 5.4.3.
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Fig. 5.18 Cluster waveforms and frequency content. Top to bottom) clusters 1 to 8 at
stations FLUR (left) and DYN (right) for the vertical component Z. Cluster waveforms
in grey; event with highest correlation within cluster in black, and corresponding FTAN
plot below (centre frequency step of 0.1 Hz and gaussian width of 0.5 Hz). Traces and
FTAN plots bandpass filtered between 0.5 Hz and 16 Hz. Typical dyke VT earthquake
example given for comparison.
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Fig. 5.19 Amplitude spectra normalised for energy above 0.5 Hz, to remove oceanic
microseism. Top to bottom) clusters 1 to 8, tremor 1100-1200 23 Aug, 0300-2100 3
Sept and 4 Sept (vent), and dyke VT earthquake example for comparison, at stations
FLUR (left) and DYN (right) for the vertical component Z. For clusters 1 to 8, full
amplitude spectra given in colour, and amplitude spectra post- P and S arrival (i.e.
resonance or surface wave phase) given in black. LP and tremor locations given in
Figures 5.15 and 5.9 respectively, with VT location marked in Figure 5.16.
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Fig. 5.20 Synthetic tests of network/picks. A) cluster 1 location and B) cluster 4 location,
with depth cross-sections given in the right panels (no vertical exaggeration). Synthetic
event origin marked by yellow star; locations in blue - using the full Cambridge network;
locations in green - using only stations active and recording the cluster LPs; locations
in purple - using the probability of a cluster pick at each station; graben in dark blue
(digitised from Rossi et al. 2016) and surface fractures in navy (Hjartardóttir et al.,
2016); ice cauldrons indicated by dark purple diamonds; automatic dyke earthquake
catalogue from Ágústsdóttir et al. (2016) in grey. Figure by Jenny Woods.
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Fig. 5.21 DC fault plane solutions (FPSs) for LP clusters 1 to 8. Left) average fault
plane solution; right) rose diagram. Nodal planes 0-180 in grey and nodal planes
180-360 coloured by cluster, with average strike/dip respectively given above. Average
FPSs not calculated for clusters 6 and 7 as solutions inconsistent (and not as well
constrained).
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Fig. 5.22 Typical moment tensor fitting for cluster 1 earthquake (example shown for
event 2014-08-28 23:54:22). A) DC-constrained fault plane solution: blue triangles
indicate dilatational arrivals, red compressional, and P and T axes labelled; B) Uncon-
strained solution: blue dilatational, red compressional; and C) equivalent Lune plot.
Figure by Jenny Woods.
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5.4.1 Source models of long-period events

Process related to magmatic fluids

The long-period events were likely caused by processes related to magmatic fluids (be it
the magma itself or exsolved gases). The evidence for this, on top of their long-period
nature, is that the LPs mainly occurred during phases of dyke-stalling (see Figure
5.26), when the dyke was presumably pressurizing before breaking through the crust
for the next propagation phase. It is inferred that during these times of pressurization,
magma forced its way upwards above the dyke, generating the LPs. The lack of LPs
during propagation phases is not an artefact arising from dominance of VT events, as
magnitudes of the LPs are comparable to those of the VTs (and above the magnitude
of completion).

A possible alternative explanation is that the resonance of the LPs arises from a
hydrothermal fluid, rather than a magmatic one (Matoza et al., 2014; Petersen, 2007).
The presence of the overlying glacier and several metres of rifting associated with the
dyke intrusion (Hjartardóttir et al., 2016; Ruch et al., 2016) would lead to percolation
of meltwater down through the crust. This seems an unlikely source mechanism though,
given that the LPs were located at 4-5 km depth b.s.l. Nevertheless, it may well be
that the LPs and tremor were in some way linked to the rifting and opening of the
dyke, since the final dyke opening model from Sigmundsson et al. (2015) shows that
the clusters of LPs occurred beneath a region of maximum opening (see Woods et al.
2018, Figure 5.23). LPs observed during dyke intrusion events at Krafla volcano in
Iceland seem to be correlated with the opening of both eruptive and non-eruptive
surface fissures (Brandsdóttir and Einarsson, 1992).

It has been suggested that long-period seismicity can be generated by processes not
requiring the presence of fluids, for example tectonic tremor (Obara, 2002), although
this is less relevant here. In volcanic environments, LPs may in fact represent brittle
events which have undergone strong path effects (Bean et al., 2008; Coté et al., 2010;
Harrington and Brodsky, 2007). In particular, a long duration, low frequency coda
could result from trapped waves in loosely-consolidated, shallow layers of the crust
(Bean et al., 2008). There is an increase in the length of the LP coda with increasing
station distance (see comparison of stations FLUR and DYN in Figure 5.18). This
has been seen elsewhere in Iceland (Sgattoni et al., 2016), and shows the effects of
scattering and path length. However, in our case path effects cannot fully explain the
long-duration, low-frequency coda of the LPs, because the network also records VT
earthquakes close by, with very similar paths and without the long coda. Another
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Fig. 5.23 Depth cross section of dyke seismicity with opening model from Sigmundsson
et al. (2015). A) Automatic dyke earthquake catalogue coloured by frequency index
(FI), with red showing lower frequency (lowest FI plotted on top); B) Subset of
manually-located LPs coloured by cluster, with cluster centroid location given by
coloured square. Automatic dyke earthquake catalogue in grey; ice cauldrons indicated
by dark purple diamonds, eruption fissures by orange diamonds. Figure by Jenny
Woods.
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alternative mechanism is that slow-rupture of the non-consolidated material itself could
produce LPs (Bean et al., 2014). Again, the depths of the LPs observed in this study
are too great for this to be a viable mechanism.

Fluid-filled cavity

Aki et al. (1977) suggest that jerky extensions of a fluid-filled crack, driven by the
excess pressure of fluid, could produce long-period seismic tremor. Later studies suggest
that LPs could be produced by the same mechanism (e.g. Fehler, 1983). A crucial
observation in this study is that the LPs were highly similar and occurred over periods
of up to 10 days, which implies that they were generated by repetitive excitation in the
same location (see also Hurst et al., 2014; Neuberg et al., 1998, 2006; Petersen, 2007;
Richardson and Waite, 2013; Shapiro et al., 2017). This rules out the possibility of
progressive fracturing of a crack over distances greater than approximately a quarter
of the dominant wavelength (∼ 250 m, Neuberg et al., 1998).

Instead, a more likely scenario is that the LPs were produced by resonance of a
fluid-filled cavity (Chouet and Matoza, 2013). Such cavities have been suggested to be
either planar (dyke or crack) shaped (Chouet, 1996) or conduit (tube) shaped (Neuberg
et al., 2000, 2006). Which of these two geometrical models is preferred depends on the
compressibility of the fluid; a crack requires gas-rich basaltic magma, misty water-steam
mixtures, or dusty ash-gas mixtures (Kumagai and Chouet, 2001), whereas a conduit
requires bubbly magma (Neuberg et al., 2006).

The trigger (or kick) that initially excites a fluid-filled cavity is the subject of various
models. Excitation may arise from transient pressure changes in the fluid, caused for
example by fluid heterogeneity or channel geometry (Julian, 1994). Alternatively, the
trigger could be caused by brittle failure of magma at the conduit walls (Neuberg et al.,
2006). Some heterogeneity in the conduit geometry, such as a bottleneck or kink, is
required for this shear-failure to occur at relevant depths in the crust (Thomas and
Neuberg, 2012). In this scenario, the event rate is therefore related to the magma
ascent rate.

A key observation in this study is that the LPs exhibit P and S arrivals, followed by
a higher-amplitude, low-frequency energy packet (see Figures 5.17 and 5.18). There are
two possible origins of this phase: a surface wave or cavity resonance. In the models
of Neuberg et al. (2000, 2006), the LP trigger sets up an interface (or tube) wave
at the fluid-rock boundary, which travels up the conduit boundary, before ‘leaking’
at the free surface and radiating energy outwards as surface waves (Neuberg et al.,
2000). The particle motion (Figure 5.24) and timing (Figure 5.25) of this later wave
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packet are consistent with that of a retrograde, elliptical surface wave. Further, the
spectrograms in Figure 5.18 (particularly C02, 3, 5 and 8 at station FLUR) suggest
that the energy may be dispersive (low frequency content arriving first). It is important
to note that the presence of the ice sheet in this setting means that there is a high
velocity layer (1700-1900 m/s S-wave velocity of ice) above lower-velocity uppermost
crust. The interface waves travelling along this boundary may therefore have different
characteristics (e.g. particle motion and dispersion) from surface waves travelling along
the rock-air boundary. A constraint in this model is that the top of the tube needs to
be within approximately one wavelength (∼1-3 km) of the surface to generate surface
waves. The tube would then need to have a vertical extent of a few kilometres for up
to 10 days while the LPs are generated.
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Fig. 5.24 Particle motion of low-frequency phase in the most representative event of
cluster 1. Traces from the three components of station DYN, horizontal components
are rotated relative to the back-azimuth between the event and station to be radial
(R) and transverse (T). Lower panel: amplitude of R against T, Z against T and Z
against R during the time highlighted in yellow, with the latest point in time shown
by a red circle. The elliptical particle motion recorded on the R and Z components is
characteristic of a Rayleigh wave.
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Fig. 5.25 Example LP record section. Epicentral station distances shown. Waveforms
at each station in white, with equivalent FTAN plot beneath (0.1 - 8 Hz, computed
with centre frequency step of 0.1 Hz and gaussian width of 0.5 Hz). P phase arrivals
marked by pink lines, S phase arrivals marked by blue lines. A later, low-frequency
energy packet can be seen arriving after the S phase, with timing and (large) amplitude
consistent with a surface wave. Figure by Jenny Woods.

An alternative is that the later phase in the LPs represents resonance of a fluid-filled
cavity at depth. In this model, we therefore do not expect to observe surface waves.
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The LPs do not display simple decaying harmonic oscillations as might be expected in
this model (e.g. Figure 1 of Kumagai and Chouet, 1999). Waveform modelling could
address these questions but is not attempted in this study owing to a) the complexity of
the setting (e.g. a high-velocity ice layer above a lower-velocity rock layer) and b) the
non-uniqueness of the model, i.e. unless the compressibility of the fluid or the geometry
of the cavity is known then only end members can be constrained. Despite this, the
large amplitude and late arrival of the low frequency energy packet, along with its
retrograde, elliptical particle motion, is strong evidence of surface waves. We therefore
favour the ‘tube’ model, where a sub-vertical cavity extends to the near-surface, but
the geometry of the cavity remains uncertain.

Waveform characteristics, spectral content and focal mechanisms are remarkably
similar across all clusters of LPs, suggesting some fundamental source process which is
distinctly different to the sub-parallel strike-slip faulting of the dyke VTs. The moment
tensor inversions show either a reverse shear-fault striking sub-perpendicular to the
dyke, or a closing crack (implosive volumetric component). Both of these possibilities
would be surprising if the local stresses associated with the rifting event were controlling
the LPs. Instead, this is perhaps further evidence of the influence of magmatic fluids on
the source mechanism. The consistently vertical T axis (minimum instantaneous strain
direction, though the minimum stress direction must also be vertical or sub-vertical)
could be due to buoyancy forces caused by the presence of magma. It has been suggested
that moment tensor inversion (from phase arrival polarities) alone is not appropriate
when mass advection processes are involved (Chouet and Matoza, 2013), and that
consideration of single forces - i.e. the momentum transfer between source and earth
- is required in addition to moment tensor components. In our case, deconvolution
of the source (by full waveform inversion) is not feasible without better knowledge of
the seismic velocity model. It is possible, though, that the reverse faulting solution
arises largely from the (single) upward force of the magma, which could help explain
the focal mechanism consistency across spatially-distinct LP clusters. Many studies in
Iceland report reverse faulting in the presence of magma, e.g. in Upptyppingar (White
et al., 2011), Eyjafjallajökull (Tarasewicz et al., 2012), Vaðalda (Greenfield and White,
2015) and Bárðarbunga (Hudson et al., 2017). White et al. (2011) suggest that reverse
and/or normal faulting may arise from fracture within frozen melt. In this scenario,
a low melt supply allows freezing of the magma, which increases in strength as it
cools through the glass transition (White et al., 2012), in turn leading to constriction
of the flow, high stressing rate, and fracture of the frozen magma. The fault plane
solutions would therefore reflect the geometry of the LP trigger mechanism, such as
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a constriction in the conduit or crack, and the later, low-frequency energy packet is
produced by an interface (tube) wave or by cavity resonance.

5.4.2 Source models of tremor

I focus on the tremor on 23 August and 3 September. Models of volcanic tremor can
broadly be divided into five categories: excitation of fluid-filled cavities, fluid-flow
induced oscillations, hydrothermal boiling, repetitive fracturing of unconsolidated
material and resonance of large magma bodies (e.g. Eibl et al., 2017b; Konstantinou
and Schlindwein, 2003). The tremor source is likely to be shallow, given that the
propagation velocity between pairs of stations as measured in the cross-correlation
functions is 1.2 km/s (see Section 5.2.2). I therefore consider the first four options to
be viable mechanisms.

Before considering in more detail the possible tremor source mechanisms, I first
consider three main pieces of evidence that the LPs and tremor observed in this study
are related. The six northerly clusters of LPs and tremor on 3 September are the
focus of this section, but the arguments also hold for cluster 6 and the tremor on 23
August. Firstly, within uncertainty, the LPs and tremor occurred in the same lateral
location. Secondly, there appears to be a temporal link between the two. The LPs
began on 25 August (see Figure 5.15) and occurred in swarms (see histograms in Figure
5.26). The final swarm, beginning on 2 September, ended with the onset of the 3
September tremor. Only 7 more LPs occurred from these clusters after the tremor
stopped. Finally, the spectral content of the LPs and tremor is very similar (Figure
5.19), with peak frequencies of ∼1 Hz. This varies slightly between stations, showing
either the effect of different paths and sites, or that the source radiation pattern is not
uniform.

Therefore, it is possible that the tremor comprises rapid, repeated excitation of LPs,
as has been observed in other studies (e.g. Fehler, 1983; Neuberg et al., 1998). The
tremor would then represent sustained excitement of the fluid-filled cavities detailed in
Section 5.4.1. In this case, picking the P- and S-wave arrivals of the LPs reveals the
location of the trigger which excites the cavity, whereas the tremor location represents
the energy which escapes at the shallow end of the cavity. The tremor could have
occurred during the sub-glacial eruptions associated with the ice cauldrons, when a
higher fluid flow rate resulted in continuous excitation. A model of a cavity producing
both the LPs and tremor requires a cavity which extends from the depth where the
LPs are triggered (4-5 km b.s.l) to where the tremor occurs (inferred to be less than 1-2
km below surface, see Section 5.4.1) - i.e. with a vertical extent of several kilometres.
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Fig. 5.26 Event histograms. A) Latitude vs time for dyke VT earthquake catalogue
(black dots), events with FI < -0.75 in red, shown as histogram behind; B) histogram
of all automatically detected LPs; C) stacked histogram of northern LP cluster events
(clusters 1,2,3,5,7,8); D) histogram of dyke VT earthquake catalogue. 3 Sept tremor
shown by grey band, with location indicated by brown star; eruption periods shown by
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Alternatively, it could be coincidental that the spectral contents of the LPs and
tremor are similar and, in fact, different mechanisms produce the two types of seismicity.
In this scenario, it may still be that the location and timing of the LPs and tremor are
related in that the LPs represent melt moving above the dyke towards the surface, which
culminates in tremor-producing sub-glacial eruptions. Tremor-producing processes
related to the sub-glacial eruptions could include fluid-flow induced oscillations (Julian,
1994), hydrothermal boiling (Leet, 1988) or repetitive fracturing of unconsolidated
material (Eibl et al., 2017b). It has been shown that magma-induced tremor from fluid-
flow instability requires very narrow cracks and high flow velocities, so hydrothermal or
gas-rich fluids may be more likely (Balmforth et al., 2005; Hellweg, 2000). Hydrothermal
boiling is an attractive option given that sub-glacial eruptions are known to have
occurred. Tremor is generated by bubble collapse (Konstantinou and Schlindwein,
2003), which is expected to produce white noise. However, assuming that the water
is contained in a channel, the boiling process may set it into resonance, so that
the frequency response of the channel will be convolved with the broadband noise
(Konstantinou and Schlindwein, 2003). Finally, Eibl et al. (2017b) suggest that the
tremor on 3 September is produced by progressive fracturing of rock in the top ∼2
km of the crust. They model the tremor as repetitive 1 Hz Ricker wavelets, but do
not address why brittle failure of dry rock would produce a 1 Hz-earthquake, and
Ágústsdóttir et al. (2016) do not locate any brittle earthquakes at these depths.

In Iceland, sub-glacial tremor was observed during a fissure eruption beneath
Vatnajökull icecap in 1996 (Einarsson et al., 1997; Konstantinou, 2002) and at Katla
volcano in 2011 (Sgattoni et al., 2017). Konstantinou (2002) suggests that the tremor is
caused by ascending turbulent slugs of magma separated by small intervals of laminar
flow, but notes that this is uncertain. Sgattoni et al. (2017) suggest that tremor located
near ice cauldrons was caused by volcanic processes, possibly hydrothermal. These
studies show that, while volcanic tremor may be a useful tool for eruption monitoring,
it is still difficult to constrain exact source mechanisms, even with excellent seismic
network coverage.

5.4.3 Tremor location: comparison with existing work

Tremor was detected on 23 August and 3 September. The most likely location on 23
Aug (Figure 5.9) is nearest to DK-02, but all cauldrons fall within uncertainty. The
location uncertainty is large, likely due to contamination from a large number of VT
earthquakes associated with a rapid dyke propagation phase. Cauldron DK-02 must
have formed before 27 Aug (Reynolds et al., 2017), when it was first observed, and so I



5.5 Conclusion 139

propose that the 23 Aug tremor is associated with DK-02. The tremor location on 3
Sept is closest to DK-03 (although DK-02 is also within location uncertainty).

Caudron et al. (2018) use Seismic Amplitude Ratio Analysis (SARA) to locate
continuous seismic energy during the dyke intrusion and find that while the SARA
location usually tracks the dyke VT earthquakes, on 23 August and 3 September
lower frequency sources (tremor) are detected in the vicinity of the Dyngjujökull
ice cauldrons. Eibl et al. (2017b) locate the 3 Sept tremor with array beamforming
techniques and report it as occurring beneath the central cauldron (DK-02). However,
the location uncertainty spans a wide angle and corrections for so-called array squinting
(the assumption that the plane wave travelling through the array has travelled in a
straight line from the source could be broken due to some heterogeneity along the ray
path) - as later detailed in Eibl et al., 2017a) - are not applied, so the beam-forming
location may in fact align with the northern cauldron DK-03.

I am impressed with the potential of the location method for near-real-time tremor
monitoring, given the simplicity of the technique, but recognise that more work needs
to be done to pinpoint definitively the tremor to a specific cauldron. It is perhaps
surprising that the highest amplitude tremor (3 Sept) seems to be associated with the
smallest sub-glacial eruption (cauldron DK-03, by volume, see Reynolds et al., 2017)
and that I do not find any tremor associated with the largest sub-glacial eruption
(cauldron DK-01). However, even given our tremor location uncertainty, I do not detect
a period of tremor corresponding to each cauldron. This could be because of steady
flow or because the body of fluid is too large to resonate at observable frequencies at
DK-01. This highlights the fact that movements of magma may not be detected by
current methods available to volcano seismology.

5.5 Conclusion
We have detected and located long-period events (LPs) and tremor associated with the
Bárðarbunga-Holuhraun 2014-15 rifting event. We argue that the clusters of highly-
repetitive LPs result from triggers next to a fluid-filled cavity, resulting in waveforms
with clear P and S phases followed by a long duration, low frequency coda. The
clusters of LPs have been accurately located near to and below three ice cauldrons on
Dyngjujökull glacier which were caused by sub-glacial eruptions (Reynolds et al., 2017),
at shallower depths than the dyke volcano-tectonic earthquakes associated with lateral
dyke propagation. Given this, and that the LPs occurred in swarms during times of
dyke-stalling and hence pressurization, we suggest that they represent magma moving
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upwards sub-vertically, rather than horizontally along the main dyke. The waveforms,
spectra and fault plane solutions are remarkably consistent between clusters, which
is evidence of the same source mechanism occurring over 10 km apart. We have also
located two periods of tremor in the same region as the two northerly ice cauldrons;
this tremor and the associated sub-glacial eruptions represent the climax of the vertical
melt movement below the glacier. We find that the timing, location and spectral
content of the LPs and tremor are similar, and suggest that the tremor may arise from
either sub-glacial eruption processes, or comprise rapid triggering of LPs. We do not
identify a period of tremor corresponding to the southernmost (and largest) cauldron,
which highlights the fact that many movements of magma remain ‘silent’ to current
methods available to volcano seismology.



Chapter 6

Conclusions and Future Directions

In this thesis, I have shown that dv/v is sensitive to deformation caused by magmatic
processes at volcanoes. In Hawai’i, relative seismic velocity variations (dv/v) correlate
with deformation at Kı̄lauea summit (Chapter 3), which is controlled by the pressurisa-
tion of a shallow magma reservoir. In Iceland, both positive and negative dv/v changes
are observed after the 2014 Bárðarbunga-Holuhraun rifting event in direct proportion
to the volumetric strain field around the dyke intrusion (Chapter 4).

Furthermore, dv/v is sensitive to a wide range of processes and so can complement
other geophysical observables. I find a seasonal variation in dv/v in central Iceland
due to changing environmental loads (Chapter 4), which has also been observed in
the vertical component of GPS time series (Drouin et al., 2016). However, GPS is
insensitive to changes in pore-pressure in the shallow crust, which I argue is necessary
to explain the variations in dv/v. In Hawai’i, a precursory shift in the behaviour of
dv/v was observed over a ten day period before the 2018 Kı̄lauea eruption (Chapter 3,
Olivier et al. 2019). This likely signifies weakening of the volcanic edifice, which may
have been missed by other geophysical measurements.

In Chapter 5, I highlight the wealth of information that is present in cross-correlation
functions (CCFs). It is not possible to make reliable measurements of dv/v during the
2014-15 rifting event in Iceland because the CCFs are contaminated with a new noise
source. However, by using information in a different part of the CCF I am able to
locate volcanic tremor.

The sensitivity kernels of the coda of noise CCFs are currently a major focus
of research in this field. By measuring dv/v across a range of frequency bands in
Chapter 4, I am able to show that the seasonal dv/v signal varies with depth, in
amplitude, pattern and phase (the effects of changing groundwater level being much
more important at shallow depths). I have assumed that the the coda of the noise
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CCFs is dominated by Rayleigh waves. However, other seismic waves contribute, and
to fully exploit the opportunity to measure the variation of dv/v in space we must
develop our knowledge of the 3D sensitivity of the CCF coda.

I have argued in this thesis that dv/v is proportional to volumetric strain change.
This assumption has allowed me to explain the observed changes in dv/v caused by
a variety of crustal stresses. It also highlights the point that deformation modelling
is crucial when interpreting changes in dv/v, even simply to predict whether dv/v
changes will be positive or negative (as shown by the unexpected positive correlation
between dv/v and radial tilt at Kı̄lauea and the opposing responses of dv/v around
the Bárðarbunga-Holuhraun dyke intrusion). However, the decrease in dv/v before the
2018 Kı̄lauea eruption suggests that at some point this assumption that dv/v changes
linearly with strain breaks down. Exploring the behaviour of dv/v in various rock types
and in response to a range of scales of stresses will be another important development
for our interpretations of dv/v. That it is now possible to measure seismic velocity
changes at a fraction of one percent, continuously, in situ and in a wide variety of
environments (wherever you can place a seismometer) offers exciting potential for our
understanding of rock physics and crustal deformation.

The discovery that coherent seismic waves can be extracted from ambient noise
by cross-correlation of seismic data recorded at a pair of stations (or even a pair of
components at one station) has opened up a whole new field in geophysics. I hope that
this thesis demonstrates a wide range of potential applications of measuring dv/v at
volcanoes and other settings worldwide. I continue to be amazed that waves crashing
around in the oceans produce a signal that can be used to study the earth beneath our
very feet, right now.
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Appendix A

Seismometer details

A.1 Seismometers at Kı̄lauea
Code Latitude Longitude Elevation (m) Description
AHUD 19.37157 -155.26346 1051 L4
AIND 19.37207 -155.45723 1524 T120
BYL 19.41209 -155.25988 1079 40T
CPKD 19.39144 -155.32432 1037 L4
DEVL 19.37350 -155.24060 1049 40T
DESD 19.33340 -155.38565 814 L4
HAT 19.42304 -155.26094 1084 40T
HLPD 19.29625 -155.30748 706 T120
HTCD 19.23750 -155.39750 394 L4
KAED 19.28586 -155.12909 34 L4
KKO 19.39824 -155.26603 1125 40T
KNHD 19.37945 -155.16930 911 L4
MITD 19.33566 -155.30111 935 L4
MLOD 19.49317 -155.38602 2044 T120
NAHU 19.4151 -155.23831 1177 L4
NPT 19.41203 -155.28092 1105 40T
OBL 19.41766 -155.2841 1102 40T
OTLD 19.38653 -155.28172 1091 L4
PAUD 19.37379 -155.2155 994 T120
POLD 19.28123 -155.22465 176 L4
RIMD 19.39537 -155.27364 1129 T120
RSDD 19.46019 -155.27535 1270 L4
SBL 19.42708 -155.26768 1081 40T
SDH 19.39 -155.294 1115 40T
UWB 19.42476 -155.27758 1084 40T
UWE 19.42097 -155.29116 1231 STS2
WRM 19.40662 -155.30001 1153 40T
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Key Type
40T Guralp CMG-40T semi-broadband seismometer
L4 Mark Products L4C short period seismometer
STS2 Strekeisen STS-2 portable broadband seismometer
T120 Nanometrics Trillium 120 broadband seismometer

A.2 Seismometers in Iceland
These are the instruments used in Chapter 4.

Code Type Lat. Long. Elev. (m) Start End
ADA 3ESP 65.01879 -15.57452 443 2009:244:00:00 2017:274:00:05
ASK 6T 65.05194 -16.64806 955 2011:244:00:00 2016:356:00:00
ASK 3ESP 65.05194 -16.64806 955 2017:081:13:25 2018:204:10:10
BRUN 6T 65.20461 -16.86597 536 2011:202:11:30 2018:200:12:45
DDAL 6T 65.07739 -16.93341 801 2011:201:14:40 2014:244:14:30
DYN 6T 64.79086 -17.36648 1146 2012:245:00:00 2013:186:13:10
DYN 3T 64.79086 -17.36648 1146 2013:186:13:30 2018:198:19:50
FAG 3T 63.87478 -16.65364 27 2013:191:15:15 2014:240:19:13
FAL3 3ESP 63.966 -16.82067 151 2011:107:14:45 2015:119:09:45
FLAT 6T 65.18279 -16.49796 728 2011:228:21:25 2018:200:12:25
FLUR 6T 64.84354 -17.02693 838 2011:201:10:40 2012:190:14:45
FLUR 3ESP 64.84354 -17.02693 838 2012:190:16:05 2016:210:16:00
GRF LE5 64.40656 -17.26713 1710 2010:244:00:00 2017:274:00:05
HELI 6T 65.19875 -16.21843 491 2011:200:13:15 2016:207:07:55
HRIM 6T 64.89633 -16.97921 849 2011:201:11:50 2016:205:04:20
HRUR 6T 65.15577 -16.67551 697 2011:201:16:45: 2013:241:12:45
HRUR 6T 65.15577 -16.67551 697 2013:241:13:25 2016:211:13:55
IEY 3ESP 64.09534 -18.12391 652 2013:235:00:00 2016:245:00:00
JOK 3ESP 64.31529 -18.22546 736 2012:245:00:00 2017:243:20:35
JONS 6T 65.07747 -16.8057 1174 2012:189:18:25 2018:200:12:40
K250 3ESP 65.65915 -16.77652 378 2011:198:17:50 2014:189:09:45
K250 3T 65.65915 -16.77652 378 2014:189:09:50 2015:195:17:20
KAL LE5 63.94761 -17.68698 78 2010:244:00:00 2017:274:00:05
KATT 6T 64.99901 -16.96539 885 2012:191:15:40 2018:200:10:50
KODA 6T 65.36317 -16.84383 517 2011:196:14:35 2014:189:15:40
KODA 3ESP 65.36397 -16.84383 517 2014:189:19:30 2015:243:11:35
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KODA 6T 65.36397 -16.84383 517 2015:243:12:15 2016:208:11:00
KOLL 3ESP 65.29024 -16.56726 593 2011:198:13:30 2016:214:14:20
KOLL 6T 65.29024 -16.56726 593 2016:214:16:00 2017:170:09:20
KOLL 3ESP 65.29024 -16.56726 593 2017:210:16:55 2018:201:13:20
KRE LE5 64.78369 -16.38282 760 2009:244:00:00 2014:255:14:29
KRE 3ESP 64.78369 -16.38282 760 2014:255:19:15 2017:274:00:05
KVER 3ESP 64.76347 -16.61068 829 2012:191:13:00 2013:185:17:30
KVER 6T 64.76347 -16.61068 829 2013:185:18:20 2016:204:02:00
KVO LE5 65.71392 -16.8813 572 2009:244:00:00 2016:245:00:00
LAUF 3ESP 64.02918 -18.13262 563 2012:194:15:20 2013:191:13:20
LAUF 3ESP 64.02918 -18.13262 563 2013:191:13:35 2016:159:10:25
LIND 3ESP 64.85278 -16.4523 726 2011:199:17:40 2017:201:01:35
LIND 3ESP 64.85278 -16.4523 726 2013:185:15:45 2018:199:16:25
MEL LE5 65.57002 -16.65725 370 2009:335:00:00 2014:226:22:00
MEL 3ESP 65.57002 -16.65725 370 2014:226:22:00 2016:245:00:00
MIDF 6T 65.08676 -16.32961 572 2011:200:16:00 2018:200:11:20
MKO LE5 64.9784 -16.33826 690 2009:244:00:00 2017:274:00:05
MOFO 6T 64.9844 -16.65119 702 2011:201:15:45 2016:209:09:25
MYVO 6T 65.1555 -16.36895 639 2011:200:17:15 2018:200:15:45
OSKV 6T 65.03933 -16.70164 1209 2011:201:13:05 2015:195:23:00
REN LE5 65.64699 -16.90591 33 2009:244:00:00 2016:245:00:00
RIFR 6T 64.91533 -16.37127 657 2013:185:12:40 2018:199:17:30
RODG 6T 64.98513 -16.88639 1022 2011:244:00:00 2013:246:13:05
RODG 6T 64.98513 -16.88639 1022 2013:246:13:45 2016:209:19:20
SKAF 3ESP 64.02609 -16.98853 259 2013:239:18:40 2014:182:18:55
SKAF 3T 64.02609 -16.98853 259 2014:182:19:00 2014:250:12:45
SKAF 6T 64.02609 -16.98853 259 2015:186:11:10 2015:237:17:20
SKAF 3T 64.02609 -16.98853 259 2015:256:22:40 2016:217:20:55
SKAF 6T 64.02609 -16.98853 259 2016:258:20:55 2018:204:10:10
SKR 3ESP 64.56014 -18.38647 858 2010:244:00:00 2014:009:00:00
SKR LE5 64.56014 -18.38647 858 2014:009:00:00 2014:045:00:27
SKR 3ESP 64.56014 -18.38647 858 2014:045:00:27 2015:069:18:23
SKR LE5 64.56014 -18.38647 858 2015:121:22:32 2017:274:00:05
STAM 6T 64.99691 -16.80959 1171 2012:190:12:55 2018:199:17:25
SVA LE5 65.33691 -17.25454 403 2009:244:00:00 2017:274:00:05
SVAD 6T 65.11746 -16.57498 680 2011:201:18:05 2018:200:15:20
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SVIN 3ESP 64.3866 -15.39449 40 2013:190:16:35 2018:197:17:45
SYLG 3ESP 64.42524 -18.1097 899 2013:192:11:30 2018:197:15:05
TOHR 6T 64.91658 -16.78473 715 2011:201:12:15 2018:201:10:50
TOLI 6T 65.10336 -16.11953 537 2011:254:13:45 2012:188:17:25
TOLI 3ESP 65.10336 -16.11953 537 2012:188:17:40 2013:184:13:50
TOLI 6T 65.10336 -16.11953 537 2013:184:15:05 2014:183:15:40
TOLI 3T 65.10338 -16.1195 528 2014:183:15:50 2016:096:18:35
TOLI 6T 65.10338 -16.1195 528 2016:215:15:00 2018:198:19:05
UTYR 6T 65.03605 -16.31867 623 2011:199:19:00 2016:208:13:00
VADA 6T 64.99487 -16.53817 673 2011:201:13:40 2016:204:23:40
VAT LE5 64.18664 -18.91768 573 2008:249:00:00 2016:245:00:00
VEGG 6T 65.38205 -16.37467 507 2011:198:15:10 2018:201:12:40
VONK 6T 64.67315 -17.75591 1011 2013:239:18:50 2014:249:16:30
VONK 3ESP 64.67315 -17.75591 1011 2014:249:18:00 2018:204:10:10
VSH LE5 64.80775 -15.72768 860 2009:244:00:00 2017:274:00:05

Key Type Corner period (s)
6T Guralp 6TD broadband geophone 30
3ESP Guralp CMG-3ESP broadband geophone 60
3T Guralp CMG-3TD 120
LE5 Lennartz LE-3D geophone 5

The instruments used for tremor location (Chapter 5) were: ASK, BJK, DJK, DYJN,
DYJS, DYN, DYSA, FJAS, FLUR, GRF, HOLR, HOLU, HRIM, KRE, KVER, LIND,
RIFR, SOSU, STJA and VONK. Further details of the network used for earthquake
detection and location is given in Ágústsdóttir et al. (2016) and Woods et al. (2018).

DJK 6T 64.50405 -17.23571 1679
DYJN 6T 64.6836 -17.13372 1359
DYJS 6T 64.63796 -16.98801 1359
DYSA 6T 64.9349 -16.6755 680
FJAS 3T 65.0247 -17.09217 820
HOLR 6T 64.87495 -16.81357 720
HOLU 6T 64.88625 -16.75296 703
SOSU 6T 64.94193 -16.8543 801
STJA 6T 64.81091 -16.53488 740





Appendix B

Velocity models

B.1 Kı̄lauea velocity model
The table below shows the velocity model from Klein (1981), which was used to
calculate depth sensitivity kernels in Chapter 3. The layers were linearly interpolated
at 100 m intervals.

Depth (km) Vp (km/s) Vs (km/s)
0 1.9 1.1

4.6 6.5 3.7
15 6.9 3.9

16.5 8.3 4.55

B.2 Iceland velocity model

Depth (km) Vp (km/s) Vs (km/s)
-0.7 0.54 0.31
-0.6 1.8 0.93
-0.5 2.33 1.2
-0.4 2.71 1.39
-0.3 3.01 1.55
-0.2 3.422 1.982
0 3.47 2.01

0.5 3.63 2.09
1 3.8 2.19

1.5 3.96 2.28
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2 4.8 2.76
2.5 5.07 2.91
3 5.29 3.03

3.5 5.86 3.35
4 6.01 3.43

4.5 6.18 3.53
5 6.36 3.62

5.5 6.47 3.68
6 6.49 3.69

6.5 6.49 3.68
7 6.51 3.69

7.5 6.53 3.7
8 6.57 3.71

8.5 6.6 3.73
9 6.63 3.74

9.5 6.66 3.74
10 6.67 3.74

10.5 6.67 3.74
14 6.67 3.75

14.5 6.7 3.76
15 6.72 3.78

15.5 6.75 3.79
16 6.76 3.8
18 6.78 3.81

18.5 6.81 3.83
19 6.85 3.85

19.5 6.88 3.87



Appendix C

Supplementary Materials

C.1 Methodology from Olivier et al. (2019), Chap-
ter 3

We examined data from all station and all components within 10 km of the Kilaeua
crater and removed stations and components that produced any crosscorrelation
functions with signal-to-noise ratio below 5. The signal was considered as the RMS of
the signal in the lag-time window corresponding to the wave arrival between 1000 m/s
and 700 m/s and the noise was considered as the RMS of the signal in the far coda
between 100 s and 120 s.

C.2 Location of velocity changes in Chapter 3
In order to estimate the regions where the velocity variations occur, we use a simple
approach as described in (Olivier et al., 2015b). We average the velocity variations for
the N - 1 cross-correlation pairs involving a specific sensor (where N is the number of
sensors). Since the medium surrounding the volcanic edifice is likely very scattering,
the sensitivity kernels, based on diffusion approximations, have a pronounced maximum
close to the sensors. The average of N - 1 velocity variations involving a specific sensor
is in this case a reasonable approximation for the velocity change at this sensor. This
averaging process also decreases the errors in the apparent seismic velocity variations
introduced by changing noise source locations, since it is a form of azimuthal averaging.
To show the spatial distribution of velocity changes, we simply interpolate the values
obtained at each station on to a regular 2D grid. With dense sensor spacing, the simple
location method is adequate.
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C.3 Choice of reference noise cross-correlation func-
tions in Chapter 4

Ideally a reference noise cross-correlation function (NCF) is a stack over a representative,
stable period of time. For the frequency bands 0.1-0.4 Hz and 0.4-1.0 Hz we used
all available NCFs before 16 August 2014, when the Bárðarbunga-Holuhraun dyke
intrusion began. Stacking over a long period of time means that the signal-to-noise
ratio of the reference NCF is greater. However, this approach is less appropriate at
higher frequencies. In this case, the changes in arrival time of the phases in the NCFs
through time are comparable to the period of the NCFs themselves, so the NCFs may
not stack constructively. Following the method of James et al. (2017), I instead used
moving reference functions for the frequency bands 1-2 Hz, 2-4 Hz and 4-16 Hz. We
stacked 5-day periods and made daily measurements of dv/v between adjacent 5-day
stacks offset by one day, with the first acting as a moving reference function. dv/v was
then summed cumulatively through time.

This method has the advantage that the correlation coefficient between the current
and reference NCF is consistently higher (Figure C.1), so it is possible to achieve
better time resolution. The disadvantage, as described by James et al., is that any
error in the measurement of dv/v propagates through the time series, since dv/v is
a cumulative sum. It is not necessarily possible to identify times when the error is
introduced, which could be at a single occurrence or a consistent bias over a period of
time. The effects of this error propagation can be seen as a long-term drift occurring
in dv/v. Like James et al., I correct for this drift by removing linear trends (one before
the Bárðarbunga-Holuhraun rifting event and one afterwards) from the cumulatively
summed dv/v time series for each component-pair at each individual station. This
correction is empirical and means that long-term trends in dv/v cannot be interpreted
from these results.

In Figure C.1, I show that, in the 1-2 Hz band, the moving-reference results are
consistent with results calculated using a single reference function stacked before the
Bárðarbunga-Holuhraun rifting event (as was done for the lower frequency bands).
For the two highest frequency bands, the timing of the annual cycle in dv/v is the
same, but the amplitude of the trend is much greater when using the moving-reference
method. This shows the importance of the choice of reference function, particularly at
higher frequencies. An alternative to the moving-reference approach is the method of
Brenguier et al. (2014), where dv/v is measured between all combinations of days and
a Bayesian least-squares inversion is used to determine a continuous dv/v time series.
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Fig. C.1 Comparison of dv/v measurements using static references and moving ref-
erences. Static references are stacks of all available data until 15 August 2014 (dv/v
shown in black to yellow color palette); the current NCFs are 10-day stacks for 1-2 Hz
and 2-4 Hz and 30-day stacks for 4-16 Hz. The moving references are the preceding
5-day stack (dv/v shown in yellow to purple color palette), see text for details. As in
Figure 4.5, dv/v is measured between the three component-pairs at individual stations
and averaged over the network.
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