
1.  Introduction
Planetary atmospheres can have three different origins: nebular gas accreted from the protoplanetary disk 
(primordial); early, syn-accretionary gas release from planetesimal accretion or outgassing during the cooling 
of a magma ocean (primary); or long-term release of volatiles from the planetary interior for example, through 
volcanism (secondary). The atmospheres of rocky planets may evolve from primordial/primary to secondary as 
they undergo significant modification by geological and atmospheric processes, altering the atmosphere's mass 
fraction and chemical composition. Modification processes include hydrodynamic escape, erosion and volatile 
addition from impacts, and volcanic outgassing of volatiles from the interior (see Table 1 for references). A more 
extensive list of processes which can modify planetary atmospheres, and associated literature which has investi-
gated these effects, can be found in Table 1.

In this paper series, we focus on secondary atmospheres which form as a result of volcanic outgassing. The 
chemistry of volcanic gases is dependent on the oxygen fugacity (fO2) of the magma (and likewise the mantle 
from which the magma was formed, e.g., Burgisser et al., 2015; Gaillard et al., 2015; Ortenzi et al., 2020), surface 
pressure through volatile solubility in magmas (Gaillard & Scaillet, 2014), and the relative abundance of vola-
tile  elements (i.e., H, C, O, S and N) within the magma. The secondary atmospheres of volcanically active rocky 
planets are therefore inextricably linked to their geological state. This is particularly useful when considering 

Abstract  The geology of Earth and super-Earth sized planets will, in many cases, only be observable via 
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may reflect planetary geochemistry. We couple volcanic outgassing with atmospheric chemistry models to 
simulate the growth of C-O-H-S-N atmospheres in thermochemical equilibrium, focusing on what information 
about the planet's mantle fO2 and bulk silicate H/C ratio could be determined by atmospheric observation. 
800 K volcanic atmospheres develop distinct compositional groups as the mantle fO2 is varied, which can be 
identified using sets of (often minor) indicator species: Class O, representing an oxidized mantle and containing 
SO2 and sulfur allotropes; Class I, formed by intermediate mantle fO2's and containing CO2, CH4, CO and 
COS; and Class R, produced by reduced mantles, containing H2, NH3 and CH4. These atmospheric classes are 
robust to a wide range of bulk silicate H/C ratios. However, the H/C ratio does affect the dominant atmospheric 
constituent, which can vary between H2, H2O and CO2 once the chemical composition has stabilized to a point 
where it no longer changes substantially with time. This final atmospheric state is dependent on the mantle fO2, 
the H/C ratio, and time since the onset of volcanism. The atmospheric classes we present are appropriate for 
the closed-system growth of hot exoplanets, and may be used as a simple base for future research exploring the 
effects of other open-system processes on secondary volcanic atmospheres.

Plain Language Summary  To understand the geology of rocky planets, we must learn to 
use observations of their atmospheres to infer the properties of their interiors. When rocky planets have 
atmospheres made up of gases released by volcanoes, the chemistry of the atmosphere can be linked back to the 
volatile content and availability of oxygen in the planet's interior. In order to understand what the atmospheres 
of these rocky planets might look like, we use computer simulations to analyze their evolution and chemical 
signatures. We find that planets with Venus-like surface temperatures will produce atmospheres whose 
chemical compositions enable them to be split into three distinct categories. These three classes are identified 
using diagnostic combinations of species.
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studies of exoplanets, where secondary atmospheres could provide key insight into planetary interiors through 
the window of volcanic activity.

The geological properties of a planet, such as size, mantle fO2 and volatile H/C ratio in the bulk silicate planet 
(the ratio of H/C in the planet's earliest mantle), are both dependent on, and in turn help to control, many facets 
of rocky planet evolution. The mass of a planet may control mantle fO2 (Wade & Wood, 2005), along with the 
planet's location in the protoplanetary disk and core formation processes (Frost et al., 2008). The bulk silicate 
H/C ratio could be dependent on the initial  26Al content of the protoplanetary system (Lichtenberg et al., 2019), 
degassing during early planetary differentiation (Hirschmann et al., 2021) and the quantity of both water and 
carbon in the magma ocean during core formation, which results in the sequestration of hydrogen and carbon 
within the core (Grewal et al., 2021; Tagawa et al., 2021). The predicted atmospheric compositions of rocky 
exoplanets based on geological properties, such as mantle fO2 and initial volatile content, can in principle be 
compared to observations to test planetary formation and evolution scenarios. While properties such as the size 
and interior structure of a planet can already be observed, or may be inferred using mass radius observations 
(e.g., Dorn et al., 2017), establishing the mantle fO2 or the bulk silicate H/C ratio will require observations of 
atmospheric chemistry.

The composition and speciation of volcanic gases can be linked to the fO2 and volatile content of the magmas they 
originate from (e.g., Gerlach, 1993; Holloway, 1987; Iacovino, 2015; Moretti & Papale, 2004). However, when 
degassed into an atmosphere these gases mix and are subject to various processes which will act to complicate the 
link between the mantle of a planet and it's volcanic atmosphere (See Table 1). For example, as volcanic outgas-
sing proceeds, the surface pressure increases, which in turn affects the volume and composition of the volcanic 
gases being emitted. At higher atmospheric pressures, water outgassing is suppressed (Gaillard & Scaillet, 2014), 
making the emitted gases proportionally more carbon-rich. If atmospheric escape is occurring concurrently, 
then mass is also being lost from the atmosphere, and is acting to decrease the surface pressure. The loss of 
H atoms via hydrogen escape (explored in Paper III) will modify the redox chemistry of the atmosphere (e.g., 
Kasting, 1993; Wordsworth & Pierrehumbert, 2014), while drawdown processes which preferentially remove 
certain species (e.g., the carbonate-silicate cycle removing CO2) will affect the atmospheric composition by 
leaving behind elements which are less sensitive to drawdown processes to build up in the atmosphere (e.g., N; 
Hu & Diaz, 2019).

Volcanic gases, once input to an atmosphere, will be cooled to the temperature of the planet's surface environ-
ment, changing the their speciation compared to that at their eruptive conditions (Gaillard et al., 2021). There 
will be limits on the extent of volcanic gas re-equilibration at lower atmospheric temperatures, where gases 
may quench at their high temperature speciations and remain in disequilibrium within the atmosphere on long 

Atmospheric modification processes on rocky planets Considered here? Other references

Volcanic outgassing Yes Gaillard and Scaillet (2014); Hoolst et al. (2019); Liggins et al. (2020); Ortenzi 
et al. (2020); Kite and Barnett (2020)

Non-volcanic outgassing (e.g., serpentinization) No Guzmán-Marmolejo et al. (2013)

Thermochemical kinetic re-equilibration See Paper II Sossi et al. (2020); Zahnle et al. (2020)

Atmospheric escape See Paper III Hunten (1973); Walker (1977); Lammer et al. (2014); Tian (2015)

Photochemistry No Kasting and Catling (2003); Hu et al. (2012); Catling and Kasting (2017); Wogan 
and Catling (2020); Jordan et al. (2021)

Deposition, condensation & rainout No Pinto et al. (1980); Hu et al. (2012); Ranjan et al. (2019); P. Rimmer et al. (2019); 
Huang et al. (2022)

Impact erosion, transformation & volatile delivery No Kasting (1990); Liu et al. (2015); Schlichting et al. (2015); P. B. Rimmer 
et al. (2019); Sinclair et al. (2020); Todd and Öberg (2020); Zahnle et al. (2020)

Drawdown processes (e.g., silicate weathering 
causing CO2 drawdown)

No Walker et al. (1981)

Biological processes No Kharecha et al. (2005)

Table 1 
Processes Which Can Modify the Chemical Composition and Speciation of an Atmosphere, and Examples of Previous Papers Which Have Discussed These Processes 
in the Context of Exoplanet Atmospheres
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timescales. Here, we focus on planets with high atmospheric temperatures, ≥800 K, where quenching is likely to 
be insignificant on long timescales. Hot rocky planets are a key class of rocky exoplanet of which there is only 
one example in the solar system (Venus), and are the most amenable to observation in the next 5–10 years as 
their short period orbits increase the observational duty cycle. At 800 K it is plausible that volcanic gasses, once 
added to and mixed with the atmosphere, will be able to evolve to low temperature thermochemical equilibrium. 
See Paper II for a complete analysis of the reactions that regulate the attainment of thermochemical equilibria 
in secondary volcanic atmospheres, and the temperature requirements for thermochemical equilibrium to be 
achieved.

Previous investigation into the formation of secondary volcanic atmospheres has focused on factors such as 
the mass, bulk composition, tectonic regime, early volatile content, graphite saturation of magmas, and orbital 
distance of a planet can affect volcanic outgassing and the resultant secondary atmosphere composition. These 
past studies have identified several key features of volcanic secondary atmospheres and how they relate to 
the broader geodynamic state of the planet: planets which are more massive (>2 × the mass of Earth, Noack 
et al., 2017; Dorn et al., 2018), which have graphite saturated magmas (Guimond et al., 2021), or which have a 
high iron to silicon ratio (Spaargaren et al., 2020) will have lower outgassing rates; stagnant lid planets may grow 
more massive atmospheres than those with plate tectonics (Spaargaren et al., 2020) (although this is controver-
sial, e.g., Kite et al., 2009; Noack et al., 2014); and rocky planets which form with thick primordial atmospheres 
are less likely to have long-lived secondary atmospheres (Kite & Barnett, 2020). Ortenzi et al. (2020) have also 
recently investigated the effect of mantle fO2 on the atmospheres of rocky planets; however, their modeling 
focused on the atmospheric composition in terms of the outgassed mass of H2O, CO2, CO and H2 at very high 
temperatures (around 2000 K) and without considering adjustment of the atmosphere to thermochemical equilib-
rium at surface temperatures.

Here, we model how secondary atmospheres on hot stagnant lid planets will grow and evolve over time. This 
regime is chosen as high surface temperatures (>400–600 K) are likely to inhibit the initiation of plate tectonics, 
due to the lack of surface water and a reduced temperature difference between the mantle and lithosphere (see 
Foley & Driscoll, 2016, and references within). The influence of mantle fO2, the bulk silicate H/C ratio, and 
atmospheric temperature is investigated, using a C-O-H-S-N volcanic outgassing model. This expands on previ-
ous work (e.g., Gaillard & Scaillet, 2014; Ortenzi et al., 2020) by including both sulfur and nitrogen species in 
the atmosphere, and accounting for the changes in speciation of gases which occur as a function of temperature. 
We also differ from the previous work discussed above by allowing the fO2 of erupted magmas (and therefore 
the chemistry of their associated gas phase) to evolve as they are erupted, rather than fixing them at the fO2 of 
the mantle.

In this Paper I, we investigate the base case of volcanic secondary atmosphere formation and how these atmos-
pheres may reflect planetary geochemistry; specifically, the mantle fO2 and bulk silicate H/C mass ratio. The 
atmosphere is solely influenced by progressive volcanic degassing, and instantaneous cooling of the atmosphere 
to 800 K. These base atmospheres we present in our results are therefore a foundation upon which additional 
physical and chemical atmospheric processes should be tested (e.g., the kinetics of cooling atmospheres, explored 
in Paper II, and H2 escape in Paper III). In Section 2, we present our modeling technique in full. Results are shown 
in Section 3, with discussion and conclusions presented in Sections 4 and 5.

2.  Methods
To simulate the evolution of a planet's atmosphere, we have constructed EVolve, a 3-part model linking mantle 
(Part 1, Section 2.1) to atmosphere (Part 3, Section 2.3), via a volcanic system (Part 2, Section 2.2). The relation-
ships between each section of the model are demonstrated in Figure 1. During a single time-step, a portion of the 
mantle is melted, and volatiles partition from the bulk mantle into the melt phase according to the batch melting 
equation (Section 2.1). The mass and volatile content of this magma, along with the fO2 of the mantle, is used as 
an initial condition for EVo, our volcanic outgassing model, which forms Part 2 of the model (Section 2.2). EVo 
returns the mass, composition, and speciation of the volcanic gas, as a mixture of 10 C-O-H-S-N species, at the 
current surface pressure. In the third model component (Section 2.3), representing the atmosphere, the volcanic 
gas is mixed with the pre-existing atmosphere, the surface pressure is updated, and the equilibrium speciation for 
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this atmosphere is determined using FastChem 2.0 (Stock & Kitzmann, 2021; Stock et al., 2018). More detail on 
each of the three components is given below.

All models we present begin their calculations with 0.01 bar surface pressure (this is an arbitrary value which is 
small enough not to affect results, as EVo cannot be initiated with zero atmospheric pressure) from a pure N2 gas, 
that is, minimal pre-existing atmosphere. This assumes that any primordial or primary atmosphere from before 
magma ocean solidification has been lost, or replaced by outgassing over time. Initializing a planet which retains 
a massive atmosphere would effectively imply the presence of a magma ocean (Nikolaou et al., 2019), because of 
the strong greenhouse effect of a thick reducing atmosphere (e.g., Wordsworth and Pierrehumbert, 2013). Such a 
scenario is outside the scope of this work. The escape of hydrogen to space is also neglected here, and we consider 
the effects of escape in detail in Paper III; this means that the results of this paper are relevant for an end-member 
of planetary evolution where current atmospheric escape is negligible – an important basis on which to build 
models incorporating more physical/chemical processes. All models also use a single rate of melt production in 
the mantle. While planets are more likely to have a rate of melt production which wanes with time, as the interior 
of the planet cools, different rates of melt production would in practise simply change the timescale over which 
various points in atmospheric evolution are reached. This will not affect the interpretation of our results, as we do 
not aim to make detailed predictions of planets at particular points in their history.

2.1.  Part 1: Mantle Melting

We fix the fO2 of the mantle at a value relative to the iron-wüstite (IW) rock buffer, at the pressure and temper-
ature of melt production in the mantle. We assume that melt production and the gradual loss of volatile species 
does not affect the fO2 over time, an assumption supported empirically by the relative constancy of Earth's mantle 
fO2 through time despite Earth's history of extensive volatile cycling (e.g., Trail et al., 2011). At the start of each 
time-step, a fraction of the mantle is melted. For an Earth-size planet, the rate of melt production in the mantle 
(Mmelt) is set to 1 × 10 15 kg yr −1, based off results from Ortenzi et al. (2020).

The volatile (H, C, S and N) content of this melt is then calculated using the batch melting equation

𝑋𝑋𝑖𝑖𝑖𝑖𝑖𝑖𝑖𝑖𝑖𝑖𝑖 =
𝑋𝑋𝑖𝑖𝑖𝑖𝑖𝑖𝑖𝑖𝑖𝑖𝑖𝑖𝑖𝑖𝑖

𝐷𝐷𝑖𝑖 + 𝐹𝐹 (1 −𝐷𝐷𝑖𝑖)
,� (1)

Figure 1.  (a) Model schematic and (b) flowchart. Arrows in (b) show direction of information flow. See text for symbols.

Melt return
to mantle
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where i indicates a single volatile species, Xi,melt is the concentration of each volatile in the melt phase expressed 
as a weight fraction, Xi,mantle is the volatile concentration in the bulk mantle, F is the local melt fraction (which 
we fix at 0.1; we test the effect of varying the melt fraction in Appendix A) and Di is the partition coefficient 
of the volatile (the concentration ratio of a volatile between mantle and melt at equilibrium, see Table 2). The 
volatile elements considered here all have partition coefficients less than 1 (C in graphite-saturated melts being 
the exception, discussed below), and therefore partition preferentially into the melt phase, generating a melt that 
is volatile element enriched in comparison to the bulk mantle.

The behavior of carbon during partial melting of the mantle is fO2-dependent, so a single partition coefficient 
does not capture it's behavior during melting. When the mantle is sufficiently oxidized so that graphite is unsta-
ble, carbon behaves as a highly incompatible element. Under these conditions, the C content of a magma after 
batch melting can be calculated using the partition coefficient of Rosenthal et al. (2015) (Table 2). If the mantle 
is graphite saturated, as it will be at lower fO2 conditions, the amount of carbon present in the melt is controlled 
directly by redox equilibrium between graphite and 𝐴𝐴 CO3

2− in the silicate melt (Holloway et al., 1992).

Recent models of planetary degassing (Guimond et al., 2021; Ortenzi et al., 2020) have applied the model of 
Holloway et al. (1992) to claim that at low fO2, the volcanic gases feeding the atmosphere should be carbon-poor 
compared to more oxidized conditions, as the bulk of the planet's carbon budget remains in the mantle as graphite. 
However, there is a growing body of evidence which suggests that at low fO2, carbon can dissolve into silicate 
melts in forms other than 𝐴𝐴 CO3

2− (e.g., Ardia et al., 2013; Armstrong et al., 2015; Dalou et al., 2019; Stanley 
et al., 2014). We have therefore chosen to use the model of Li et al. (2017) under graphite saturated conditions, 
which calculates the total dissolved C content without speciation:

IW + 1.7 ≥ log �O2 ≥ IW − 1:

log(C, ppm) = − 3702∕� − 194�∕� − 0.0034 log
(

mH2O
)

+0.61NBO∕T + 0.55ΔIW + 3.5

� (2)

IW − 5.3 ≤ log �O2 ≤ IW − 1:

log(C, ppm) = 0.96 log
(

mH2O
)

− 0.25ΔIW + 2.83� (3)

in which T is temperature in K, P is pressure in GPa, 𝐴𝐴 mH2O
 is the mole fraction of water in the silicate melt, ΔIW 

is the oxygen fugacity relative to the IW buffer, and NBO/T = 2 O/T − 4 where T = Si + Ti + Al + Cr + P, the 
mole fractions of elements in the silicate melt (Li et al., 2017). We assume a mantle temperature of 2000 K (e.g., 
Ortenzi et al., 2020) and pressure at the point of mantle melting of 2 GPa (the effect of varying the pressure of 
melting on our results is explored in Appendix A). The mantle is assumed to no longer be graphite-saturated if the 
C content of the melt calculated using Equation 2 is higher than that calculated using the graphite-free partition 
coefficient of Rosenthal et al. (2015). If Equations 2 and 3 do not intersect at precisely IW-1, we continue to use 
Equation 2 (which assumes C is dissolving as 𝐴𝐴 CO3

2− ) until the intersection is reached, this occurs within a few 
tenths of a log unit.

Similarly to carbon, nitrogen partitioning into a melt is also fO2-dependent, although it is less well studied. Two 
partition coefficients are provided by Li et  al.  (2013), one for the IW buffer, and one for the oxidized NNO 
(approx IW+4) buffer (Table 2). We linearly interpolate between these two values to calculate fO2-appropriate 
partition coefficients.

Species Di Reference

H 0.01 (Aubaud et al., 2004)

C (graphite undersaturated) 5.5 × 10 −4 (Rosenthal et al., 2015)

S 0.01 (Callegaro et al., 2020)

N 5.53 × 10 −3 at IW, 6 × 10 −4 at NNO (Li et al., 2013)

Table 2 
Partition Coefficients for Bulk Melting Equation Used in EVolve
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Following previous methods (e.g., Dorn et al., 2018; Ortenzi et al., 2020), it is assumed that 10% of the melt 
produced in the mantle will reach the surface as extrusive melt, which then outgasses and contributes to the 
atmosphere (Crisp, 1984). The mass of the extrusive melt which will be erupted to the surface (Mext, kg) is there-
fore calculated as

𝑀𝑀ext = r𝑒𝑒𝑒𝑒 𝑑𝑑𝑑𝑑Mmelt,� (4)

where rei = 0.1, the fraction of melt by mass that reaches the surface, Mmelt (kg yr −1) is the rate of melt produc-
tion in the mantle and dt (years) is the size of the timestep. Our rate of melt supply to the surface (1 × 10 14 kg 
yr −1, ∼27 km 3 yr −1 after applying rei to the 1 × 10 15 kg yr −1 rate of production in the mantle) falls at the lower 
end of estimates for melt production at mid-ocean ridges on Earth over the past 200 Myr (20–65 km 3 yr −1, Li 
et al., 2016). As emphasized above, the melt production rates only act to define the relationship between atmos-
pheric evolution and time, rather than affect the trajectory or end point of that evolution.

Once the extrusive melt has been erupted and outgassed, calculated in Part 2 of the model (Section 2.2), the extru-
sive melt and any residual volatiles that did not get released into the atmosphere are mixed back into the mantle 
reservoir, along with the intrusive melt. The new volatile content of the mantle after each outgassing time-step is 
calculated by recombining the three reservoirs, by simple mass balance

𝑋𝑋𝑖𝑖𝑖𝑖𝑖𝑖𝑖𝑖𝑖𝑖𝑖𝑖𝑖𝑖𝑖(𝑡𝑡 + 𝑑𝑑𝑑𝑑) =
𝑋𝑋𝑖𝑖𝑖𝑖𝑖𝑖𝑖𝑖𝑖(𝑡𝑡)𝑀𝑀ext(𝑡𝑡) +𝑋𝑋𝑖𝑖𝑖𝑖𝑖𝑖𝑖𝑖𝑖(𝑡𝑡)𝑀𝑀int(𝑡𝑡) +𝑋𝑋𝑖𝑖𝑖𝑖𝑖𝑖𝑖𝑖𝑖𝑖𝑖𝑖𝑖𝑖𝑖(𝑡𝑡)𝑀𝑀𝑚𝑚𝑚𝑚𝑚𝑚𝑚𝑚𝑚𝑚𝑚𝑚(𝑡𝑡)

𝑀𝑀ext(𝑡𝑡) +𝑀𝑀int(𝑡𝑡) +𝑀𝑀𝑚𝑚𝑚𝑚𝑚𝑚𝑚𝑚𝑚𝑚𝑚𝑚(𝑡𝑡)
.� (5)

where M is the mass of each reservoir, and the subscripts int and ext refer to the intrusive and extrusive magmas, 
respectively. The lithospheric mass remains constant over time, as all the silicate melt is returned to the mantle 
after each time-step. This approach is conceptually consistent with a planet operating in a stagnant-lid regime, 
equivalent to assuming a slow return of crustal material and it's embedded volatiles to the convecting mantle 
via delamination or lithospheric “drip” (Stern et al., 2018). Atmosphere-interior volatile cycling is assumed to 
be inefficient, that is, volatiles remain in the atmosphere once outgassed (Tosi et al., 2017). This is appropri-
ate for the hot planets we consider here, on which low temperature, aqueous drawdown processes such as the 
carbonate-silicate cycle do not operate (including those suggested by Foley, 2019; Höning et al., 2019, for stag-
nant lid planets).

2.2.  Part 2: EVo, Volcanic Outgassing

To calculate the gas composition input to an atmosphere from a magmatic source, we use a model employing 
the “equilibrium constant and mass balance” method (see Holloway, 1987), built on the EVo code previously 
described in Liggins et al. (2020). This model calculates the speciation and volume of a C-O-H-S-N gas phase 
(composed of 10 species: H2O, H2, O2, CO2, CO, CH4, S2, SO2, H2S and N2) in equilibrium with a silicate melt 
at a given pressure, temperature and magma fO2, considering both homogeneous gas-phase equilibria described 
in Equations 6–10

H2 +
1

2
O2 ⇌H2O,� (6)

CO +
1

2
O2 ⇌CO2,� (7)

CH4 + 2O2 ⇌CO2 + 2H2O,� (8)

H2S +
1

2
O2 ⇌

1

2
S2 + H2O,� (9)

1

2
S2 + O2 ⇌ SO2,� (10)

and heterogeneous gas-melt equilibria considered in the form of solubility laws suitable for a melt with a 
basaltic composition. These solubility laws are taken from Burgisser et al. (2015) for H2O and H2, Eguchi and 
Dasgupta (2018) for CO2, Armstrong et al. (2015) for CO, Ardia et al. (2013) for CH4 (both CO and CH4 are set 
to insoluble if the starting fO2 is above IW+1), Libourel et al. (2003) for N2, and using the sulfide capacity law of 
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O’Neill (2021) to calculate 𝐴𝐴 S2
− solubility as is appropriate for sulfur in reduced melts. Oxygen exchange between 

the gas phase and iron in the melt is prescribed according to Kress and Carmichael (1991) as

Fe2O3(melt) ⇌ 2 FeO(melt) + 0.5O2(gas),� (11)

so the gas is always in fO2 equilibrium with the silicate melt. While the fO2 of the system is allowed to evolve 
away from the initial mantle fO2 during decompression and outgassing, the iron pool in the melt acts as a buffer 
to this change (Burgisser & Scaillet, 2007).

During a single time-step, EVo is initialized to first find the volatile saturation pressure based on the fO2 and 
weight fractions of C, H, S and N in the melt. An iterative solver from the SciPy package of Virtanen et al. (2020) 
is used to calculate both the distribution of CHSN elements between the different species in the melt (e.g., C 
across 𝐴𝐴 CO3

− , CO2, CO and CH4) according to the mantle fO2, and the corresponding volatile saturation pressure. 
When the saturation pressure of a magma with a given dissolved volatile concentration is found, the following 
equality holds:

∑

𝑖𝑖=1

𝑃𝑃𝑖𝑖 − 𝑃𝑃 = 0� (12)

where P is the total pressure and Pi is the partial pressure of species i calculated according to it's corresponding 
solubility law, for a fixed concentration in the melt.

Once this starting pressure has been found, EVo calculates the outgassing path of the system to the surface 
pressure, assuming a constant temperature of 1200°C/1473  K. As the system pressure is lowered step-wise, 
the homogeneous gas equilibrium equations for reactions 6–10, gas-melt equilibria and Equation 11 are solved 
simultaneously, conserving the total mass of each volatile element across the system (gas + melt). The system is 
assumed to have reached thermochemical equilibrium at every pressure step.

2.3.  Part 3: Atmospheric Processing

Atmospheric processing in EVolve is calculated using FastChem 2.0 (Stock & Kitzmann, 2021; Stock et al., 2018). 
Once the mass and chemistry of a volcanic gas input to the atmosphere during a time-step has been calcu-
lated in Part 2 (using EVo), the total element abundances of the new, mixed atmosphere (pre-existing atmos-
phere + volcanic gas) are provided to FastChem. The new atmospheric pressure is calculated as

𝑃𝑃j = 𝑃𝑃j−1 +
𝑀𝑀ext 𝑊𝑊g 𝑔𝑔

4𝜋𝜋𝜋𝜋2
P

,� (13)

where Pj (Pa) is the surface pressure after the release of volcanic gases, Pj−1 is the surface pressure produced by 
the pre-existing atmosphere from the previous time-step (the pressure at which the volcanic gas is erupted at), 
Wg is the weight fraction of exsolved gas in the volcanic system, g (m s −2) is the surface gravity and RP (m) is the 
radius of the planet.

The final atmospheric speciation, in thermochemical equilibrium at the pre-defined atmospheric temperature, is 
calculated at this new surface pressure. The atmospheric chemistry is calculated as a function of all 85 species 
considered by FastChem, and so includes many species beyond those listed in Equations  6–10. The surface 
temperature is fixed, irrespective of atmospheric chemistry; this removes the effect of an evolving climate on our 
model results. Calculating the surface temperature self-consistently using the evolving atmospheric chemistry 
goes beyond the scope of this paper, but should be explored in future work to evaluate its effects on our results. 
This is a reasonable simplification, as given that the atmosphere is assumed to be in instantaneous thermochem-
ical equilibrium, the surface temperature history does not affect the final atmospheric chemistry at any point. 
For simplicity, and due to a lack of representative P-T profiles for the atmosphere as it evolves, the atmospheric 
speciation is only calculated at surface pressure. Hydrogen escape has also been included in the atmospheric 
component of EVolve, but we leave discussions of this to Paper III.
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3.  Results
We investigate the effects of mantle fO2 and atmospheric temperature on the atmospheric growth and evolution 
of Earth-sized, stagnant lid planets. A single starting mantle volatile content is initially considered, based on the 
H2O and CO2 content of the mantle after magma ocean solidification in a volatile-rich delivery scenario (450 ppm 
H2O and 50 ppm CO2; Elkins-Tanton, 2008). The mantle volatile contents of exoplanets are highly uncertain, and 
in the absence of any other reliable data on the S and N contents of planetary mantles the initial concentrations 
of sulfur and nitrogen in the model mantles are set by scaling estimates of Earth's depleted MORB (mid-ocean 
ridge basalt) source mantle content (140 ppm CO2: Le Voyer et al. (2017); 150 ppm S: Ding and Dasgupta (2017); 
1 ppm N: Marty and Dauphas (2003)), to match the CO2 value from Elkins-Tanton (2008). A single rate of mantle 
melting is considered, so all times since the onset of volcanism discussed here are linearly dependent on the melt 
production rate – that is, time and cumulative eruptive melt volume are interchangeable, and our use of time to 
track atmospheric evolution is simply indicative (see Figure 6 for examples of melt volumes implied by a given 
age). All planets are assumed to be Earth-sized, and are initialized with a 0.01 bar N2 atmosphere. Atmospheric 
chemical compositions are presented at surface pressure.

We explore the effect of atmospheric temperature on volcanic atmospheres at thermochemical equilibrium 
(Section 3.1); how the resulting speciation of the lower temperature volcanic atmospheres fall into distinct atmos-
pheric classes depending on their mantle fO2 (Section 3.2); the effect of the bulk silicate H/C ratio on these atmos-
pheric classes (Section 3.3) and how volcanic atmospheres evolve over long timescales (Section 3.4).

3.1.  Volcanic Atmospheres in Thermochemical Equilibrium

We first compare results where volcanic gases have reached thermochemical equilibrium at three different plan-
etary surface temperatures: 2000, 1500 and 800 K.

The surface pressure, scale height, mean molecular mass, and major atmospheric chemistry for three different 
surface temperature cases are shown in Figure  2, as functions of mantle fO2. Results are shown after 1  Gyr 
of volcanic activity. Figure  2a shows that the surface pressure, while unaffected by temperature, increases 
non-linearly with mantle fO2. The increase in surface pressure with mantle fO2 is controlled by a number of 
factors: (a) a more oxidized mantle will produce more oxygen-bearing gas species, with a correspondingly higher 
mean molecular weight (e.g., CO2 replacing CO). (b) The partitioning of both C and N into the melt phase during 
mantle melting is fO2 dependent, where a smaller fraction of the volatile budget enters the melt at low fO2 (see 
Section 2.1). (c) The fO2 dependence of many gas-melt solubility laws; at low fO2, nitrogen outgassing from the 
melt phase is suppressed (it becomes much more soluble by speciating into the melt as N 3− Libourel et al., 2003), 
while at high fO2 sulfur outgassing is enhanced (the sulphide capacity of the melt lowers under more oxidising 
conditions, e.g., O’Neill, 2021). This creates the stepped trend in surface pressure, with more massive atmos-
pheres formed at higher mantle fO2.

Conversely, the atmospheric scale height decreases with increasing mantle fO2, reflecting the lower mean molec-
ular weight of atmospheres on planets with reduced mantles, and particularly their increased abundance of H2 
(Miller-Ricci et al., 2008). The effect of atmospheric temperature on the mean molecular weight of the atmos-
phere is small (maximum 3 g/mol for a given fO2, Figure 2c), and therefore the differences in scale height between 
the three atmospheres are almost entirely due to thermal expansion with the 2000 K atmosphere having a scale 
height ≈2.5 × greater than the 800 K atmosphere across the fO2 range.

Figures 2d–2f demonstrate that the atmospheric chemistry of volcanic atmospheres changes systematically as a 
function of fO2 and surface temperature. The atmospheric chemistry of the 1500 K atmosphere agrees with trends 
shown in previous work (e.g., Ortenzi et al., 2020); there is a smooth transition from the atmosphere being rich in 
H2O, CO2 and SOx (in this case speciated almost entirely as SO2) under oxidized mantle scenarios, to being more 
rich in H2 and CO under reduced scenarios, and with CH4 abundance increasing as mantle fO2 reduces below 
IW+1. The atmospheric chemistry of the 2000 K atmosphere shows less variability with mantle fO2 than that of 
the 1500 K atmosphere; CH4 is absent at the ppm level across the entire fO2 range, while SOx species are present 
even at the most reduced mantle fO2 conditions. Ions are also present in the 2000 K atmosphere (including OH − 
and HS −). As none of the ions show a strong change in abundance with mantle fO2, they have been omitted from 
Figure 2 for clarity of results.
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In contrast, the atmospheric chemistry of the 800 K atmosphere shows much more variability with mantle fO2, 
compared with both the 2000 K and the 1500 K atmospheres. Rather than a smooth transition from oxidising to 
reducing atmospheres, the atmospheric chemistry shows distinct transitions in the abundance of certain species, 
which coincide with inflections in the total atmospheric pressure (Figure 2a). A sharp transition in the atmos-
pheric speciation can be seen at high fO2 (IW+3), where oxidized sulfur species (SOx, S2O, Sx) drop below ppm 
abundances, and the CH4 content rapidly increases to ∼1%. Another, more gradual transition can be seen at low 
fO2 (IW), where the CO2 and CO abundances drop sharply to less than 10 ppm, COS decreases to below ppm 
levels and the H2 content increases again to >10%. At this point, the NH3 abundance also exceeds CO, reaching 
>500 ppm at a mantle fO2 of IW-2.

3.2.  Atmospheric Classes on Hot Planets

The results of Section 3.1 have shown that once volcanic atmospheres cool to below eruptive temperatures, they 
start to form more distinct compositional groups, linked to the fO2 of the mantle supplying the degassing magmas 
(Figure 2). Here we explore how these compositional groups can be classified in an 800 K atmosphere, after 
1 Gyr of outgassing (at which point these atmospheric compositions become stable in time).

Figure 2.  The effect of isothermal atmospheric temperature on the physical properties: (a) surface pressure, (b) scale height, 
and (c) mean molecular mass; and atmospheric chemistry at surface pressure: (d) at 2000 K, (e), at 1500 K, and (f) at 800 K, 
after 1 Gyr of volcanic activity. Atmospheres ≥1500 K have greater scale heights and a more gradual change in atmospheric 
chemistry with mantle fO2 compared to 800 K isothermal atmospheres. Ions (notably OH −, HS − and O 2−) have been excluded 
from the 2000 K chemistry plot, but are present at approximately constant levels across the fO2 range presented here. The full 
data results for these plots, including ions, are available in the data repository.
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By considering the species which vary by more than an order of magnitude 
in abundance across the mantle fO2 range for the 800 K atmosphere, three 
classes of secondary volcanic atmospheres can be defined (Figure 3):

Class R atmospheres, present on planets with reduced mantles (<IW-0.5), are 
defined by the presence of H2 and CH4 with mixing ratios >1%, alongside 
NH3 and very low or declining levels of CO2 and CO. Class R atmospheres 
are also more extended, with significant H2 inflating the scale height.

Class I atmospheres, produced by planets with intermediate mantle fO2 
between approximately IW-0.5 and IW+2.7, are characterized by the presence 
of CO2, CH4 at mixing ratios <1%, alongside smaller amounts of CO and COS.

Class O atmospheres, are formed by planets with oxidized mantles (>IW+2.7), 
and are classified by the presence of SO2 and sulfur allotropes (Sx).

H2O, H2S and N2 are present across the entire fO2 range here and are found 
in all three atmospheric types. These three classes show the chemistry of an 
atmosphere can be directly linked to the mantle fO2 of a planet, even after 
volcanic gases are allowed to react in the atmosphere and cool down from 
their eruptive temperatures – subject to no further modification processes 
such as escape.

As shown in Figures 2d–2f, the fO2 dependence of atmospheric speciation diminishes at higher temperatures, 
and not all of the three atmospheric classes defined above (for an 800 K atmosphere) will be present for 
planets with higher atmospheric temperatures. Figure 4 shows the approximate equilibrium temperature of 

Figure 3.  The three secondary volcanic atmosphere classes. Each atmospheric 
class is indicative of the underlying mantle fO2, with each distinguished by 
the changing abundance of key species: SO2, S2O and Sx for Class O; CH4, 
CO2, CO and COS for Class I; and H2, CH4 and NH3 for class R. The species 
irrelevant to the class definitions (H2O, H2S, N2) have been plotted in dashed 
lines. Compositions shown for an 800 K atmosphere after 1 Gyr of volcanic 
outgassing.

Figure 4.  Equilibrium temperature of planets assuming an Earth-like Bond albedo, with atmospheric classes possible (over 
an IW-3 to IW+4 mantle fO2 range) according to the luminosity of the star with respect to the Sun (a property controlled 
by their effective temperature and radius), and the orbital distance of the planet superimposed. Temperature contours are 
for the equilibrium temperature of a planet in kelvin. Earth (blue circle) and Venus (orange triangle) and Mars (red square) 
are plotted at their orbital distances, indicating their equilibrium temperature if they had a Bond-albedo similar to Earth's 
(empty symbol) and their actual surface temperatures (filled symbol) as controlled by the climatic conditions created by their 
atmospheres. The formation history, and therefore initial volatile content of planets is assumed to be constant, regardless of 
the planet's distance from the star.
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a planet according to the luminosity of it's parent star (a function of stellar radius and temperature), and it's 
orbital distance in AU. Superimposed on top are the atmospheric classes which could be present (over the 
mantle fO2 range IW-3 to IW+4), assuming the atmospheric temperature is equal to the equilibrium temper-
ature. Cooler planets can exhibit the characteristics of a Class R atmospheres if the mantle fO2 is sufficiently 
low, however once the atmosphere is hotter than ∼1850 K the atmospheric chemistry will resemble a Class 
O atmosphere, regardless of how reduced the planetary mantle is (see Appendix B for plots showing these 
T-dependent class changes). Above 2000 K, atmospheres start to contain a significant abundance of ions 
not considered here, so no longer fit into the Class O classification well. Discussions of atmospheres below 
800 K are left to Paper II.

The atmospheric temperature of a planet may also be warmer than the equilibrium temperature plotted 
here, depending on the composition and thickness of it's atmosphere. As an example of this, the greenhouse 
effect of the present atmospheres of Venus, Earth and Mars are shown in Figure 4 with triangles, circles 
and squares, respectively. The empty symbols indicate each planet's equilibrium temperature based on their 
orbital distances from the Sun, while the filled symbols indicate the true surface temperature of each planet 
that results from atmospheric greenhouse warming. Planets further out from their stars may therefore also 
fall into the temperature bands shown here where our classification system applies, depending on their 
climate.

3.3.  Effect of the Bulk Silicate H/C Ratio

The ratio of different volatiles in a planet's mantle can also affect the chem-
istry of volcanic gases released by making them more or less carbon rich, 
for example, The robustness of the atmospheric classifications listed above 
(calculated using a bulk silicate H/C ratio of approximately 3.5) to a variable 
bulk silicate H/C mass ratio is tested in Figure 5. The ratio of C:S:N remains 
fixed, so the only variable changing is the proportional hydrogen content. 
We present results for atmospheres after 3 Gyr of volcanic activity, because 
in some simulations with a mantle fO2 close to class transitions and a low 
H/C ratio (water-poor), it took longer than 1 Gyr to reach a class compo-
sition. In each case after 3 Gyr the class transitions were then maintained 
out to 10 Gyr. This effect of a compositional dependence on the timescale 
of atmospheric evolution, and the few edge cases which remain where the 
atmospheric class continues to change after 3 Gyr, are explored further in 
Section 3.4.

Class O atmospheres (CH4 < 1 × 10 −6, high SO2 and SX) appear for a mantle 
fO2 more oxidized than ∼IW+3 across a wide range of bulk silicate H/C 
ratios. The transition from Class R to I is also largely constant at IW-0.5, 
although at H/C = 1 and below this occurs at slightly more reducing condi-
tions, toward IW-1. Figure 5 shows that while mantle fO2 may be classified 
using the atmospheric speciation, the same cannot be said for the bulk silicate 
H/C ratio. Over the H/C range shown here, there are no distinct changes in 
either the speciation of the atmosphere, or the pressure scale height which 
might indicate the initial H/C ratio. Pressure scale heights (directly propor-
tional to atmospheric extent) of ≥60 km indicates a class R atmosphere for an 
800 K isothermal atmosphere.

3.4.  Long-Term Atmospheric Evolution

The chemical composition of volcanic atmospheres is expected to slowly 
change through time as the surface pressure of the planet increases, driv-
ing preferential degassing of the most insoluble species for example, carbon 
Gaillard and Scaillet  (2014). Three examples of long-term atmospheric 
evolution are shown in Figure  6. As previously discussed in Sections  3.2 

Figure 5.  (a) Volcanic secondary atmosphere regime diagram. The three 
identified secondary volcanic atmosphere classes on mature planets at 
800 K are shown, varying with mantle fO2 and initial H/C ratio, after 3 Gyr 
of outgassing. Two dashed lines indicate the two different markers for a 
class R atmosphere; the dotted line indicates the point where NH3 becomes 
more abundant than CO, the dashed where the COS abundance drops below 
1 × 10 −6 (these lines fall very close to each other). The bulk silicate H/C ratio 
is also presented as its equivalent H2O/CO2 mass ratio on the right-hand axis, 
assuming all hydrogen in the mantle is speciated as H2O, and all carbon as 
CO2. (b) Pressure scale height (km) at 3 Gyr with mantle fO2 and bulk silicate 
H/C ratio.
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and 3.3, we find that in most cases atmospheric chemical compositions have stabilized with respect to the classes 
we present here after 1–3 Gyr of volcanic outgassing (e.g., Figure 6b). Although compositions continue to slowly 
evolve beyond this age, most notably in terms of which molecule makes up the dominant atmospheric species 
(e.g., Figure 6b shows CO2 becoming dominant after ∼6 Gyr, see Figure 7 for more detail), class boundaries are 
not crossed.

However, for planets which sit close to a class boundary after 3 Gyr (see Figure 5a), the speciation of the 
atmosphere can change more dramatically over long timescales (Figures 6a and 6c). Our results show model 
atmospheres on the Class I - O boundary which start in Class O can transition into Class I over long times-
cales from volcanic degassing alone (i.e., discounting atmospheric loss and volatile cycling processes; 
Figure 6c). Similarly, atmospheres on the R-I boundary categorized as Class R after 3 Gyr can transition 
into Class I over time (Figure 6a); although given the two criteria for a Class R atmosphere (COS < 1 × 10 −6 
and CO < NH3) this transition can be much more gradual, over several Gyr, in comparison to the transition 
shown in Figure 6c. It is important to note that despite the apparent sharp change in atmospheric composition 
seen particularly clearly in Figure 6c, there is no sudden change in the gasses being added to the atmosphere 
(Figures 6d–6f). Over time, the pressure-sensitive nature of degassing means that sulfur and then water degas-
sing is limited, so the slowly changing ratios of elements in the atmosphere seen in Figures 6d–6f eventually 
trigger a change in the thermochemical equilibrium balance of the atmosphere so that more reduced species 
are favored.

Figure  7 shows the length of time a planet has to be volcanically active for, at a constant rate, in order for 
the atmosphere to become dominated by a species other than water. H2O is much more soluble than either 
carbon-bearing species, or H2. As the surface pressure increases over time, volcanic gases become increasingly 
dry, leading to atmospheres which gradually become either H2 or CO2 dominated, as seen in Figures 6b and 6c, 
with the shaded areas of Figure 7 indicating a non-H2O species becoming dominant in <1 Gyr. In the case of 
highly reduced mantles (≲IW-2) the low fO2 means H2O is never the dominant species after a few time-steps, as 
most of the H in the mantle is stored and outgassed as H2.

Figure 6.  The evolution of three different 800 K atmospheres over 10 Gyr of time, showing the speciation of the atmosphere 
(a-c) and the atmospheric composition as mole fractions of each atomic element (d-f). (a) and (c) have a H/C = 2, (b), (c) (e) 
and (f) have H/C = 1. Most scenarios follow the pattern of (b), stabilizing into a single compositional class after 1–3 Gyr. 
Models which sit at the edge of classes, such as those in (a) and (c), may change groups over longer time periods.
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The timescale water replacement occurs over is a function of the mantle fO2, 
the bulk silicate H/C ratio, and the melt flux to the surface (i.e., the intensity 
of volcanic activity on a planet). The timescales for a given species to achieve 
dominance shown in Figure 7 are calculated using a single melt flux to the 
surface (1 × 10 14 kg yr −1, similar to that of the modern Earth); the timings 
shown in Figure 7 are inversely proportional to this melt flux. This means a 
planet which is twice as volcanically active as Earth, with a H/C ratio of 1 and 
a mantle fO2 of IW+3 would attain a CO2 dominated atmosphere in 1 Gyr, 
rather than the 2 Gyr shown in Figure 7.

For higher H/C ratios, a carbon-rich atmosphere is never achieved even 
under oxidized scenarios. This is best understood by imagining a simple 
case where the only volatiles considered are H2O and CO2. Under high 
H/C conditions, the overabundance of H is such that even accounting for 
the greater fraction of C which can reach the atmosphere (due to it’s lower 
solubility; in our simulations >90% of the H remains in the mantle after 
10 Gyr of outgassing at IW+4, compared to 18% of the C), the amount of 
water extracted from the mantle will be greater than the amount of CO2, 
and a CO2 dominated atmosphere will not occur by closed system volcanic 
degassing alone.

4.  Discussion
We have identified three atmospheric classes for hot, volcanically derived atmospheres. These apply for planets 
where minimal escape or volatile cycling is occurring. These classes are robust to a wide range of water-rich 
to water-poor volatile inventories and show that planetary interiors, specifically the mantle fO2, can impose 
constraints of the chemistry of a planet's atmosphere even after significant temperature changes and thermochem-
ical re-equilibration is applied.

The presence of distinct groups in atmospheres with 800 K surface temperatures, which are not present at 1850 K 
and above, suggests that planets which are cool enough to have a solid surface, rather than a magma ocean, 
would be more amenable to having their mantle fO2 characterized. All three groups have species markers at 
abundances above 1 × 10 −4/100 ppm (SO2 for Class O, CH4 combined with CO2 for Class I, and CH4 combined 
with a low mean molecular weight indicating substantial H2 for Class R) which would put them above the 
detectability limit for the James Webb Space Telescope (JWST) (e.g., Batalha et al., 2018; Krissansen-Totton 
et al., 2019). However, directly applying these model atmospheres to exoplanet observations is only valid under 
specific scenarios, that is, where a planet has lost it's primordial/primary atmosphere and is building a secondary 
atmosphere back through volcanism in a low-escape environment. Even under these constraints, uncertainties 
remain over atmosphere-surface interactions and photochemistry (Jordan et al., 2021) on hot planets, which may 
lead to significantly different atmospheric chemistry's to those presented here.

The atmospheres of rocky planets are highly complex and subject to a range of processes which modify their chemis-
try (e.g., see Table 1). The atmospheric classes discussed in this work provide an important baseline from which the 
effects of further atmospheric processing, such as H2 escape and photochemistry, can be evaluated. We examine the 
effect of varying rates of hydrogen escape on our atmospheric classes in Paper III, as this process will likely have the 
strongest effect on the redox state of the atmosphere, potentially weakening the link between mantle and atmosphere.

5.  Conclusions
Atmospheric temperature has a significant impact on the chemistry of volcanic atmospheres, and should be 
considered during future modeling of secondary atmospheres. Hot volcanic atmospheres at 800 K show three 
distinct atmospheric classes defined according to their chemical speciation and scale height. These classes are 
dictated by the fO2 of the mantle, and are robust to a wide range of bulk silicate H/C ratios. These classes may be 
used as a simple base for future research, exploring the effects of other processes on volcanic secondary atmos-
pheres as produced by a range of geological conditions.

Figure 7.  The time taken (in Gyr) for a planetary atmosphere to become 
dominated by a species other than H2O, for a given bulk silicate H/C ratio 
and mantle fO2, assuming a modern Earth-like flux of magma to the surface. 
The shaded areas indicate that H2 or CO2 domination was achieved within 
1 Gyr. Venus is plotted at the BSE H/C ratio, over a range of mantle fO2's 
suggested for the ancient and modern Earth (Aulbach & Stagno, 2016; Bézos 
& Humler, 2005) as a reference value. The dashed lines for H2 indicate bounds 
(thinner than the linewidth at higher H/C) where H2O is dominant at 10 Gyr, 
but H2 has previously been the dominant species. The lower bound acts as the 
10 Gyr H2 dominant contour.
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Appendix A:  Sensitivity Testing to Pressure and Fraction of Mantle Melting
Figure A1 shows the sensitivity of our class definitions to changing the pressure of mantle melting, and the 
local melt fraction. The model discussed in the main text is highlighted in bold. Varying the pressure of melting 
between 1 and 3 GPa produces a negligible change in the mantle fO2 at which the class transitions occur. As the 
local melt fraction increases, the effect on the I-O class transition is again negligible, while it slightly increases 
the width of the I-R transition zone by moving the point at which NH3 becomes more abundant than CO to 
slightly more reduced conditions.

Figure A1.  The sensitivity of our atmospheric classes to changes in the mantle melt fraction (F) and the pressure of mantle 
melting. The model discussed in the main text (F = 0.1, P = 2 GPa) is highlighted in bold.

Appendix B:  Temperature Dependence of Atmospheric Classes
The number of atmospheric classes which are present for planets with higher surface temperatures are presented 
in Figure B1. As the surface temperature increases, Class R and then Class I atmospheres are no longer produced, 
regardless of mantle fO2. Figure B1c shows that at 950 K a transitional Class R atmosphere can be formed on 
planets with reduced mantles; the speciation displays almost all of the properties of a Class R atmosphere (e.g., 
high H2, COS below ppm abundances), but as NH3 is not more abundant than CO it cannot be classified as a true 
Class R.

Figure B1.  Atmospheric classes as the temperature is varied, used to define limits in Figure 4.
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Data Availability Statement
No new experimental data were generated for this work. The data used to produce the figures in this work 
can be found in Liggins et al.  (2022). The EVolve model used here, including the versions of both EVo and 
FastChem used to produce our results, is available at Liggins  (2022), and on a GitHub repository at https://
github.com/pipliggins/EVolve where new versions will also be hosted. The FastChem 2.0 model of Stock and 
Kitzmann (2021) is also freely available at https://github.com/exoclime/FastChem, where updates are hosted.
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